A STUDY OF THE OCEAN’S WATER MASSES USING DATA AND
MODELS

Yves Plancherel

A DISSERTATION
PRESENTED TO THE FACULTY
OF PRINCETON UNIVERSITY
IN CANDIDACY FOR THE DEGREE
OF DOCTOR OF PHILOSOPHY

RECOMMENDED FOR ACCEPTANCE
BY THE DEPARTMENT OF GEOSCIENCES

[Advisor: Jorge L. Sarmiento]

January, 2012

©Copyright by Yves Plancherel, 2011. All rights reserved.

Abstract
Water masses are collections of water parcels that share similar histories and fate. The validity and
value of the concept of a water mass depends on scale, spatial and temporal, as well as purpose. In
spite of pragmatic and conceptual limitations, this dissertation shows that the treatment of the ocean
as composed of a finite set of water masses can provide a practical analytical framework in which
to describe aspects of the ocean’s physical and biogeochemical structure. In particular, the case is
made that, given the current biases of ocean models, model diagnostics developed in a water mass
reference frame are useful tools to identify, understand and attribute causes for the specific biases.
Water masses also provide an intuitive basis for analyzing the response of ocean models to many
types of perturbations, be they numerical experiments or analogues of real climatic phenomena.
This dissertation is divided in three parts. The first part provides a detailed account of the
ocean’s water mass system. The second part utilizes the information gathered in part I to develop
an analytical framework that is used to evaluate global coupled model simulations. Finally, part III
investigates a methodology designed to account for the confounding role of natural variability for
the purpose of measuring the change in the oceanic anthropogenic carbon distribution from repeat
hydrography sampling programs.

Part I A synthesis of the ocean’s major water masses is presented that compares and contrasts the
water masses of the Northern and Southern polar, subpolar and subtropical regions. The world’s
most prominent bottom waters, deep waters, intermediate waters and central waters are reviewed
sequentially, including a discussion of formation mechanisms, thermohaline and biogeochemical
properties, variability, formation rates and their role in ocean circulation or climate.
Water masses originating at high polar latitudes are discussed first, with a comparative description of the freshwater and sea ice conditions in the Arctic and Antarctic regions. Low salinity
intermediate waters from subpolar regions are described next, followed by high salinity intermediate waters that originate from evaporation basins. The central waters that ventilate the thermocline
are discussed last, including a presentation of the five types of mode waters.
One recurrent theme of the water mass synthesis presented here is that overflows, entrainment
at the overflows, water mass formation and export is often impacted critically by small bathymetric
features, such as the Maud Rise in the Weddell Sea, the Orphan Knoll in the Labrador Sea, the
depth and width of continental shelves or the presence of canyons cutting through the shelf break.
Mode and intermediate water formation are critically dependent on the winds and on the cycling
of the mixed layer. Some water masses, such as Eastern Subtropical Mode Waters in the North
Pacific, can also depend critically on peculiarities of the seasonal cycle of the buoyancy flux, making
these waters an interesting potential early warning diagnostic for climate change. As water mass
formation often requires cold winter air bursts, small zonal or meridional shifts in the winds can
have a dramatic impact on the formation characteristics of water masses.
iii

Part II While global coupled climate models do, for the most part, resolve the main structure
of the ocean, that is, models possess bottom waters, deep waters, intermediate waters and central
waters, global climate models vary greatly in their ability to resolve the water masses regionally.
The temperature and salinity distribution simulated by models also show significant biases. Water
masses, although difficult to define quantitatively, can provide a useful framework to evaluate and
discuss model simulations and biases.
This portion of the dissertation is composed of two chapters. Chapter 3 describes the structure
of the overturning streamfunction in a set of global coupled climate models (Climate Model Intercomparison Project 3, CMIP3). The main result of this chapter indicates that the different strengths
of the meridional overturning circulation of the North Atlantic cell in the CMIP3 model set are
mostly due to model parameterization issues associated with effective diapycnal mixing or viscosity.
In the Southern Ocean, winds take on additional importance. A tight relationship is in fact found
between the strength of the abyssal cell and wind intensity in the Southern Ocean across the CMIP3
models.
Chapter 4 addresses the effects of stratification. This chapter looks for relationships between
specific hydrographic measures of stratification and aspects of the circulation. This study relies on
the information presented in part I to analyze the water mass system simulated by global coupled
circulation models. Using classical (volumetric T/S analysis, core layers) water mass analysis techniques, the model experiments are compared to the data and to one-another, revealing systematic
relationships between model biases found among the CMIP3 models and these models’ circulations.
It is found that temperature and salinity biases result from differences in the model’s circulations
more than the differences in the models’ circulation depend on the biases of the thermohaline properties.
Part III The third section of the dissertation utilizes the concept of water mass more indirectly: as
a means to evaluate and select linear regression models. This chapter focuses on the use of statistical
regression methods to isolate the anthropogenic carbon decadal change signal from hydrographic
data. A synthetic data set derived from ocean biogeochemistry and circulation model simulations,
in which the true signals are known, is used as a simulator to optimize algorithms and evaluate
the accuracy of the particular methods in their ability to recover the true estimate of the change
in the interior anthropogenic carbon concentration. It is shown that regression analysis on repeat
hydrographic data sets such as WOCE and CLIVAR can account for water mass variance and shortterm variability, and estimate the true 10-year change in anthropogenic carbon inventory with a
better than 10% accuracy. More importantly, this chapter outlines a strategy that can be used to
select appropriate regression models in the context of non-ideal repeat hydrographic samples.
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Chapter 1

Introduction
Il fallait causer du positif, après
avoir épuisé tout l’idéal.
Le Comte de Monte-Cristo
Alexandre Dumas

1.1 Introduction
As part of his entry for ”water types and water masses” in the Encyclopedia of Ocean Sciences,
Emery (2001) writes:
”Although water mass characteristics often play important roles in today’s oceanographic research efforts, there are few studies devoted solely to a better description of
the distributions and characteristics of global water masses.”
The main goal of this dissertation is to address Emery (2001)’s concern; that is to explore the
concept of ”water mass” on the global scale, using modern hydrographic data and model results
jointly, to provide a description of the global water mass system.
It is generally agreed that, in the mean, the ocean is composed of four main layers, the bottom, the deep, the intermediate and the upper layer. The conceptual zonally averaged water mass
structure of the Atlantic Ocean is shown schematically in Figure 1.1 as a function of depth and
latitude. Bottom waters originate near the Antarctic, south of the Drake Passage, and flow equatorward (Northward). Deep waters are formed in the North Atlantic and flow southward. Intermediate
waters form in both hemispheres. The type that forms in the Southern Hemisphere (Antarctic Intermediate Water, AAIW) is the most prominent, but equivalent features are found in the North
Atlantic (Labrador Sea Water, LSW) and in the North Pacific (North Pacific Intermediate Water,
NPIW). Above the intermediate layer, mode waters are found. These constitute the so-called Central Waters that form the ventilated thermocline.
One of the major goals of oceanography is to trace the path (advective and diffusive) of collections of infinitely small water parcels in the ocean and analyze the physical and biogeochemical
evolution of these parcels in time and space for the purpose of better understanding ocean circulation, marine biology and the biogeochemistry and fate of tracers. Today, this is only marginally
possible in numerical models, where different selected volumes can be seeded with artificial tracers
or lagrangian particles. Models are typically biased, however, and may not represent reality very
accurately.
1

On the other hand, data driven analyses are challenging since, unlike models, tracer samples are
sparse, neither homogeneously or randomly distributed, non-synoptic, prone to analytical errors and
taken from a circulation field whose magnitude and variability is generally not known. Owing to
technological advances, however, the number of temperature and salinity observations has increased
dramatically in recent years with the implementation of the ARGO program. There also exist new
and creative data collection methods (i.e. gliders, pinnipeds) that can be used to sample hard-toreach locations (i.e. under ice shelves).
Hybrid products, i.e. data assimilated state estimation models, exist (Stammer et al., 2002,
2003). These products were made possible by recent advances in computing. They are in principle
able to ingest most types of data. These state estimates represent a way forward but these systems
are extremely complex and computationally demanding. State estimates remain biased, however.
Questions remain regarding the degree of convergence of the solutions proposed today and work
remains to be done in order to understand the rate at which assimilated data are rejected by the
model.
Paleo-temperature and paleo-salinity estimates are also becoming available allowing scientists
to reconstruct, partially at least, the hydrographic properties of the past (Mix and Pisias, 1988; Mix
et al., 1999; Benway and Mix, 2004; Gebbie and Huybers, 2006; Lynch-Stieglitz et al., 1999; Adkins
et al., 2002a). These data are very sparse, however, such that some framework for extrapolation is
necessary.
In this context, in spite of its limitations and the fact that it is over a century old, the concept of
a water masses in oceanography, defined here in analogy to ”air masses” as finite bodies of water
having common origin and histories, can be a useful practical construct to interpret model results
and summarize data. Judging from its prevalence in the oceanographic literature, there is clearly
value and interest in better understanding the concept of water mass. Porting this concept to a
consistent and rigorous quantitative analysis is a difficult task but use of the concept has proven
useful in a multitude of studies.
The remaining of this introductory chapter serves three purposes. First, it introduces the volumetric θ/S diagram, a tool that is used throughout the dissertation. Second, it presents volumetric
θ/S distributions calculated from a suite of couple climate models that are used in the dissertation.
Last, it provides a brief motivation for each chapter.
Including this introductory chapter, the dissertation has five chapters. Chapters 2 to 5 discuss
various aspects of the ocean water masses: their states and properties, their connection with the
large scale circulation, and their variability. Chapter 2 gives a review of the world’s major water
masses. Chapter 3 investigates the overturning streamfunctions of the CMIP3 global coupled climate models. Chapter 4 utilizes information from chapters 2 and 3 to interpret linkages between hydrographic biases in the CMIP3 models and the overturning streamfunction specific of each model.
Finally, Chapter 5 explores the power of regression methods as means to filter out natural variability
to measure the interior change in anthropogenic carbon concentration and global uptake from sets
of direct hydrographic measurements.

1.2 Bivariate probability distributions as descriptors of the ocean state
and merits of the θ/S space
1.2.1 Rationale
The ocean is a volume, not a section, not a profile and not a zonal average. Its structure and
properties are also governed by the large scale surface buoyancy fluxes (heat, freshwater, wind),
2

such that the interior water mass structure is reflective of these processes. The question is then how
to capture the large-scale water mass heterogeneity of the ocean in a simple diagnostic that could
be used to infer model performance and also be helpful in interpreting simulations?
This heterogeneity is only partially captured with zonally averaged sections, and while it is possible to use sequences of section contour plots or maps on surfaces to analyze the spatial evolution
of the ocean, one is hopeful that other methods are available, that allow for fast yet informative
analyses of the ocean as a volume. The ocean below the depth of the deepest mixed layer experiences little seasonal variability. In this region, it is possible to use the concept of water masses to
split the ocean volume into homogenous regions of common history and properties. Since water
masses are generally well separated in temperature and salinity space, one can use these properties as surrogates for the standard geographical references in three dimensions (longitude, latitude,
depth).
Standard θ/S-depth diagrams on a small number of well-defined stations are useful in that they
provide characteristic θ/S signatures that can be used to identify different bodies of water. They
do not, however, by themselves indicate how representative of the ocean these characteristic water
masses are. Furthermore, when looking at a large number of stations, the density of θ/S points ultimately obscures the trends (Figure 1.2). By adding an extra dimension (i.e. frequency or volume),
volumetric θ/S diagrams indicate the relative importance of each θ/S pair. This essentially integrates
the spatial or temporal variability which otherwise dominates the standard θ/S curves.
It is not uncommon, however, to see investigators present spatially averaged ”mean θ/S” curves
as a water mass summary (i.e. Downes et al. (2009)). Average θ/S curves are not always good
descriptors of the water column, however. Consider for example the globally and horizontally averaged ”mean θ/S” curve (yellow dots, figure 1.2) from the annual WOA05 climatology. The surface
mean θ/S point (the warmest) represents the averaged surface temperature and salinity, hardly a
measure of any water mass. Given that the surface ocean covers almost the whole spectrum of the θ
and S points shown, this mean surface point is unsurprisingly located near the middle of the cloud.
It is not very informative with regards to the water mass structure of the ocean and in fact it does
not represent any water mass in particular.

1.2.2 Definition
Using the θ/S space as a reference, one can imagine adding two more dimensions: a measure of
intensity/frequency specific to water parcels in given regions of the θ/S space, and time to investigate
the variability of particular water parcels. One can thus construct informative multidimensional
histograms to display oceanic properties:
Z
1
PS ,T =
dγ · η · δ(S − S ′ ) · δ(T − T ′ )
(1.1)
Γtot Γ
Z
Γtot =
dγ · η
(1.2)
Z Z
S

Γ

PS ,T = 1

(1.3)

T

η is any variable, dγ is a relevant geometric element (e.g. volume) and Γtot is the system inventory
of the variable η in the geometry considered. Normalization to Γtot is not necessary, it is only used
to ensure that the integral over the whole system be 1 (Eq. 1.3). δ(T − T ′ ) and δ(S − S ′ ) are
effectively delta functions indicating which S and θ pair are being used to tally the partial inventory
of η. Equation 1.1 describes the so-called volumetric θ/S diagram. Extension of the concept to
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any pair of variables in place for S and θ is obvious, including for instance the thermal and haline
∂S
component of density stratification α ∂θ
∂z and β ∂z or density change at given points α∆θ and β∆S .
While the conservative tracers θ and S are almost sacred in oceanography, the concept can be
extended to any property-property relationship. Particular cases to explore include measures of
the haline and thermal stratification. As Carmack (2007) points out, the relative importance of the
surface α (temperature) and β (salinity) stratification fundamentally impacts the distribution of water
masses and their formation processes. Transport can also be expressed in θ/S space. In this case,
water masses are naturally defined by their θ/S relationships. This tool appears to be particularly
well-suited for the study of water-mass-specific transport pathways in key passages (Katsumata
et al., 2004; Bailey et al., 2005). The θ/S space is also useful to investigate the formation and
transformation of water masses. Since surface density is set by heat and freshwater fluxes and that
density is itself a function of temperature and salinity, the buoyancy surface fluxes can be naturally
expressed in θ/S space by direct manipulation of the buoyancy equation (Walin, 1982; Speer et al.,
1995).

1.2.3 Example
Volumetric θ/S diagrams are essentially representations of bivariate frequency distributions in θ/S
space. The ”volumetric” qualifier simply refers to the third variable being volume. This extension
was first applied on single profiles by Montgomery (1955), on surfaces by Cochrane (1956) and
finally to whole ocean basins by Pollak (1958), Cochrane (1958) and Montgomery (1958) for the
Indian, Pacific and Atlantic respectively. The first global volumetric θ/S census was compiled by
Montgomery (1958) with a resolution of 0.5◦ C for temperature and 0.1h for salinity. Worthington
(1981) later updated the global census at a finer resolution of 0.1◦ C and 0.01h.
An updated volumetric census using the annual θ and S climatologies from the World Ocean
Atlas 2005 and bin sizes of δS=0.01h and δθ=0.05◦ C is shown in Figure 1.3. The color scale
reflects the fractional cumulative volume accounted for by the θ/S bins ranked from those with
largest volumes to those with smallest volumes, a plotting strategy also employed by McCartney
and Talley (1982). This figure shows that the largest volume of the ocean is occupied by a very
narrow selection of salinity and temperature values. The volumetric θ/S space is also very useful to
identify Central Waters that form well-defined volumetric ridges in all ocean basins.
One advantage of using a reference frame such as θ and S that provides internally consistent
definitions of water masses, is that it allows, in principle, the monitoring of the evolution of water mass properties in time or under a variety of conditions without the need to ascribe hard yet
subjective water mass boundaries that are difficult to identify in the presence of systematic model
biases (Downes et al., 2010) or even inaccurate and uninterpretable should particular water masses
be absent from the model. Working directly in θ/S space facilitates the direct comparison of model
performance with data at the water mass level.

1.2.4 The θ/S diagram and circulation
It is not formally true that a correct volumetric θ/S distribution necessarily implies correct circulation. It is conceivable, in theory, to imagine a circulation that is scaled appropriately in every aspect
to maintain the global volumetric θ/S distribution. In practice, this is a rather unlikely scenario.
The working hypothesis that the correct water mass structure in volumetric (or “massic”, when η
is a tracer concentration such as, CFC, nutrients or anthropogenic carbon, for instance) θ/S space
implies consistency with formation processes, transformation rates and the overall circulation is
sufficient for this particular application.
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While the barotropic component of the circulation is not directly represented in volumetric θ/S
space, a change in that component of the circulation almost surely involves a change in the wind
stress fields. Such changes would themselves be associated with changes in the surface heat and
freshwater fluxes, which would impact sea surface temperature and salinity and propagate onto
the volumetric θ/S space. In that sense, while we agree with Huybers and Wunsch (2010) that
knowledge of the distribution of volume in the ocean is not sufficient to constrain the circulation,
a knowledge of the distribution of ocean volume in a property space such as θ/S, state variables
that govern density gradients, likely captures many aspects of the large scale mean circulation. In
that case, the volumetric θ/S space can be a useful diagnostic for ocean models without necessarily
having precise or accurate measured transports or fluxes for comparison. Furthermore, when current
meter mooring and ADCP data are unavailable, transports are computed from the temperature and
salinity gradients using approximate idealized formulae derived from principles of geophysical fluid
dynamics, oftentimes requiring assumptions such as the existence of a level of no motion. These
computations typically result in large errors. In such cases, there may be value in directly comparing
the θ and S data instead of nonlinear functions of these scalars.
Unlike many other tracers, for example the nutrients, temperature and salinity do not tend to
covary spatially such that each may affect the local surface density and the interior stratification
differently. Oceans today may be classified into two broad regimes: the α oceans that are dominantly
thermally stratified, and the β oceans that are dominantly salinity stratified (Carmack, 2007). The
dominant stratification near the surface contributes to the control of the ventilation processes such
that a simultaneous analysis of both temperature and salinity is necessary. Information about the
main stratification patterns is largely reflected in the typical “ζ” shape of θ/S diagrams.

1.2.5 The potential of θ/S diagrams in the climate context
Techniques are being developed to estimate paleotemperature, paleosalinity, temperature and salinity paleogradients or surface paleofluxes of freshwater and heat by means, for instance, of sediment
pore water analysis (Adkins et al., 2002b,a), analysis of the δ18 O content of carbonate shells (Mix
and Pisias, 1988; Mix et al., 1999; Benway and Mix, 2004) or alkenone measurements (Prahl and
Wakeham, 1987; Haywood et al., 2005; Haug et al., 2005). Because one of the dominant variables
in climate change theories is the competition between deep and bottom waters originating from the
northern and from the southern high latitudes, the focus of many studies is to estimate the strength of
the overturning circulation in the Atlantic Ocean. There is little doubt of the important role played
by the Atlantic overturning circulation for climate (Manabe and Stouffer, 1999b), but given that this
circulation is hardly directly measurable and strongly variable even today and that there exist in fact
separate overturning circulations for heat, salt and nutrients (Wunsch, 2008), the interpretation of
paleoreconstructions are uncertain (Huybers and Wunsch, 2010; Burke et al., 2011).
One weakness of such reconstructions is that they tend to be dominantly local. Patterns of
global climate change form extensive and systematic coherent signals, as suggested recently by
the global analysis of Durack and Wijffels (2010) in the context of salinity changes believed to
be forced by anthropogenic warming. It is difficult to account quantitatively for the correlations
between properties measured at distant locations (i.e. core sites, hydrographic stations located in
different hydrographic basins) in these reconstructions. Yet, there exist indications that water mass
properties such as the steric height (a vertically integrated measure of the density distribution in the
water column) difference between the North Atlantic and the South Atlantic (Hughes and Weaver,
1994; Thorpe et al., 2001), the upper density gradient between the subpolar and subtropical North
Atlantic (Wang et al., 2010a), the North Atlantic to North Pacific temperature (Hu et al., 2004) or
salinity (Seidov and Haupt, 2003, 2005; Hu et al., 2008) contrasts, or the North Atlantic to South5

ern Ocean surface salinity (Stocker et al., 1992) contrast are related dynamically to the Atlantic
meridional overturning circulation (AMOC) strength and major climate patterns. Since the ocean
structure is affected by the surface buoyancy fluxes and mixing tends to filter short-term variability
(Ito and Deutsch, 2010), synoptic changes in water mass properties, which are readily identifiable
in volumetric θ/S space, can be used to constrain aspects of the circulation, at least qualitatively.
The θ/S space is thus not only useful as a diagnostic tool (Yashayaev, 2007), but provides also an
interesting support on which to express theories about climate change on a variety of time-scales.
The difficulty of working in θ/S space lies with interpretation. The θ/S space is less intuitive
than the longitude, latitude, depth/density space. It also requires that one considers water masses
for what they are: loosely (Gebbie and Huybers, 2011) defined collections of water parcels with
coherent formation histories and fate that for the most part cluster into volumetric modes in selective
property-property spaces, and not well-defined volumes of water constrained between two isopycnal
layers. One caveat to the method is of course that the water mass of interest must be volumetrically
relatively important or that the θ/S signature be sufficiently recognizable in the volumetric θ/S space.
Inclusion of other tracers and consideration of θ/S distribution of masses or transports alleviates this
limitation. The θ/S space is only one property-property space, other spaces, particularly using
isotopes such as δ18 O, 4 He, δ3 He, have been shown to be insightful to investigate the details of the
formation of Antarctic Bottom Water and seawater-ice interactions (Weiss et al., 1979; Schlosser
et al., 1991; Weepernig et al., 1996). While this analysis is limited to using the θ/S space only
given that no other tracer information is available for most of the models considered here, this
type of analysis could prove useful in the coming generation of model simulations that constitute
CMIP5/PMIP3, where additional tracers will be available.

1.2.6 Possible extensions
While the use of alternative volumetric property-property distribution is rare, esoteric variables have
been ported to the θ/S space. For instance, Speer (1993) and Speer et al. (1995) have translated the
equations of Walin (1982) describing surface buoyancy transformation from the density coordinate
system to the θ/S space. More recently, Gulev et al. (2003) extended the concept not only to display
water mass transformation but also the patterns of variability of water mass transformation and their
correlation with climate patterns on the θ/S space. Volume transports across sections have also been
plotted on the θ/S space by Marsh et al. (2005) and Bailey et al. (2005) to investigate interior water
mass transformation in the North Atlantic and the properties of the North Atlantic overflows. Suga
et al. (2008) compared the volumetric θ/S distribution of the North Pacific with the θ/S distribution
of water mass subduction rates to characterize the mode waters in the region. Luyten et al. (1983)
used a box modeling framework in concert to the volumetric θ/S space to infer the composition of
NADW and deduce the northward transport of AABW through 4◦ N that is necessary to maintain
the steady state. It is interesting to note that, while Bryan and Lewis (1979) used the volumetric
θ/S diagram as one diagnostic in their paper describing their early global ocean circulation model,
this diagnostic has since largely disappeared from the standard diagnostic toolbox of modelers, to
be replaced almost systematically by zonally averaged sections of temperature and salinity, which
exclude, by construction, any consideration of zonal asymmetry, and limit the ability to infer the
qualitative relationships between water masses and their mixing.
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1.3 The global water mass system as captured in state-of-the art global
coupled climate models
1.3.1 Rationale and challenges
Circulation models are inherently imperfect and suffer from systematic biases in their water mass
properties. Their accuracy is limited, in part, by the grid resolution and computing power available,
requiring the use of parameterizations for unresolved processes. Owing to the biases, water mass
definitions based on hard density limits, while quantitative and useful in the real ocean, are of
limited practical use for model-data comparisons as the same density definitions may not apply in
the models. Aside from inaccuracies associated with the internal dynamical implementation of the
numerical models, errors in the surface forcing fields (winds, buoyancy flux) and other topographic
approximations (e.g. depth and width of the overflows) conspire to limit the models’ depiction of the
water mass system, casting a shadow over climate model predictions. The fact that a model’s density
field does not match the observed densities exactly does not necessarily imply the model cannot
capture many of the water masses found in the observations. An analysis of water masses using the
tracer field directly, such as potential temperature (θ) and salinity (S), can provide information on
model performance irrespective of its biases.
The hydrographic analysis of water masses can be a useful diagnostic tool for ocean models.
This was recognized from the onset of ocean modeling efforts. This point is well illustrated by
Bryan and Lewis (1979), who, in their paper entitled “A water mass model of the world Ocean”,
used volumetric θ/S analysis to explore the quality of their simulation from a water mass perspective.
The analysis of water masses is also helpful for addressing the global climate challenge. The ocean
is taking up heat and is also acting as as sink for many anthropogenic greenhouse gases, mitigating
their effects on the atmospheric radiative balance. Understanding how the ocean heat and carbon
reservoirs will respond to adjusting climate patterns in the next few decades is thus an important
task.
A series of volumetric θ/S distributions calculated for the observations (WOA05) and the models
participating in the third Climate Model Intercomparison Project (CMIP3) for the global Ocean, the
northern polar regions and the region south of 50◦ S are shown below. The purpose of these figures
is not to provide a complete analysis of the models, but rather to illustrate the range of model biases
that exist across the CMIP3 model set and to provide the motivation for the work presented in
chapters 2, 3 and 4. These motivations are developed at the end of this section. The details of the
CMIP3 are provided in chapters 3 and 4.

1.3.2 Volumetric θ/S representation of global coupled climate models
The volumetric θ/S distributions shown in Figures 1.4, 1.5 and 1.6 below indicate that the ability of
CMIP3 models to capture the observed water mass system accurately is variable. Some models do a
good job for some water masses but not for others, some models have a θ/S shape that is consistent
with observations, but offset. Are these biases systematic across the models? Do some biases scale
with other variables or properties in the models? Do these biases affect the response of models
to climate perturbations? Last, since centennial-to-millennial scale variability requires long model
integrations, which are difficult to achieve in practice, one may also ask if the spectrum of model
states represented by the CMIP3 models, which are in quasi-equilibrium, could be used to learn
something about long-term climate variability.
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1.3.2.1

Global overview

Global cumulative volumetric θ/S diagrams calculated for the CMIP3 models are shown in Figure
1.4. Here, “cumulative” indicates that a ranking was performed for θ/S bins that accounted for the
most volume to those bins that contained the least volume. A value of 50% on the color scale in
Figure 1.4 thus indicates that 50% of the ocean can be explained by the θ/S bins of that color. As
Figure 1.4a shows, a very narrow θ/S range accounts for most of the ocean volume.
Most of the models in Figure 1.4 have a broad-scale structure similar to the observation (Figure
1.4a). Models have clearly identifiable Central Waters, a salinity minimum and they form deep and
bottom waters. The exact water mass representation in the volumetric θ/S space varies from model
to model. Given the scales used, Figure 1.4 emphasizes differences in the Central Waters. These
show, among other biases, that the North Pacific to North Atlantic salinity contrast is a problem for
these models (see especially panels 1.4c, g, j-l, v, w).
1.3.2.2

CMIP3 representation of the Polar and Northern Atlantic

Fractional cumulative volumetric θ/S distributions for the northern polar region, including the North
Atlantic northward of 50◦ N, the Greenland-Iceland-Norwegian seas, the Arctic and the Bering Sea,
as resolved by WOA05 and the CMIP3 models are shown in Figure 1.5a-w. None of the models
resolve the peculiarities of the waters masses in that basin. There appears to be a systematic salty
bias in the Arctic across these models: 14 of the 22 models shown have Arctic properties which are
too salty.
Only the 2 GISS models (giss aom and giss model e h) have salinities in the Arctic that are
much too fresh (Figure 1.5j-k). These two models also possess an overturning circulation that is
unstable, fluctuating between periods of relatively constant overturning and periods of intense overturning with high volatility (not shown). The five other models have Arctic salinities comparable to
the observations. Arctic temperatures also tends to be too warm in most models.
One recurrent explanation for the scatter in the models’ atmospheric climate response to greenhouse forcing in the Arctic involves the Barents Sea. Chapman and Walsh (2007) found that in 12
out of 14 CMIP3 models analyzed, surface air temperatures over the Barents Sea at the end of the
twentieth century were too cold by 6 to 8◦ C, resulting in an excess of sea-ice in the region. This is
associated with a limited northward extent of the North Atlantic storm track. Barents Sea conditions
are correlated with the simulated northward heat transport at 70◦ N (Mahlstein and Knutti, 2011).
The northward penetration of Atlantic Water (AW) into the Arctic, in part through the Barents Sea,
is represented by a magenta arrow in Figure 1.3b. While the AW mixing line indicates some freshening (about 0.1 psu between the subpolar waters and the Arctic), most of the density change is due
to cooling (there is a 5◦ C difference between the subpolar North Atlantic and the Arctic). In contrast to the observations, the salinity gradient between the Arctic and the North Atlantic deep waters
is quite variable across the models, as is the mean salinity of both the Arctic and North Atlantic
(Figure 1.5).
Arctic conditions are affected by the northward transport of AW, a process that is linked to the
dynamics of the Gulf Stream and the shape of the subpolar gyre (Hakkinen and Rhines, 2004).
While the Gulf Stream is dominantly driven by winds, its path and gradual transformation into the
North Atlantic Current and North Atlantic Drift is affected by the latitude at which it separates from
the coast. This separation itself is also affected by the export of deep water from the Nordic Sea
overflows along the deep boundary current around the Labrador Sea (Zhang and Vallis, 2007; Joyce
and Zhang, 2010).
Significant inter-model and model-data differences also exist with regards to the interactions of
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Arctic Shelf Water (ASW) with AW, and in the structure of the Arctic halocline (Figure 1.5). The
halocline is an important component of the Arctic that limits heat supply from below and delays the
seasonal melt of sea-ice.
As other studies found (Bailey et al., 2005) and figure 1.5 shows, CMIP3 models have difficulty
reproducing the water masses in the northern polar regions. Qualitatively, the simulations that most
closely reproduce the hydrographic structure in the North Atlantic and the Arctic are gfdl cm2 0,
gfdl cm2 1 and ukmo hadgem1 (Figure 1.5). The interior Arctic Ocean and the deep North Atlantic
are connected by the Nordic Seas overflows. The problem of modeling overflows has been the focus
of much work (Legg et al., 2006) and is a problem known to affect the downstream properties of
NADW as well as the overturning structure (Winton et al., 1998; Beismann and Barnier, 2004).
1.3.2.3

Southern Ocean water masses in the CMIP3 models

The degree to which global circulation models are able to capture the hydrography of the Southern
Ocean differs substantially from model to model. Most models simulate a mixture between a warm
salty end member like Upper Circumpolar Deep Water (UCDW), and a fresh cold end member, similar to Winter Water (WW). On the other hand, shelf waters and Antarctic Surface Waters (AASW)
are overall not well resolved. Figure 1.6 shows fractional cumulative volumetric θ/S distributions
for the regions south of 50◦ S for the 1990s of the historical simulation of the CMIP3 models. The
typical “S” shape from panel 1.6a is recognizable in most of the panels. Most models also show
a mixing line corresponding to Modified Warm Deep Water (MWDW), connecting Circumpolar
Deep Water (CDW) to fresher and colder waters, except for csiro mk3 0 and the GISS models (Figure 1.6f, j, k, l). The exact salinity of these fresher and colder waters varies substantially across the
models. As Sen Gupta et al. (2009) show, the mixed layers simulated by these models in the Southern Ocean are very different. This partially explains the observed diversity in the WW properties.
The salinity contrast between CDW and WW, i.e. the slope of the MWDW, must also be influenced
by and be influencing sea-ice dynamics. Models vary in their representation of the AASW, recognizable by their nearly isohaline volumetric ridge between -1 and 2◦ C in panel 1.6a. AASW, as a
coherent water mass, is not always visible in these diagrams. It can be seen in panel 1.6b, g, p, u,
w. Since this is a shallow water mass, its persistence in these models is most likely reflecting that
these models are indeed able to produce and maintain AASW, and not an artifact of limited spin-up.
This suggests that these models have struck an interesting balance between mixed layer dynamics,
buoyancy (precipitation) forcing, and wind induced northward Ekman transport that brings the cold
AASW northward towards warmer latitudes.
Russell et al. (2006b) suggested that one of the more important sources of scatter with regards
to the Southern Ocean representation of the CMIP3 model was the extent to which NADW was
exported out of the South Atlantic. The influence of NADW is represented in Figure 1.6 by locally
warm and salty volumetric “kinks” next to CDW. Observations show a smooth “S” shape in the
CDW region (panel 1.6a). Some models with a strong NADW influence, however, have a tendency
to show “Y” shapes. This is particularly strong in panel 1.6n. Aside from High Salinity Shelf Water
(HSSW), the saltiest waters south of 50◦ S should be UCDW, marking the NADW influence. This is
the case everywhere except for csiro mk3 0 (Figure 1.6f). The flawed water mass formation process
in that model results in extreme stratification in the deep and bottom waters.
The volume distribution in panel 1.6a shows that, in the real world, more than 50% of the ocean
volume south of 30◦ S is contained in a narrow, slightly slanted strip with salinities between 34.6 and
34.75 psu and temperatures between -0.5◦ C and 1.2◦ C. Looking at the volumetric distribution of
the models, however, shows that while that narrow AABW volumetric strip exists in some models,
some show peculiar distributions, inconsistent with the mixing patterns of the real world. Again,
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ingv echam4 (panel 1.6n) shows bottom water characteristics that do not reflect the observations.
When a bias exists, AABW tends to be fresher in these models, although few models with a notable
positive salinity offset also exist, e.g. ukmo hadcm3 (panel 1.6m).
The volumetric θ/S diagrams from Figure 1.6 for the region south of 50◦ S illustrate the variability with which the AASW and WW are represented in the various CMIP3 models. These Antarcticsource waters are precursors to the formation of AAIW, particularly in the Bellingshausen Sea. The
AASW volumetric ridge is clearly visible in Figure 1.6a (and Figure 1.3b) as the nearly isohaline
ridge around a salinity of 34.0. Many models do not resolve this water mass clearly. AASW is a
difficult water mass to capture in coupled models. Its maintenance depends on the proper simulation
of the northward transport in the Ekman layer, which implies reasonable simulations of the winds,
and on a reasonable sea-ice melt-thaw cycle, which also affects the formation of bottom waters.

1.3.3 Chapter 2: From Bottom Waters to Mode Waters: a compendium of water masses
The characterization and interpretation of of hydrographic features on a θ/S diagram requires experience. Challenges arise for multiple reasons. One pragmatic difficulty is that water masses are not
always named consistently and their properties and transports are often tied to loose or contextual
definitions associated with a particular study. This leads to confusion and contradictions. A second
problem is that water mass properties are not only described in one paper, but aspects of a given
water mass can be found in a variety of literature type (i.e. physical oceanography, climate, biogeochemistry, etc.). Getting a grasp of some water masses usually requires a serious effort of literature
review.
An extensive review of the world’s main water masses is provided in Chapter 2. The goal is to
provide an up-to-date description of the major water masses. The review discusses waters that form
at high polar latitudes first. Intermediate waters are discussed next, followed by Central Waters and
their constituting Mode Waters. This chapter establishes a common reference for discussions in
subsequent chapter.

1.3.4 Chapter 3 and 4: Overturning and hydrography in the CMIP3 models
Figures 1.4, 1.5 and 1.6 contain a lot of information. To limit the scope, the choice was made to analyze the model biases in the CMIP3 suite in relation to the overturning circulation of these models.
Chapter 3 discusses the overturning streamfunction of the CMIP3 models and explores relationships
among the particular overturning cells that characterize the global meridional overturning. Chapter
4 uses the overturning indices isolated in chapter 3 to investigate connections between the overturning and the hydrographic biases. Four types of connections between the hydrographic state and the
circulation are explored across the mean state of the CMIP3 models. The relation between overturning and the hydrographic properties of the North Atlantic are explored first. This is followed by a
discussion of reported connections between the overturning and meridional hydrographic measures.
Inter-basin (Atlantic-Pacific) biases and their relations to the overturning are also investigated. The
last section aims to understand relationships between hydrographic and circulation biases in the
Southern Ocean.

1.4 Chapter 5: Variability of the water mass system and the distribution
of anthropogenic carbon
Water mass ventilation exposes water to the atmosphere, where water parcels can exchange properties with the atmosphere before sinking again. This process represents a significant sink for rising
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atmospheric CO2 . Upwelling or mixing of water from below also supplies nutrients to the euphotic
zone. These nutrients are taken up by biology and returned at depth by the remineralization process
that further modifies water mass properties.
Both physical ventilation and biological processes are subject to temporal and spatial variability.
Open ocean interior carbon parameter data are collected from ships. The sampling is thus homogenous in neither space nor it time. To evaluate the role of the oceanic carbon sink, however, one
would want to measure the rate at which the ocean takes up CO2 . There are multiple approaches
to this problem. The solution investigated here relies on monitoring the temporal evolution of interior carbon and other hydrographic and nutrient data directly. Large data sets of sufficient quality
and coverage are available thanks to historical sampling programs (mostly GEOSECS and WOCE
cruises) and newly completed GO-SHIP (mostly CLIVAR) cruises.
In principle, direct differencing from repeated occupations of selected oceanographic cruises
can be used to infer the change in carbon concentration. There are multiple problems with this
approach, however. First, the number of cruises that are exact repeats are relatively rare. The
number of stations available also decreases if one requires that multiple tracer be available at each
point. This is illustrated in Figure 1.7, which shows the data coverage available in the merged
GLODAP (Key et al., 2004) and CARINA (Key et al., 2010) data product (the combined product
in here called GLOCAR) as a function in tracer available. It is clear that the number of samples
decreases as one moves from panel a to f.
Second, ocean properties, such as the carbon concentration, can change due to natural variability, and not only because of the invasion of excess carbon from anthropogenic carbon emissions.
A third problem arises from the non-synopticity of the data. Sampling is staggered in time, with
a time difference between cruises that varies from region to region in a manner that is not always
consistent.
One method to deal with the first two problems, that is the fact that cruises may not be exactly
co-located and the fact that natural variability may obscure the signal was proposed by Wallace
(1995) and subsequently modified by Friis et al. (2005). This is called the “extended Multiple Linear
Regression” method (eMLR). The crux of the technique is that, instead of using the carbon data
directly, the difference between regression fits of the data is used. This has two advantages. First,
having an empirical expression that describes the spatial distribution of the carbon data means that
this expression can be used in the predictive mode to estimate what the carbon concentration should
have been, at points where regressor (independent) variables are available. Secondly, regression
analysis, by design, filters noise, which in this case is hoped to represent unwanted spatio-temporal
variability.
The goal of Chapter 5 is to evaluate the performance of the eMLR methodology using output
from an ocean biogeochemistry and circulation model in which the anthropogenic carbon concentration change is known exactly. A previous assessment of the method exists (Levine et al., 2008),
although the testing conditions used by Levine et al. (2008) were far from the conditions that apply
to real data. For example, they assumed that data were available at every grid point of their model.
The study presented here differs from that of Levine et al. (2008) in two main points. First, unlike
Levine et al. (2008), a synthetic data set is used that mimics the spatial distribution of real samples.
Second, the role of regression model selection (i.e. the type of independent variables to use in the
model) on the final solution is investigated.
The concept of water mass is relevant to this study in two ways. First, reorganization of the
water mass system on the basin scale is shown to dominate the error in the overall determination of
the change in anthropogenic concentrations, and secondly, the concept of water mass is used to aid
with model selection.
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Figure 1.1: Conceptual zonally averaged distribution of water masses and associated circulation
(modified after Vallis (2006)). WBC=Western boundary current; dashed black line shows the mixed
layer depth, spirals indicate convective mixing, black squares at the surface indicate the influence
of ice-shelves.
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Figure 1.2: θ/S diagram of the World Ocean Atlas 2005 annual climatology (black). Overlaid are the
globally averaged θ/S-z curves in (yellow) and specific θ/S relationships for the following stations
in the Atlantic [30W,30N] (dark red), [30W,30S] (light red), the Indian [90E,30S] (light green)
and Pacific Ocean [160W,30N] (dark blue), [160E,30S] (light blue). The global averaging is done
horizontally by taking into account the volume of each grid box.
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Figure 1.3: Cumulative global volumetric θ/S distribution of the ocean water masses calculated
from the annual climatology of the gridded World Ocean Atlas 2005. Panel b) shows a close up of
the volumetric mode region in a).
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Figure 1.4: Cumulative global volumetric θ/S distribution of CMIP3 models water masses calculated for the historical 1990s decade.
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Figure 1.4: continued
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Figure 1.4: continued
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Figure 1.4: continued

18

Figure 1.5: Volumetric θ/S distribution of the CMIP3 model set for the 1990s decadal climatology
of the historical period (20C3M scenario) calculated for the northern polar regions, including the
North Atlantic north of 50◦ N, the Greenland-Iceland-Greenland seas, the Arctic and the Bering
Sea. σθ isopycnals are shown. The black contours in panels b-w reproduce the general shape of the
global volumetric θ/S distribution from WOA05 in panel a. Colors show the fractional cumulative
volume distribution in the region considered.
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Figure 1.5: continued
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Figure 1.5: continued
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Figure 1.5: continued
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Figure 1.6: Volumetric θ/S distribution of the CMIP3 model set for the 1990s decadal climatology
of the historical period (20C3M scenario) calculated for the Southern Ocean region south of 50◦ S.
σθ isopycnals are shown. The black contours in panels b-w reproduce the general shape of the
global volumetric θ/S distribution from WOA05 in panel a. Colors show the fractional cumulative
volume distribution in the region considered.
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Figure 1.6: continued
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Figure 1.6: continued
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Figure 1.6: continued
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Figure 1.7: Geographical distribution of GLOCAR hydrographic stations with at least one sample
containing all required measurements (black points). a) θ, S, O2 , b) a + PO4 , NO3 , Si, c) b +
DIC, Alk, d) c + pCFC11, pCFC12, e) c + ∆14 C, f) c + δ13 C. Samples with simultaneous θ, S, O2
measurements are shown as tan-colored points in b-f. Red points show stations with at least one
sample having a non-empty intersection for all above-mentioned tracers (θ, S, O2 , PO4 , NO3 , Si,
DIC, Alk, pCFC11, pCFC12, ∆14 C, δ13 C).
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Chapter 2

From Bottom Water to Mode Water: A
Compendium of Water Masses
A Rome, j’avais à peu près cinq
mille volumes dans ma bibliothèque.
A force de les lire et de les relire, j’ai
découvert qu’avec cent cinquante
ouvrages bien choisis on a, sinon le
résumé complet des connaissances
humaines, du moins tout ce qu’il est
utile à un homme de savoir.
L’Abbé Faria
Le Comte de Monte-Cristo
Alexandre Dumas

2.1 Abstract
While global coupled climate models do, for the most part, resolve the main structure of the ocean,
that is, models possess bottom waters, deep waters, intermediate waters and central waters, the ability of global climate models varies greatly in their ability to resolve the water masses regionally.
The temperature and salinity distribution simulated by models also show significant biases. Water masses, although difficult to define quantitatively, can provide a useful framework to evaluate
and discuss model simulations and biases. The literature on water mass properties is spread widely
in the literature, however, making it hard to evaluate what the salient features of each water mass are.
A review of the world’s most prominent bottom waters, deep waters, intermediate waters and
central waters is presented here, including a discussion of formation mechanisms, thermohaline and
biogeochemical properties, variability and formation rates. Water masses originating at high polar
latitudes are discussed first, with a comparative description of the freshwater and sea ice conditions
in the Arctic and Antarctic regions. Low salinity intermediate waters are described next, followed
by high salinity intermediate waters that originate from evaporation basins. The central waters that
ventilate the thermocline are discussed last, including a presentation of the five types of mode waters.
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One recurrent theme of the synthesis presented here is that overflows, entrainment at the overflows, water mass formation and export is often impacted by small bathymetric features, such as the
Maud Rise in the Weddell Sea, the Orphan Knoll in the Labrador Sea, the depth and width of continental shelves or the presence of canyons cutting through the shelf break. Mode and intermediate
water formation are critically dependent on the winds and on the cycling of the mixed layer. Some
water masses, such as ESTMW in the North Pacific, can also depend critically on peculiarities of
the seasonal cycle of the buoyancy flux. As water mass formation often requires cold winter air
bursts, small zonal or meridional shifts in the winds can have a dramatic impact on the formation
characteristics of water masses.

2.2 Introduction
Because the concept of a water mass is perceived as semi-quantitative at best, water mass names
tend to be assigned loosely. Names are often adapted based on the particular purpose of a study.
As such, it can be difficult to find a consensus in the published nomenclature of water masses and
their properties. Names can be assigned to water masses based on their geographical location (i.e.
North Atlantic Central Water), their origin (i.e. Mediterranean Sea Overflow), to explain differences
in tracer properties (i.e. Classical and Upper Labrador Sea Water) or their role in maintaining the
vertical stratification (i.e. Intermediate or Deep Waters). These loose definitions can make the task
of comparing and appreciating results pertaining to these water masses challenging. One is often
faced with the case where similar names are used that define water masses differently or different
names are used that describe a similar body of water.
While there exist many articles discussing particular water masses, only few provide a synthesis
summarizing this information. One of the earliest global summaries of the world’s water masses was
provided by Sverdrup et al. (1942) in Chapter XV: The Water Masses and Currents of the Ocean.
Sverdrup et al. (1942) provide schematic generalized whole water column θ/S diagrams organized
by basins (Atlantic, Indian, South Pacific and North Pacific), reproduced here in Figure 2.1, and a
map containing the approximate boundaries of the distribution of Mode Waters (they refer to them
as central water masses or upper water masses) with estimates of their formation areas (their Figures
209A and 209B). This summary does not include the high-latitudes.
These characteristic θ/S diagrams and approximate distribution maps have been updated and
modified by Mamayev (1975) and Emery and Meincke (1986) (Figure 2.2). These authors have
also contributed maps of the approximate distribution of intermediate (550-1500 m), deep and bottom waters (>1500m) as well as summary tables of thermohaline θ/S indices (Mamayev (1975),
his Table XV, Ch. 8), also known as water types. In contrast, Emery and Meincke (1986) provides water mass θ/S ranges. Unlike Sverdrup et al. (1942), however, Mamayev’s perspective was
on the understanding of water mass mixing as evaluated from vertical profiles. Consequently, his
θ/S diagrams (his Figures 97 to 101) were developed to highlight mixing pathways and thermohaline indices (water types), rather than for regional categorization. The θ/S diagrams of Emery and
Meincke (1986) incorporate some update in term of water mass nomenclature relative to Mamayev
(1975), although they still do not provide a synthesis of the water masses at high-latitudes.
Some of the most complete collections of information on the distribution and formation characteristics of the ocean water masses can be found in Tomczak and Godfrey (1994), and more recently
Talley et al. (2011). Both textbooks introduce the field of oceanography through a global presentation of the hydrography of all major ocean basins, with schematic maps of the dominant circulation
patterns, cross sections and θ/S diagrams.
The goal of this study is to review the water mass literature, describe the climatological water
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mass structure of the ocean interior, and discuss the general water mass properties, thereby setting
the scene for the rest of the thesis and providing a detailed picture against which model results can be
compared. Volumetric θ/S analysis based on the World Ocean Atlas 2005 (WOA05, Locarini et al.
(2006)) is used throughout to provide a water mass reference that can be used for the comparative
evaluation of various global coupled circulation models, such as those constituting the core of the
CMIP3 IPCC-related modeling effort (Randall et al., 2007). Amongst the various ways to present
water masses, volumetric θ/S distributions, particularly, have the advantage of giving an accurate
representation of the full scatter of the ocean properties, while also providing a sense of importance
(volume).
Circulation models are inherently imperfect and suffer from systematic physical biases in their
water mass properties. Their accuracy is limited, in part, by the grid resolution and computing
power available, requiring the use of parameterizations for unresolved processes. Owing to the biases, water mass definitions based on hard density limits, while quantitative and useful in the real
ocean, are of limited practical use for model-data comparisons as the same density definitions may
not apply in the models. Aside from inaccuracies associated with the internal dynamical implementation of the numerical models, errors in the surface forcing fields (winds, buoyancy flux) and other
topographic approximations (e.g. depth and width of the overflows) conspire to limit the models’
depiction of the water mass system, setting a shadow over climate model predictions. The fact that
the models density field does not match the observed densities exactly does not necessarily imply
the model cannot capture many of the water masses found in the observations, however. An analysis
of water masses using the tracer field directly, such as potential temperature (θ) and salinity (S), can
provide information on a model’s performance irrespective of its biases.
After an overview of the observed volumetric θ/S distribution of the ocean, a description of the
hydrographic features found in the polar regions is provided. This is followed by an account of the
water masses classified as Intermediate Waters. The water masses ventilating the thermocline are
discussed last. In cold polar regions, the haline component of density dominates the thermal component in setting the overall stratification (Carmack, 2007). Water mass formation in these regions is
dominated by the process of convection and by the interactions between ice and seawater. The subpolar regions, origin of the Intermediate waters, are essentially transition regions that are extremely
susceptible to climate perturbations and are convergence regions for fresh cold polar waters and
warm and salty subtropical waters. Their location is associated with the storm tracks. Water mass
formation mechanisms in these regions are affected by both thermohaline processes and winds. The
tropics are characterized by high evaporation rates and steady trade winds. These regions are home
to the subtropical gyres and the associated swift western boundary currents (WBC). These are the
physical settings that largely control the formation of mode waters.

2.3 General overview
Annotated global and regional volumetric θ/S distributions, (θ/S)vol , computed from the annual
WOA05 climatology with bin intervals δS =0.01 psu and δθ=0.05 o C, are shown in Figure 2.3.
The water mass nomenclature attempts to use commonly used denomitations (Table 2.2). A list
of general acronyms is also given in Table 2.1. The volumetric distributions are presented with
two different color schemes. In Figure 2.3a, the discrete color palette corresponds to the relative
cumulative volume distribution calculated after sorting the (θ/S)vol,i pairs in decreasing order from
the θ/S pair accounting for the largest volumes to the pairs accounting for the smallest volumes.
Color breaks are shown where the cumulative volume, divided by the total ocean volume, reaches
subjectively selected fractions (e.g. 50, 70, 90%, etc, as indicated). Fractions were chosen to
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highlight certain features, such as the mode water volumetric ridges. Panels b-i (Figure 2.3) use a
base-10 logarithmic scale to increase contrast. Black contours, the volumetric skeleton, reproduced
in all panels, mark the locations of the color-breaks from the global (θ/S)vol distribution from Figure
2.3a. A selection of σθ isopycnals are also shown for reference.
Figure 2.3a shows the typical ζ-shape characteristic of θ/S curves, with the following main
features:
• a warm and fresh equatorial region whose salinity is low due to the high precipitation associated with the Inter-Tropical Convergence Zone (ITCZ)
• a subtropical salinity maximum produced by the high evaporation at these latitudes dominated
by the trade-winds
• a subpolar salinity minimum that forms from both equatorward transport of fresher waters
from higher latitudes and high precipitation under the storm tracks
• a relatively higher salinity maximum characteristic of the deep water formation regions and
processes, representing the combination of surface cooling and mixing between relatively
fresh subpolar and polar waters and poleward moving saltier waters from the subtropics, and,
in the Southern Ocean mostly, the concentration of salt by the process of brine rejection
• a very cold polar region with salinities that vary owing to freshwater fluxes from precipitation
and rivers (Arctic, i.e. presence of large drainage basins), calving and melting ice-shelves,
and melting and brine rejection from the seasonal sea-ice cycle.
Because of the localized and seasonal nature of bottom water formation at polar latitudes, the presence of residual low-salinity water in the upper layer of the ocean, particularly in the Southern
Ocean, reflects the seasonal cycle of the buoyancy fluxes and the rate at which this cold fresh layer
is exported equatorward by Ekman transport. As such, the presence or absence and hydrographic
properties of waters such as the WW and AASW (see Figure 2.3d and e) carry interesting implications for the diagnosis of circulation models. These water masses are not only reflecting the
boundary fluxes and the mixed layer dynamics, but are themselves precursors of other water masses
in the overall water mass system, such as AABW and AAIW. These water masses are part of a
characteristic “box-shaped” complex of water masses located at low-temperatures in the (θ/S)vol
diagrams (-2.2 to 3o C, dash pink line, Figure 2.3d) that appears to be unique to the Southern Ocean
regions. There, the T/S structure forms a “box” that is closed on the warmer/saltier side by the
mixed region between AAIW, CDW, and the AABW components, and on the colder/fresher side by
the nearly isothermal WW and the nearly isohaline AASW (with a broad volumetric mode centered
around 34 psu, Figure 2.3a, d, e).
The (θ/S)vol of individual basins, all having the typical ζ-shape, are shown in panels 2.3d, f,
g, i. Aside from this main structure, which is explained mostly by the latitudinal variation of the
large-scale surface heat and freshwater fluxes, 2.3a shows clearly the separation between the central
waters of the Southern Hemisphere, the North Atlantic and the North Pacific. The Pacific is about 2
salinity units fresher than the Atlantic between 15 to 20o C. While the exact controls on inter-basin
salinity offsets are not totally understood, the typical explanation invovles a combination between
the excess precipitation in the Pacific of water that has originally evaporated in the Atlantic and
oceanic circulation-induced freshwater transport (Broecker, 1997). The global circulation and the
inter-basin salinity contrast are closely linked, however (Seidov and Haupt, 2002). In order for a
model to achieve the correct salinity contrast between the North Atlantic and the North Pacific, it
is necessary for that model to simulate the correct balance between both oceanic and atmospheric
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freshwater transport. This is a challenging task, which makes the Pacific to Atlantic salinity contrast
a simple but interesting and stringent model diagnostic.
While the volumetric ridges characteristic of the central waters in each basin are fairly linear,
they tend to be slightly concave upwards, particularly towards the colder side of the tropical salinity
maxima (Figure 2.3d, f, g, i). This slight curvature is in fact the signature of cabbelling (Mamayev,
1975; Carmack, 2007), a nonlinear mixing process that increases density of a mixture. Cabbelling
occurs when warm salty waters lay over colder fresher waters: the typical situation that separates
Subtropical waters from Intermediate Waters. This layering pattern exists in all basins. It is reflective of the latitudinal heat and moisture fluxes in each basin and each hemisphere, and of the
source water characteristics that ventilate the thermocline. Where density gradients are mostly controlled by temperature, in the subtropical regions, these regions are coined “alpha-oceans”, whereas
regions where density stratification is mostly driven by salinity differences are called “beta-oceans”
(Carmack, 2007). “Alpha” regions tend to be regions of Ekman convergence, favorable for subduction. “Beta” regions tend to be characterized by cyclonic (counter-clockwise in the Northern
Hemisphere) circulations and are regions of Ekman divergence, or upwelling. The competition
between Ekman upwelling and downwelling, and surface stratification affects the ability of these
regions to maintain deep mixed layers and ventilate the interior. Since upwelling brings isopycnals
upwards, closer to the surface, this is a particularly important process that affects the formation
mechanisms of Mode Waters in different hydrographic basins. For example the difference between
the strength of the salinity stratification explains the difference between the volumetric importance
of North Atlantic and North Pacific subpolar mode and intermediate waters. Upwelling, cyclonic
conditions which bring isopycnals to the surface, are also critical for the preconditioning of convective regions, such as in the Greenland gyre (arguably a part of the North Atlantic subpolar cyclonic
circulation system).
Aside from these main structures, each basin also possesses a suite of (θ/S)vol signatures , which
may not be very important volumetrically, but that can readily be identified and that reflect regional
climate processes or important oceanographic features. Ocean basins tend to have fresher subtropical regions on the East than on the western side of the basin, with characteristic water mass
signatures, owing to the atmospheric circulation and associated precipitations patterns. Surface waters are fresher in the East because of increased precipitation west of the Andes, Rocky Mountains
and Continental Europe. These waters are the ESTMWs and are found in all basins, although to
varying degrees. They are less pronounced in the Atlantic because of the Agulhas leakage (Beal
et al., 2011) and the eastward extending North Atlantic Current, which both inject salty waters to
the eastern side of the basin. Extreme cases exist in the Pacific, with the formation of South Pacific
Eastern Subtropical Mode Water (SPESTMW), which combines the eastern precipitation excess
with the equatorward propagating leftover waters that do not contribute to the formation of AAIW
in the Southeastern Pacific (Wong and Johnson, 2003). These also have a North Pacific equivalent
(North Pacific Eastern Shallow Salinity Minimum Water, NPESSMW), which constitute part of
the California Current and are the subtropical consequences of the cold and fresh subpolar North
Pacific Subarctic Surface Water (NPSASW) from the Western Subarctic and Alaska gyres in the
North Pacific. The upper layers of the Indian Ocean hold a complex set of water masses (Stott et al.,
2009). The Indonesian Throughflow injects waters from the Pacific (Indonesian Through-flow Water, ITW), the Arabian Sea receives extremely salty inputs from the Persian Gulf and the Red Sea
evaporation basins, contributing to the formation of Persian Gulf Water (PGW), Red Sea Water
(RSW), Arabian Sea Surface Water (ArSSW), Western Indian Surface Water (WISW) and influencing the deep water characteristic (Indian Deep Water, IDW) through the process of salt fingering
(You, 2000, 2002a). The Bay of Bengal (between India and Thailand) accumulates large amounts
of freshwater from both direct precipitation and because it is the end-point of the drainage basin that
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collects the inland precipitation of the Asian Monsoon (Kang et al., 2002) (Bay of Bengal Water,
BBW).

2.4 Water masses of the high-latitudes
As first posited by Benjamin Thompson (Count Rumford) based on the observation that deep waters
at mid-latitude are colder than surface waters at these locations and the knowledge that waters at
high latitudes are cooler than those at low latitude, cold waters filling the deep ocean originate from
the polar regions and drive a kind of planetary heat engine (Thompson, 1800). The basic idea still
stands: heat is transported from the low latitude and is released at the poles where waters sink
owing to the gain in density. The role of salt stratification, winds, atmospheric buoyancy fluxes
and turbulence greatly complicate the discussion, however, such that one now prefers to talk of
a ”Meridional Overturning Circulation (MOC)” rather than a ”Thermohaline Circulation (THC)”
(Kuhlbrodt et al., 2007).
The study of the polar seas has always been data limited, however. Much of what is known, or
has been inferred, about polar hydrography and biogeochemistry stems from few samples. More
often than not, experiments have not been repeated and variability near the sampling sites has not
been properly assessed. Deep waters originate poleward of 50◦ where the effects of seasonality are
particularly important (Hoppema et al., 1995; Gibson and Trull, 1999; Jennings et al., 1984; Nilsen
and Falck, 2006; Bruhwiler et al., 2011). The few samples available at these latitudes suggest that
interannual to decadal-scale variability is important at high latitudes (Orsi et al., 2001; Fahrbach
et al., 2004) and that important aspects of polar ventilation are missing owing to the biases in the
available database (Whitworth, 2002). However, some confidence can be gained as some distinctive
features are found repeatedly at different sites and ventilation processes are suggested from specific
tracers, for example the V-shaped front located at the Antarctic shelf break in association with the
Antarctic Coastal Current or the presence of CFCs in the deep Greenland Basin. Other features,
however, such as Gordon (1978)’s Weddell chimney, which has been interpreted as a convective
chimney in the Weddell Sea, indicative of open ocean convection, remains unreplicated.
The race to the poles has long been finished, however. Today, interest in the polar oceans and
deep water formation is no longer a matter of national prestige but is mostly focused around theories
of global climate change (Hay, 1993). It is known that perturbation of the polar regions can affect
climate on different space and time scales. For instance, salinity perturbations originating from the
Arctic or the Labrador Sea/Baffin Bay may greatly affect the convective activity in the North Atlantic
on the interannual time-scale (Dickson et al., 1988; Belkin et al., 1998; Proshutinsky et al., 2002).
Similar but longer perturbations are believed to be responsible for the shutdown of the Atlantic
MOC during Heinrich events (McManus et al., 2004), what circulation model experiments seem to
suggest also (Manabe and Stouffer, 1995). While it is generally sufficient to reduce the discussion
to summary water masses, such as NADW and AABW, in the climate discussion, a more detailed
understanding of the mechanisms leading to the production of these deep and bottom waters, that
integrate the net effects of different ventilation processes and requires the interactions of many lesser
known water masses locally, can be helpful to further understand variability on time scales shorter
than the ocean overturning time scale and to better characterize the sensitivity of ocean ventilation
in the polar regions, particularly in the context of anthropogenic climate change.
The water masses that ventilate the global deep ocean are of considerable importance for climate
(Hay, 1993) as they influence heat (Stouffer et al., 2006b; Boé et al., 2009b) and carbon (Sarmiento
and Toggweiler, 1984; Siegenthaler and Wenk, 1984; Knox and McElroy, 1984; Toggweiler et al.,
2003a,b) uptake in the long-term. The hydrographic conditions characteristic of the North Atlantic
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and Southern Ocean Deep Water systems are shown in panels 2.3b and e, respectively. The discussion of deep waters starts with a presentation of the Arctic region (Figure 2.3h). Given the
importance of the end-products NADW and AABW in the oceanographic literature, the following
discussion is organized in a way to contrast the formation mechanisms of these two water masses
originating at high-latitudes. A detailed description and characterization of the water masses found
in both polar regions is provided. The physical settings of the oceanic Arctic and Antarctic regions
are briefly described. This is followed by a comparison of the freshwater budget in the polar regions, highlighting the relevance of key fluxes for the hydrographic situation that characterizes each
location, focusing on rivers, ice shelves and sea-ice dynamics.

2.4.1 The water mass system of the North Atlantic and the Arctic
2.4.1.1

The Arctic and Greenland-Iceland-Norwegian Seas

2.4.1.1.1 Geographical setting The hydrographic properties of the Mediterranean Arctic and
the Greenland, Iceland, Norwegian (GIN) Seas are very different from the other basins and these
regions are easily identifiable on the (θ/S)vol space (Figures 2.4 and 2.3h). The strongly salinity
stratified Arctic Mediterranean Sea (Figure 2.4) is made up of four large basins north of the Fram
Strait (the Nansen, Amundsen, Makarov and Canadian Basins) and of the Nordic Seas (Greenland,
Norwegian and Iceland Seas - note the Iceland Sea is located north of Iceland, whereas the Iceland
Basin is located south of Iceland). The Nordic Seas are themselves separated from the North Atlantic Ocean by the Greenland-Scotland Ridge (Meincke et al., 1997). The Nansen and Amundsen
Basins, as they are only separated by the small and deep Gakkel Ridge, are often considered together
and called the Eurasian Basin. Similarly, the Makarov Basin is often folded into the Canadian Basin.
The Lomonosov Ridge, with a depth between 850 m and 1600 m (Tomczak and Godfrey, 1994),
separates the Eurasian and the Canadian Basins. The Arctic Ocean communicates with the Atlantic
and the Pacific through only four passages: 1) through the Fram Strait, located west of Spitsbergen,
2) through the Barents Sea, east of Spitsbergen, 3) through the Canadian Archipelago into Baffin
Bay and 4) through the Bering Strait (45 m deep, 85 km wide). Of these passages, only the 450
km wide Fram Strait, with depths between 2500-3000 m, permits exchange of deep water between
the Eurasian basin and the Greenland Basin. The Greenland-Scotland Ridge, however, limits that
connection with the subpolar North Atlantic to the 600 m deep Denmark Strait and the IcelandScotland channel. This channel is 400 m deep between Iceland and the Faroe Island and reaches
800 m in the Faroe Bank Channel, between the Faroe Islands and the Faroe Bank just south of the
Faroe Islands (Tomczak and Godfrey, 1994). The 600 m deep Wyville-Thomson Ridge passage
separates the Faroe Bank from Scotland (Saunders, 2001). The Arctic Sea is surrounded by land or
shallow marginal seas: Barents Sea (100-350 m), Kara Sea (100 m), Laptev Sea (10-40 m), East
Siberian Sea and Chukchi Sea (20-60 m). These marginal seas typically sit on broad continental
shelves (up to 600-800 km wide).
2.4.1.1.2 Water mass overview The water mass structure of the Arctic, including the GIN Seas
and the Bering Sea (BS) is shown in Figure 2.3h. The σθ contours provide an impression of the
overall vertical structure of the Arctic region, that is mostly governed by salinity variations between
source waters and by the freeze-melt process. The surface layers are very fresh and very cold (Arctic
Shelves Water, ASW), owing to a combination of sea-ice melt and river discharge, mostly on the
Siberian shelf (Dai et al., 2009). Because of the dominantly cyclonic circulation in the Arctic, the
freshwater layer is thickest in the convergent Canadian Basin (Gow and Tucker, 1990; Proshutinsky
et al., 2002; McPhee et al., 2009) where local brine production is not able to erode the halocline
35

directly in the center of the basin. The growing ice-edge is located towards the continental shelves
(Belchansky et al., 2008), mostly off the Siberian coasts and the Barents and Kara Seas, where
summer ice-free conditions are favored by river runoff and by the cyclonic circulation of warmer
waters of Atlantic origin. This is also where seasonal brine rejection is concentrated in winter.
Sinking of brine-enriched water (High Salinity Arctic Shelf Water, HSASW) on the shallow shelves
and subsequent lateral mixing at the shelf break (suggested by magenta arrows on figure 2.3h) is
thought to contribute to the the formation of the halocline (Upper/Lower Halocline Water, U/LHW)
and to the slow ventilation of the deep basins (Aagaard et al., 1985; Carmack, 1990; Rudels and
Quadfasel, 1991; Rutgers Van Der Loeff et al., 1995; Carmack et al., 2008).
Mixing with waters intruding from the Atlantic, which is typically warmer and saltier (Atlantic
Water, AW), occurs at a variety of specific locations depending on the entry route of the AW in
the Nordic Seas and around Spitsbergen or over the Barents Sea. Mixing with AW contributes to
the formation of various levels of Arctic Intermediate Waters whose exact properties depend on
location and on the mixing and cooling associated with each route (Polar Intermediate Water - PIW,
Upper/Lower Arctic Intermediate Water - U/LAIW) (Swift and Aagaard, 1981; Rudels et al., 1991,
1994). Heat subducted and transported into the Arctic by AW is not lost to the atmosphere in the
Arctic as this layer is protected by the strong halocline above it. AW perturbations are able to
recirculate into the Arctic with a time scale of 10-20 years and later influence the intermediate layer
properties in the Nordic Seas upon exiting the Arctic through the Fram Strait, indirectly modifying
slightly intermediate waters in the GIN seas. Since modified AW is a precursor of NADW (Strass
et al., 1993; Rudels et al., 1994; Mauritzen, 1996; Karcher et al., 2008; Tanhua et al., 2008; Messias
et al., 2008), perturbations of the northward heat and salt transport into the Arctic may induce
a mode of variability of the North Atlantic overturning. An Arctic-Atlantic connection between
interior temperature and salinity properties of the Arctic and multi-decadal variability (>40 years)
of the overturning was in fact recently found in a model study (Frankcombe and Dijkstra, 2011).
The deep waters of the Arctic and GIN Seas evolve from densest (cold and fresh Greenland
Sea Deep Water (GSDW) and Norwegian Sea Deep Water (NSDW)) to lightest (warm and salty
Eurasian Basin Deep Water (EBDW) and Canadian Basin Deep Water (CBDW)) along the circulation path characteristic of these water masses starting from GSDW, NSDW, through the Fram strait
into EBDW and CBDW (Aagaard et al., 1985). Heat and salt accumulate into CBDW because of its
relative isolation from the other basins. Its long residence time and mixing with both the AW and occasional brine-enriched plumes sinking off the Siberian shelves (HSASW) slowly enrich its salinity
and explain the warmth of CBDW relative to the other waters in the region. Because of open-ocean
convection occurring in the Greenland Sea, GSDW and NSDW are better ventilated and richer in
oxygen and other anthropogenic tracers (Anderson and Jones, 1991; Bonisch and Schlosser, 1995;
Dickson et al., 1996; Tanhua et al., 2009). Convection depth mostly affects the intermediate layer
but tracer concentrations indicate that this process is occasionally able to ventilate the whole water
column (Aagaard and Carmack, 1989; Chen et al., 1990; Schlosser et al., 1991; Boenisch et al.,
1997; Marshall and Schott, 1999).

2.4.1.1.3 Ventilation of the deep Arctic The deep Arctic Basin is less well ventilated than the
deep waters surrounding the Southern Ocean. The Canadian Basin, especially, is isolated from
the other basins by the Lomonosov Ridge and is capped off by a freshwater lid. MacDonald and
Carmack (1993) estimated 14 C ages of 500 years for the deep Canadian Basin. More recently,
Tanhua et al. (2009), used measurements of CFCs and SF6 made in the Arctic and applied the
theory of transit time distributions (TTD) to estimate the ventilation rate and the anthropogenic
carbon burden of the different Arctic basins. They obtained similar age estimates as MacDonald
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and Carmack (1993) in the Canadian Basin and confirmed that the Eurasian Basin (200-300 years)
is better ventilated, suggesting that the Lomonosov Ridge is an efficient barrier between the main
deep basins of the Arctic. The mean age patterns obtained by Tanhua et al. (2009) are also consistent
with the cyclonic dominance of the large scale Arctic circulation, showing younger waters richer in
both CFC and anthropogenic carbon along the Siberian shelves than along the Canadian coast.
The deep and intermediate results of Tanhua et al. (2009) do show some patchiness in estimates for mean age, however, with isolated locations showing much lower ventilation ages than
others. Such patterns are consistent with episodic and localized convective events. In support of
this interpretation, Aagaard and Carmack (1994) noted that the temperature field is also particularly
inhomogenous in the Canada Basin. These authors also establish, based on time-series measurements that the production of Arctic Bottom Waters on the shelves is very sporadic. Aagaard and
Carmack (1994) also find ages of order 500 years. Their ultimate interpretation is quite a bit more
dramatic, however, as they suggest that ventilation of the Canadian Basin stopped 500 years ago,
which appears to be a time when sea ice cover became more important and the time when the whale
hunting Thule culture of the region went extinct.
The geological sedimentary neodymium record at the North Pole, recovered on the Atlantic
side of the Lomonosov Ridge at about 1250 m, indicates the the relative influence of AW and brineenriched shelf waters on the intermediate waters of the Arctic have varied substantially over the past
15 million years (Haley et al., 2008). While the modern hydrographic situation relies heavily on
the penetration of AW, the neodymium isotopic data suggest that the influence of the North Atlantic
on the Arctic was reduced prior to 2 Myr. The production of brine-enriched shelf waters played
a dominant role for the ventilation of AIW during that time. Oscillations of similar magnitude
exist between the glacial and inter-glacial periods of the Quaternary, indicating increased brine
production on the Siberian shelves and a reduced inflow of AW during glacial periods.
Aagaard et al. (1985) inferred the broad-scale patterns of ventilation in the Arctic Ocean by
analyzing the evolution of temperature and salinity of the deep waters. They show that the deep
waters of the Greenland Sea are the coldest (T<-1o C) and freshest (S<34.90 psu) of all Arctic
basins and that the temperatures and salinities of the deep Arctic Basins increase in the following
order: GSDW, NSDW, EBDW, CBDW. Aagaard et al. (1985) conclude that shelf waters formed
by brine rejection, formed at a relatively low rate, are the only source of new water to the bottom
Canadian Basin. They further note that the bottom waters of the Canadian Basin have anomalously
high salinities. While this could be a relict feature of an older time, as suggested by Aagaard and
Carmack (1994), an alternative and probably more valid explanation is that the shelf waters mix
intensely with Arctic Intermediate Waters as they sink to the deep Canadian Basin. This entrainment
of warm and salty intermediate waters would explain the higher temperatures and salinities found
below the sill depth of the Lomonosov Ridge. In the Eurasian Basin, on the other hand, the shelf
water ventilation process is complemented by lateral exchange across the Fram Strait between the
Greenland Sea and the Eurasian Basin. This inflow of fresh and cold Greenland Sea Deep Water
explains the lower temperature and lower salinity of the Eurasian Basin relative to the Canadian
Basin.
Aagaard and Carmack (1989) make the interesting observation that deep penetrative convection
is only possible when the overlying surface water is fresher than the underlying water mass acting as
a barrier between the surface and the deep when temperature is the dominant cause of densification
(i.e. excluding the case of brine rejection and cabelling instability). This is a consequence of the
non-linearity of the equation of state of seawater. If we assume that convective overturn is possible
when the density of the surface water mass (1) is equal to that of the underlying water mass (2):
σθ (1) = σθ (2). Because the slope of deep isopycnals in the θ/S space is shallower than the slope of
shallower isopycnals, when σθ (1) = σθ (2) one also has the non-intuitive condition σz (1) > σz (2),
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thus the surface water may penetrate through the underlying barrier without further cooling (Figure
2.6a). If the salinity of the overlying surface water is higher than the underlying water mass acting
as a barrier, at the time when overturning is possible (σθ (1) = σθ (2)), the densities at depth prevent
further sinking of the surface water mass without further buoyancy forcing: σz (1) < σz (2) (Figure
2.6b). Since atmospheric cooling stops when the water parcel leaves the surface, further cooling is
only possible to the depth of the mixed layer. The hydrographic situation in the polar Arctic and
Antarctic regions is such that case I (fresher surface, saltier subsurface) prevails. In such situation,
ventilation tends to be an ”all or nothing” process owing to the thermobaric instability (Killworth,
1983; Marshall and Schott, 1999). Case II (saltier surface, fresher subsurface) corresponds to the
situation encountered typically in the subtropical and perhaps subpolar regions, where the ventilation process is better described by ”Stommel’s demon” captured in the theory of ”subduction”
(Stommel, 1979; Luyten et al., 1983). The subduction process is described in more detail in the
Mode Water section below.
Since the water exchanges in the Denmark Strait (leading to production of Denmark Strait
Overflow Water, DSOW) and the Iceland-Scotland overflows are believed to be largely controlled
hydraulically by the pressure difference across the sills (400-800 m depth) between the IrmingerIceland Basins and the Greenland-Norwegian Basins (Whitehead, 1998; Kosters, 2004), and because the overflow and associated entrainment processes exert a strong control on the final properties and formation rates of the deep waters in the North Atlantic (Winton et al., 1998; Smethie and
Fine, 2001; Yashayaev and Clarke, 2008; Haine et al., 2008), an accurate depiction of Arctic and
GIN hydrography depends on and will generate better global simulations of the deep waters and of
the overall water mass stack in the Atlantic (Fogelqvist et al., 2003; Born et al., 2009; Mahlstein
and Knutti, 2011).
Given the resolution of global climate models and the hydrographic complexity of the Arctic,
an accurate model depiction of the Arctic is a challenging target for coupled global circulation models. The hydrography of the Arctic depends on a plethora of peculiar oceanic features such as the
inflow of warm and salty water from the North Atlantic Drift, Norwegian and Spitsbergen Currents,
water mass transformation in the Barents Sea, Bering Strait freshwater inflow, sea-ice dynamics and
sea-ice export into the North Atlantic, and on continental shelf processes (sinking of brine enriched
waters, runoff). It is not surprising that existing evaluations of the CMIP3 model suite in the Arctic
(Holland et al., 2007; Boé et al., 2009a; Holland et al., 2010; Mahlstein and Knutti, 2011) show dramatic differences amongst the models and with the observations with regards to mean surface ocean
salinity distribution, sea-ice dynamics, precipitations patterns, radiative feedback and freshwater
transport in and out of the basin.
2.4.1.2

The situation in the North Atlantic

2.4.1.2.1 Water mass overview A schematic of the dominant circulation of the North Atlantic
in shown in Figure 2.5 for reference. The North Atlantic water mass system (Smethie et al., 2000),
including the GIN Seas (south of Fram Strait and excluding the Barents Sea) and the subpolar North
Atlantic to 50◦ N, is shown in Figure 2.3b, where the overflow process from the GIN seas is shown
by the magenta arrow connecting the GIN Seas with the warmer volumetric mode between 2-4◦ C.
The East Greenland Current (EGC) and West Greenland Current (WGC) branches are also indicated
by magenta lines in this figure. While the waters in the Denmark Strait Overflow are measurably
fresher and colder than those in the Iceland-Scotland Overflow, which are slightly warmer and saltier
owing to larger influence of waters from the Atlantic in the Norwegian Sea (Fogelqvist et al., 2003;
Lherminier et al., 2007), this difference in the overflow characteristic is not easily recognizable in
Figure 2.3b.
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Waters spilling over the Denmark Strait Overflow (about 2 Sv, Ivanov et al. (2004)) gain volume
through entrainment and feed much of the Deep Western Boundary Current (DWBC, 2-9 Sv, Bacon
(1998)). Some water is able to sink to the bottom and maintain a relatively cold and fresh signature
relative to the layer overlying it, which is characterized by a relative salinity maximum and is often
called North East Atlantic Deep Water (NEADW, Yashayaev and Clarke (2008)). NEADW contains
a mixture of warmer and saltier Iceland-Scotland Overflow Water (ISOW, also about 2 Sv), which
has entrained a water mixture of North Atlantic origin composed of Subpolar Mode Water (SPMW)
(McCartney and Talley, 1982; Brambilla and Talley, 2008; Brambilla et al., 2008), recirculating
Labrador Sea Water (LSW) and perhaps some fraction of waters of subtropical origin, over the
Iceland-Scotland overflow along its spreading path in the Iceland Basin. The modified ISOW meanders southward to cross the Reykjanes Ridge through the Charlie-Gibbs Fracture zone (Saunders,
1994, 2001; Whitehead, 1998) and propagates around the Irminger basin, mostly as a topographically constrained boundary flow, where it interacts with DSOW. This evolving mixture further
circulates into the Labrador Basin where it is further modified by LSW, before being exported out
of the subpolar region in the form of a southward DWBC flowing along the American coast (Pickart
and Smethie, 1993; Yashayaev and Clarke, 2008). The intermediate/deep stratification in the North
Atlantic is thus, from the bottom upwards, characterized by a cold layer of intermediate salinity, a
slightly warmer salinity maximum layer, and a thick layer that constitutes varieties of LSW characterized by a salinity minimum in the subpolar region (Figure 2.3b). The formation characteristics
and export of LSW varieties has been discussed extensively, see for instance Lazier (1973), Talley
and McCartney (1982), Clarke and Gascard (1983), Gascard and Clarke (1983), Clarke and Coote
(1988), Pickart (1992), Smethie et al. (2000), Smethie and Fine (2001), Pickart et al. (2002), Pickart
et al. (2003b), Yashayaev et al. (2007) and Yashayaev (2007). LSW is a thick, relatively cold and
fresh water mass, which, in essence, serves as the North Atlantic counterpart to AAIW in the Southern Ocean (Figure 2.3b,d) and constitutes the intermediate water of the North Atlantic. This water
mass will be discussed in more detailed in a following section on low salinity intermediate waters.

2.4.1.2.2 Influence of the overflows Because the overflows between the GIN Seas and the North
Atlantic are mostly governed by the horizontal pressure gradients at the sill depth, overflow transports do not tend to experience large high-frequency seasonal or interannual variability (Dickson
et al., 1990; Saunders, 1990; Mauritzen, 1996; Riemenschneider and Legg, 2007), even if the ventilation processes in the GIN Seas are highly seasonal or episodic and vary substantially from year to
year (Dickson et al., 1996). This is partly a consequence of the relative uniformity of the deep water
column in the GIN Seas (Aagaard et al., 1985). This uniformity is due to both effective mixing when
convective events occur, and residence times of order 20 years typical of the GIN Seas (Fogelqvist
et al., 2003), a timescale which is consistent with the decadal variability that seems to typify the
overflows (Bacon, 1998). Recent results from an SF6 dye injection at intermediate depth in the central Greenland gyre also suggests that the transit time from this site, where deep convection occurs,
to the overflows is about 2.5 years, at which time dilution of the initial patch is important and die
concentrations at the overflow are small (Olsson et al., 2005; Messias et al., 2008).
On the other hand, chlorofluorocarbon (CFC) results of Smethie and Fine (2001) and Fogelqvist
et al. (2003) show that waters located south of the Denmark Strait, near the sill depth, are younger
than waters at equivalent depth north of the sill (i.e. mainly varieties of AIW). Note that AIW
is not the densest waters in the GIN Seas. AIW is believed to contain a substantial amount of
recirculating AW (Mauritzen, 1996). The particular composition and origin of the waters feeding
the overflows from the GIN seas is not clear, with shallow convection north of Iceland being possibly
important (Swift and Aagaard, 1980, 1981; Killworth, 1983; Swift, 1984; Fogelqvist et al., 2003;
39

Karstensen et al., 2005; Messias et al., 2008; Kasajima and Johannessen, 2009). Nevertheless, this
across sill contrast in CFC-derived apparent age suggests that variability of the pressure gradient
across the overflow may in fact be influenced, aside from perturbations in the GIN Seas, by changes
in the ventilation processes that modify hydrographic properties of the subpolar North Atlantic
(LSW, SPMW), and allows for possible resonance effects between different modes of variability
specific to the GIN seas and to the subtropical and subpolar North Atlantic. These water masses,
especially LSW, experience substantial interannual variability (Yashayaev et al., 2007; Yashayaev,
2007; Yashayaev and Clarke, 2008; Haine et al., 2008) and appear to be vulnerable to a suite of
episodic (Dickson et al., 1988; Belkin et al., 1998) and climatic perturbations (Dickson et al., 1996).
Theoretical considerations suggest that entrainment is inversely proportional to the density contrast between the sinking plume and the surrounding waters. Consequently, a denser LSW (i.e.
colder or saltier) should result in a decreased density contrast with AIW, what would increase entrainment and the DWBC flux. Bacon (1998) briefly discusses the possible link between entrainment strength at the overflow and its downstream influence on the volume flux of the deep western
boundary current (DWBC), and the density contrast between LSW and the average AIW properties
flowing across the sill (Turner, 1986; Legg et al., 2006). The analysis of Bacon (1998) of 22 historical sections in the Irminger Sea does not seem to support the hypothesis presented at the beginning
of this paragraph, however. Bacon (1998) attributes the main source of overflow variability to temperature perturbations in the GIN seas rather than to variations in LSW density. On the other hand,
the results of Bacon (1998) also reveal that DWBC fluxes from years 1966 and 1967 do not follow
the linear trend between GIN air temperature and DBWC volume flux, which is the core of the argument that is used to argue that conditions in the GIN seas to govern overflow variability. Overflow
entrainment during these years appear to be controlled by different processes, possibly due to the
extreme sea-ice conditions in the GIN seas at that time (Mysak et al., 1990; Bacon, 1998), suggesting perhaps a saturation of the air-sea flux control at this time on the GIN ventilation region and an
increased influence of the subpolar North Atlantic LSW on the overflow process. This period also
seems to coincide with anomalous heat trapping in the AW of the Arctic (Swift et al., 2005).

2.4.1.2.3 Ventilation of the North Atlantic At the Grand Banks, NADW is estimated to be
composed of 37% ISOW, itself composed of 15% entrained SPMW and 22% eastern overflow, 32%
LSW and 31% DSOW (western overflow) (Swift, 1984). These estimates, however, do not take
into account the AABW component highlighted by McCartney (1992), such that they are all upper
limit estimates (Haine et al., 2008). Estimates of the volume flux at the sills for both the DSOW
and ISOW are about 3 Sv and 2-2.7 Sv, respectively (Haine et al., 2008). These fluxes double
subsequent to entrainment in the overflows, with the majority of the additional volume coming
from the SPMW. Formation rates of LSW appear much more variable, however (Haine et al., 2008),
ranging from 2 to 8.6 Sv. Recent estimates seem to suggest average values between 3-5 Sv after
1990. LSW formation is prone to large interannual variations (by almost one order of magnitude),
as suggested from the different data-based estimates and GCM-based estimates. Data and model
estimates of LSW formation do not converge, except in projecting an impression of low formation
in the 1980s and higher formation in the 1990s (Haine et al., 2008). LSW is viewed as one of the
most variable components of NADW and is sensitive to climate change (Stouffer and et al., 2006;
Stouffer et al., 2006a). Although the high CFC plume associated with LSW can be traced to the
equator and shows the importance of the DWBC for the export of this water mass (Weiss et al.,
1985; Smethie et al., 2000), it is unclear how LSW formation variability influences the overturning
circulation (Marotzke and Scott, 1999; Spall and Pickart, 2001) as much of LSW recirculates in the
North Atlantic (Smethie et al., 2000). Analysis of historical data and modeling experiments show,
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however, that buoyancy loss in the Labrador Sea and the properties of the DWBC influences the
path of the Gulf Stream, which in turn may affect climate over the North Atlantic (Dickson et al.,
1996; Yeager and Jochum, 2009).
Processes affecting ventilation in the GIN Seas and in the North Atlantic are not purely local,
however. Dickson et al. (1996) speaks of coordinated convective activity between the GIN Seas,
STMW formation regions off North America, and LSW formation centers. These large-scale correlations are the consequence of one dominant mode of climate variability in the region known as
the North Atlantic Oscillation (NAO). Analysis of historical data shows that storm activity in the
GIN Seas and cold air bursts off the Atlantic North American coasts appear to be correlated, resulting in deep ventilation in the GIN Seas and increased production of STMW in the North Atlantic
subtropical gyre. This situation also seems to be associated with increased freshwater delivery to
the Labrador Sea, which increases stratification and limits the convection depth in that basin, resulting in shallower LSW ventilation. Associated changes in the wind patterns may also result in
less upwelling in the Labrador Sea subpolar gyre, limiting the density of newly formed LSW. The
NAO index was high in the 1920s and in the 1990s, corresponding to increased weather intensity
in the GIN Seas and a southwestward migration of the storm track over America and the Western
North Atlantic. These periods are characterized by maximal convection in the Labrador Sea. On the
other hand, the NAO index was particularly low in the 1880s and in the 1960s, when Labrador Sea
convection appears to have been shallow. Downstream changes in LSW properties in agreement
with NAO dominated variability in the Labrador Sea region have been detected downstream near
Bermuda (Curry et al., 1998).
Connectivity between the ventilation processes in the GIN seas, the overflow characteristics
and the subtropical and subpolar gyre was also suggested in Orvik and Niiler (2002), Hakkinen
and Rhines (2004), Hatun et al. (2005), Hansen et al. (2004) and Hansen et al. (2008), among
others, although from the alternative perspective of the warm/salty water northward flowing branch.
The focus in these studies is on the return flow of AW into the GIN seas, investigating both the
North Atlantic processes influencing the pathway and characteristics of the North Atlantic Drift at
key passages and the evolution of the Norwegian Atlantic Current (NwAC). The dynamics of the
subpolar gyre, particularly the shape of the subpolar gyre (see Figure 2.5), can impede the northward
flow of subtropical waters in the GIN regions, and thereby influences the fractions of SPMW and
STMW that develops into AW (Hakkinen and Rhines, 2009). Gyre dynamics in the North Atlantic
seems to be strongly associated with the NAO, such that the return flow of AW is one component
of the interconnected processes proposed by Dickson et al. (1996). The relative importance of
the processes governing the variability of the overflow on different time scales and the dynamics
of inter-gyre water mass exchange is not yet well understood with regards to their effects on the
overturning circulation. Nonetheless, the hydrographic contrast between subpolar water masses,
particularly LSW, and the hydrography of the GIN seas, particularly AIW, surely can be exploited
into a potential diagnostic for model evaluation.

2.4.1.2.4 Synthesis In summary, the water masses of the North Atlantic and the Arctic are quite
well characterized in their mean state, but variability is large and poorly constrained. These regions
are prone to large interannual variations, which can mask the signal expected from greenhouseinduced climate change. The North Atlantic is the best sampled ocean, but data in the Arctic are
sparse. Much remains to be learned about the processes ventilating the deep Arctic, particularly the
importance of episodic plumes sinking off the Siberian shelves and their interactions with the warm
and salty intermediate layer of Atlantic origin. The current generation of global climate models
is, to a large degree, incapable of simulating the hydrography in the Arctic. It is not clear if better
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simulations of the Arctic will result in substantially better representations of NADW characteristics,
however, as global constraints exert also a strong influence on the heat and salt balance of the North
Atlantic (Bryan, 1986; Saenko et al., 2004). It is clear, however, that better NADW simulations will
benefit from more correct representations of the overflow densities and the entrainment process.

2.4.2 The water mass system of the Southern Ocean
2.4.2.1

Geographical setting

In contrast to the Northern Atlantic and the Arctic, whose exchange with the rest of the world
is influenced or limited by overflows, the polar Southern Ocean (Figure 2.7) is not bounded by
shallow sills on the equatorward side and communicates with all ocean basins through multiple
deep passages (Whitehead, 1998). There is a dynamical barrier to ocean exchange, however: the
Antarctic Circumpolar Current (ACC) system. Antarctica is bordered by four large basins separated
by broad and relatively deep ridges and plateaus: the Weddell-Enderby, South Indian, Southwest
Pacific and Southeast Pacific Basins. Continental shelves around Antarctica are typically narrow,
except the Weddell and Ross Sea continental shelves, which reach 400 km in width and 400 m in
depth.
2.4.2.2

Characterization of Antarctic Bottom Water

The consolidated product of the densest Southern Ocean water masses is often referred to as AABW
(highlighted with grey ellipse on Figure 2.3e). AABW is recognizable as a temperature and salinity
minimum layer near the bottom, with relatively high oxygen and other gas concentrations in the
Southern Ocean (Foldvik and Gammelsrod, 1988). At lower latitudes, AABW distinguishes itself
from NADW by being fresher and colder, but other nutrient-based (Broecker, 1974; Broecker et al.,
1985b, 1998) and isotopic (Broecker et al., 1985a) tracers also show readily identifiable differences
between the Northern and Southern source waters. Definitions of AABW vary extensively (see Table 3, Naveira-Garabato et al. (2002)) depending on the extent of the region considered. Frequently
proposed operational AABW definitions in the Southern Ocean are waters colder than 0◦ C (Hellmer
and Bersch, 1985; Whitworth and Orsi, 2006) or water denser than the lightest water not found in
the Drake Passage (γn > 28.27 kg/m3 Orsi et al. (1999, 2002); Orsi and Wiederwohl (2009)). The
exact partitioning of the total production into particular source regions remains poorly constrained
as overflows can be episodic, have been under-sampled (Jacobs, 2004; Gordon et al., 2009) and new
sources of waters (most ventilate only to intermediate or deep depth, not to the bottom) are discovered over time as increasing fractions of the Antarctic coast are explored (Jacobs, 2004; Williams
et al., 2010).
Total AABW production estimates suffer from the lack of coherence amongst AABW definitions, but holistic independent assessments of the total AABW production appear to asymptote
nonetheless towards values of 15-20 Sv (Stommel and Arons, 1960b; Gill, 1973; Broecker et al.,
1998; Orsi et al., 2002), roughly similar to estimates of NADW production and estimates of overturning in the North Atlantic (Broecker et al., 1985a; Smethie and Fine, 2001; Talley et al., 2003;
Lumpkin and Speer, 2007). As discussed by the CFC-based assessment of Orsi et al. (2002), the
range (15 to 20 Sv) appears to depend on the treatment of entrainment of LCDW in the ACC (Orsi
et al., 1999).
AABW, like NADW, is a mixture of water masses and not a true water mass in the sense that
its source is not well-defined at the surface but depends on a variety of regional sources and ventilation processes. NADW and AABW are practical constructs that integrate complex mixing histories
(Gebbie and Huybers, 2011) and ventilation processes. The average composition of these broadly
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and loosely defined summary water masses, however, form a useful framework that can be used to
discuss global scale climate shifts over long periods because NADW and AABW properties integrate the general surface boundary conditions and internal dynamical ocean processes of the high
latitudes. Particular components of AABW or NADW, however, may be more or less vulnerable to
climate or regional perturbations and each component may respond with different magnitudes and
different time scales, what may alter the overall AABW composition (Foldvik and Gammelsrod,
1988; Adkins et al., 2002a). With regards to AABW and NADW representation in models, the average model biases in AABW or NADW cannot easily be linked to particular ventilation processes
(Matsumoto et al., 2004). In this case, more detailed and regional analyses are often useful (Santoso
and England, 2008; Kerr et al., 2009). The following paragraphs provide an overview of the water
masses of the Southern Ocean relevant to the formation and export of AABW.
Overall, AABW consists of a mixture of LCDW (which is characteristically warm and salty in
the Southern Ocean as it contains a large fraction of waters originating in the North Atlantic), varieties of near-freezing water masses of variable salinities found on the continental shelves around
Antarctica and a permanent cold and fresh subsurface layer (Winter Water, WW, Carmack and Foster (1975); Gordon et al. (1984)) formed as a by-product of the mixed-layer and buoyancy seasonal
cycles (Foster and Carmack, 1976; Hellmer and Bersch, 1985; Orsi et al., 2002; Jacobs, 2004).
Since the properties of CDW are quite uniform relative to the other constituents, peculiarities in
types of bottom waters mostly vary owing to the amounts and types of shelf waters injected in
the different regions around the Antarctic continent. Spatial variability is affected mostly by local
geographical features, such as the size and shape of the ice-shelf cavities (Foldvik and Gammelsrod, 1988; Grosfeld et al., 1997; Losch, 2008), topographic constraints (i.e. Berkner Island, Maud
Rise, etc.; Bagriantsev et al. (1989); Gordon and Huber (1995); de Steur et al. (2007)), the width
of the continental shelf and the depth of the shelf break, which limits or dictates the influence and
properties of WDW that penetrates over the continental shelves (Orsi et al., 1993; Chavanne et al.,
2010), and the presence or absence of icebergs at key locations. Climatic variability also plays a
role on various time-scales (Foldvik et al., 1985; Comiso and Gordon, 1996; Robertson et al., 2002;
Fahrbach et al., 2004; Gordon et al., 2007; Meredith et al., 2008; Gordon et al., 2010; Meredith et al.,
2011), although natural variability along the Antarctic coast and its effect on ventilation processes
remains poorly constrained by data.
2.4.2.3

Processes affecting the formation of AABW

The mixing processes and the properties of precursor water masses that form AABW (Orsi et al.,
1999) are discussed, amongst others, in Gill (1973), Foster and Carmack (1976), Weiss et al. (1979),
Jacobs et al. (1985), Foster et al. (1987), Foldvik and Gammelsrod (1988), Weepernig et al. (1996)
and Jacobs (2004). Different formation mechanisms co-exist, more or less prominently, around
Antarctica. Carmack and Killworth (1978) suggest that circum-Antarctic sinking of waters off the
shelf break is likely, in agreement with a more recent study investigating the role of tidal mixing (Whitworth and Orsi, 2006) on the Ross Sea shelf as a driver of dense water formation, but
that it is rare that sinking plumes reach the bottom. Sources of variable characteristics and magnitudes, dominated by different formation processes, that ventilate the deep and bottom layers have
been reported at various locations around Antarctica. Gordon and Tchernia (1972), Rintoul (1998),
Whitworth (2002) and Williams et al. (2010) report on the formation of species of Adélie Land Bottom Water (ALBW) at various locations off the Adélie Land associated with the Adélie and Mertz
Depressions. Gordon (1974), Jacobs and Georgi (1977), Nunez Vaz and Lennon (1996), Wong et al.
(1998a) and Yabuki et al. (2006) show evidence for bottom water formation from Prydz Bay (Prydz
Bay Bottom Water, PBBW), located off the Amery Ice Shelf. Carmack and Killworth (1978) show
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interleaving signatures of freshly ventilated waters at mid-depths off Wilkes Land, and Carmack
(1977) finds evidence of formation in the Davis Sea, just east of Prydz Bay.
As discussed in the following, owing to the various mixing mechanisms, particularly the tidal
mixing (which is not affected by climate perturbations), and the role of Ice Shelf Waters (ISWs),
perennial formation of forms of bottom or deep water is observed in the Southern Ocean (Gill,
1973; Gordon et al., 2009). The types of ventilation processes or mixing interactions, which are not
mutually exclusive, are essentially mixing on the continental shelf between upwelled deep water
and near-freezing ice-shelf products, mixing at the shelf break in association with the Antarctic
Slope Front (ASF, Gill (1973); Jacobs (1991); Heywood et al. (2004); Ou (2007); Baines (2009);
Chavanne et al. (2010)), and direct deep convection in association with polynyas on the shelves or
in the open ocean.
Complex mixing patterns on continental shelves with ISW contributions describe the situation
of the major bottom water production areas: the Weddell Sea, Prydz Bay, Adélie Land and the
Ross Sea. Particular relationships between water masses indicative of the formation process of
AABW are illustrated by black and dashed magenta (for shelf waters) line segments on Figure
2.3e. The deep water varieties characteristic of the Ross or Weddell Sea gyres (Ward Deep Water,
WDW, (Gill, 1973)), where most of the bottom water production takes place, are slightly cooler
and fresher version of LCDW owing to modification over time by shelf water plumes aided by
its substantial recirculation and residence time in the Weddell and Ross gyres (Foldvik et al., 1985;
Orsi et al., 1993; Gordon et al., 9934, 2004). WDW is injected onto the continental shelves (≈500 m
deep) bordering Antarctica (Foster et al., 1987), where this water interacts with WW at the ASF
and cold and low salinity waters on the shelves (Low Salinity Shelf Water, LSSW), resulting in
Modified Warm Deep Water (MWDW), a freshened and colder version of WDW. Injection of WDW
onto the shelf and mixing at the shelf break has been shown to be strongly modulated by tides
(Foster et al., 1987; Whitworth and Orsi, 2006), which translates into the overflow (mixing product)
variability exhibiting a strong tidal signature (Whitworth and Orsi, 2006; Gordon et al., 2009). In
fact, numerical modeling experiments suggest that tides of the right amplitude (not necessarily the
strongest) and phase may enhance bottom water production by up to 70% (Wang et al., 2010b).
Sea-ice production near the edge of ice-shelves and around polynyas enrich near-freezing surface waters with brine, resulting in the densest waters of the Southern Ocean (High Salinity Shelf
Water, HSSW, Gill (1973)). HSSWs, owing to their densities either overflow off the shelf break
(Gordon et al., 2009) or sit on the continental shelves and enter ice-shelf cavities, where their residence times is of order ≈5 years (Jacobs et al., 1985; Trumbore et al., 1991). The fate of these
waters depends greatly on the local topography. Upon interaction at depth with the ice underneath
the ice-shelf cavity, where pressure decreases the freezing point of seawater (Lewis and Perkin,
1986; Jacobs et al., 1979b; Foldvik et al., 2004; MacAyeal, 1984; Price et al., 2008), HSSW melts
ice underneath the shelf cavity. This decreases its salinity and its temperature to temperatures that
are below the freezing point at surface pressure. This supercooled water mass is known as ISW
(Jacobs et al., 1979b). If of sufficient density (Fahrbach et al., 1994), ISW is then exported off the
shelves via topographic channels, troughs and depressions to variable depths (Foldvik et al., 1985;
Price et al., 2008; Gordon et al., 2009). Isotopic analyses (Weepernig et al., 1996) in the Weddell
Sea reveal that a significant fraction of the WSDW (20%) is ventilated by ISW and HSSW, while
the isotopic composition of WSBW suggests a relative dominance of HSSW. Complex plume dynamics, thermobaricity, the possibility of hydraulic jumps, the effect of rotation on the overflows,
the tidal phase and the relative position of the ASF all influence the final resting depth of particular
overflows (Killworth, 1977; Condie, 1995; Gordon et al., 2004; Foldvik et al., 2004). By similar
ice-water interactions underneath the ice-shelves, MWDW that enters the ice-shelf cavity forms
LSSW upon exiting.
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There exists a spectrum of shelf waters, however, and the particular properties of HSSW, LSSW
and ISW vary substantially between locations. HSSW and LSSW are, for historical reasons, named
differently in the Weddell Sea near the Filchner ice shelf: WSW and ESW, respectively. However,
due to the strong influence of regional topography on the shelves, the separation into East and West
is relative and I do not recommend this nomenclature. These waters, as indicated by their isotopic
signatures, appear to form in a similar fashion in the Ross and Weddell Sea and seem to have
similar roles at both locations (Jacobs et al., 1985). While the importance of LSSW is not clear (it
seems to contribute mostly to AASW, (Jacobs et al., 1979a) and to the transformation of WDW into
MWDW), HSSW, as a precursor of ISW and as a direct bottom water contributor, appears to be
a fundamental component for the ventilation of the Southern Ocean (Gordon et al., 2009). While
HSSW and brine-enriched shelf waters in general contribute to the ventilation of the bottom waters,
their net effects on the average salinity of the bottom waters is not large as the bulk of the salinity
signature of the bottom water arises from the mixing between CDW and fresher near surface waters
(WW, LSSW, AASW) (Toggweiler and Samuels, 1995b).
The ASF is a dynamical barrier that separates the dense waters on the shelves from the waters of
the open ocean (Chavanne et al., 2010). It is often described as a V-shaped feature on latitude-depth
sections crossing the shelf break. The presence of that front is identifiable in most hydrographic
properties located at the shelf break and it represents a quasi-circumpolar westward flowing current
that reaches depths in excess of 1000 m (Jacobs et al., 1985). It is a region of lower sea ice cover
in winter and a major route of iceberg transport (Jacobs et al., 1979a; Jacobs, 1991). Its width at
the surface is of order half a degree or less (Jacobs et al., 1985), but its surface signature is weak
and it mostly exists below 200 m (Baines, 2009). The V-shape indicates that isopycnals from both
sides slope downward, which is atypical as most fronts only have one branch of the V (Baines,
2009). Its dynamics are not well understood (Ou, 2007; Baines, 2009). While the offshore branch
of the V appears to be associated with a typical along-shore current, possibly generated by katabatic
winds and Ekman flux (Baines, 2009) or the wind-induced ice motion that separates brine release
regions (on shelves) from melt regions (offshore) (Ou, 2007), the onshore branch of the V is mostly
likely due to the sinking of dense shelf water plumes. In fact, the V-shape is indicative of different
dynamical regimes that interact at that location (Baines, 2009). Evidence that the two branches of
the V are not necessarily linked is that the onshore branch is not visible everywhere the offshore
branch exist (Baines, 2009). As such, the presence of the V-shape structure at the shelf break
appears to necessitate denser overflows from shelves.
Models suggest that the front is an important component limiting the properties of AABW as
it is a location where strong entrainment of WDW and, especially, surface WW and AASW occurs
(Ou, 2007; Baines, 2009). It is also a region where warm/salty waters mix with fresh/cold waters,
which is a necessary condition for cabbelling, a process believed to be important at the front (Jacobs,
2004). The overall entrainment of fresh and near-freezing waters from the surface, most likely in
the form of WW (in the center of the V) is a critical control on the ultimate salinity of AABW.
The last process that is believed to ventilate the deep Southern Ocean is convection (Gordon,
1978). While not directly observed, convection has been inferred from tracers (Gordon, 1978; Foldvik et al., 1985). The process is associated with polynyas, in that upwelling of deep waters, which
are warmer, supply heat to maintain sea-ice free condition above the convective region. Freezing
at the surface cools the water and rejects brine, increasing the salinity of the surface water, which
is fresher than WDW, to densities sufficient for overturning to occur (Martinson et al., 1981; Martinson, 1990). Upwelling of deep waters is also the main reason for the sharp and rapid decline of
the Antarctic sea-ice cover in spring (Gordon, 1981). In contrast, the halocline in the Arctic limits
heat exchange from the warm/salty AW, allowing for sea-ice to persist longer in the year. Budget
calculations show that only about 50% of the heat necessary to account for spring heating of the
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mixed layer is supplied from air-sea fluxes (Gordon, 1981), the rest must come from below.
One region with a quasi-permanent polynya is located in the Weddell gyre, West of Maud Rise.
Cells of WDW, which appear to originate through interaction of the wind-driven gyre with the local
topography, have been observed to propagate into the Weddell gyre (Gordon and Huber, 1984;
Bagriantsev et al., 1989; Gordon and Huber, 1995; Holland, 2001; de Steur et al., 2007). These
eddies inject heat and salt and contribute to the maintenance of a polynya in the region. These eddies
also bend isopycnals upwards, closer to the surface mixed layer. Gordon and Huber (1984) suggests
that the frequency with which such WDW cells may be injected can destabilize the pycnocline in the
region and increase the frequency of convective events. The process also appears to be modulated
by the wind regime in the Weddell gyre and is influenced by larger scale synoptic climate patterns,
such as the Southern Annular Mode (Gordon et al., 2007).
Polynyas have been detected at multiple locations around Antarctica (Gordon and Comiso,
1988; Comiso and Gordon, 1996; Tamura et al., 2008; Comiso, 2010), but their overall contribution for the ventilation of the deep Southern Ocean is not yet clear. Jacobs (2004) estimates the
contribution of the Weddell Polynya to be of order 1.6 to 3.2 Sv. The importance of convection in
the Southern Ocean appears to be small (Jacobs, 2004) relative to its role in the GIN Seas, where
it is the dominant ventilation process (Carsey and Roach, 1994). With the continental shelves covered with grounded ice-sheets during the Last Glacial maximum (Mackintosh and et al., 2011), it is
likely that polynyas may have been the dominant ventilation pathway of the Southern Ocean Deep
Waters at that time (Smith et al., 2010).
One interesting point with regards to the convective process is that a mixture of WDW and WW
forms MWDW (Figure 2.3e) and not bottom waters. Clearly, brine rejection is necessary for the
density of the mixture to be sufficiently high. Early theories of Southern Ocean ventilation proposed
the concept of critical salinity (Scrit ) (Mosby, 1934; Kelley, 1994); that is the salinity necessary for
near surface waters close to the freezing point (WW) to exceed the density of the waters below them
(WDW). Based on the Southern Ocean conditions, a value of Scrit =34.6 was suggested (Mosby,
1934), obtained by projecting the WDW-WSBW mixing line to the freezing point (indicated by
an annotated magenta segment on Figure 2.3e). This value of Scrit apparently separates LSSW
and HSSW, suggesting that shelf waters saltier than Scrit sink, while waters fresher than Scrit are
too light and contribute to LSSW and eventually AASW. Using conditions of the Weddell Polynya,
Martinson et al. (1981) proposed a convective model for polynyas, incorporating the time remaining
in the cooling season, or the time available for brine production, setting a limit on how much salt can
be released. This implies a low-salinity limit, beyond which the water is too fresh to ever become
dense enough before sea-ice melts resets the stratification. These waters will invariably escape the
Southern Ocean as AASW and their probable next chance for subduction will be associated with the
formation of AAIW (Figure 2.3d). The salinity limits suggested by Martinson et al. (1981) range
between about 34.52 and 34.36. These values are shown on Figure 2.3e and seem to bracket the
interaction region between WW and MWDW rather well.
2.4.2.4

Export of AABW

Equatorward export out of the Southern Ocean is affected by the presence of a circumpolar topographic barrier and the presence of a dynamical barrier (the Antarctic Circumpolar Current). Export
of bottom water out of the Southern Ocean occurs via deep western boundary currents along ridges
(Stommel and Arons, 1960a). Eight deep passages (deeper than 3500m) located between 50◦ and
60◦ S account for most of the export (Orsi, 2010). Most of the equatorward export is in the form of
Antarctic Circumpolar current bottom water (ACCbw) (Orsi, 2010), a relatively warmer and saltier
mixture than primary AABW beyond the ACC. The transport accounted for by each passage out of
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the Southern Ocean does not necessarily appear to be a function of the distance from the formation
site or formation rate at the closest site. The purity of the AABW exported is a function of the
mixing imposed on this water mass as it crosses the ACC, however. For instance, Whitworth et al.
(1991) measured a net export out of the Weddell Sea into the Argentine Basin along the eastern flank
of the Ewing Bank, west of the Georgia Bank, of about 1.9 Sv (waters colder than 0.2◦ C, 8.2 Sv
northwestward minus 6.3 Sv of southeastward recriculation). Fukamachi et al. (2010), on the other
hand, report on a strong net (8 Sv) northwestward transport of AABW (waters colder than 0◦ C,
16.4 Sv northwestward minus 8.4 Sv of southeastward recriculation) in a narrow boundary current
on the eastern flank of Kerguelen Plateau. The Weddell Sea is believed to account for about 60% of
the total 8.1 Sv of AABW formed in the Southern Ocean (Orsi et al., 1999). The topographic and
dynamical barriers, mixing and water mass transformation in the Southern Ocean acts as a major
control on the properties of AABW that is exported.
Little is known about the variability of the deep western boundary currents in the Southern
Ocean. Fukamachi et al. (2010) report a standard deviation for their Kerguelen measurements of
5.6 Sv with a mean cross-array transport of 12.3 Sv based on two years of mooring data. Whitworth
et al. (1991) find that, for the deep western boundary current only, the transport has a mean of 2.5 Sv
and a standard deviation of 2.2 Sv. Whitworth et al. (1991) argue that most of the observed transport
variability off Ewing Bank may not be due so much to the variability of the AABW component
flowing north but to the meandering of the ACC (time-scale of 2-3 months), which is responsible
for most of the recirculation, and the presence of eddies (1-2 weeks). Given the geographical and
dynamical setting at the Kerguelen site and the dominance of the 3 months and the 2 weeks timescales visible in the record, one would be tempted to conclude that ACC meandering and eddies
also dominates the variability at Kerguelen.
2.4.2.5

Variability

The relationship between the dominant climate modes of the Southern Ocean, and the formation
process of AABW and its components are also not well characterized. Notable climate modes that
have been shown to influence conditions, particularly sea ice, sea-surface temperature and pCO2 ,
in the Southern Ocean include El-Niño Southern Oscillation (ENSO), the Antarctic Dipole (AD)
and the Southern Annular Mode (SAM). Studies on the effects of dominant climate modes on the
property of the ocean interior is critically impaired by a lack of data in the Southern Ocean and
have relied mostly on reanalysis products, models or limited temperature time-series measurements
from few moorings (Yuan and Martinson, 2000, 2001; Lovenduski and Gruber, 2005; Lovenduski
et al., 2007; Stammerjohn et al., 2008; Screen et al., 2010; McKee et al., 2011). The analysis of
the vulnerability to climate variability of the different water masses and of the bottom water endproduct in the Southern Ocean seems to be a topic of great interest for the coming years. Existing
studies converge towards a prominent role of the winds, which affect the area covered by sea ice,
sea ice export, as well as the strength and shape of the Weddell and Ross gyres, whose broad eastern
return flows supply heat and salt to the polar coasts (Assmann and Timmermann, 2005).
2.4.2.6

Synthesis

The properties of the main water masses and the general stratification are well known in the Southern Ocean. Contrary to the situation in the Northern Atlantic, the Southern Ocean water masses
tend to be very homogenous. The influence of CDW in the bottom water formation process makes
the Southern Ocean rather insensitive to regional perturbations. This homogeneity, or lack of contrast between water masses, makes it difficult to identify patterns of variability on short temporal or
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spatial scales. The homogenous nature is due to strong mixing. While this makes monitoring the
mean conditions of the Southern Ocean easy, this also strongly dilutes most signals or perturbations
associated with the precursors of AABW, making it difficult to characterize variability in the region.
Analysis of specific tracers and radiogenic isotopic fingerprinting methods, however, provide additional constraints that can be used to differentiate deep and bottom waters of similar temperatures
and salinities but formed in different sectors around Antarctica and provide additional benchmarks
against which to test models (Shodlock et al., 2001; van de Flierdt et al., 2004, 2006; Rodehacke
et al., 2007b,a).
The volume of the Southern Ocean and the ocean volume that is ventilated from the Southern
Ocean are large relative to the global ocean volume. For this reason, small biases or property
anomalies in the Southern Ocean, even if barely detectable because of their lack of contrast with
respect to the background conditions, translate usually into large biases or signals with regards to
integrated quantities. One example is given by the measured changes in freshwater and heat storage
(Helm et al., 2010). These and similar signals are locally small but have a major impact on global
climate and on global nutrient budgets. Simulation of the hydrography of the Southern Ocean water
masses by global coupled models appear reasonable with respect to the main water mass structure
shown on the global volumetric θ/S diagram. At least, the agreement is better in the Southern
Hemisphere than in the Northern Atlantic. This is not to say, however, that models resolve the
water mass formation processes accurately in the South.
Less scatter exists between the models’ representation of the thermohaline conditions in the
South because bottom water is mostly a mixture of NADW with a fresher and colder end-member.
As long as a model has both of these elements, for any reason, a model can produce bottom water of
reasonably good temperature and salinity values. The volumetric θ/S distribution shows, however,
that differences exist between the influence of NADW south of 30◦ S. When calculated only for the
southernmost latitudes, the volumetric θ/S distribution of the models indicate substantial discrepancies with observations. These model biases suggest errors in the models’ water mass formation
processes of the precursor water masses constituting the colder and fresher end-member necessary
to form bottom water.

2.4.3 The contrasting roles of Arctic rivers, Antarctic ice shelves and sea-ice dynamics
The mechanisms supplying freshwater to the polar Southern Ocean are quite different than those
supplying freshwater to the Arctic. There are no large rivers in Antarctica and 45% of the Antarctic
coast is bordered by vertical ice walls (200-300 m tall) reflecting the edges of ice-shelves. The
largest ice shelves are the Filchner-Ronne ice-shelf in the Weddell Sea, the Ross ice-shelf in the
Ross Sea and the Amery ice shelf in Prydz Bay (Figure 2.7). Smaller ice shelves include the Larsen
C, east of the Antarctic Peninsula, the Riiser-Larsen and the Fimbul ice shelves along the Enderby
coast in the eastern Weddell Sea, the West and the Shakelton ice shelves east of Prydz Bay along
the Adelie Land, and the George VI and the Wilkins ice shelves bordering the Belinghausen sea,
west of the Antarctic Peninsula. It is estimated that glacial meltwater contributes 0.06-0.07 Sv to
the non-atmospheric freshwater input to the polar Southern Ocean (Carmack, 1990). In contrast,
there are few ice-shelves (near the Ellesmere Islands, Northern Canada) in the Arctic owing to the
lack of large glaciers there (Figure 2.4). Ice shelves exist around Greenland, however, shedding
icebergs into the East Greenland Current and into the Labrador Sea. These icebergs tend to travel
southward and their influence on the Arctic Sea is that they are exporters of freshwater and not a
freshwater source. Their decay, nonetheless, has some impact on the salinity of the East Greenland
Current and influences convection in the Labrador Sea downstream.
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2.4.3.1

The role of rivers

Major rivers enter the Arctic Sea. Most of these rivers are located along the Siberian coast. The
largest Arctic rivers are the Yenisei (0.019 Sv), the Ob (0.017 Sv), the Lena (0.016 Sv), the Mackenzie (0.011 Sv), the Pechora (0.004 Sv), the Severnay Dvina (0.0035 Sv), the Kotuy (0.0033 Sv), the
Kolyma (0.0032 Sv), the Pyasina (0.0027 Sv) and the Indigirka (0.0018 Sv). These rivers transport
an estimated 0.105 Sv of freshwater from the continents (Carmack et al., 2008). This is an estimated
8.9% of the world’s river runoff, 60% of the long-term average discharge of the Amazon (Dai et al.,
2009) but only 0.67% of global atmospheric precipitations (Dai and Trenberth, 2002). The peak
discharge for Arctic rivers occurs in June and results from spring snowmelt. Integrated precipitation in the Arctic drainage peaks in July (Dai and Trenberth, 2002). Interannual variability in Arctic
river discharge is estimated to be about 5-20% of the mean annual flow, but seasonal variability can
be up to 40-fold for the Yenisei and the Lena river. This is smaller, about 5-fold, for the Mackenzie
(Carmack, 1990). Bryzgalo and Ivanov (2000) estimate that up to 90% of the total annual runoff
occurs between June and September. Additional freshwater input arises from the seasonal sea ice
meltwater, 0.079 Sv of freshwater entering from the Bering Strait and 0.067 Sv of net oceanic precipitation (Serreze et al., 2006). These numbers are calculated relative to a reference Arctic salinity
of 34.8. The actual mass flux through the Bering strait is an order of magnitude larger 0.8±0.2 Sv
(Melling et al., 2008), but the salinity difference between inflowing Pacific water and mean Arctic
water is relatively small. The largest fraction of the freshwater is stored in the Beaufort gyre in the
Canadian Basin (Melling et al., 2008; Peterson et al., 2006; McPhee et al., 2009).
The Arctic, through its role as a gatekeeper for freshwater, can alter the meridional overturning
circulation by shutting off deep water production sites in the Northern Hemisphere. There is in fact
as much freshwater stored in the Arctic as there is in all the lakes and rivers worldwide (assuming
a reference salinity of 34.8 psu). The reservoir is about 10-15 times greater than the annual freshwater flux out of the Arctic (Carmack et al., 2008). The bulk of this storage is concentrated in the
Canadian Basin and is the consequence of the Ekman-convergent anticyclonic Beaufort gyre, the
only anticyclonic gyre of the Arctic Mediterranean Seas. The Beaufort gyre is also where sea ice is
thickest (Belchansky et al., 2008). The Transpolar Drift (TSD) is a baroclinic front which separates
the fresh polar waters in the Canadian Basin from the more saline surface water of the Eurasian
Basin. Variability in the wind patterns, the buoyancy forcing, river runoffs or the Pacific-Atlantic
trans-Arctic flow, which is believed to be driven by the higher sea level of the Pacific, itself the steric
consequence of the relative freshness of the North Pacific compared to the North Atlantic (Melling
et al., 2008), may influence the degree of leakage through this fragile front. Carmack et al. (2008)
estimates that a leakage of 5% of the freshwater contained in the Canadian Basin is equivalent to
one Great Salinity Anomaly (Dickson et al., 1988). This is sufficient to drastically decrease the
convective activity in the Labrador and Greenland Sea.
Yamamoto-Kawai et al. (2009) recently reported on a surface freshening trend in the Arctic.
Such a freshening trend would be expected given a strengthening of the global hydrological cycle,
as implied by global warming (Holland et al., 2007). Using a combination of tracers, δ18 O and
alkalinity, they were able to separate the sea-ice meltwater from the runoff component. They conclude that while sea-ice meltwater is the dominant component, runoff can account for about 30-50%
of the trend in certain locations. Furthermore, they point out that there exists a link between river
runoff and sea-ice melt. Since river runoff is warmer than the ocean, river runoff melts sea ice,
further reducing surface salinity. The presence of rivers over the Siberian shelves explains partly
why these shelves are able to remain free of sea-ice in summer (Figure 2.8). Incidentally, this is also
where sea-ice growth is fastest in winter, such that cold brine-enriched surface polar water is able
to form there and accumulate on the continental shelves. These brine-enriched waters are then able
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to ventilate the upper halocline, and perhaps the bottom occasionally, of the Arctic Mediterranean
Seas (Carmack, 1990).
Another important role for Arctic rivers is that they contribute large nutrient fluxes, which tend
to be rich in nitrate relative to phosphate. Most Arctic shelves are net weakly denitrifying systems
(Nitishinsky et al., 2007). The riverine nutrient flux, together with the role of rivers in maintaining
ice-free ocean regions also act to concentrate the primary production of the Arctic on the continental shelves (Anderson and Jones, 1991). Together with the limiting role of sea ice in air-sea gas
exchange and other controls such as the wind forcing, river runoff ultimately impacts the metabolic
state of the Arctic ecosystem with regards to carbon. While some Russian Seas are net autotrophic
(i.e. Laptev Sea), others seem to be weakly net heterotrophic (East-Siberian Sea) (Nitishinsky et al.,
2007). Overall, however, the Arctic is a net sink of carbon dioxide taking up an estimated 0.0660.199 PgC/yr (Bates and Mathis, 2009). Based on expected responses of the Arctic to global warming, Bates and Mathis (2009) suggest that increased sea ice melt and river runoff will contribute a
decrease in the saturation state of calcium carbonate. This effect may be partially mitigated by an
expected increased primary production at the surface but remineralization at depth is expected to
further decrease the saturation state in the subsurface, resulting in a total water column acidification.
2.4.3.2

Sea ice and ice shelves

While one of the main defining features of the Arctic is its riverine flux, the corresponding unique
feature of the Antarctic region may be the presence of ice shelves and the role of these ice shelves
in modifying seawater properties and its density. Since river discharge of freshwater is small in
the polar Southern Ocean, the inherent seasonal variability of the freshwater flux is much less there.
Seasonal variability in the Southern Ocean is dominated by sea-ice dynamics. Secondly, to maintain
a steady state, the ice accumulation occurring on the Antarctic continent has to ultimately be evacuated to the ocean. Jacobs et al. (1979a) estimate an annual ice accumulation rate of 0.15 m/yr over
an area of 14·106 km2 , corresponding to a equivalent freshwater flux of 0.067 Sv. This is roughly
two thirds of the river flux entering the Arctic. The importance of the ice-melt in the Southern Ocean
is then not so much in its mass, but rather in the mechanisms through which it is delivered. Jacobs
et al. (1979a) argues that about 25% of that mass is evacuated in the form of basal melting under
ice shelves and 75% as other processes, mostly icebergs calving and subsequent offshore melting.
Both the Arctic and the Southern Ocean are β-oceans (Carmack, 2007), stratified by a halocline.
Yet, the mechanism by which freshwater is injected into each ocean and the contrasting magnitude
of these fluxes suggests that the role and importance of the freshwater cap for limiting basin ventilation and the processes maintaining the halocline are different in each ocean. Unlike river runoff,
which is constrained to the surface, the ice-water transformation involves not only a phase transition but melting can and does happen at depth underneath floating ice shelves tens to hundreds of
meters deep. The thermodynamics of the former implies that this phase transition not only freshens
the water but also cools it. In concert with the latter, which is important given that the freezing
∂T
point of seawater (T f ) is depressed by pressure ( ∂pf ≈ 0.00753◦ C/bar), these two features are able
to fuel the self-starting ice pump described by Lewis and Perkin (1986). These relatively fresher
and colder seawater streams have noticeable signatures on hydrographic sections and contribute to
the particular δ18 O isotopic signature of Antarctic Bottom Waters (Weiss et al., 1979; Jacobs et al.,
1985; Toggweiler and Samuels, 1995b; Price et al., 2008).
To put the buoyancy forcing of sea-ice formation into perspective, Aagaard and Carmack (1989)
calculated that the distillation effect due to sea-ice formation is equivalent to that experienced by
highly evaporative basins such as the Red Sea (2 m/yr). In the Arctic, the quasi-complete winter
sea-ice cover insulates this salty lens from atmospheric cooling. In the Arctic, sea-ice tends to grow
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outward from the ice-edge such that the necessary conditions of brine rejection and atmospheric
cooling are almost exclusively met over the deep ocean at the ice edge as the sea-ice expands. In
contrast, sea-ice tends to form near the Antarctic coast and then be exported outwards, such that the
equatorward ice-edge in the Southern Ocean does not necessarily represent the location of sea-ice
formation and brine rejection and does not play a direct role in the ventilation process of the deep
Southern Ocean. Moreover, mixing will dilute the brine layer equatorward there.
The different behavior of sea ice in the two polar oceans (Gow and Tucker, 1990) influences
bottom water ventilation in the two regions. In the Arctic (Figure 2.8), the average sea-ice thickness
is about 3 meters and represents a stable equilibrium of the seasonal melt/freeze cycle (Belchansky
et al., 2008). In the Southern Ocean, sea-ice is thinner (0.5-2 meters). It is thinner in the Southern
Ocean because it is mostly first-year ice everywhere. The thick Arctic sea ice is possible because
it is largely an enclosed basin and because it is strongly salinity stratified, a necessary condition
for sea-ice formation in the deep ocean (Aagaard and Carmack, 1989). This stratification limits the
influence of vertical heat exchange on sea-ice melting.
Owing to strong katabatic winds and the fact that the Southern Ocean is not constrained by land
equatorward, the melt and freeze cycle is spatially largely decoupled in the South, resulting in a
distillation effect similar to the decoupling between regions of net evaporation and net precipitation.
While sea-ice formation rates are strong near the Antarctic coast along leads and polynyas, melting
tends to occur in the open ocean near the equatorward ice-edge (Figure 2.8). Sea-ice is exported
offshore and does not tend to build up from year to year. The wind, current and wave shear at
the ice edge as well as upwelling of heat, the thinness of the ice pack and the dominant frazil ice
composition of the Antarctic sea-ice sheet further results in a higher likelihood of it breaking up
(Gow and Tucker, 1990). This results in a large numbers of gaps or other openings all the way to
the coastal sea-ice regions around Antarctica (Carmack, 1990).
The fresh surface layer of both polar oceans is characteristic for these regions and limits ventilation. The characteristics of the haloclines in the models differ widely, which affects the models’
ability to produce deep and bottom waters. While poor halocline representations by models in the
Arctic mostly affect the hydrography of that basin, the bottom waters formed in the Southern Ocean
directly ventilate the world’s ocean. As such, errors in the Southern Ocean representations of the
halocline in the models is potentially more hurtful to climate simulations. The Arctic halocline is
a large freshwater reservoir, however, and even if it may not be critical for models to capture Arctic hydrography very accurately, freshwater export out of the Arctic exerts an important control on
North Atlantic convection.

2.5 Intermediate waters
Intermediate waters are typically found between 500 and 1500 m. They separate deep waters from
the saltier and warmer central waters associated with the wind driven gyre circulation. There exist two types of intermediate waters: low salinity waters, such as Antarctic Intermediate Water
(AAIW), Labrador Sea Water (LSW), North Pacific Intermediate Water (NPIW), and high salinity
waters, such as Mediterranean Sea Overflow Water (MSOW), Red Sea Overflow Water (RSOW),
Persian Gulf Overflow Water (PGOW), which tend to settle on density levels competing with the
low salinity type. Low salinity intermediate waters form at subpolar latitudes, under the storm
tracks in all basins, and transport freshwater equatorward. This freshwater comes from both excess precipitation over evaporation, and also from the flux of low salinity waters, driven by Ekman
transport, as is the case for Antarctic Surface Water (AASW) in the Southern Hemisphere, or by
other currents, such as the East Greenland and Baffin Island Currents out of the Arctic in the North
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Atlantic. High salinity waters, on the other hand, form from the outflows from evaporation basins
characterized by estuarine circulations at low latitudes.

2.5.1 Low salinity intermediate waters
2.5.1.1

North Pacific

2.5.1.1.1 Overview The North Pacific is the freshest of all basins (Figure 2.3), and North Pacific
Intermediate Water is the freshest of all intermediate waters. The characteristic feature of NPIW is
the salinity minimum of the subtropical North Pacific, which is closely associated with a density
between 26.7-26.9 σθ (300-700 m) (Sverdrup et al., 1942; Talley, 1993). While the salinity of
the subpolar North Pacific is also low, no salinity minimum exist in the subpolar North Pacific to
the extent that it exists in the subtropics. Salinity is low in the subpolar region, but it increases
monotonically with depth in the subpolar North Pacific. The salinity minimum of the NPIW does
not form a pycnostad, unlike LSW, arguing against convective mechanisms or subduction for its
formation (Talley, 1993).
The challenge with NPIW is in explaining its main ventilation pathway. Climatologies show that
isopycnals denser than σθ =26.8, characteristic of the subtropical salinity minimum in the subtropics, do not outcrop in the open North Pacific (Reid, 1965, 1969). Direct ventilation of the salinity
minimum isopycnals from the surface is consequently not possible and other mechanisms maintain
the salinity minimum. It is best to think of NPIW as a water mass system, of which the salinity
minimum is only one component, composed of multiple layers that can be differentiated based on
their dominant ventilation mechanisms (Talley and Yun, 2001; Shcherbina et al., 2003).

2.5.1.1.2 Isoneutral distribution of tracer properties Global maps of various hydrographic
properties are shown on Figure 2.9. Isoneutral γn = 26.8 is characteristic of the subtropical salinity
minimum in the North Pacific. The isoneutral maps were calculated from the annual mean WOA05
climatology and the gridded GLODAP data product (Key et al., 2004). Properties shown are include
physical tracers (the depth of the isoneutral, S , θ), biogeochemical tracers (O2 , NO3 , PO4 , S i),
the anthropogenic tracer pCFC-11 (the partial pressure of CFC-11) and other quasi-conservative
preformed nutrient tracers indicative of water mass origins (NO, Broecker (1974)), biogeochemical
processes (S i⋆ , Sarmiento et al. (2004a); N∗, Gruber and Sarmiento (1997)) and a tracer indicative
of the natural carbon disequilibrium (∆Cgasex , Gruber and Sarmiento (2002)).
The topographic gradient of the γn = 26.8 surface shows clearly the location of the boundary
between the subpolar and the subtropical region in the North Pacific (Figure 2.9a). The subpolarsubtropical boundary marks the location of the North Pacific Current, which includes the Kuroshio
Extension in the West.
It is clear from panel 2.9d that the minimum salinity on this isoneutral is found in the Northeast,
in the Oyashio region. Also, the salinity gradient between the subpolar and the subarctic region is
not as clear as that suggested by panel 2.9a. The distribution of salinity on γn = 26.8 provides an
impression of the main circulation of the NPIW salinity minimum layer underneath the subtropical
gyre and particularly emphasizes the cross-gyre exchange on the eastern side of the North Pacific,
south of the Alaskan gyre (You et al., 2003; Masujima and Yasuda, 2009). Other tracers, however,
particularly O2 , pCFC11, NO, and N ⋆ (Figure 2.9b, c, f), show local extrema in the North Pacific
that are visibly associated with the Okhostk Sea (Yoshikawa et al., 2006) and the convergence region
between the Kuroshio and the Oyashio (i.e. the Mixed Water Region (MWR) a hydrographically
complex region at the confluence of the Oyashio and the Kuroshio and bounded to the East by the
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Tsungaru Current outflowing from the Sea of Japan). Figure 2.9j and k show the importance of the
North Pacific for silicate cycling and for the low latitude export of this nutrient.
Figure 2.9l maps ∆Cgasex , a quantity that corresponds to the salinity normalized dissolved inorganic concentration, corrected for the effect of biological remineralization, calcium carbonate
dissolution and the intrusion of anthropogenic carbon (Mikaloff-Fletcher et al., 2007). ∆Cgasex is a
quasi-conservative tracer that captures the effect of air-sea fluxes across the surface on the natural
carbon distribution and is a coarse measure of disequilibrium of the water with respect to pCO2
at the time of water mass formation. Since the definition involves an arbitrary constants (here
Alkre f =2320 µmol/kg, DICre f =1986 µmol/kg, PO4,re f =0.4 µmol/kg are used), only gradients in
∆Cgasex are meaningful. Where ∆Cgasex gradients go from low values to high values along a streamline in the mixed layer, this means that there is potential for the water to take up carbon by air-sea
exchange. Generally, more positive ∆Cgasex values indicate waters closer to air-sea pre-industrial
equilibrium, while smaller or more negative values indicate a greater degree of disequilibrium.
While ∆Cgasex is prone to many uncertainties (Mikaloff-Fletcher et al., 2007), it is interesting
to note the differences between the distribution of oxygen (panel 2.9b) and ∆Cgasex (panel 2.9l),
particularly in the Nortwestern subpolar Pacific, where a region with high oxygen is associated with
a region of low ∆Cgasex . Better agreement between the two tracers exists southward of the Okhostk
Sea outflow, however. This is likely a consequence of the fact that equilibration time-scales are
shorter for oxygen than for carbon. This feature highlights the important role of the Okhostk Sea as
a region of carbon uptake and export to the subsurface North Pacific.

2.5.1.1.3 Formation and ventilation The upper-most layer (26.6≤ σθ ≤26.8) of the intermediate waters in the North Pacific can be ventilated directly from the surface in winter. Outcrops with
densities approaching, but less than, 26.8 are found in the Gulf of Alaska (Van Scoy et al., 1991;
Ueno and Yasuda, 2000; You et al., 2000, 2003), the Oyashio (Talley et al., 1995; Qiu, 1995) and
the Southern Okhostk Sea (Talley, 1991; Yasuda, 1997). Ventilation in the Gulf of Alaska to these
high densities is relatively rare, however, and is associated with episodic storm activity in the region
(Van Scoy et al., 1991). The tritium budget for these isopycnals (Van Scoy et al., 1991) provides additional evidence in favor of this ventilation mechanism. The distribution of salinity on these lighter
isopycnals also shows that a ventilation pathway to the interior of the gyre exists on the eastern side
of the basin, from the Gulf of Alaska (You et al., 2003).
The bulk of ventilation is thought to occur in the Northwestern Pacific. Outcrop densities in the
Oyashio, however, tend to be limited to the 26.6-26.7 isopycnals (Talley et al., 1995). This means
that direct surface ventilation in the Western North Pacific is incapable, by itself, of accounting
for the salinity minimum on a density of 26.8. Cabbelling along the Kuroshio Extension Front
subsequent to mixing with northward Kuroshio water in the MWR has been invoked to explain the
remaining density increase necessary to match the density of the salinity minimum (Talley and Yun,
2001; Yun and Talley, 2003). Yun and Talley (2003) estimate the cabbeling flux may be up to 2.3 Sv.
This is a substantial fraction of the 3 Sv estimated to represent the net subpolar to the subtropical
transport of new NPIW (Talley et al., 1995; Talley, 1997).
Cabbeling may not fully explain the low potential vorticity, high oxygen and high anthropogenic
carbon content of NPIW, however (Talley, 1991; Ono et al., 2007). Denser waters (Okhostk Dense
Shelf Waters, ODSW) are formed by brine-rejection around the Sea of Okhostk, although mostly
in the northern polynya (Gladyshev et al., 2003; Shcherbina et al., 2004a,b). These dense waters
contribute to the formation of Okhostk Sea Mode Water (OSMW), which occupies the intermediate
layers of the Okhostk Sea. OSMW outflows into the Oyashio, contributing to a fresh, cold, oxygenrich, low potential vorticity subsurface layer (Yasuda, 1997; Wong et al., 1998b; Yasuda et al.,
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2002) to the Oyashio. This water is then exported southward along the western boundary, where it
is further transformed in the MWR. The densest layers of NPIW (to σθ =27.6) are mostly formed by
tidal mixing of OSMW, DSW and Pacific Deep Water along the straits linking the Okhostk Sea and
the North Pacific. The deepest and largest of these Strait is the Bussol’ Strait (2200 m sill depth)
(Katsumata et al., 2004; Ono et al., 2007; Ohshima et al., 2010).
The role of NPIW in climate is not clear and is difficult to evaluate as models do not, in general,
capture NPIW formation and export processes very well. NPIW has mostly three roles. First, as
is suggested from Figure 2.9l, it captures a small fraction of the global uptake of anthropogenic
carbon. Ono et al. (2003) estimate that new NPIW formed in the MWR captures about 35% (0.045
PgC/yr) of the anthropogenic carbon of the temperate North Pacific. Yasuda et al. (2002) estimate
the the Okhostk Sea water component alone takes up 0.025 PgC/yr. Second, NPIW participates in
the return of freshwater from the Pacific to the Indian through the Indonesian Throughflow via the
Mindanao Current and the Makassar Strait (Gordon and Fine, 1996; Vranes et al., 2002; You et al.,
2005; Talley and Sprintall, 2005). The silicate distribution on Figure 2.9j illustrates the connection
between the North Pacific and the Indian. Finally, NPIW contributes to the export of silicic acid and
nutrients from the subarctic North Pacific to low latitudes (Figure 2.9j, k), and thus contributes to
fueling low-latitude primary productivity (Sarmiento et al., 2004a; Yoshikawa et al., 2006). Its high
gas content (Figure 2.9b) also re-oxygenates the North Pacific thermocline (Yasuda et al., 2002).
2.5.1.1.4 Variability Little is known about the variability of NPIW. One can hypothesize that
the isopycnals of the MWR, the Oyashio and the Gulf of Alaska that are directly ventilated by
winter surface processes are influenced by large-scale climate patterns, such as ENSO and PDO, as
both affect the storm tracks. Large changes were observed by Joyce and Dunworth-Baker (2003) in
the MWR that are correlated with the PDO. How this variability translates into production rate and
properties of the salinity minimum in the subtropics is unclear, although Auad et al. (2003), using
a coarse model, investigated the effect of the 1976-1977 climate regime shift of the North Pacific
on NPIW and found that NPIW perturbations influenced the properties of the California Current.
These changes may help interpret variability observed on sediment cores recovered at intermediate
depth from Santa Barabara Basin (Hendy and Kennett, 2003). Seasonality has also been shown to
influence the formation of OSMW and the fluxes in and out of the Okhostsk Sea (Gladyshev et al.,
2003; Ohshima et al., 2010). Finally, as mixing at the Kuril straits is mostly driven by tides, one
would expect a tidal modulation of the mixing process there on a variety of time-scales, including
millennial, and so a downstream effect on the properties of NPIW. Much remains to be done with
regards to modeling and understanding the variability of NPIW.
2.5.1.2

North Atlantic

2.5.1.2.1 Overview The low salinity intermediate water of the North Atlantic is LSW (Figure
2.3b). Similarly to NPIW, it is also formed in the northwestern corner of the basin. LSW is the
saltiest of all low-salinity intermediate waters. It is broadly characterized by a local mid-depth
salinity minimum in the subpolar region, but it is best defined as a stratification (potential vorticity,
PV) minimum (Talley and McCartney, 1982). Typical salinities of the vorticity minimum are 34.8334.86 psu and typical potential temperatures are 2.8-3.2◦ C. Neutral densities of order 27.90-28.0
bracket the vorticity minimum (Faure and Speer, 2005). The salinity and temperature of LSW vary
substantially in time such that the LSW nomenclature has evolved to include the year of production,
the vintage (see for example Yashayaev (2007) and Yashayaev and Loder (2009)). When cast in
the broader context of subpolar water masses and circulation, LSW can be thought of as the final
product of a chain of transformation processes that occur around the subpolar gyre and collectively
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contribute to the formation of SPMW (McCartney and Talley, 1982; Brambilla and Talley, 2008).
Below LSW in the Labrador Sea are NEADW and DSOW. The presence of the relatively warm and
salty NEADW acts like a barrier that limits deep convection to depths of about 2500 m.

2.5.1.2.2 Isoneutral distribution of tracer properties Global maps showing the distribution of
various properties and tracers on the 27.95 isoneutral are shown in Figure 2.11. The depth of the
27.95 isoneutral in the North Atlantic shows the shallowest depth of this density layer to be in the
Southern Labrador Sea and in the Irminger Sea (Figure 2.11a). The 27.95 isoneutral reaches a depth
of around 2000 m in the subpolar region, but south of the Gulf Stream, the 27.95 level stabilizes
around 1700 m in the Atlantic. The 27.95 isoneutral is deeper (2300 m) in the other basins, except
the Southern Ocean. A map of the thickness of the water column contained between the 27.9 and
28 isoneutral surfaces highlights the presence of LSW, its extent and its southward export along the
DWBC (Figure 2.13n). The thickness for the shallower layer (Figure 2.13m, 27.8≤ γn ≤27.9) also
shows the thick layer in the Labrador Sea and the subpolar North Atlantic, but does not show the
DWBC tongue south of the Gulf Stream separation.
Contrary to other intermediate waters (NPIW, AAIW), whose salinity minimum can be used to
trace these waters far from their sources, the salinity minimum of LSW is typically only visible in
the subpolar region of the North Atlantic (Talley and McCartney, 1982). Further south, mixing with
salty Mediterranean water erodes the salinity minimum. Vertical profiles there show that salinity
decreases monotonically from the high surface salinities characteristic of the North Atlantic to the
salinity typical of NADW or show a salinity maximum at intermediate depth (Figure 2.11d). Isopycnal mixing of LSW and MSOW contributes to the formation of UNADW (Talley and McCartney,
1982), which stands out by its high salinity in the Southern Ocean. Since MSOW is warm and
salty, the distribution of temperature (Figure 2.11g) on γn =27.95 mimics mostly the distribution of
salinity on this surface. While MSOW is clearly visible in salinity or temperature, the influence
of MSOW cannot be easily detected using nutrient characteristics as these are similar to the background Atlantic conditions (Figure 2.11b, e, h, j, k; also see Kawase and Sarmiento (1985), Kawase
and Sarmiento (1986) and Clarke and Coote (1988)).
Unlike NPIW, however (Figure 2.9), LSW has low nutrient concentrations. The characteristically low nutrient content of LSW is evident in panels 2.11e and h. The North Atlantic has the lowest
silicate concentrations and lowest S i⋆ values (Figure 2.11j). The Atlantic has a characteristically
higher N ⋆ signature (on all density levels) than the Pacific. This is a reflection that nitrogen fixation
exceeds nitrogen loss in the Atlantic, while the reverse is true in the Pacific (Gruber and Sarmiento,
1997). Nitrogen fixation having a large demand for iron, this interpretation is also consistent with
the fact that atmospheric iron depositions are higher in the Atlantic (Karl et al., 2002). The importance of atmospheric iron to fuel primary production is being reassessed, however. Latest model
results and measurement campaigns suggest that subsurface fluxes may be dominant (Tagliabue and
Arrigo, 2006; Tagliabue et al., 2010). NO is low in the Atlantic (Figure 2.11f), with a minimum
associated with MSOW. This MSOW NO minimum can be observed between 27.3≤ γn ≤28.1. A
weak maximum in N ⋆ can be seen in the subtropical North Atlantic on γn =27.95, but this signal is
likely to be the result of upper ocean circulation features (NAC, Azores Front, see Figure 2.5).
LSW contains large amounts of atmospheric gases, such as oxygen, tritium, CFC and anthropogenic carbon (Clarke and Coote, 1988; Rhein et al., 2002; Steinfeldt et al., 2009). These gases
have been used to trace the spreading of LSW. Figure 2.11b, c and l show the expected maxima in
the Labrador Sea for oxygen, pCFC-11 and ∆Cgasex . Note that oxygen and ∆Cgasex maxima need
not be collocated: ∆Cgasex is corrected for remineralization and calcium carbonate dissolution, not
oxygen. In the North Pacific for instance, ∆Cgasex is high in spite of oxygen being a minimum. In
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that case, the high ∆Cgasex values are evidence of the deep reaching influence of NPIW in the North
Pacific. Since the distribution of chlorofluorocarbons is not affected by biology, CFCs have been
used extensively to trace the fate of LSW in the North Atlantic, and particularly the export pathways
of the freshly ventilated waters to the interior of the basin and to the Southern Hemisphere (Weiss
et al., 1985; Smethie, 1993; Smethie et al., 2000; Smethie and Fine, 2001; Rhein et al., 2002; Kieke
et al., 2006). The spreading of LSW is described in more details below.

2.5.1.2.3 The different types of Labrador Sea Water Two types of LSW have been identified
in the Northwestern Atlantic, ULSW and CLSW. The potential density intervals 27.68≤ σθ ≤27.74
and 27.74≤ σθ ≤27.8 have been used to define these two classes. Analyzing the temporal variation
of the thickness of these intervals, Kieke et al. (2006) and Rhein et al. (2011) observed a strong anticorrelation between the thicknesses of these two types of intermediate waters. Yashayaev (2007)
pointed out, however, that regional and temporal variability in the intensity of formation and characteristics of these water masses, in addition to the presence of other water masses such as Irminger
Sea Water (IrSW) in the Labrador Sea, make these hard definitions rather imprecise in the Labrador
Sea. Yashayaev (2007) warn that these fixed density definitions may be too broad such that the combined LSW product (CLSW+LSW), as defined by Kieke et al. (2006), does not reflect the known
LSW variability described by volumetric surveys in the θ/S space.
CFC and oxygen concentrations are higher in DSOW and ULSW than in CLSW (Pickart, 1992;
Smethie et al., 2000). During convection, CLSW mixes extensively with waters (NEADW, IrSW)
that recirculate at mid-depth in the North Atlantic, which are older and lower in oxygen. High oxygen and CFC content in the DSOW of the Irminger Sea and the DWBC are consistent with source
waters of the overflow that are well ventilated, indicative of shallow convection north of Iceland.
The motivation to treat ULSW as a separate entity from CLSW is based on CFC and tritium measurements south of the Grand Banks (Clarke and Coote, 1988; Pickart, 1992; Pickart et al., 1996).
South of the Grand Banks, ULSW is well represented by a CFC and a tritium maximum, indicating that this layer is better equilibrated with the atmosphere than CLSW, arguing for a separate
formation mechanism for ULSW.
The nature of ULSW is unclear and debate exist with regards to the role of the Irminger Sea as
a source of freshly ventilated intermediate water and whether or not it constitutes one component
of ULSW that can be exported in the DWBC (Stramma et al., 2004). Part of the formation of
ULSW is associated with eddies in the southern sector of the Labrador Sea (Pickart et al., 1996).
Interaction of the cold/fresh Labrador Current with warmer/saltier water stemming from the North
Atlantic Current results in mixtures that are lighter and better equilibrated than CLSW, being formed
in part from a well-equilibrated subtropical component from the NAC. The influence and mixing
of varieties of LSW with SPMW is highlighted with magenta arrows on Figure 2.3b, were small
volumetric ridges are seen to connect SPMW with LSW.
A second component of ULSW may form in the Irminger Sea. On one hand, models show
that deep mixed layers likely form in the Irminger Sea, a consequence of a low-level atmospheric
jet that forms seasonally in the lee of Cape Farewell at the southern tip of Greenland (Doyle and
Shapiro, 1999; Pickart et al., 2003b,a; Spall and Pickart, 2003; Moore and Renfrew, 2005). The
Greenland tip jet induces a localized seasonal recirculation cell east of the tip of Greenland, in the
Irminger Sea, which can be observed. This recirculation, as well as other recirculation cells in
the northwestern Labrador Sea and in the southern Labrador Sea region (Lavender et al., 2000),
represented in cartoon form on Figure 2.5a as dashed magenta circular arrows in the Northwestern
Atlantic, prolong the residence time of the water in these cells and provides a means for the water
to experience the necessary heat loss for convective mixing to occur. Model simulations show this
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phenomenon can generate mixed layers as deep as 1600-1700 m in the Irminger Sea (Pickart et al.,
2003a; Vage et al., 2008a), sufficiently deep to explain the low potential vorticity patch that can be
observed between 600 and 1000 m in the region (Vage et al., 2008a).
This mechanism of ULSW formation is not unanimously accepted, however. In his original
study on the characteristics and origin of ULSW in the DWBC, Pickart (1992) argued against the
Irminger Sea as the source of ULSW. Pickart (1992) argued that for convectively formed intermediate water from the Irminger Sea to reach the DWBC, this water mass would have to be unmodified
by deep convection in the Labrador Sea. Furthermore, for waters formed in the Irminger Sea to be
the source of the CFC/tritium maximum defining ULSW in the DWBC, this water would have had
to be in contact with the atmosphere more recently than ULSW formed in the southern Labrador
Sea (i.e. be younger) and remain isolated from waters with lower CFC concentrations along its
export pathway. Pickart (1992) judged both conditions improbable.
A second argument that minimizes the role of the Irminger USLW source revolves around transit
times between the Labrador Sea and the Irminger Sea. Sy et al. (1997) obtained surprisingly fast
connection times (of order half a year) between the Labrador Sea and the Irminger Sea. This
stimulated Pickart et al. (2003b) to conjecture a local source in the Irminger Sea to explain the
presence of an interior low vorticity patch that can be observed in the Irminger Sea. These fast
transit times imply the presence of unrealistically swift currents between the two seas. Yashayaev
et al. (2007) analyzed the propagation of LSW vintages throughout the subpolar region and found
Labrador to Irminger Seas transit times of order 1-4 years for the shallower layers and 2-5 years
for the deeper layers, longer than the ones proposed by Sy et al. (1997). Based on these slower
transit times, Yashayaev and Loder (2009) questioned the necessity of a local origin for the Irminger
subsurface low vorticity layer, pointing out that in the case of slower transports, the low vorticity
in the interior of the Irminger Sea is not inconsistent with an advected signal from the Labrador
Sea. While this is also consistent with the results of Vage et al. (2008a), who only observed mixed
layer depths to 300-400 m in the Irminger Sea between 2003-2004, an earlier analysis by Centurioni
and Gould (2004), using data from autonomous profiling floats collected between 1994 and 2003,
revealed that deep mixed layers exceeding 800 dbar occasionally occur in the Irminger Sea.
Stramma et al. (2004) and Vage et al. (2011) proposed that the location of ULSW formation and
the dominant ULSW formation process is likely to change in time, including both an Irminger Sea
component and a southwestern component. At times when deep convection exists in the Labrador
Sea (CLSW formation), the Irminger source is largely erased in the Labrador Sea and the dominant
source is likely in the southern Labrador Sea, as originally proposed by Pickart (1992) and Pickart
et al. (1996). When CLSW formation is weak, seasonally formed ULSW from the Irminger Sea is
able to travel through the Labrador Sea and contribute to ULSW beyond the Labrador Sea.
Weakly convective periods also tend to show sharper horizontal density gradients between the
rim currents of the Labrador Sea (West Greenland Current, Labrador Current, see Figure 2.5) and
the interior of the Labrador Sea. Stramma et al. (2004) propose that these stronger density gradients
act as a barrier to mixing, contributing to the conservation of the Irminger Sea component. Since
baroclinic eddies form as part of the convection process (Gascard and Clarke, 1983; Lilly et al.,
2003) and have been shown to be important for the formation of southern-type ULSW (Pickart
et al., 1996; Stramma et al., 2004; Cuny et al., 2005b), quiescent conditions in the Labrador Sea
imply weaker formation of southwestern-type ULSW and a dominance of the Irminger type.

2.5.1.2.4 Formation of Classical Labrador Sea Water Production of CLSW in the interior
Labrador Sea is episodic (Lazier, 1973; Lazier et al., 2002; Yashayaev, 2007; Yashayaev et al.,
2008). Convective activity translates into variable temperature and salinity characteristics of the
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CLSW vintages. Intense convection results in fresh and cold CLSW vintages, while less intense
events produce warmer and saltier versions (Yashayaev, 2007). Analysis of data available in the
Labrador Sea from the 1960s (Yashayaev, 2007) indicate that CLSW formation was shallow and
weak between the 1960s and the mid 1970s, between 1995 and 1999, and from 2001 to 2006.
Convection was deepest between 1987 and 1994. Mixed layers reached 2400 m in 1993-1994,
producing the coldest and freshest CLSW ever observed (Yashayaev, 2007). This extreme case
was due to a succession of intense winters, each winter contributing to a weakening of the general
stratification, allowing the subsequent winter to reach deeper, a process known as preconditioning
(Lazier et al., 2002). Abrupt cooling episodes occurred also in 1971-1972 (Lazier, 1980), 19992000 and 2007-2008. The 1999-2000 event generated mixed layers that reached a depth of 1300 m.
The 2007-2008 event reached depths of 1800 m (Vage et al., 2008b; Yashayaev and Loder, 2009).
Pickart et al. (2002) report on winter convection during 1996-1997 and find mixed layers that reach
depths of 1500 m. The interior product from that event, however, seems to have remained trapped
in the Western Labrador Sea and was not exported to the subpolar region.
On interannual time scales, periods of intense mixing are modulated by the phasing of the North
Atlantic Oscillation (Yashayaev, 2007). High NAO indices correspond to a stronger pressure difference between Iceland and the Azores (Hurrell, 1995). This translates into increased storminess in
the subpolar region (Hurrell et al., 2006) and enhanced buoyancy forcing (cold air outbreaks from
the American continent) in the subpolar North Atlantic (Myers and Donnelly, 2008). These conditions are favorable for the year-to-year weakening of the stratification and progressively deeper
penetration of convection. Year-to-year variability in the surface buoyancy flux of the Labrador
Sea region is not exclusively tied to the NAO, however (Sathiyamoorthy and Moore, 2002). For
example, Vage et al. (2008b) and Yashayaev and Loder (2009) have recently observed deep convection to 1800 m and 1000 m (the deepest convective event since 1994) in the Labrador and Irminger
Sea. This convective event was not preceded by a series of harsh winters with associated increasing
mixed layer in the traditional sense of inter-annual preconditioning.
The NAO index was low for the period 2001-2005, and was high in 2006 and 2008, yet convection was only observed in the second 2007-2008 winter. Vage et al. (2008b) suggest that deep convection arose in 2007-2008 from the interplay of different conditions of the climate system that were
not present in 2006-2007 rather than from the year-to-year weakening of the mean stratification, as
was the case for the 1987-1994 sequence. Air temperature was colder globally in 2007-2008, especially over North America, possibly due to a strong La Niña (Vage et al., 2008b; Yashayaev and
Loder, 2009). The ice cover was also more developed in the Labrador Sea, allowing cold air to
reach further into the Labrador Sea without ocean-induced warming (see Figure 2.8 for a typical
impression of sea-ice cover in the Labrador Sea). The anomalously large ice-cover may have been
the result of increased ice-export out of the Arctic. Arctic sea ice was especially low in the winter
2007-2008. Storm paths in the region also appear to have been very coherent in 2007-2008, many
of them passing through the same region of the Labrador Sea. The storm paths were more erratic
the previous winter. The 2006-2007 winter was also characterized by a reverse Greenland tip jet,
wind anomalies blowing from the East into the Labrador Sea, rather than from the West into the
Irminger Sea. While this atypical Greenland jet was not conducive to cold air outbursts, it may
have contributed to the salinification of the Labrador Sea interior by promoting the import of saltier
Irminger water (Yashayaev and Loder, 2009). The weaker winds North of Flemish Cap may also
have influenced the path of the NAC meander characteristic in that region, allowing for a northward
excursion of the NAC meander northwest of Flemish Cap, further contributing to the anomalously
high salinity of the Labrador Sea. Conditions in the 2007-2008 winter were favorable for deep
mixing as the Labrador Sea was anomalously salty and the air was generally cold.
While the concept of preconditioning in the Labrador Sea is often interpreted as that cumulative
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year-to-year weakening of the stratification made possible by long period and large-scale interannual climate conditions, other types of seasonal and local preconditioning, i.e. conditions favoring
the development of deep mixed layers, also contribute to the formation of ULSW and CLSW (Clarke
and Gascard, 1983; Straneo and Kawase, 1999). Local LSW preconditioning is associated with eddies, boundary current properties, and seasonal wind-induced recirculation cells. These processes
act either to prolong the exposure of the water parcels to the surface buoyancy forcing, move isopycnals upwards closer to the surface, or change the thermohaline properties of the waters through
inflow of salinity or removal of heat.
The formation of deep mixed layer is aided by the presence of cyclonic (counter-clockwise in
the Northern Hemisphere) circulation cells in the Irminger and Labrador Sea (marked by magenta
dashed arrows in Figure 2.5a). These recirculations cause the isopycnals to bend upwards at their
center, bringing them closer to the mixed layer. The water inside the eddies is also trapped there and
is thus exposed to concentrated surface cooling for longer periods. These eddies also play a critical
role in bringing boundary current properties and IrSW towards the interior of the Labrador Sea
(Khatiwala et al., 2002; Lilly and Rhines, 2002; Lilly et al., 2003). An eddy-induced overturning
cells also develops in the Labrador Sea that contributes downwelling in the center of the Labrador
Sea, convergent flows at the surface and divergent flows towards the boundaries at depth (Khatiwala
and Visbeck, 2000).
Eddies not only play a role in the convective phase, but also in the restratification phase. In
fact, solar heating in Spring and Summer only affects a thin upper layer that cannot account for the
deep restratification that occurs after a deep convective event (Straneo, 2006). Restratification in
the Labrador Sea after convection is mainly the result of lateral exchange with the boundary current
waters, which are warmer than freshly convected waters in the interior. The restratification phase is
thus characterized by a drift of the CLSW towards to the properties of the boundary current (Straneo,
2006). There exist two time-scales for restratification. The short time-scale is associated with the
eddies that form as baroclinic instabilities in association with the convective chimney (Gascard
and Clarke, 1983; Marshall and Schott, 1999). The longer time-scale corresponds to the interannual restratification process that occurs during successive non-convective years and to the slow
continuous diffusion of heat.
Convection thus represents a balance between the heat lost at the surface due to cooling, and the
heat gained in the ocean interior by convergence (Lazier et al., 2002). If lateral heat fluxes from the
boundaries of the Labrador Sea to the interior dominate the surface heat loss or heat export out of
the Labrador Sea, convection is not possible. Because the lateral eddy heat input is an ocean process
that measures the integrated effect of eddies, it responds more slowly to perturbation. Variability
of the formation of CLSW is thus more quickly responsive to atmospheric variability (Lazier et al.,
2002).

2.5.1.2.5 The influence of freshwater near the surface Because the surface layer of the Labrador
Sea is so fresh, aside from a strong cooling, convection is stimulated by the presence of a salty water
mass in the Labrador Sea (Clarke and Gascard, 1983). Some salt is provided to the Labrador Sea
by the inflow of IrSW from the East. IrSW is not ULSW, it is best understood as a dense form of
SPMW that forms in the Irminger Sea. IrSW is also the principal source of heat to the Labrador Sea.
It is injected from the Irminger Sea below the West Greenland Current between 200 to 500 m above
the continental slope. Salt is also injected at the southeastern corner of the Labrador Sea, from
meanders of the NAC. Processes affecting the import of salt, or conversely the import of freshwater
in the Labrador Sea, can greatly affect the convective activity in the Labrador Sea (Dickson et al.,
1988; Belkin et al., 1998).
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The freshwater that enters the Labrador Sea through ocean currents is ultimately from the Arctic,
a region that is also the ultimate source of the Great Salinity Anomalies (Dickson et al., 1988;
Hakkinen, 1993; Belkin et al., 1998), in agreement with isotopic data (Khatiwala et al., 1999). This
does not mean that the flux of Arctic-origin water into the Labrador Sea controls salinity variability
of the Labrador Sea on all time-scales, however. For example, the seasonal salinity cycle in the
Labrador Sea is predominantly governed by sea ice meltwater of Baffin Bay origin (Khatiwala
et al., 2002). The seasonal sea-ice cycle and the sea-ice freshwater reservoir of the Hudson Bay is
large but the volume flow to the Labrador Sea interior is small (Khatiwala et al., 2002). Freshwater
outflow from the Hudson Bay (about 0.08 Sv, 34.8 psu equivalent) contributes about 50% to the
freshwater transport of the Labrador Current, however (Straneo and Saucier, 2008). Most of the
Hudson Bay outflow is in summer. A significant fraction of this water may be water of Baffin Bay
origin that has recirculated through the Hudson Bay (Straneo and Saucier, 2008). Precipitation at
most accounts for one third of the seasonal salinity cycle in the Labrador Sea interior (Lazier, 1980;
Khatiwala et al., 2002).
Freshwater from the Arctic follows two routes to the Labrador Sea (Figure 2.5) for a combined
freshwater transport of 0.3 Sv (Cuny et al., 2005a), relative to a salinity of 34.8. Arctic outflow is
either from the Fram Strait (0.2 Sv) and into the East Greenland Current or through the Canadian
Archipelago, via the Lancaster and Jones Sounds and Nares Strait, the Baffin Bay (maximum depth
2400 m) and via the Davis Strait (sill depth 640 m, 0.1 Sv, Figure 2.5a). The importance of each
route may vary in time (Belkin et al., 1998). Since both routes enter the Labrador Sea at different
locations, their effects on Labrador Sea convection differ. Eddy-permitting simulations by Myers
(2005) suggest that freshwater perturbations entering the Labrador Sea by the Davis Strait route do
not tend to influence CLSW very much. The model of Myers (2005) indicates that the salinity of
the Labrador Sea is mostly controlled by the Fram Strait route, in agreement with the observational
estimate of Schmidt and Send (2007). Freshwater perturbations from the Fram Strait route influence
IrSW, which is a necessary component of convection. Freshwater perturbations from the Davis
Strait route are mostly constrained to the Labrador Current (Cuny et al., 2005a) and only interact
weakly with the interior of the Labrador Basin. This also agrees with the δ18 O results of Khatiwala
et al. (1999), who found that downstream of the Labrador Sea, southeast of Nova Scotia, the origin
the freshwater there is most consistent with the Baffin Bay (Davis Strait route).

2.5.1.2.6 Export of Labrador Sea Water Ventilated LSW is exported out of the Labrador Sea
via three routes, represented by the darker blue arrows on Figure 2.5 (Talley and McCartney, 1982;
Schmitz and McCartney, 1993; Faure and Speer, 2005): southward along the DWBC, eastward
after entrainment with the NAC and across the Charlie-Gibbs Fracture Zone (Paillet et al., 1998),
and northward into the Irminger Sea via the Irminger Current (Yashayaev et al., 2007). While the
DWBC route (Figure 2.5) has been well documented from tracers (mainly CFC) (Weiss et al., 1985;
Molinari et al., 1992, 1998; Smethie et al., 2000; Smethie and Fine, 2001; Kieke et al., 2009),
the mechanisms that control the exchange between the Labrador Sea region and the DWBC in
the subtropical region are not well understood (Lozier, 2010). The Gulf Stream acts as a potential
vorticity barrier (Bower et al., 1985; Pickart and Smethie, 1993) that impairs cross-frontal exchange.
The subpolar to subtropical exchange is influenced by the density of the water and hence the depth
at which the exchange takes place, the eddy field, and local topography. As a general rule, the less
dense and shallower layers do not cross over to the subtropics but tend to be re-entrained by the Gulf
Stream and the NAC back into the subpolar gyre (Pickart and Smethie, 1993). Tracers fields are
homogenous across the Gulf Stream on the deeper layers (i.e. mostly composed of the DSOW and
ISOW), however, indicating a priori that water crosses the subpolar-subtropical boundary relatively
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unimpeded at depths (Pickart and Smethie, 1993).
While the CFC distribution in the North Atlantic emphasizes the DWBC tongue south of about
36◦ N (i.e. the separation latitude of the Gulf Stream at Cape Hateras), high CFC values can be found
across the Atlantic north of the separation latitude (Weiss et al., 1985; Molinari et al., 1992; Pickart,
1992; Smethie, 1993; Rhein et al., 1995; Smethie et al., 2000) (Figure 2.11c). The importance of
the interior spreading pathway for LSW (i.e. not associated with the DWBC, but driven by eddies)
in the region to the North of the separation latitude but south of the Labrador Sea exit is in accord
with the latest findings regarding the role of the recirculation cells (Figure 2.5, RG, Mann eddy) that
are found in association with the Gulf Stream or topographic features, such as Orphan Knoll (Kieke
et al., 2009), the Flemish Cap (Lavender et al., 2000) and the Grand Banks (Lozier, 1999; Lavender
et al., 2000; Bower et al., 2009; Lozier, 2010; Bower et al., 2011). The dominance of the interior
pathway for the southward export of LSW may be surprising at first but, in fact, the recirculation
cells help explain the apparent aging and sharp dilution of the intermediate layers in the subtropical
region. The mixing and entrainment process between freshly ventilated CLSW and ambient deep
water of the ocean interior that is inherent to the recirculation cells contributes to the formation of the
CFC minimum layer (between 2000 and 2500 m) that is systematically observed along the DWBC
south of the Grand Banks. This minimum is particularly marked south of 36◦ N, and is located just
below the CLSW core (Smethie, 1993; Smethie et al., 2000). The DSOW that constitutes the deep
CFC maximum layer of the DWBC is believed to be affected less by the recirculations as these cells
weaken with depth and because the DSOW may be more tightly steered by topography (Bower
et al., 2011).

2.5.1.2.7 The role of Labrador Sea Water in the meridional overturning circulation and climate Formation rates estimates for either ULSW, CLSW or the combined product, based on tracer
or buoyancy budgets, vary greatly, between values of 1-10 Sv. While some of the variability between these estimates reflects temporal variability (Rhein et al., 2002; Myers and Donnelly, 2008),
much of it reflects methodological differences (Pickart and Spall, 2007). Since some of these estimates assume all of the freshly ventilated LSW is exported from the Labrador Sea every year,
the higher formation estimates are likely overestimates. Based on these published estimates (Rhein
et al., 2002; Pickart and Spall, 2007; Myers and Donnelly, 2008), the long-term average is likely
between 2-4 Sv. Cunningham et al. (2007) estimate the strength of the overturning at 26.5◦ N at
18.7±5.6 Sv. Given that the dilution factor of LSW suggested by the CFC concentrations between
the Labrador Sea and 26.5◦ N is about 10 (Smethie et al., 2000), this would indicate that LSW at most
contributes 0.1-1 Sv (less than 5%) to the overturning at 26.5◦ N. This is consistent with the idea
that most of LSW recirculates in the subpolar region (Straneo, 2006; Pickart and Spall, 2007) and
with the results of Zhang (2010), who showed that high latitude overturning anomalies propagate
at the advective speed to Gulf Stream separation latitude only. South of this latitude, propagation is
achieved by Kelvin waves.
While convection is an efficient means of ventilating the deep ocean and removing heat from
the surface water, the convection process is not an efficient means by which mass can be transferred
to the deep ocean (Marshall and Schott, 1999). As such, convectively formed LSW does not contribute greatly to the mass transport at depth (Marotzke and Scott, 1999; Pickart and Spall, 2007).
Significant mass transport can occur in association with convection, but only when convection occurs near steep topography (Spall and Pickart, 2001). Spall and Pickart (2001) and Boening et al.
(1996) estimate that the net mass transport associated with LSW formation is about 1 Sv, a small
fraction of the Atlantic overturning. LSW does not transfer large amounts of mass to depth but LSW
formation provides a gate for tracers to penetrate the deep ocean and a mechanism to release heat to
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the atmosphere. This gate is particularly important for the capture of greenhouse gases, particularly
anthropogenic carbon (Sabine et al., 2004; Steinfeldt et al., 2009).
It is likely that the convective activity of the Labrador Sea is more a diagnostic of climate change
than a proximal cause for large climate shifts. As shown by Curry et al. (1998), and in a different
context by Dickson et al. (1988), Labrador Sea convection responds to changes in atmospheric and
oceanic conditions quite readily. It is not clear, however, if stoppage of LSW formation would
greatly affect climate other than regionally. Assuming a formation rate of LSW between 1 and
10 Sv, and a temperature change between the surface and CLSW of about 2 ◦ C, the heat removed
by LSW formation is probably at most 0.1 PW, which corresponds to 10% of the northward heat
transport of the upper ocean at 24◦ N (about 1PW, Hall and Bryden (1982)). Paleo-reconstruction
of the intermediate water conditions during the last inter-glacial seem to indicate that LSW was
not being formed at that time (Hillaire-Marcel et al., 2001). Yet, climate was only 2◦ C warmer,
suggesting that LSW is relatively unimportant as a global driver of climate change.
LSW may influence the North Atlantic indirectly, however. LSW properties, which are modulated by convection, also affect the vertical distribution of density and horizontal density and horizontal pressure gradients (Curry et al., 1998). As such, LSW affects partially the dynamics of the
DWBC and the northern recirculation gyre (Figure 2.5, NRG). It has been shown (Zhang and Vallis, 2007) that the properties of the DBWC affects the separation latitude of the Gulf Stream and
indirectly the path of the NAC, what influences the northward heat transport to the North Atlantic
(Yeager and Jochum, 2009). While the relevant DWBC properties for this process may be more
those of DSOW, the partitioning between LSW and DSOW as to their effects on DWBC properties
and Gulf Stream separation has not yet been assessed.
2.5.1.3

Southern Hemisphere

2.5.1.3.1 Overview The salinity minimum extending equatorward from the Subantarctic Front
(SAF) at depths between 500 to 1000 m characterizes AAIW, the intermediate water of the Southern Ocean. The presence of the salinity minimum has been known since the end of the 19th century
and the extent of that feature in the Atlantic was described in the 1930s (Deacon, 1933; Wüst,
1935; Deacon, 1937). Debate still exists regarding its formation mechanisms, its formation rates,
and most importantly its role in the global overturning, however. While the salinity minimum is a
sharp feature that is easily identifiable in oceanic sections, the salinity minimum does not follow a
single isoneutral surface, both zonally and meridionally. At various locations around the Southern
Ocean, AAIW properties are affected by basin-wide gyre recirculation, cross-frontal mixing, nonlinear mixing, topographic barriers and inter-basin exchange. Similarly to NPIW or LSW, AAIW
is composed of multiple sub-layers that are each influenced by various formation or ventilation
mechanisms (Jacobs and Georgi, 1977; Molinelli, 1981; Talley, 1996).
Properties of the salinity minimum range in temperature from 2.8 to about 6◦ C and from 33.9
to 34.5 in salinity. AAIW is traditionally defined between 27.0≤ σθ ≤27.4 or 27.1≤ γn ≤27.5,
with σθ =27.25 (γn =27.3) marking the salinity minimum of the South Pacific. Above AAIW lies
Subantarctic Mode Water (SAMW), characterized by a potential vorticity minimum. The densest
outcrop north of the Subantarctic Front defines the top of AAIW. Below AAIW is UCDW, which is
characterized by a local oxygen minimum. AAIW is the most extensive of all intermediate waters
and penetrates well into the Northern Hemisphere, to 20◦ N in the Pacific and up to 60◦ N in the
Atlantic (Tsuchiya, 1989; Tsuchiya et al., 1992; Talley, 1996). In the South Atlantic, an oxygen and
CFC maximum can also be identified in the AAIW layer to about 25◦ S, although these maxima are
located 50-100 m above the salinity minimum (Warner and Weiss, 1992; Talley, 1996). As Warner
and Weiss (1992) suggest, this offset between the location of the CFC and salinity minimum reflects
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the different ventilation process affecting each layer, with the salinity minimum being affected by
an AASW source and the CFC/oxygen maximum reflecting the influence of water from the South
Pacific.

2.5.1.3.2 Isoneutral distribution of tracer properties The global distributions of hydrographic
properties on the γn =27.3 isoneutral are shown in Figure 2.10. The depth of the 27.3 isoneutral
indicates that the circulation on that layer is mostly similar to that of the subtropical gyre. The 27.3
isoneutral is deeper (to about 1000 m) at the center and shallower towards the edges (Figure 2.10a)
of the wind-drive gyres. This indicates that the circulation of the AAIW layer is dominantly wind
driven (Schmid et al., 2000). The Brazil-Malvinas Confluence (38◦ S) is clearly visible on panel a.
This boundary marks the northern limit of the direct propagation of fresh AAIW along the western
boundary which is also visible for other tracers (Figure 2.10 b, c, d, f, g, j). At the convergence,
the bulk of the AAIW propagates eastward into the interior where it follows the interior subtropical
gyre circulation of the wind drive gyren (Piola and Gordon, 1989; Maamaatuaiahutapu et al., 1992;
Larque et al., 1997).
The AAIW layer is rich in gases, as shown by the oxygen, NO and CFC distributions (Figure
2.10b, f, c). These tracers also indicate the location of preferential ventilation in the Southeast
Pacific and the Southwest Atlantic. Of interest are also the high oxygen tongues penetrating into
the Northern Pacific and Atlantic on the western boundary, indicating the influence of AAIW in
the Northern Hemisphere (Qu and Lindstrom, 2004; Tsuchiya, 1989). A lack of a zonal oxygen
gradient at the equator indicates homogenization of properties in this region (Suga and Talley, 1995).
∆Cgasex , a relative measure of air-sea carbon disequilibrium, shows low values near the formation
centers of AAIW. This is consistent with the relative undersaturation of this water mass with respect
to other gases, such as oxygen and CFC (Russell and Dickson, 2003; Hartin et al., 2011). These
low ∆Cgasex values reflect the influence of upwelled UCDW in the composition of AAIW. Were the
precursor waters of AAIW uniquely of Subtropical origins, these would be well-equilibrated.
The presence of low salinity AAIW and the competing high salinity intermediate waters from
the RSOW and MSOW are evident in Figure 2.10d. Panels d and g indicate that AAIW is fresher
and colder in the Atlantic than in the Pacific (Figure 2.10d, g). The difference in potential vorticity
between the South Pacific and the South Atlantic, as was first recognized by McCartney and Talley
(1982), can be seen in Figure 2.13g-i. Panel 2.13g shows that the thickness between 27.2 and 27.3
reaches 250 m in the Southeast Pacific, while it is less than 200 m in the South Atlantic (Figure
2.13h, i). Mixing across the Drake Passage and with waters from the Agulhas region in the South
Atlantic explains the erosion of the low vorticity characteristic AAIW in the South Atlantic relative
to freshly ventilated AAIWPAC in the Southeast Pacific.
AAIW is warmest and saltiest in the Indian Ocean, owing to the influence of RSOW on competing isopycnals (Figure 2.10d, g). As shown by Piola and Georgi (1982), the Kerguelen Plateau
acts as a topographic barrier between waters of AAIWPAC origin flowing westward and waters of
AAIWATL origin flowing eastward. Fine (1993) used CFC data to demonstrate that the youngest,
most recently ventilated intermediate waters in the Indian Ocean are due to AAIWATL (Figure
2.10c). McCarthy and Talley (1999) calculated maps of potential vorticity on the γn =27.35 isoneutral for the Indian Ocean, showing higher potential vorticity values east of the Kerguelen Plateau,
and lower values to the West. The isoneutral thickness plots shown in Figure 2.13f-h are too coarse
to show this feature clearly.
Wong (2005) has emphasized the weak meridional salinity gradient in the Eastern Indian between 30 and 40◦ S (Figure 2.10d). This is indicative of a long mixing history. Wong (2005) proposed that this region would then be an interesting sentinel that filters short-term variability and
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would provide a clear picture of decadal climate change for the AAIW layer. The 27.4 maps show
outcrops of that density in the Bellingshausen Sea (not shown). The 27.5 surfaces show an uninterrupted isoneutral connection from the Bellingshausen Sea to the Drake Passage and also reach
close to the Antarctic coast on either side of the Kerguelen Plateau, suggesting that direct isoneutral
supply of freshwater to the 27.5 level from the Antarctic upper layers is possible (not shown).
Nutrients (Figure 2.10 e and h) are relatively lower towards the southern outcrop, indicating the
young age of the water, the influence of subtropical waters in the composition of AAIW, and most
importantly their origin north of the Polar Front Zone, where biological production has depleted the
mixed layer nutrients (Marinov et al., 2006). Regarding N⋆ (Figure 2.10i), the interesting signal is
the low values in the North Pacific and Indian, indicative of denitrification, rather than the higher
values towards the South. These denitrification regions are also characterized by a low ∆Cgasex
(Figure 2.10l).
The low silicate and Si⋆ characteristic of AAIW is also clearly shown on panels j and k, consistent with Sarmiento et al. (2004b). The low silicate and negative Si⋆ reflect the fact that primary
production in the Polar Frontal Zone is partly iron-limited. In these conditions, the silicate to nitrate
ratio of diatoms increase preferentially lowering Si and explaining the silicate deficit.

2.5.1.3.3 On the formation of Antarctic Intermediate Water The mechanisms that maintain
the salinity minimum and that govern the vertical thickness of the AAIW layer are subject to some
debate and ongoing research. In that regard, it is helpful to chronologically review the evolution
of some hypotheses that have been proposed to explain AAIW formation and relevant findings. It
was initially proposed that the salinity minimum associated with AAIW discussed by Wüst (1935)
was forming circumpolarly in the Polar Frontal Zone (i.e. the Antarctic Convergence between the
Subantarctic Front and the Polar Front, see Figure 2.7) by cross-frontal mixing between a water
type with temperature 2.2◦ C and 33.8 psu, whose properties were assumed to be relatively uniform
throughout the Southern Ocean, representing “pure AAIW”, and warmer and saltier subtropical
waters (Wüst, 1935; Sverdrup et al., 1942). Sinking would occur as a consequence of Northward
Ekman transport and isopycnal sinking. The importance of AASW as a precursor to AAIW is
obvious in the volumetric θ/S diagram of Figure 2.3a and d. This process, however, cannot be the
unique ventilation mechanism. The density of the water at the base of the winter mixed layer in
the Polar Front Zone of the Eastern South Atlantic and Western Indian Southern Ocean sectors
is too light for direct isopycnal injection in the convergent region to be the direct source of the
salinity minimum found in these basins. Furthermore, the Ekman downwelling implied by the more
recent wind climatologies suggest that the induced downwelling is a small contribution at the AAIW
outcrops (Sallée et al., 2010b).
An alternative to the Polar Front sinking and mixing model was proposed by McCartney (1977).
Based on the similarity between the temperature and salinity properties of the AAIW found in the
subsurface of the Drake Passage and the Scotia Sea and the SAMW properties in the Southeast
Pacific, McCartney (1977) proposed to treat AAIW as the densest, freshest and coldest version of
SAMW. This model implies formation of AAIW by subduction principally in the Southeast Pacific.
Interestingly, the relevance of the subduction process for AAIW formation is not expanded upon
in the McCartney (1977) paper, it is just briefly mentioned as a direction for future research in the
conclusions of the paper. The McCartney (1977) subduction model cannot by itself account for the
fresher, colder and denser properties of the salinity minimum of the Southwest Atlantic, relative to
its source in the Southeast Pacific, however.
In asking if mixing with a a cold fresh Antarctic source, as in the initial Wüst/Sverdrup model,
could explain the Atlantic-Pacific difference, Gordon et al. (1977) investigated the characteristics
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of “isohaline” layers located between 100 and 500 m in the Scotia Sea, whose temperature and
salinity properties tend towards those of the salinity minimum found downstream in the Argentine
Basin. These isohaline layers are most easily visible north of the Subantarctic Front in the Scotia
Sea. While Gordon et al. (1977) call them isohaline, these layers tend to have a salinity maximum
at the top, a salinity minimum at the base and a weak temperature gradient exists within them,
with the base being colder than their top. Gordon et al. (1977) interprets the top of the isohaline
layer, characterized by the relatively greater salinity, to represent least contaminated SAMW (i.e.
AAIWPAC ). The weak temperature and salinity gradients of the isohaline layer indicate subsurface
mixing of cold water of Southern origin. Since air-sea buoyancy fluxes would act to cool and
freshen the top of the isohaline layer further, not increase its temperature and salinity, air-sea fluxes
cannot explain the presence of the subsurface temperature and salinity minimum. Gordon et al.
(1977) concluded qualitatively that cross-frontal exchange of Antarctic Source waters is necessary
to cool and freshen AAIWPAC -type water in the Scotia Sea so as to transform it to AAIWATLtype. Using an extended database, Molinelli (1978) further investigated the origin of the isohaline
structure discussed by Gordon et al. (1977). Molinelli (1978) concluded that the cold and fresh
characteristics of the isohaline layer, as observed only in the Southeast Pacific east of 90◦ W, could
be readily explained by isopycnal mixing between AASW in the PFZ, where AASW with densities
between 27.2 ≤ σθ ≤27.3 appear to mix isopycnally with an SAMW water type characteristic of
the Southeast Pacific across the Polar Front. Molinelli (1978) thus provided an argument consistent
with the Sverdrup/Wüst mixing formation process, although highlighting the zonal localization of
the formation, pointing out also the proximity of the fronts to the Antarctic zone in the Drake
Passage area, a condition that favors spatial juxtaposition of the necessary water masses.
Using a set of meridional hydrographic sections around Antarctica, Molinelli (1981) showed
the circumpolar variation of mass transport between isopycnal layers characteristic of AAIW. The
evolution of the transport as a function of longitude picks out a few locations where transport is
either increased, cooled or warmed, suggesting formation or alteration of AAIW at this longitude,
or decreased, pointing to a transformation of AAIW to lighter densities. The results of Molinelli
(1981) show clearly the importance of the Southeast Pacific as the dominant source region for the
AAIW σθ interval. Molinelli (1981) also emphasizes the role of isopycnal cross-frontal mixing
as an important mechanism that transforms AAIW. Maintenance of the Polar Front, where most
of the mixing occurs, thus depends also on the maintenance of the water mass sources on either
side of the front. Molinelli (1981)’s data show that the 27.2-27.3 isopycnal crosses the Polar Front
in the Southeast Pacific and in the Drake Passage area, providing a conduit for cold and fresh
Antarctic source waters, such as AASW, into the subsurface. These results complement McCartney
(1977)’s subduction process and agree with the previous classical model of AAIW ventilation. They
also agree with the interpretations of Gordon et al. (1977) and Molinelli (1978) with regards to the
necessity of an Antarctic end member for the production of the isohaline layer found in the Southeast
Pacific and Southwest Atlantic.
More support for the importance of the AASW precursor is provided by Naveira Garabato
et al. (2009), who correlated patterns of hydrographic variability of the AAIW isopycnals in the
Drake Passage with patterns of temperature and salinity variability in the surrounding regions.
Naveira Garabato et al. (2009) demonstrated that Winter Waters (these turn into AASW as they are
exported equatorward) of the Bellingshausen Sea are the likely source of the subsurface AAIWATL
variability. These results support the idea that cold and fresh waters of Antarctic origin contribute
to the formation of AAIWATL in the Drake Passage region and also show that localized perturbations in the Winter Waters of the Bellingshausen Sea, which are caused by wintertime heat flux and
sea-ice variations, can transfer into the AAIWATL layer. These changes in the wind patterns over
the Bellingshausen Sea are mostly governed by ENSO or SAM. These changes seem to have little
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impact on the properties of upwelling UCDW, the precursor to WW, however (Sprintall, 2008).
2.5.1.3.4 Pacific to Atlantic differences While Gordon et al. (1977) and Molinelli (1978) were
able to show evidence that exchange with Antarctic source water were playing a role in the transformation of AAIWPAC -type water into AAIWATL-type water, these authors did not provide a quantitative estimate of the transformation realized by this process. Quantification was first attempted by
Georgi (1979), who budgeted the influence of mixing and air-sea fluxes on AAIWPAC as this water
is being advected eastward. Georgi (1979) concluded that estimates pertaining to air-sea fluxes,
eddy flux and hydrographic fine-structures are all too small to account for the full transformation of
AAIWPAC into AAIWATL. Uncertainties associated with these calculation were high but confidence
is also provided by the fact that the same conclusion was reached by Piola and Georgi (1981). Piola and Georgi (1981) used seasonally resolved hydrographic data in the Drake Passage region to
estimate the magnitude seasonal cycle of air-sea fluxes necessary to account for the hydrographic
data. The buoyancy fluxes obtained by air-sea exchange alone are too small to account for the full
transformation of AAIWPAC into AAIWATL by a factor two, suggesting the existence of another
mechanism or location where cooling and freshening of AAIWPAC must occur.
Using hydrographic data from the northern Scotia Sea and the Argentine Basin, Piola and Gordon (1989) analyzed the details of the transformation of the AAIW layer in the Southwestern Atlantic. Piola and Gordon (1989) identified three sub-layers, all of which experience cooling and
freshening relative to the Pacific. The upper warmer low-salinity layer north of the SAF (AAIWPAC )
is transformed into a denser, colder and denser version at Burdwood Bank (a topographic feature
east of the tip of South America on the north Scotia Ridge), where it is affected by air-sea interaction. The deeper, denser and colder low salinity layer, i.e. the layer that has already been modified
by AASW in the Drake Passage (i.e. the isohaline layer of the Drake Passage), is not affected by
surface fluxes but is further influenced by isopycnal mixing with Antarctic source water east of Burdwood Bank. Both layers ultimately flow northward entrained by the Falkland-Malvinas Current.
Below both layers, owing to the cyclonic protrusion that is the Falkland-Malvinas recirculation,
isopycnal mixing further injects Antarctic-source cold and low salinity water into the Southwest
Atlantic on the 27.5 isoneutral.
2.5.1.3.5 Zonal differences in AAIW properties Other regions where AAIW transformation
occur, although to a lesser degree than in the Drake Passage, are associated with the Agulhas region,
the Kerguelen Plateau and the Tasman Sea (Molinelli, 1981; Thompson and Edwards, 1981; Piola
and Georgi, 1982; Hamilton, 1990; Park and Gamberoni, 1997; Griesel et al., 2010). These regions
of transformation of the AAIW layer typically involve the confluence of a warm and salty poleward
western boundary current or topographically induced northward meandering of the ACC. These
conditions results in the spatial juxtaposition of warm salty waters, or old recirculating AAIW,
with cold fresh waters, conditions favorable for the development of cross-frontal mixing, cabbeling
or double diffusion. Meridional mixing is particularly important in the Southern Ocean as eddy
fluxes are thought to largely compensate the northward Ekman transport (Sallée et al., 2010a,b).
Eddy mixing is also believed to play a role in weakening the summer stratification below the mixed
layer, preconditioning the water column for deep winter mixing (Lachkar et al., 2009; Sloyan et al.,
2010) in a manner reminiscent to the role of eddies in the Labrador Sea, by returning heat and salt
southward after a winter deepening of the mixed layer. The role of interannual preconditioning has
not yet been assessed in the Southern Ocean.
The way eddies are parameterized, or resolved, in model simulations affects the mechanisms
by which these models form AAIW and the distribution of AAIW in the models. A suite of mod66

eling experiments by Lachkar et al. (2009), using models with various resolution and parameterizations, show that in non-eddying models with the Gent-McWilliams (GM) parameterization of
eddies (Gent and McWilliams, 1990), formation of AAIW is rather circumpolar and homogenous.
Eddy resolving simulations show AAIW formation that is patchier and is overall thinner than in
non-eddying models. Owing to the zonal variations in wind stress, these simulations show that the
effects of eddies are strongest in the Indian Ocean, intermediate in the Atlantic and weakest in the
Pacific. Representations of AAIW in models vary greatly from models to models, however. Reasons range from the way formation of deep and bottom waters is captured in the models (England,
1992), which affect the penetration depth of AAIW, model resolution and associated mixing parameterization (Sorensen et al., 2001; Schouten and Matano, 2006; Sen Gupta and England, 2007;
Lachkar et al., 2009), buoyancy, meltwater rates and wind forcing (Saenko et al., 2003a; Santoso
and England, 2004; Sloyan and Kamenkovich, 2007; Sen Gupta et al., 2009).
2.5.1.3.6 Formation and ventilation rates Net formation estimates of newly ventilated AAIW
are rather uncertain and available estimates are difficult to compare as they are produced from
different methods and are reported for different density intervals. Using the kinematic method to
estimate subduction in conjunction with ARGO data, Sallée et al. (2010b) estimated the global net
formation of AAIW (actually a net meridional northward flow across the Polar Front) to be 12 Sv.
This is about one third of the estimate provided by Sloyan and Rintoul (2001) using an inverse model
that uses a set of WOCE sections in the Southern Ocean south of 30◦ S. The reason for this large
discrepancy is not clear. Hartin et al. (2011) estimated the formation of AAIWPAC that remains in
the Pacific as 5.8±1.7 Sv based on the CFC inventory in the South Pacific. This is a lower estimate
as it neglects the transport out of the Pacific along the ACC. An estimate for the total transport of
AAIW at 77◦ W is estimated to be 19.8±2 Sv (Hartin et al., 2011). Assuming all of it is newly
formed AAIWPAC , an upper bound for the total production of AAIWPAC would be about 26 Sv.
Since AAIW also recirculates within the ACC and a recirculation cell associated with the Chilean
coast exist, this upper bound is likely too large. Talley (2003) gave the meridional AAIW export in
each ocean basin at about 30◦ S, proposing values of 5.2 Sv for the South Atlantic, 4.8 Sv for the
South Pacific (in rough agreement with Hartin et al. (2011)), and a net southward flow of -7.9 Sv
out of the Indian Ocean. The net southward flow in the Indian Ocean indicates convergence into
the AAIW layer from strong diapycnal fluxes in the Northern Indian basin. You (2002b) estimated
a northward export of AAIW in of the South Atlantic of 4.26 Sv, in agreement with the adjusted
geostrophic transport estimates of Talley (2003). You (2002b) further quantified the fraction coming
from the Drake Passage and the fraction coming from the Agulhas Current using a linear mixing
model and assuming no local formation in the South Atlantic. His results showed 2.7 Sv originating
from the Drake Passage and 1.56 Sv from the Indian Ocean. The relative importance of each route
for the return pathway of the meridional overturning circulation to the North Atlantic has yet to be
fully understood, however (Gordon et al., 1992; Doos, 1995; Beal et al., 2011). Zonally averaged
export estimates for the AAIW layer are also provided by Talley (2008): 5.2 Sv for the South
Atlantic, 2.5 Sv for the South Pacific and -10.1 Sv for the Indian.
As this paragraph has shown, the formation rates for AAIW are quite uncertain. Values around
4-5 Sv seem appropriate to describe the AAIW flow into the South Atlantic. The uncertainty range
remains substantial in the Indian and Pacific. Overall, the formation rate of AAIW is poorly known.
2.5.1.3.7 On the role of AAIW for the meridional overturning circulation and climate As a
pathway that returns freshwater to the Atlantic (Broecker et al., 1990), AAIW affects the net freshwater balance of the Atlantic. The net freshwater flux in or out of the South Atlantic is believed to
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play an important role for the stability of the Meridional Overturning Circulation (Rahmstorf, 1996;
Saenko et al., 2003b; de Vries and Weber, 2005; Hawkins et al., 2011). Variations in the properties
and rate of production of AAIW have been seen in the paleo-record and are thought to play an
important role in governing the overturning regime shifts between glacial and interglacial periods
(Keeling and Stephens, 2001; Waelbroeck et al., 2011). Paleo-reconstruction of oceanic conditions
agree that major changes have occurred at intermediate depths during glacial periods, both in the
Northern and Southern Hemispheres (Ninnemann and Charles, 1997; Rickaby and Elderfield, 2005;
Pahnke and Zahn, 2005; Jung et al., 2010; Thornalley et al., 2011; Waelbroeck et al., 2011). Pahnke
and Zahn (2005) presented sediment data from the Southwest Pacific suggesting that changes in
the production rate of AAIW act on basin-wide salt budgets and the large-scale meridional density
gradients, thus affecting meridional overturning stability in the North Atlantic. Other paleo-proxies
are consistent with a strong presence of a Southern sourced intermediate water in the North Atlantic
(Rickaby and Elderfield, 2005; Thornalley et al., 2011).
An hypothesis proposing that variations in the thermohaline properties of AAIW can induce
glacial-interglacial fluctuations in the meridional overturning circulation was formulated by Keeling
and Stephens (2001). The main aspect of this hypothesis are that 1) the overturning circulation
is driven by Southern Ocean wind-induced upwelling and not by low-latitude diapycnal mixing
(Toggweiler and Samuels, 1998) but does not require a meridional shift in the position or magnitude
of the winds, 2) the main source of AAIW is UCDW that upwells from below the sill depth of the
Drake Passage, 3) the stability of the meridional overturning is governed by a salinity feedback
similar to that captured by the model of Stommel (1961) although applied to the Southern Ocean,
where the net freshwater transport in or out of the Southern Ocean is governed by the low to high
latitude transfer of moisture by evaporation and precipitations and the development of sea-ice and
brine.
The Keeling and Stephens (2001) hypothesis argues that the stable modern warm state is characterized by a fresh Southern Ocean upper layer (AASW) that feeds production of AAIW and returns
freshwater to the North Atlantic. During glacial cold states, on the other hand, growth of sea-ice in
the Southern Ocean increases the salinity of the AASW layer and AABW through brine-rejection,
resulting in an AAIW water mass whose density competes with that of NADW. Sea ice also prevents
the outgassing of carbon dioxide, helping to reduce atmospheric CO2 levels during glacial periods
(Stephens and Keeling, 2000). At the point when NADW is not dense enough to penetrate below
AAIW, it is also not able to cross the Drake Passage as it lies above the sill depth of the Drake
Passage and as such stops contributing to the upwelling in the Southern Ocean. Boyle and Keigwin
(1987) refer to this type of NADW as Glacial North Atlantic Intermediate Water (GNAIW). Keeling and Stephens (2001) suggest that GNAIW would behave as an Atlantic analogue of present-day
NPIW.
Model perturbations in the thermohaline properties in the mode and intermediate layers of the
South Atlantic have been shown to affect North Atlantic climate directly. In order to probe the
sensitivity of the climate system simulated by the HadCM3 coupled climate model, Graham et al.
(2011) perturbed the density layers between 27.7≤ σθ ≤29.4 (encompassing the salinity minimum
in that model) between 10 and 20◦ S in the South Atlantic with salinity-compensated temperature
perturbations of ±1◦ C in this density range, and smaller perturbations of ±0.5◦ C in the neighboring
model layers. Graham et al. (2011) used salinity compensated perturbations to minimize effects due
to changing the interior density structure of the simulated ocean and better trace the effect of changing thermohaline properties. While much of the water in these intermediate layers recirculates at
depth (about one third in these simulations), the perturbations propagated at advective speeds along
the western boundary until the NAC, the Labrador Sea and the GIN Seas, where some intermediate
water was entrained into the mixed layer and some recirculated at intermediate depth in the Northern
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Atlantic. Surprisingly, both the hot and the cold perturbations provoked a decrease in the meridional
circulations. The hot perturbation yielded an increase in the Northward heat transport into the North
Atlantic, directly affecting the stratification of convective regions. The cold perturbation, however
increased the freshwater transport but also cooled the subpolar region, affecting the circulation of
the Subpolar gyre and thus affecting the heat and salt balance of the convective regions. Both types
of perturbations significantly altered the SST patterns of the North Atlantic and climate in continental regions bordering the North Atlantic. If representative of the real world, the experiment of
Graham et al. (2011) would suggest that the modern AAIW may correspond to a high-state with
regards to the meridional overturning. These simulations show that variability in the thermohaline
properties of AAIW are able to induce climate variability in the Northern Hemisphere.

2.5.1.3.8 Variability As was shown by Iudicone et al. (2007), the export of AAIWPAC into the
Pacific is diagnostically related to the basin scale meridional pressure gradient, which is mechanistically related to the thermal wind balance in the Southeastern Pacific that supports the northward
flow of intermediate water (the exchange window). As such, and because AAIW circulation largely
follows the gyre circulation, perturbations in the export of AAIW may not necessarily be caused by
local events over the formation regions, but are also subject to remote forcing. Furthermore, since
AAIW has to cross the equator to penetrate into the North Atlantic (Suga and Talley, 1995), tropical
and equatorial phenomenon affecting the subtropical cells (Hazeleger and Drijfhout, 2006) may also
play a role in dictating the potential impact of AAIW perturbations on the Northern Hemisphere.
One interesting difference between the processes influencing the formation and characteristics
of intermediate water masses like LSW, NPIW or AAIW is the geographical extent limiting their
formation region. LSW formation is limited to the Labrador Sea and NPIW formation is mostly
associated with the Okhostk Sea and the MWR of the Northwestern Pacific. Both regions are geographically limited, close to the western boundary and very sensitive to the position of the storm
track. As such, these regions are extremely vulnerable to local and zonal anomalies (Seager et al.,
2002; Li and Battisti, 2008). The Asian monsoon or the North Atlantic Oscillation affect the storm
track path, storm frequencies and magnitude. The Labrador Sea is also sensitive to freshwater disturbances originating from either the Arctic or high-salinity eddies stemming from the North Atlantic
Current. On the other hand, while there is still debate about the relative importance of the various
mechanisms affecting AAIW ventilation (mainly circumpolar Ekman convergence, localized South
East Pacific convection and subsurface diapycnal mixing), one might expect that this diversity in
formation mechanisms and the mixing and recirculation of this water mass in the Southern Hemisphere would render AAIW relatively more robust to local perturbations. In that sense, regional
zonal perturbations and perturbations on short time scales might be a lot less effective in greatly affecting AAIW characteristics and influencing climate than large-scale meridional shifts in the winds
or continuous changes in buoyancy as induced by anthropogenic climate change. This is not to say
that natural modes of climate variability, such as ENSO or SAM do not affect AAIW formation,
however (Sallée et al., 2010a), just that it is unclear how or if this natural variability propagates
to the North Atlantic, affects the overturning or interacts with other modes of variability at lower
latitudes (Hickey and Weaver, 2004). As stated above, large changes have occurred at intermediate
depth in all basins. The causes for these changes, i.e. changes in the source characteristics, changes
in the production rates, ventilation pathways, decreased competition with other water masses on
shared isopycnals, have yet to be elucidated, however.
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2.5.2 High salinity intermediate waters
Warm and extremely saline waters (MSOW, RSOW, PGW) flow out of net evaporative marginal
seas (Mediterranean Sea, Arabian Sea, Persian Gulf) across relatively shallow and narrow straits
(Gibraltar, Bab el-Mandeb, Hormuz). These outflows sink and stabilize on isopycnals at intermediate depths in the North Atlantic and Indian Oceans and constitute the world’s high salinity
intermediate waters. Their presence in the North Atlantic and Indian Ocean can be easily detected
on isoneutral maps of salinity (see for example Figure 2.10d). Spreading of these high-salinity water
masses in the ocean interior is not simply a passive process, as was mostly the case with low-salinity
intermediate waters. A significant fraction of the export of the high-salinity intermediate water occurs through the propagation and destruction of subsurface mesoscale eddies that have diameters of
order 100 km and are able to propagate faster than the mean flow. As such, the tongues of elevated
salinity typical of the high-salinity intermediate water masses do not reflect the mean circulation on
these isopycnals (Talley et al., 2011).
2.5.2.1

Mediterranean Sea Overflow Water

2.5.2.1.1 Overview The Mediterranean Sea can be thought of being stratified in three main
layers (Baringer and Price, 1999; Candela, 2001). Relatively fresh modified Atlantic Water enters
the Mediterranean Sea through the Strait of Gibraltar from the North Atlantic and occupies the top
150 m. Owing to the strong evaporation over the basin, of order 0.5 m/yr, the salinity of that layer is
greatly increased in the Mediterranean Sea relative to its characteristics at the Gibraltar inflow. The
intermediate layer (roughly 150-800 m) is composed of Levantine Intermediate Water (LIW). LIW
forms by shallow convection in the eastern Mediterranean region and is the warmest and saltiest
water found in the subsurface (13.1-13.2◦ C and 38.5 psu). Below that is western Mediterranean
Deep Water (WMDW), which is colder and fresher (12.8-12.9◦ C and 38.42-38.45 psu). It forms
by episodic deep convection in the Gulf of Lions and to a lesser extent in the Adriatic Sea. LIW
participates in the production of WMDW in a manner similar to the role of IrSW in the Labrador
Sea, by preconditioning the subsurface.
The Gibraltar Strait is about 15 km wide at its narrowest and is at most 300 m deep (at the
Camarinal Sill South), implying that a substantial fraction of the water that exits the Mediterranean
Sea is from the intermediate layers of the Mediterranean (Millot et al., 2006). The outflowing
layer is very thin relative to the sill depth. It is only of order 50 m at the sill (Iorga and Lozier,
1999b). Properties of the overflow are typically around 13◦ C and 38.4 psu (σθ ≈28.95), but the
exact composition and properties of the overflow layer has been shown to evolve somewhat in time,
with variations up to 0.5◦ C and 0.1 psu (Millot et al., 2006). The salinity in the Mediterranean has
been increasing in recent decades and is projected to increase another 0.13 psu, largely in response
to the diversion of river water for irrigation in Russia and Egypt (Candela, 2001).
High frequency variability in the source properties of MSOW appears to have relatively little
influence on the MSOW layer found in the North Atlantic (Lozier and Sindlinger, 2009). Bozec
et al. (2011), using a high resolution model of the North Atlantic investigated the effect of atmospheric variability as the driver of property changes of MSOW in the North Atlantic. The modeling
results indicate that most of the MSOW variability in the eastern North Atlantic over the last 50
years is driven by large scale patterns of variability (NAO) rather than changes in the characteristics
of Mediterranean seawater source or NACW source characteristics.
The currents across the Strait of Gibraltar are quite variable. Currents are dominated by the tides
(about 70%). Large-scale atmospheric perturbations in the Mediterranean Sea roughly account for
another 10% of the currents’ variability and variations in the Mediterranean to Atlantic Waters
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pressure gradient, in a hydraulic manner similar to DSOW, explain another 20% (Candela, 2001).
Local effects near Gibraltar, particularly local wind patterns, can also be an important source of
variability (Menemenlis et al., 2007). Modern net outflow estimates of Mediterranean Water into the
North Atlantic at Gibraltar hover between 0.5-1 Sv (Baringer and Price, 1997). Overflow transports
show a seasonal cycle, with an amplitude of about 0.2 Sv, and a minimum in early summer, and
interannual variability of order 0.1 Sv.

2.5.2.1.2 Overflow and characteristics in the Gulf of Cadiz Upon passing the Strait of Gibraltar, MSOW initially follows a gravity-driven boundary current along the northern continental slope
of the Gulf of Cadiz. Neutral buoyancy is achieved by Cape St. Vincent (The southwestern corner
of the Iberian Peninsula). At that point the transport has nearly doubled (Baringer and Price, 1997)
owing to entrainment of fresher and colder North Atlantic Central Waters (NACW, 11.4-12.5◦ C,
35.6-35.7 psu). Most of the mixing and entrainment occurs within 50 km of Gibraltar. By that
point, salinity has decreased to 36.6 psu. Baringer and Price (1997) investigated the evolution of
the thermohaline properties of MSOW from the Strait of Gibraltar to Cape St. Vincent in association with velocity measurements. These analyses show that the entrainment and mixing process
are both nearly isothermal as temperature does not change very much from Gibraltar until MSOW
achieves neutral buoyancy. Temperature only decreases slightly from about 13 to 12◦ C, while salinity changes from over 38 to about 35.5 psu.
MSOW splits into three distinct cores between Gibraltar and Cape St. Vincent. The two shallowest cores tend to merge back into a single entity but the deep core remains independent. The
remaining two MSOW cores settle on the 27.5 and 27.8 isopycnals although the influence of MSOW
can be seen throughout the water column between at least 27.2 and 28.0. The formation of the cores
seems to be set early on in the Gulf of Cadiz (by 7◦ 10’W Iorga and Lozier (1999a); Ambar and
Howe (1979)). By the time the cores exit the Gulf of Cadiz, the shallow inshore core lies at about
700-800 m and the deeper southern core is at 1000-1200 m (Ambar and Howe, 1979; Baringer
and Price, 1997, 1999; Ambar et al., 2002). The shallower core is warmer whereas the lower core
is better defined by a salinity maximum (Ambar et al., 2002). The cores form through mixing
with different water masses. That mixing process is possibly affected by shear and topography that
involves NACW in the upper layers and waters originating from the South along the African continental slope in the deeper portion (550-650 m) (Madelain, 1970; Ambar and Howe, 1979; Iorga
and Lozier, 1999a; Baringer and Price, 1997, 1999; Iorga and Lozier, 1999a).
Cape St. Vincent is characterized by a very sharp steepening of the topography, as well as by
a sudden northward turn of the continental shelf off the southwestern corner of Portugual. Regions
where a boundary current encounters sharp deepening in topography, such as is the case south of
the Grand Banks, are regions where recirculation cells can be generated through vortex stretching
(Zhang and Vallis, 2007). Evidence for such a recirculation in the interior west of Cape St. Vincent
can be found in the data (Lozier et al., 1995; Iorga and Lozier, 1999a,b). This recirculation helps
maintain a reservoir of MSOW in the Targus Abyssal Plain, a small basin located westward of Cape
St Vincent near the coast of Portugal (Iorga and Lozier, 1999b; Bower et al., 2002b). The complex
topography in the Gulf of Cadiz also generates a southward cyclonic recirculation cell there (Figure
2.5a, Iorga and Lozier (1999a)).
Cape St. Vincent is also a branching point for the spread of MSOW (Figure 2.5a). The upper
core is more likely to follow the continental boundary northward than the lower core, which tends
to spread westward (Zenk and Armi, 1990; Daniault et al., 1994). MSOW propagates both along
a northward route along the continental slope of Portugal and a westward route across the interior
of the Atlantic (Bower et al., 2002b). The northward route can be traced at least to 50◦ N (Iorga
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and Lozier, 1999a; Lozier and Stewart, 2008). Lozier and Stewart (2008) find that the northward
spreading extent of MSOW is linked to the dynamics of the subpolar gyre. When the NAO is
in a positive phase, the subpolar front moves eastward and blocks the intrusion of MSOW past
the Porcupine Bank. During low NAO phases, the subpolar front moves westward and MSOW
penetrates past the Porcupine Bank. Additional evidence for this process is provided by the anticorrelation between the salinity anomalies present in the Rockall Trough on LSW and MSOW
density intervals.
2.5.2.1.3 Meddies The exact partitioning between these routes is not clear but it is estimated
that Meddies, sub-mesoscale coherent anticyclonic vortices characterized by a warm and salty core
propagating about about 1000 m depth (Richardson et al., 2000), transport about 25% of the salinity
flux that escapes through the Gibraltar Strait and 50% of the zonal salinity flux in the interior of the
Atlantic at these depth and latitudes. Meddies form with diameters of about 9 km but quickly grow
to 20-150 km in diameter, with typical thicknesses of 650 m (Richardson et al., 2000; Talley et al.,
2011). Their lifetime is about 2-3 years. Richardson et al. (2000) estimated that about 17 Meddies
form each year and that there is an average of 29 Meddies at any given time in the North Atlantic.
Meddies propagate westward about five times faster than the mean flow with translation speeds
near 0.08 m/s (Bower et al., 1995). Meddies originate in the region off Cape St. Vincent where
topography steepens sharply and turns northward abruptly. Meddies may contain water from either
the lower core or both cores.
Meddies interact with seamounts in the region west of the Gulf of Cadiz (Richardson et al.,
2000). Shallow topographic features there steer the propagating Meddies southward (Bower et al.,
1995). Meddy-seamount collisions also induce substantial mixing and deposition of warm and salty
Meddy water locally. As was pointed out by Bezbodorov and Ovsyany (1991), Meddies transport
oxygen into the oxygen minimum layer of the North Atlantic. Richardson et al. (2000) estimate that
major collisions between Meddies and seamounts occur on average every 1.7 years.
Changes in the dynamical control of the Mediterranean Undercurrent (i.e. the name given to
the MSOW outflow in the Gulf of Cadiz) can be seen at the Portimão Canyon, just south of Portugal, southeast of Cape St Vincent (Bower et al., 2002b), but the formation mechanisms as well
the processes that control the frequency with which Meddies are spun off are not totally clear. Proposed mechanisms include shear, baroclinic or boundary layer instability, geostrophic adjustment,
temporal variability of the Mediterranean Undercurrent or interactions with the Azores Current.
Westward non-Meddy spreading of MSOW has also been shown to occur (Bower et al., 2002b), but
this appears to be limited to the East of 20◦ W as this water recirculates in the Eastern North Atlantic
(Iorga and Lozier, 1999a,b). Far-field propagation of MSOW is mostly driven by Meddies (Maze
et al., 1997).
2.5.2.1.4 Influence on the North Atlantic As Figures 2.9, 2.10 and 2.11 indicate, while the
influence of MSOW on the North Atlantic is very clear in the distribution of salinity, MSOW does
not form a thick, low PV, layer (Figure 2.13). Talley et al. (2011) warn that the salt tongue, as
mainly formed from westward propagating Meddies, does not follow the large-scale circulation.
The MSOW contributes at most 30% to the salinity enhancement of the North Atlantic. The high
salinity characteristic of the Atlantic is mostly the consequence of subtropical evaporation. McCartney and Mauritzen (2001) also reject the idea that MSOW feeds the warm inflow to the Nordic
Seas. This conclusion minimizes the potential influence of MSOW on climate.
In spite of MSOW being injected in the North Atlantic along rather narrow cores, through only
a 50 m thick outflow, its high salinity and warm temperatures in a background of colder and fresher
72

waters, imply large vertical temperature and salinity gradients at its upper and lower interfaces,
where differential mixing of heat and salt have an effect on the the density structure. Double diffusive convection below the MSOW salinity maximum contributes to downward salt transport, in
addition to the background turbulent mixing (Daniault et al., 1994). The value of the density ra∂S
tio Rρ = α ∂T
∂z /β ∂z , a diagnostic of non-linear mixing processes (Schmitt, 1994), near the Iberian
Peninsula in the temperature range 5-8◦ C at the base of the salinity maximum is about 1.2-1.3. This
is indicative of active salt fingers (Daniault et al., 1994; Schmitt, 1994). Daniault et al. (1994) point
out, however, that the most favorable conditions to double diffusion are north of 40◦ N, where it is
not only the properties of MSOW that promote double diffusion, but also the presence of a fresh
LSW layer underneath at these northern latitudes. Arhan (1987) argue that the salt-fingering double
diffusive flux below the salinity maximum, which is of similar magnitude as the surface Ekman flux,
induces a northward buoyancy driven flow in the Eastern North Atlantic. The importance of this
effects diminishes northward as isopycnals shoal and are increasingly affected by the wind-induced
circulation, however.
It was mentioned earlier in the LSW discussion (and see Figure 2.11) that MSOW nutrient
properties were similar to that of the background Atlantic and as such could not be used as tracers
of MSOW influence. While is is true on the large scale, this is not the case at finer scales near
the outflow (Ambar et al., 2002; Cabecadas et al., 2002). The Mediterranean Sea is extremely
oligotrophic and MSOW has a signature low nutrient concentration.
While the influence of MSOW as a source of salt to the North Atlantic is not believed to be
critical for the maintenance of high latitude convection in the GIN seas (McCartney and Mauritzen,
2001), sea level drops of order 120 m between glacial and interglacial periods have constricted the
magnitude of the Gibraltar outflow during glacial periods. Analyses of the sediment composition
patterns (foraminiferal assemblage, δ18 O of planktonic foraminifera, grain size, sand deposition,
erosion) in the Gulf of Cadiz (Baringer and Price, 1999; Ambar et al., 2002) suggest nonetheless
that a net evaporation increase over the Mediterranean Basin and sea-level rise (allowing for deeper
and saltier MSOW ouflow) during the last deglaciation contributed to a 0.5 psu increase in the upper
2000 m of the North Atlantic between 17.5 and 14.6 thousand years ago (Rogerson et al., 2006).
These data also indicate that the Mediterranean Undercurrent was deeper during the Last Glacial
Maximum. Rogerson et al. (2006) propose that the shoaling and intensification of the MSOW plume
(15-14.5 thousand years ago) may have contributed to the large scale preconditioning of the North
Atlantic towards conditions more favorable for convective overturn and has favored resumption of
present-day convection patterns in the Labrador Sea region. As such, the shoaling of the MSOW
plume may have played a role in the re-establishment of the modern stratification from the Glacial
North Atlantic Intermediate Water and AAIW pair to the traditional NADW/AAIW pair.
Gravity driven overflows are important phenomenon that inject dense waters to the deep ocean
and influence overturning circulation (Price and Baringer, 1994; Legg et al., 2009). Overflows
are particularly difficult to parameterize in global climate models, however (Price and Baringer,
1994; Hallberg, 2000; Papadakis et al., 2003; Legg et al., 2006, 2009). Owing to these limitations,
while it is known that other overflows, such as DSOW play an important role, it is challenging to
assess with confidence the influence of MSOW on the global overturning circulation and climate in
models. Existing coarse model simulations and the analysis of McCartney and Mauritzen (2001)
would suggest, however, that the influence of MSOW on the meridional circulation and on climate
is small. The hypothesis proposed by Rogerson et al. (2006) with regard to the role of MSOW in the
centennial-to-millennial variability in the North Atlantic warrants further quantification, however.
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2.5.2.2

Red Sea and Persian Gulf overflows

2.5.2.2.1 Overview The formation of RSOW and PGOW share many traits with that of MSOW.
All are formed from entrainment by a gravity current that exits an highly evaporative basin across
a shallow sill. Furthermore, all overflows propagate as undercurrents that pass through a Gulf with
complex topography (Gulf of Cadiz for MSOW, Gulf of Aden for RSOW and Gulf of Oman for
PGOW) on their way to the open ocean.
One difference between MSOW and RSOW/PGOW is that the Mediterranean Sea is located on
the eastern boundary of the Atlantic, while the Red Sea and the Persian Gulf are on the western
boundary. This affects the way these water masses spread in the interior of the basins. Also, the
Bab-el-Mandeb Strait (about 13◦ N) and Straits of Hormuz (about 26◦ N) are also located much
closer to the equator than the Strait of Gibraltar (about 35.7◦ N). This implies that the Coriolis
frequency (f ) is about 3 times larger for MSOW (8.9·10−5 s−1 ) than it is for RSOW (3.1·10−5 s−1 )
at the latitude of their respective straits. The effect of rotation is thus more important for MSOW
than for RSOW (inertial circles have a smaller radius towards the poles). The deformation radius
at depth will of course also depend also on the stratification. In fact, the low-latitude position of
the Bab-el-Mandeb and Hormuz straits coupled with the low outflow transport across them make
these outflows dynamically closer to frictional density currents weakly impacted by rotation, than
geostrophic boundary currents (Bower et al., 2000).
2.5.2.2.2 Overflow and formation characteristics The annual mean outflow through the Babel-Mandeb Strait (160 m deep at the Hanish sill, 18 km wide) is 0.37 Sv. Seasonality, modulated
by the monsoon, is important, however. July-September outflows are as low as 0.05 Sv but winter
February transports peak at 0.7 Sv Murray and Johns (1997); Beal et al. (2000). The thickness of the
outflowing layer oscillates seasonally between 50 and 100 m. The water in the Red Sea below 80 m
is rather homogenous, with a temperature of 22◦ and a salinity of 40.5 psu. In consequence, outflow
properties tend to be very stable and converge towards these values. The salinity of RSOW at the
strait is almost 2 psu more than the Mediterranean Water passing Gibraltar. Net evaporation rates
in the Red Sea and Persian Gulf can exceed 2 m/yr (Ahmad and Sultan, 1991; Bower et al., 2000),
about 4 times the mean evaporation of the Mediterranean Sea. Because the transport through the
strait varies temporally, the equilibration density, the degree of entrainment and the final properties
of the RSOW layer also vary. Neutral buoyancy is reached about 40 km from the strait, with mean
equilibrium properties of about 18.1◦ C and 37.5 psu, corresponding to an average dilution factor of
about 2.5 during the strong winter outflow. The dilution factor is more important (about 6) during
the low summer outflow, which also results in a RSOW product that is cooler than during winter.
Taking into account the dilution factors of the outflow and the measured outflow transports at the
strait yield RSOW production rates between 0.3 Sv and 1.75 Sv.
Owing to the complex topography in the Gulf of Aden, the outflow follows two main pathways,
mainly through the Northern and the Southern Channels, resulting in various amounts of entrainment and a layering of the final RSOW product. Waters flowing through the Northern Channel
(close to the Yemeni coast) mix less with ambient waters and their final product is saltier and denser
(σθ ≈27.5) than the water exiting through the Southern Channel (close to Djibouti), which is steeper
and broader than its northern counterpart (Bower et al., 2000; Peters et al., 2005; Peters and Johns,
2005; Matt and Johns, 2007). As a consequence of these two pathways, RSOW tends to form two
interior cores, a shallow one near 600 m, which is warmer (≈18◦ C, σθ =27.2) and derives from the
Southern Channel, and a deeper one, about 1.52◦ C cooler, near 100-1200 m with σθ =27.65 that
originates from the Northern Channel (Bower et al., 2000, 2005; Saafani and Shenoi, 2007). Both
the Southern and the Northern Channel flow into the 1800 m deep Tadjura Rift, a canyon located at
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the western edge of the Gulf of Aden. Neither the Northern nor Southern outflow is dense enough
to reach the bottom of the Rift, however (Bower et al., 2005).
Characteristics of a continuous undercurrent, as can be found in the Gulf of Cadiz downstream
of Gibraltar, cease to exist in the Tadjura Rift. The current is replaced by mesoscale eddies throughout the Gulf of Aden (Bower et al., 2002a). The reason for a lack of an undercurrent are unclear
but likely involve temporal variability in the overflow transport and boundary detachment of the
jets leaving the channels, which may not be able to reattach (Bower et al., 2005). It is known that
RSOW forms lenses. Some of these lenses constitute coherent vortices, called “Reddies”, which
are able to travel far from their origins (Shapiro and Meschanov, 1991; Meschanov and Shapiro,
1998; Bower et al., 2002a). The formation mechanisms of Reddies is not well-understood (Shapiro
and Meschanov, 1991), but the topographic influence of the Tadjura Rift and the deep-reaching
mesoscale eddies described by Bower et al. (2002a) in the Gulf of Aden are likely to play a role
(Bower et al., 2005). Propagation of Reddies is mostly eastward and seems to follow the frontal
zone that separates RSOW and background Indian Ocean water (Shapiro and Meschanov, 1991).
Reddies are slightly thinner than Meddies, about 200 m thick, but otherwise share similar properties with regard to their density anomalies and diameters (Meschanov and Shapiro, 1998). Reddies
propagate at a slightly shallower depth than Meddies, however, at around 700 m (Meschanov and
Shapiro, 1998). A census by Shapiro and Meschanov (1991) revealed the presence of seven Reddies
on average in the Indian Ocean, as determined from data from 1935-1981.
Interleaving structures are found extensively in the RSOW layer throughout the Indian Ocean
and in consequence the depth of the salinity maximum can vary substantially from station to station
and in time at fixed stations (Beal et al., 2000). This makes the precise tracing of a particular
salinity maximum layer extremely challenging. The high salinity layer of RSOW and the monsoonal
variability that can be observed in RSOW properties in the Arabian Sea can be traced to the Agulhas
(Grundlingh, 1985; Beal et al., 2000), however. Variability on the isopycnals representative of the
RSOW and salinity are much weaker in the Bay of Bengal, suggesting limited penetration of RSOW
east of the Indian sub-continent (Beal et al., 2000). Spreading of RSOW is mostly southward along
the continental boundary, with a preferred pathway through the Mozambique Channel. As was the
case with MSOW, the conditions at the base of the high salinity layer are conducive to doublediffusive mixing (You, 1996, 2000, 2002a). These dianeutral fluxes extend the influence of the high
salinity RSOW to depths over 2000 m and densities close to γn =28.0 in the Arabian Sea.
In comparison to the Red Sea, the Persian Gulf is extremely shallow. The maximum depth of
the Red Sea reaches 2000 m, but the deepest part of the Persian Gulf is merely 160 m deep, with an
average depth of only 35 m (Swift and Bower, 2003). The transport out of the Persian Gulf is about
0.2 Sv (Ahmad and Sultan, 1991), about half that out of the Red Sea, although the water properties
at the Strait of Hormuz (80 m deep, 57 km wide, with a narrower central channel) are saltier and
warmer than the waters from Bab-el-Mandeb. Salinities as high as 57 psu have been measured
in the Persian Gulf (Bower et al., 2000). Unlike RSOW, the overflow transport through the Strait
of Hormuz does not experience much seasonal variation (Swift and Bower, 2003). A seasonal
cycle exists with regards to the temperature of the overflow, however, with values ranging from 19
to 25◦ C. This seasonal cycle occurs in the Persian Gulf because of the very shallow depths there
relative to the Red Sea (Swift and Bower, 2003). The average winter and summer properties of the
overflow at the strait are 20.4◦ C, 39.6 psu in winter and 24.2◦ C, 39.4 psu in summer (Bower et al.,
2000). PGOW typically occupies the layer between 200 and 350 m along σθ =26.5 in the Arabian
Sea. Similarly to RSOW, hydrographic stations downstream of the overflow show significant spatial
and temporal T/S variability.
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2.6 Central waters
2.6.1 Overview
Central waters are represented by long quasi-linear branches stemming from the intermediate waters
on a θ/S diagram (Figure 2.1, 2.2, 2.3). Mode waters are the building blocks of central waters. Mode
waters tend to form in restricted locations and inherit special properties that can be used to evaluate
their influence. Most notably, they can be identified because they contrast with the background
stratification of the pycnocline.
Karstensen and Quadfasel (2002a) estimate the global ventilation rate for the permanent thermocline of the World Ocean to be about 160 Sv. That is, the flow of water that enters the pycnocline
is roughly of similar magnitude as the transport of the ACC at the Drake Passage. This is about 5-6
times the rate of deep and bottom water formation. Given the volume of the ocean between 200 and
800 m, this gives a globally average residence time of about 40 years.
The term Central Water is used to represent the whole volumetric ridge or mixing line that
connects intermediate waters to the shallow salinity maximum (Subtropical Underwater, STUW)
on a θ/S diagram (Talley et al., 2011), as can be seen in Figures 2.1, 2.2 and 2.3. Central Waters
may be influenced by, or contain, multiple types of mode waters. Central Waters are the waters of
the main pycnocline under each gyre. They are maintained both by subduction (Luyten et al., 1983)
and by vertical mixing processes, including salt fingering (Suga et al., 2008; Toyama and Suga,
2011). Because they constitute the pycnocline, the ocean region of strongest vertical gradients, the
properties of Central Waters are defined broadly and it doesn’t make sense to describe them in terms
of a water type. It is more effective to describe them in terms of their constitutive mode waters when
possible, or simply in θ/S space, where they can be clearly identified.
Mode waters are important components of of the marine biogeochemical system in that they
play a role in exporting nutrients from higher latitudes to lower latitudes and control the supply of
nutrients in the oligotrophic subtropical gyres (Palter et al., 2005; Krémeur et al., 2009). They also
store significant portions of the anthropogenic carbon inventory (Sabine et al., 2004). Furthermore,
owing to their residence times (1-60 years, Suga et al. (2008)), thermocline waters are not only able
to store climate perturbations but they also can transport temperature anomalies and affect regional
climate patterns downstream with a delay (Gu and Philander, 1997).

2.6.2 Potential vorticity
As one of the defining characteristics of mode waters is their low potential vorticity, it is helpful to
review the processes that can induce low vorticity layers in the ocean. An expression for PV in the
context of thermocline ventilation is given by Williams (1991) (Equation (2.1), see also Oka and
Qiu (2011)):
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where f is the Coriolis term (planetary vorticity), ρo is a reference density, ρm is the density of the
mixed layer, h is the mixed layer depth and ub and wb are the horizontal and vertical velocities at
the base of the mixed layer. Low PV layers can be generated either when the numerator of Equation
(2.1) is low or the denominator is high.
In the denominator, which corresponds to the negative of the subduction rate (Williams, 1991),
wb is referred to as the vertical pumping term and is often estimated practically by the vertical
Ekman velocity, which can be calculated from wind stress data, and may include a correction for
the β-effect on the meridional geostrophic velocity (Huang and Russell, 1994; Huang and Qiu, 1998;
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Qiu and Huang, 1995). As can be seen from the schematic in Figure 2.14, the Ekman layer usually
only consists of a thin layer near the surface, whereas the subduction involves the much deeper
mixed layer. The term ub ·∇h is called the lateral induction term and represents the injection of water
below the mixed layer by horizontal advection across the sloping base of the mixed layer. Note that
this term can be positive or negative, depending on whether the velocity field advects a water parcel
in or out of the mixed layer. Lateral injection is the dominant process that drives formation of
WSTMW and SAMW (Qu et al., 2008), essentially mode waters that form in association with a
strong current. ∂h
∂t captures the temporal evolution of the mixed layer depth, which is deeper in
winter and shallower in summer. The seasonal evolution of the mixed layer depth does not follow
a sinusoidal trajectory, however. While the deepening phase may be gradual from fall to winter,
the restratification tends to be abrupt, usually occurring in early Spring. This abruptness increases
the efficiency of the subduction process as thick layers are suddenly trapped below the mixed layer.
All the terms in Equation 2.1 vary in time, including the velocities, which is why calculations of
subduction rate are difficult as they must be performed in a Lagrangian framework (Huang and
Russell, 1994).
The numerator of Equation 2.1 captures the evolution of vertical stratification: the vertical density contrast between the mixed layer and a parcel that has been injected below it. This vertical
density contrast depends firstly on the evolution of the mixed layer density in response to changing
buoyancy fluxes ( ∂ρ∂tm ). The stratification also depends on the evolution of the difference in density
between the parcel that subducts and the overlying mixed layer density as the parcel advects beneath the mixed layer. Assuming the interior is adiabatic, the density of the subducting parcel does
not change and so the vertical density contrast due to advection is only a function of the horizontal
density gradient in the mixed layer (ub · ∇ρm ). The implication for this second term is that low PV
layers in the interior can be created if the horizontal mixed layer density gradient is weak in the
direction of flow. This is the dominant formation mechanism for subtropical mode waters found on
the eastern side of ocean basins (Ladd and Thompson, 2000; Oka and Qiu, 2011), as well as for
the Central Mode Water of the North Pacific (Suga et al., 2004), which is a type-III water mass as
per the classification of Hanawa and Talley (2001) (see section on “Types of mode waters” below
for an explanation for mode water types) and could be renamed North Pacific HDSTMW to avoid
confusion with regard to the use of “central” for this water mass.
It is important to note that the velocities in Equation 2.1 represent absolute velocities. These
are often reduced to Ekman and geostrophic velocities owing to pragmatic limitations, but eddyinduced recirculations also contribute to the subduction process. Nishikawa et al. (2010) used an
eddy-resolving simulation of the North Pacific and found that in fact, eddies can account for a
significant fraction (nearly half) of the total subduction of STMW near the Kuroshio, in agreement
with observational results relying on ARGO floats and satellite altimetry (Kouketsu et al., 2011).
The role of eddies in the formation of SAMW has also been highlighted in the Southern Ocean
(Sallée et al., 2008).
An alternative method to the kinematic approach (denominator of Equation 2.1) is the thermodynamic approach, pioneered by Walin (1982) but subsequently modified to include the effects
of eddies (Marshall, 1997; Marshall and Schott, 1999). In the thermodynamic framework, water
flux through the base of the mixed layer is assumed to be driven by diapycnal convergence in the
mixed layer and vertical Ekman pumping. Diapycnal fluxes are caused by heating and cooling at
the surface and by evaporation and precipitation, or by eddies in the mixed layer (see Figure 2.14).
A mass budget between layers of constant density implies by continuity the magnitude of the flow
at the base of the mixed layer. This technique is Eulerian and so simpler computationally than the
Lagrangian kinematic approach. Buoyancy flux data are, however, very uncertain, and the effect of
eddies is difficult to quantify in practice. The role of eddies is, in theory, implicit in the Lagrangian
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kinematic framework (although it can be parameterized in practice), but this requires knowledge
of the absolute velocity as a function of time, data which are not available. So far, kinematic subduction calculations have relied on smooth low resolution geostrophic velocity fields instead. It is
customary to define results from the kinematic approach as the “subduction rates”, whereas results
from the thermodynamic approach are usually called “formation rates”.
2.6.2.1

Mixed layer depth

A map of the global distribution of the mixed layer depth is shown in Figure 2.15a. Aside from
the deep mixed layer that can be seen in the high latitude convective regions, deep mixed layers
are systematically located in the vicinity of western boundary currents and most strongly north of
the subantarctic ACC front (Orsi et al., 1995). The seasonal amplitude of the mixed layer depths is
strongest where mixed layer depth are deepest (compare Figure 2.15 a and b). Contours of neutral
density are shown in Figure 2.15a on the surface of deepest mixed layer at the time of deepest mixed
layer. Note how the density contours are close to one-another on the western side of the basin, while
the horizontal density gradients are weaker on the eastern side (Figure 2.15a). The strong density
gradients indicate swift boundary currents, implying large values of ub and a strong contribution by
the denominator in Equation 2.1. As can be seen in the numerator of Equation 2.1, however, low
PV values can also be generated in regions of weak density gradient and weak flows.
2.6.2.2

Isoneutral thicknesses

The global distribution of Mode Waters can be inferred from Figures 2.12 and 2.13 showing the
progression of water thickness between isoneutral layers from γn =25.1 to γn =27.4 in increments
of 0.1 kg/m3 . Since the density increment in constant, these maps present essentially a measure
 −1
of ∂ρ
. The presence of Mode Waters in the subtropical gyres is clearly visible from γn =25.1
∂z
to γn =26.8. The presence of thick layers towards the eastern side of the basins, particularly in
the Pacific, is visible in panels 2.12a to e. Indication of the formation and presence of STUW
in the North Atlantic can be seen on Figure 2.12e to j by the development of a relatively thick
layer from the eastern outcrop at about 20◦ N. The eastward density progression from the Atlantic
to the Southeast Pacific characteristic of SAMW formation (McCartney, 1977) is clearly visible
in Figures 2.12 and 2.13, from about γn =25.7 to 27.3. The presence of Subpolar Mode Water in
the North Atlantic and it’s counterclockwise progression around the subpolar gyre maybe traced in
Figures 2.12c and 2.13n from γn =26.8 to 28.0, with the very thick and extensive layers in panels
2.13m-n marking the ultimate transformation of SPMW into LSW.
One peculiar feature in Figure 2.12i-o and Figure 2.13a-c is the development of thick layers
in the eastern equatorial Pacific, from γn =26.0, with the thickness anomaly apparently propagating
westward with increasing density following the northward and southward edges of the shadow
zones. This feature does not outcrop and it cannot be considered a mode water. Its easternmost
signature is associated with the Costa Rica Dome (Hofmann et al., 1981).
Mode water spreading from sites of subduction is achieved chiefly through entrainment along
the anticyclonic wind-driven gyres (McCartney and Talley, 1982). As mentioned above, spreading
of mode waters can be influenced by strong local recirculation cells and large eddies, however.

2.6.3 Types of mode waters
Based on their own literature survey and the authors’ extensive experience on the topic, Hanawa
and Talley (2001) propose the following fundamental unifying characteristics for mode waters:
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• They form a volumetric mode.
• They tend to have horizontally and vertically homogenous properties (e.g. ρ, θ, S, O2 ).
• They can be identified by their characteristically low vertical density gradient, or equivalently
low Brunt-Vaisala frequency or potential vorticity (PV, practically, this is isopycnic PV =
− ρf ∂ρ
∂z , with f the Coriolis parameter and ρ the potential density). PV minimum core layers
are commonly used to trace the spreading of mode waters of various forms.
• Their formation areas are associated with permanent fronts, always on the low-density side
of the fronts. For example, Subtropical Mode Waters are associated with every separated
western boundary current in the subtropical gyres.
• Their formation and maintenance are associated with wintertime convective deepening of the
mixed layer due to buoyancy loss in geographically limited regions and springtime restratification. The water that is trapped below the Spring mixed layer and advected out of reach
of the next winter’s deep mixing forms the Mode Water. This process is known as subduction. An illustration of the process is shown in Figure 2.14. The dominant driving force or
dynamics for the advective displacement of the water differs for the various Mode Waters.
Using these constraints, Hanawa and Talley (2001) investigated the similarities and differences
of waters having these characteristics and developed a systematic classification scheme for Mode
Waters by typifying them as per their formation mechanisms into a few types. The classification
system proposed by Hanawa and Talley (2001) is summarized in Table 2.3 and illustrated in Figure
2.16. The different types of mode waters are described below.
2.6.3.1

Western Subtropical Mode Waters (WSTMW)

The term “Mode Water” was first introduced by Masuzawa (1969) in reference to the STMW in the
North Pacific that forms southward of the Kuroshio extension. Worthington (1959) used the term
Eighteen Degree Water (EDW) in reference to the STMW that forms south of the Gulf Stream in
the North Atlantic. Both form at roughly similar latitudes which explain why their temperatures are
both close to the canonical 16-18◦ C (Figure 2.17). Since this class of mode water forms in association with the western boundary currents, the name Western Subtropical Mode Water (WSTMW) is
proposed here (Table 2.3).
WSTMW formation is modulated by outbreaks of cold continental air in winter (Kelly et al.,
2010). Dense mixed layers form on the equatorward side of the western boundary currents because
this is the side of the current with salty surface waters. The poleward side is typically too fresh
for the cooling to be sufficient to form deep mixed layers on that side of the current. Owing to the
strong influence of the air-sea heat flux, interannual perturbations of the storm tracks can affect the
latitude, frequency and intensity of the cold air outbreaks that reach the formation region (Kelly
et al., 2010). In consequence, large scale modes of climate variability, such as the NAO (Joyce and
Robbins, 1996), El Niño (Holbrook and Maharaj, 2008), the PDO (Qu and Chen, 2009; Davis et al.,
2011; Xie et al., 2011) and the East Asian Monsoon (Taneda et al., 2000; Hanawa and Kamada,
2001) have a signature on the formation characteristics of WSTMW.
Hanawa and Kamada (2001) showed, by analyzing a 40 year record of WSTMW temperature
from the North Pacific, that the western boundary current transport, in this case the Kuroshio, can
also influence the properties of WSTMW on decadal time-scales. In contrast, the effects of the
East Asian Monsoon in the North Pacific were shown to operate on shorter inter-annual time-scales.
A similar decoupling in time scales associated with particular perturbations was observed in the
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South Pacific. There, variations in the transport of the East Australia Current operate on longer time
scales than local atmospheric perturbations over the subduction region (Tsubouchi et al., 2007).
Western boundary current transports are controlled by the trade winds over the whole basin. Local
heat flux perturbations over the subduction regions near the Western Boundary detachment latitude
are caused by meridional or zonal displacement of the mean boundary between the trade wind
regime and the mid-latitude cyclones. These types of perturbations induce rapid responses in the
WSTMW properties. The response to perturbations of the whole trade wind systems driving the
basin-scale subpolar dynamics, however, are likely to take longer for the full adjustment of the
system, however. These types of perturbations are associated with the spin-up or spin-down of
the entire gyre (Sutton and Roemmich, 2011), which explains why their effect on the WSTMW
formation properties operate on the decadal scale.
WSTMWs are found in all gyres, including in the Southern Hemisphere (Roemmich and Cornuelle, 1992; Provost et al., 1999; Tsubouchi et al., 2007; Holbrook and Maharaj, 2008). There,
they are found in association with the East Australia Current, the Brazil Current and the Agulhas
Current, although WSTMWs are not as well developed in the South as they are in the North Atlantic
and North Pacific. One reason why the subtropical mode waters of the Southern Hemisphere are
less developed is because land masses located westward of the formation regions are smaller and
do not reach as far poleward in the South. As such, continental air bursts in winter are not as cold
or as intense in the southern subtropics.
Another reason why WSTMWs in the North are more prominent than in the South is because of
the strong recirculation cells that exist equatorward of the western boundary currents in the North.
Some of these recirculation features can be seen in Figure 2.5 (Worthington gyre, Mann eddy). The
equivalent feature exists in the North Pacific, where it is known as the Kuroshio Countercurrent
(Suga and Hanawa, 1995) or the Subtropical Counter Current (Xie et al., 2011). Suga and Hanawa
(1995) showed that the recirculations can split into two anticyclonic gyres and affect the spreading
of WSTMW into the basin. This affects the residence time of WSTMW, which can range from
a few months to a year depending on the dynamical regime of the Kuroshio system (Suga and
Hanawa, 1995). Thick recirculating subsurface pycnostads precondition the water column for deep
convection by decreasing stratification. The weakness of recirculation cells associated with the
western boundary currents in the Southern Hemisphere and the less intense winter cooling result in
weaker pycnostads being produced in the South.
Because the volumes of STMWs produced in each subtropical gyre of the Southern Hemisphere
are smaller than in the North, temporal and spatial variability in a given STMW class is larger in
the South than in the North (Roemmich and Cornuelle, 1992). This results in the layering of the
WSTMW mode. The layering of STMWs in the South is also due to the lack of coherence of the
western boundary current upon separation from the coast in the Southern Ocean. For example,
the East Australia Current splits into multiple filaments almost instantaneously upon separation
(Ridgway and Dunn, 2003). Layers associated with filaments of the separated boundary current
were also observed in the North Atlantic (Harvey and Arhan, 1988). Temporal and spatial variability
typically produce two or three main classes of WSTMW (Roemmich and Cornuelle, 1992; Provost
et al., 1999; Tsubouchi et al., 2007).These layers are only detectable with high resolution data sets
and close to their origins, however.
Layers within the main WSTMW mode also exist in the northern regimes, where it is common
to see the densest (freshest and coldest) modes of WSTMW located slightly to the East and not
next to the coast. The particular location of the densest mode can vary (Suga and Hanawa, 1995;
Oka and Suga, 2003; Joyce, 2011) as it depends on the North-South angle of the western boundary
current after separation, which affects the heat flux, the background temperature of the water, the
degree of dilution with fresher subpolar waters, and the distance from the coast. Uehara et al. (2003)
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also point out that WSTMW formation in the North Pacific can be modulated by mesoscale eddies
(preferential formation inside anticyclonic eddies), adding to the spatial and temporal variability of
WSTMW formation.
Maze et al. (2009) estimated the formation of WSTMW in the North Atlantic using the thermodynamic approach of Walin (1982) and proposed net annual values between 3-5 Sv. Forget et al.
(2011) investigated the seasonal cycle of WSTMW in the North Atlantic (i.e. EDW) using a similar
method as Maze et al. (2009) and also calculated the volume budget of the water mass as a function
of time. The results of Forget et al. (2011) reinforce the idea of the importance of seasonality for the
formation of WSTMW as their result shows that the seasonal amplitude is about 6 times larger than
the annual net production of WSTMW. This means that destruction (obduction, see Figure 2.14) of
the water mass, which occurs eastward of its formation region in the North Atlantic, is a significant
process that cannot be neglected, in accord with earlier studies that used the kinematic approach to
estimate water mass transformation (Qiu and Huang, 1995).
WSTMW account for an estimated 3-10% of the global oceanic uptake of anthropogenic carbon.
This fraction is rather uncertain, however, because the residence time of the WSTMW is relatively
short, the total volume of WSTMW relatively small and because both formation and destruction
of these water masses are both subject to interannual variability. These waters do not represent a
long-term sink of carbon and contribute to the interannual variability of the oceanic carbon uptake
(Bates et al., 2002).
2.6.3.2

Eastern Subtropical Mode Waters (ESTMW)

The density of ESTMW compares with the density of WSTMW. ESTMWs are found in the subtropical region equatorward of zonal tropical fronts, such as the Azores Current in the North Atlantic
(Kase et al., 1985; Rudnick and Luyten, 1996; Volkov and Fu, 2010), the Kuroshio Extension front
in the North Pacific, the St. Helena Front in the South Atlantic (Juliano and Alves, 2007) and more
generally the subtropical front in the Southern Hemisphere (Wong and Johnson, 2003). Their influence eastward is limited by the eastern boundary currents (Canary, California and Peru Currents).
As Figures 2.12a-d (North Pacific and South Pacific) and 2.13a-c (North Atlantic) show, their
volumetric importance is much less than WSTMW. This is supported by Siedler et al. (1987), who
resolved the seasonal cycle of Madeira Mode Water, the ESTMW of the North Atlantic. This particular specimen of ESTMW is bounded by the density layer 26.5< σθ <26.8 and has a temperature
of about 18◦ C, comparable to its WSTWM counterpart. Siedler et al. (1987) found that this water
mass almost totally disappears as a volumetric mode due to mixing after about 6 months. The location where formation of this water mass occurs can be readily identified in Figure 2.15a and b as
the local deep mixed layer region southwest of Gibraltar.
The ESTMW of the North Pacific was characterized by Hautala and Roemmich (1998). ESTMW
in that basin is located on isopycnals between 24< σθ <25.4 and is found east of Hawaii. It forms at
the subtropical-subpolar boundary between 25-30◦ N. It is a relatively shallow feature. Its potential
vorticity minimum sits at just over 100 m and has a broad temperature range (16-22◦ C). Its formation area can be easily identified in Figure 2.15a as the local deep mixed layer region in the Eastern
North Pacific, surrounded by a meander of the γn =25 isoneutral contour. Figure 2.15b shows that
the seasonal amplitude of the mixed layer depth also shows a local maximum at that spot. This water
mass is reminiscent of the Winter Waters that are formed around Antarctica due to winter cooling.
Winter Waters are perennial features, but are most easily observable when the water surface cap is
on in Summer.
A hinted at earlier, the low PV of ESTMW is largely due to the small surface density gradient
(term ub · ∇ρm in the numerator in Equation 2.1). The large spacing between isoneutral contours
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on the deepest mixed layer surface is readily visible in Figure 2.15a. The weak density gradient
is partly caused by a low salinity tongue propagating southwestward off North America (Hosoda
et al., 2001).
The reasons for the deep mixed layer maximum associated with ESTMW in the North Pacific are
not clear: this feature looks rather anomalous in the middle of the open ocean and is not associated
with any strong current system. Ladd and Thompson (2000) showed that evaporation and winds
alone are incapable of producing the deep mixed layers at that location. One key aspect is that the
restratification in summer is relatively weak in this area. As such, the summer seasonal pycnocline
is readily eroded in winter, even if the winter there is not particularly harsh (Ladd and Thompson,
2000). Toyoda et al. (2004) explain the weak summer stratification by a northward Ekman transport
of salt towards the region and the strong presence of stratus clouds which lowers insolation. This is
a form of preconditioning, although it is not due to the presence of an advected subsurface feature
but to the peculiarity of the seasonal cycle in the region.
It is worth speculating about the fate of the ESTMW in response to increasing anthropogenic
atmospheric CO2 . As the climate warms, summer stratification is predicted to increase. It is conceivable that the summer warming, and possibly freshening, may not need to be very different for
the winter conditions to not be able to produce the deep mixed layer conducive to ESTMW formation. For this reason, it would seem that monitoring the evolution of these water masses (a simple
mooring in the center of the ESTMW deep mixed layer region would probably suffice), could provide an interesting early warning system for climate monitoring studies. Given the difficulty of
climate models to reproduce the mixed layer depth, it is not clear if a model-based proof of concept
study for this hypothesis is feasible at this time. Nonetheless, forced ocean-only simulations by
Hosoda et al. (2001) and Toyoda et al. (2004) are encouraging.
Wong and Johnson (2003) describe the most prominent of all ESTMWs, the specimen from the
South Pacific (Figure 2.15 and 2.12a-d). These authors estimate a total subduction rate of 8.7 Sv
for this water mass and a residence time of 4 years. This is much longer than all other ESTMW.
Here again, weak surface density gradients created by the compensating temperature and salinity
distributions, are present. The wide area over which the surface density gradient is weak explains the
large formation rate. ESTMW in the South Pacific propagates far enough to contribute to the South
Equatorial Current. Owing to its connection to the tropics, Wong and Johnson (2003) speculate
that ESTMW could modulate ENSO dynamics by propagating equatorward wind and buoyancy
perturbations from over the formation region. This proposal has yet to be formally tested.
In spite of their relatively low volumes and limited influence, ESTMWs are interesting entities
that depend, for their formation, on a fragile balance between the compensating effects of the surface
distribution of temperature and salinity on density. This fragility is also why they are interesting as
they can be used as a warning system for climate change and also because they can be susceptible to
and export atmospheric perturbations towards the equatorial region, the engine of ENSO variability.
In that sense, it is possible that regional perturbations could be amplified through global ENSO
teleconnections.
2.6.3.3

High Density Subtropical Mode Waters (HDSTMW)

The third class of mode waters identified by Hanawa and Talley (2001) are called here High Density
Suptropical Mode Waters (HDSTMW). They are termed “High Density” because they are denser
than either WSTMW or ESTMW, but remain subtropical in that they are formed equatorward of
the subarctic or subantarctic fronts. HDSTMW form between the subtropical and subpolar fronts.
Subantarctic Mode Water (SAMW) is the best example and most prominent of this type of mode
water. The presence of type-III water (Table 2.3) has also been reported in the North Pacific, where
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it is often named Central Mode Water (CMW, Nakamura (1996) and Suga et al. (1997)). Renaming
it HDSTMW avoids the confusion with respect to the use of the term “central water”. In the North
Atlantic, a form of HDSTMW is found equatorward of the NAC in the Eastern Atlantic and has
been called Eastern North Atlantic Water (ENAW, Harvey (1982)). It should not be confused with
ESTMW, which is Madeira Mode Water in the North Atlantic.
HDSTMWs constitute the bulk of the central waters in all basins. As shown by Suga et al.
(2008) in the North Pacific, HDSTMW havs the longest residence time of all types of subtropical
mode waters in the North Pacific (20-60 years). Because of their relative volume and their longer
turnover times, they are the mode waters that are potentially the most interesting ones with regards
to anthropogenic carbon uptake and storage. The bulk of study efforts go into WSTMW, however.
WSTMW are often regarded as the “archetypical” mode water because the pycnostad associated
with this mode water type is the most easily identifiable. The influence of WSTMW, however, is
limited to the region around western boundary currents owing to the strong recirculation cells in
these locations. Furthermore, as Bates et al. (2002) show, these waters only provide a short-term
sink for carbon.

2.6.3.3.1 North Atlantic Harvey (1982) was the first to describe the HDSTMW of the North
Atlantic and to identify its rough formation area equatorward of the NAC. The identification of the
NAC as a northern boundary for the mode waters found in the region was also noted by Pollard and
Pu (1985). The formation mechanism is described in Pollard et al. (1996). Prior to the paper of
Hanawa and Talley (2001), it was customary to treat this water mass as a type of SPMW, so care
should be applied when reading older literature about the hydrography of the Eastern North Atlantic
(i.e. Paillet and Arhan (1996)). HDSTMW can be seen in Figure 2.13e-f in the North Atlantic. It has
a temperature between 11 and 14◦ C, a salinity between 35.5 and 36 psu for a density 27< γn <27.2.
As can be seen on the schematic in Figure 2.5a and the sea surface dynamic topography in Figure 2.5b, the region west of France and Portugal, bounded to the North by the NAC and to the south
by the Azores front appears to be somewhat separate from both the subpolar and the subtropical
gyre. Pollard et al. (1996) call this region an “intergyre zone”. It is still part of the subtropical
circulation, however. As the spacing between mean dynamic topography contours indicates, the
mean circulation is rather sluggish there. There is a latitude (about 47◦ N, west of Cap Finistère, in
Brittany, France) where dynamic topography contours diverge, flowing either northward or southward (Figure 2.5b). In spite of the weak southward transport, Figure 2.15 clearly shows that mixed
layer depths decrease southward in the direction of flow. Waters of the deep mixed layer region that
follow the southward branch at 47◦ N are thus facing a positive mixed layer depth gradient favorable
for lateral induction. Isoneutral density contours in Figure 2.15a further show that downstream density gradients (i.e. meridional density gradients) are weak there, implying that the density advection
term in the numerator of Equation 2.1 also contributes to the formation of a low PV layer in the
Eastern Atlantic.
As the sea surface salinity map shows (Figure 2.18), this region is also characterized by a relatively high salinity for its latitude, and the temperature (Figure 2.17) is lower than that around 37◦ N,
the latitude of formation of WSTMW. The net effect being that the density of HDSTMW is greater
than WSTMW or ESTMW. There is, however, a strong tendency for density compensation along
the path of the NAC, or along the path of detached western boundary currents in general. So even if
the density of HDSTMW in higher than that of WSTMW in the North Atlantic and North Pacific,
the difference is attenuated by the compensation process. The degree of density compensation is
captured on θ/S diagrams by the slope of the Central Water lines (Figure 2.3). A shallow slope
indicates a strong compensation effect.
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2.6.3.3.2 North Pacific HDSTMW in the Pacific is visible in Figure 2.12f-o, in the central North
Pacific, east of WSTMW. The separation between these two types becomes apparent in Panel 2.12f.
It appears to be the most voluminous type of mode water in the North Pacific. The spreading
of WSTMW is constrained by the strong recirculation cells associated with the western boundary
current, limiting the influence of that water mass on the basin scale (Suga et al., 1997). HDSTMW
is the largest contributor to the central waters of the North Pacific subtropical gyre (Toyama and
Suga, 2011).
Pacific HDSTMW has a temperature between 10-13◦ , a salinity between 34 and 34.5 psu with
a main core bounded by 26.0< γn <26.6 (Suga et al., 2004). It was first characterized by Nakamura (1996) who named it Central Mode Water (CMW). It forms between the Kuroshio Extension
(its southern boundary) and the Kuroshio Bifurcation (its Northern Boundary) fronts. The mixed
layers in the formation region of HDSTMW are deeper there than anywhere else in the North Pacific, reaching 200 m (Figure 2.15), explaining its volumetric importance. Eastward propagation of
thick mixed layers in a band of elevated heat loss along the North Pacific Current at the subpolarsubtropical boundary contributes to the upstream preconditioning that weakens downstream stratification and allows increasingly thick mixed layers eastward (Suga et al., 1997). As can be seen in
Figure 2.15a, isoneutral contours start to diverge where the thick mixed layer patch suddenly stops.
Suga et al. (2004) questioned the importance of lateral injection as the dominant subduction
process. As can be seen in Figure 2.12f-o, the bulk of the HDSTMW is found west of 200◦ E,
the longitude where deep mixed layers between the two Kuroshio fronts shoal. Furthermore, as
can bee seen in Figure 2.15a, isoneutral contours on the surface of deepest mixed layer are nearly
zonal, aligned with the dominant eastward velocities in the deep mixed layer region of the central
North Pacific. As such, the Lagrangian density gradient (i.e. the density gradient calculated along
the stream path of a water parcel) is weak. Suga et al. (2008) performed a Lagrangian subduction
calculation and confirmed the suggestion of Suga et al. (2004) that in fact, the dominant formation
mechanism for Pacific HDSTMW is the small density advection rate (numerator term in Equation
2.1).
Shifts in the thermohaline properties (increase in temperature and salinity, decrease in density)
of Pacific HDSTMW were recorded in 1988/1989 (Suga et al., 2003). These shifts are thought to
be linked to a weakening of the Aleutian Low. A weaker Aleutian Low yields weaker westerlies
and changes the SST distribution owing to the spin-down and a corresponding widening of the
subtropical gyre. Variability, both spatial and temporal, can induce a layering of the HDSTMW
mode. Such a layering can be seen in the North Pacific with a light and a dense class of HDSTMW
(Mecking and Warner, 2001; Oka and Suga, 2005).

2.6.3.3.3 Southern Ocean SAMW is volumetrically the most important of all mode waters and
it extends throughout the Southern Hemisphere. It is classified as HDSTMW as it forms between the
subtropical front and the subantarctic front (Figure 2.15b). The gradual densification and southward
spiraling progression from the Atlantic to the Southeast Pacific described by McCartney (1977) can
be seen in Figure 2.13o and 2.13a-g. The deep mixed layers associated with the formation of
SAMW are also very clear in Figure 2.15. The lightest SAMW mode is found in the South Atlantic,
where the subantarctic front is most equatorward. The temperature and salinity for the lightest type
of SAMW is about 15◦ and 35.5 psu (Figure 2.3). The densest type, essentially AAIWPAC (see
intermediate water section) has a temperature of nearly 5◦ C and a salinity of 34.2 psu. Neutral
density for SAMW is 26.5< γn <27.3.
While Figures 2.13 and 2.15 may provide a sense of circumpolar continuity in the SAMW formation process, detailed estimates of the formation (Sallée et al., 2006, 2008, 2010b) and subduc84

tion rates (Karstensen and Quadfasel, 2002a; Qu et al., 2008) and close inspection of hydrographic
sections for the distribution of PV and CFC in the Southern Ocean (Herraiz-Borreguero and Rintoul, 2011; Hartin et al., 2011) show that SAMW isoneutrals are ventilated most intensely at 6-7
“hotspot” locations on the circumpolar path. The major regions of formation are in the Southeastern Indian Ocean and Pacific, where the deepest mixed layers are found (Figure 2.15). Influential
topographic features are located at the Kerguelen and the Campbell Plateau at 70-80◦ E and 170◦ E
and at 140-150◦ W where the mid-ocean ridge turns equatorward.
Formation rates in the South Pacific converge to an average of 10-15 Sv, as estimated from
CFC data (Qu et al., 2008; Hartin et al., 2011). Another 20-30 Sv is formed in the Indian Ocean
(Sloyan and Rintoul, 2001; Karstensen and Quadfasel, 2002b,a) and 9-10 Sv in the South Atlantic
(Karstensen and Quadfasel, 2002a). Formation rates from different studies (Macdonald et al., 2009;
Qu et al., 2008; Karstensen and Quadfasel, 2002b; Sloyan and Kamenkovich, 2007) are difficult to
compare as they often use different layer boundaries, do not always provide separate estimates for
SAMW and AAIW, and the different techniques measure different properties (ventilation, subduction, transport, export). Overall, however, studies concur in giving a sense that formation is smallest
in the South Atlantic, largest in the Indian and intermediate in the Pacific.
Kinematic Lagrangian subduction calculations (Karstensen and Quadfasel, 2002a; Qu et al.,
2008) indicate that the lateral induction term dominates the vertical pumping term (see Equation
2.1). The importance of the induction term arises from topographically steered meanders of the
ACC. When the ACC crosses the mid-ocean ridges or shallow topography, the current is displaced
equatorward to maintain the vorticity constraint. Downstream of the topographic feature, the ACC
returns poleward. These meanders (not resolved in Figure 2.15b) cross the deep mixed layer band
thus alternating through regions of positive and negative mixed layer depth meridional gradients.
Since the total transport of the subantarctic front and other ACC filaments accounts for a large
fraction of the total ACC 135 Sv transport (measured at the Drake Passage), subantarctic front
meanders can contribute large SAMW fluxes. Note that a meander returning poleward can induce
similarly large obduction rates into the mixed layers.
Since the location of ACC meanders are largely fixed by topography, variability in the formation
rate and properties of SAMW are mostly caused by buoyancy effects on the development of the
mixed layer or by the winds, by affecting Ekman transport. Investigating an observed cooling and
freshening of the SAMW layer South of Australia, Rintoul and England (2002) concluded that
air-sea heat and freshwater fluxes were insufficient to account for the magnitude of the changes
and for the density compensating nature of the observed thermohaline variations of the SAMW
layer. Rintoul and England (2002) used a climate model to show that cooling and freshening events
of appropriate magnitude can be caused by variability in the Southern Ocean wind stress. Their
diagnostics indicate that the cause is increased meridional Ekman transport of colder and fresher
waters across the subantarctic front into the deep mixed layer regions. The importance of winds as
a leading agent for change is also suggested by Sallée et al. (2010a). Sallée et al. (2010a) analyzed
deep mixed layers variability using ARGO data and showed zonally asymmetric wind perturbations
caused by the Southern Annular Mode (SAM), the dominant mode of interannual variability in the
Southern Ocean, affected the heat budget of the mixed layer.
Investigating observational variability of the SAMW and AAIW layers in the Drake Passage,
Naveira Garabato et al. (2009) found that interannual SAMW variability in the Southeast Pacific
appears to be mostly controlled by ENSO-modulated variations in air-sea heat flux and evaporation.
Constructive interference between ENSO and SAM in 1998 resulted in an Ekman dominance of
SAMW formation due to the strong shifts in the winds, however, consistent with earlier work by
Rintoul and England (2002) South of Australia.
The role of Southern Ocean eddies is a controversial topic. Eddies are thought to play a role
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in the physical controls of the ACC current system, the thermohaline circulation, tracer transports,
biological effects and air-sea exchange. With regard to the influence of eddies on SAMW characteristics, Sallée et al. (2008) evaluated their influence by performing a heat budget calculation for the
mixed layer waters in the Southern Ocean, considering the effects of surface heating, and vertical
and horizontal diffusion by eddies. In this case, Sallée et al. (2008) approximated the eddy flux
using the GM parameterization of Gent et al. (1995) applied to ARGO data.
The results of Sallée et al. (2008) highlight two main points. While the role of eddies for the
heat budget of the waters in the mixed layers vanishes when integrating zonally, locally, they can
be very important and can enhance the stratification, attenuating the development of deep mixed
layers in certain regions. Secondly, regions where the eddy heat flux is large are systematically
located southward of the poleward flowing western boundary currents. These currents inject not
only heat but also salt. In that sense, the distance of the Southeast Pacific from the subtropical
influence of a western boundary current contributes to the coldness and freshness of the waters
that form AAIWPAC . The influence of the western boundary currents on the development of deep
mixed layers is apparent in Figure 2.15, where mixed layers are shallow in the Agulhas region and
Southeast of New Zealand.
Finally, owing to their global importance for carbon and heat uptake, their near equilibration
with atmospheric gases and their residence times of order a few decades, it is important for climate
models to accurately simulate HDSTMW, particularly in the Southern Ocean. The current generation of climate models, however, generally produce SAMW layers that are too thin, too light and of
limited equatorward extent (Sloyan and Kamenkovich, 2007). Their small volumes may influence
their sensitivity to variability and their vulnerability in climate change simulations. The difficulty
of climate models to simulate mixed layer dynamics correctly is a bottleneck for improved mode
waters simulations (Boé et al., 2009b; Carman and McClean, 2011).
2.6.3.4

Subpolar Mode Waters (SPMW)

Waters identifiable as SPMW are found in association with the subpolar gyres or, in the Southern
Ocean, equatorward of the Polar Front. Water masses that could be classified as SPMW have been
observed in the North Atlantic, where they were first defined (McCartney and Talley, 1982). In
the Southern Ocean, the densest form of mode water in the Southeast Pacific forming between the
subantarctic and subpolar front that contributes Pacific-type AAIW (McCartney, 1977) can be classified in this group. Pacific-type AAIW will not be discussed further here; see the earlier discussion
on low-salinity intermediate water for details about this water mass.
A water mass known as Dichothermal Water (DTW) has been identified in the North Pacific
subpolar region. This water mass is a local subsurface temperature minimum found in the western subpolar gyre and in the adjacent Okhostk and Bering Seas at a rather uniform depth of about
80-140 m throughout the subpolar North Pacific with a density of about σθ =26.6 (Ueno and Yasuda, 2003). Dichothermal Waters are here tentatively classified as SPMW in the North Pacific.
Dichothermal Water are part of the so-called “mesothermal structure”, which is composed of two
layers: the Dichothermal Water, and the waters below that form a local temperature maximum, the
Mesothermal Water (MTW) (Uda, 1963; Favorite et al., 1976; Miura et al., 2002; Endoh et al., 2004;
Ueno and Yasuda, 2005).
Just as with SPMW in the Atlantic, DTW is high in oxygen and is well ventilated. Deep mixed
layers do not form in the subpolar North Pacific because of the strong halocline there, explaining
the limited vertical reach of SPWM in that basin compared to the >500 m reach of SPMW in the
North Atlantic. This strong halocline also explains why waters in the mixed layer can be colder
than waters below it and result in a subsurface temperature minimum. A similar situation was
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seen around Antarctica with respect to the formation of Winter Waters. Figure 2.15 shows that the
deepest mixed layers in the subpolar North Pacific are found in the western Bering Sea. Miura et al.
(2002) postulated that this is also the most likely site of formation for the dichothermal SPMW of
the North Pacific. DTW are transported into the North Pacific by the Kamchatka Current. Model
results confirm this hypothesis (Miura et al., 2003), but another source, which is local to the North
Pacific, south of the Bering Sea, has since been suggested. This second source forms seasonally,
east of the Kamchatka Peninsula (Ueno and Yasuda, 2005; Ueno et al., 2007). Because it is so
shallow, its volume so small and its residence time short (of order of a few months to a year), the
temperature minimum layer is prone to signifiant sub-annual to interannual variability, driven by
variation in the degree of winter surface cooling (Masuda et al., 2006).
In the North Atlantic, the name SPMW stops being used for densities higher than σθ =27.75.
Westward (or above that density level), names such as Irminger Sea Water and Labrador Sea water
are preferred. These latter water masses form convectively and were discussed earlier in the section
on low salinity intermediate water. The focus here is on waters lighter than σθ ≤27.75. The deep
mixed layer (up to 500 m thick) associated with the formation of SPMW in the North Atlantic is
also clearly visible in Figure 2.15. Both Panels 2.15a and b show a relative minimum (a saddle
point) in the depth of the mixed layer along Greenland just south of the Denmark Strait Overflow.
This separation corresponds to the σθ =27.75 level, illustrating the boundary between intermediate
and mode waters. To the southeast, the separation between HDSTMW (i.e. ENAW) and SPMW is
not clear, although Talley et al. (2011) suggest that SPMW starts where the North Atlantic Current
bifurcates northeastward near the British Isles (see Figure 2.5). This corresponds roughly with the
11◦ isotherm (Figure 2.17). The lower temperature of SPMW correspond to the upper temperatures
of LSW, about 4.5◦ C (see Figure 2.3b). Salinities range between 35 and 35.5 psu.
SPMW in the North Atlantic was described by McCartney and Talley (1982), although its formation and distribution has recently been reassessed by Brambilla and Talley (2008) and Brambilla
et al. (2008). These latter studies emphasize the role of topography (Rockall Plateau and Reykjanes
Ridge) and of the local circulation in the Rockall Trough, Iceland Basin and the Irminger Basin.
As shown schematically in Figure 2.5a, branches of the NAC are found in each one of these basins,
where each filament is steered by the ridges separating each basin and flows cyclonically, being
bounded northward by the GIN straits. These filaments of the NAC are known as the Iceland-Faroe
Front in the Iceland Basin and the subarctic front in the Irminger Basin (Brambilla and Talley,
2008). Brambilla and Talley (2008) show that a sequence of SPMW layers exists in each one of
these basins, refining the assessment of McCartney and Talley (1982) with regard to a continuous
densification along the subpolar gyre. SPMW from the Rockall Trough and and Iceland Basin may
enter the Nordic Seas. This is indicated in Figure 2.3b by the dotted magenta arrow labeled with
the Norwegian Atlantic Current (NwAC) and the East/West Spitsbergen Currents (E/WSC). The
effects of topography can be inferred in Figure 2.13k and l by the elongated shape of the thick layers SPMW layers. The broad-scale counter-clockwise evolution and densification process (cooling
and freshening) characteristic of North Atlantic SPMW formation (McCartney and Talley, 1982) is
evident in the isoneutral thickness sequence shown in Figure 2.13d-n.
Subsurface export of SPMW below the mixed layer, while still a consequence of subduction,
is slightly different than traditional WSTMW subduction. SPMW interacts with the Nordic Seas
overflow and it is thus subducted partly through this entrainment process (Brambilla et al., 2008).
SPMW thus directly impacts NADW properties. Brambilla et al. (2008) estimate the average air-sea
buoyancy diapycnal formation rate of SPMW to be about 14±6.5 Sv, with a peak to nearly 30 Sv at
a density of σθ =27.35. Isopycnal subduction contributes an additional 7-15 Sv.
Increasingly deep mixed layers (Figure 2.15) along the subpolar gyre are facilitated by a sequential preconditioning process, a process that is rather similar to that which explains the southeastward
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progression of the mixed layers in the Southern Ocean (McCartney, 1977). Since the direction of
flow is northward, waters from the mixed layers move towards locations with colder surface conditions, which are conducive to convective overturn. This deep mixing is facilitated by the fact that
inflowing waters (from the South) are already weakly stratified.
SPMW variability, in terms of property changes, volume or formation rates, is dominated by the
NAO (Dickson et al., 1996; Sarafanov, 2009). In the low NAO phase, the subpolar gyre contracts
westward and SPMW become warmer and saltier owning to the enhanced influence of the NAC
subtropical waters (Bersch, 2002; Hakkinen and Rhines, 2004; Hatun et al., 2005). SMPW cools
and freshens during high NAO phases. The bulk of these adjustments results from changes in the
circulation field and not from the changes in the air-sea buoyancy fluxes (Thierry et al., 2008).
The resolution of North Atlantic SPMW in CMIP3 climate models suffers from significant
biases, mostly in the salinity (Carman and McClean, 2011). These models have a difficult time producing SPMW in their actual observed locations, i.e. the Rockall Trough, the Iceland Basin and in
the Irminger Basin. Carman and McClean (2011) point out that some models form waters of SPMW
characteristics too far southward, at the location of HDSTMW, southwest of the British Isles. These
deficiencies result in significant biases in the properties of Atlantic Waters that feed into the Nordic
Seas and also affects the salinity of NADW. The SPMW biases are most likely caused by errors in
the winds over the North Atlantic, which affects the dynamics of the subpolar gyre, i.e. the gate
keeper for salt transport into the Nordic Seas. Since ocean temperatures can significantly affect the
wind patterns in that region, it is not directly obvious how improvements in the SPMW properties
and their northward export can be achieved. It is expected, however that improved parameterizations of the GIN overflows, which can influence the path of the Gulf Stream (Zhang and Vallis,
2007), would greatly improve the CMIP3 simulations, including the North Atlantic wind field.
As Hanawa and Talley (2001) point out, the Ross and Weddell Sea gyres are also wind driven
gyres, similar to the subpolar gyres with respect to the sense of rotation and to the low sea-surface
height at their centers. Further research is necessary to evaluate if a form of SPMW forms in these
gyres. One could imagine that this is in fact the case and that these waters do help in weakening
the stratification to enhance convective mixing over the continental shelves of the Ross and Weddell
seas, in a process that is essentially similar to the progression of SPMW around the subpolar gyre
of the North Atlantic, which culminates with the formation of LSW. Owing to the similarity of the
formation process of Winter Waters with the formation of the dichothermal waters in the North
Pacific, it is perhaps justifiable to classify Winter Waters as a class of SPMW for the Antarctic.
2.6.3.5

High Salinity Subtropical Underwaters (HSSUW)

HSSUW (Table 2.3) marks the shallow subsurface salinity maximum of the subtropical gyre (O’Connor
et al., 2002, 2005). These waters are often referred to as Subtropical Underwaters (STUW), Tropical Waters or Salinity Maximum Waters (Blanke et al., 2002) in the literature. Types of HSSUW
are found in all gyres. It owes its salinity maximum both to the high evaporation rates that provides the high salinity source, but also to the fact that HSSUW subduct underneath fresher waters,
highlighting their higher salinities in the subsurface.
Their temperatures are consistently around 20◦ C, indicating some consistency with regards to
their latitudes of origin. Their salinities vary according to the characteristic salinities of the ocean
basins and particular gyre systems. The saltiest are found in the North Atlantic and the freshest
in the North Pacific. These waters can be readily identified by their salinity maximum on the θ/S
diagram (Figure 2.3). Their volumes are very small and their thickness is at most of order a few tens
of meters. They are the lightest waters that are discussed here. The densest variety is found in the
North Atlantic and peaks at σθ =26.0 (see Figure 2.12i). The zonal location of the surface salinity
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maximum varies in each basin (Figure 2.18). It is centrally located in the North and South Pacific,
but it is slightly offset towards the eastern side of the North Atlantic and towards the western side
of the South Atlantic. In the Indian Ocean, it is located towards the East.
O’Connor et al. (2002) calculated the subduction rate of HSSUW in the North and South Pacific to be 4-5 Sv and 6-7 SV respectively. An alternative method using CFCs reaches a similar
conclusion, with a larger formation rate in the south than in the north. Using the same techniques,
O’Connor et al. (2005) estimate subduction rates in the North Atlantic (2 Sv) and in the Indian
Ocean (1 Sv). These are much smaller than in the Pacific.
O’Connor et al. (2005) also performed a decomposition of the subduction equation (denominator in Equation 2.1) into its constituent terms for the HSSUW of each gyre. Their results show that
vertical Ekman pumping is typically the dominant term, in contrast with all other types of mode
waters, where decompositions of the subduction calculation showed this term to contribute only
small fluxes. Lateral induction is shown to be negligible in the gyres of the Northern Hemisphere.
Lateral induction is about 30% of the magnitude of the vertical Ekman pumping term in the South
Pacific so both contribute to the formation of HSSUW in that basin. This term is, however, large
and negative in the Indian Ocean, indicating that it contributes to entrainment of high salinity water
into the mixed layer instead of detrainment into the ocean interior. O’Connor et al. (2005) explain
that this is a reflection of the poleward location of the high evaporation region in the Indian Ocean.
Formation of HSSUW in the Indian Ocean is driven by vertical pumping.
The relevance of HSSUW on the larger scale is in that they export high salinity around the
subtropical gyres in what is referred to as the “salt river” (Qu et al., 2011). HSSUW participate in the
circulation of the subtropical cells (Blanke et al., 2002; Zhang et al., 2003; Hazeleger and Drijfhout,
2006). In spite of their low volumes, they can influence the properties of the upward branch of the
Atlantic meridional overturning (Zhang et al., 2003) and ultimately convective overturning in the
North Atlantic (Latif et al., 2000). Using a Lagrangian analysis, Blanke et al. (2006) estimate that
as much as 60% of the waters that participate in the northward meridional overturning transport
between 45◦ S and 47◦ N has been influenced by at least one of the HSSUW types in the Atlantic.
The net salinity change of a water parcel moving northward in the Atlantic represents essentially a
balance between the effects of salinification by mixing with HSSUW and freshening in the ITCZ
equatorial region. The net salinification can be seen on the θ/S diagram by the salinity offset between
the central waters mixing line of the South Atlantic and the North Atlantic (Blanke et al., 2006).

2.7 Synthesis and conclusion
The intent in writing this review was to provide, in a single document, a full account of the main
water masses of the ocean. Information about water masses is spread widely in the literature and
I believe that there is some value in gathering all this information into a compendium. A large
fraction of the information presented here can be found in the recently published book by Talley
et al. (2011), although the material there is organized very differently, by ocean basins. I chose here
to organize the material going from high latitudes to the tropics, or from the deep and bottom waters
to the mode waters, as this naturally pulls together the water masses that have a comparable role in
the ocean-climate system.
While each water mass is described in quite a bit of detail, there are many aspect that have not
been discussed here. One notable omission is a discussion of paleo-hydrographic reconstruction.
The text above is also not very good in providing an assessment of water mass transport. Summarizing transports and formation rates is a very difficult task as it is not always clear how the different
measures should be compared.
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A summary table of the water masses with water type definitions for each one was purposefully left out. The reason is that while it is helpful to use water masses as practical construct to
communicate about the ocean or to define a system of study, the particular division of the water
masses that will be most helpful depends on the problem under evaluation. For example, a water
type definition of NADW would be of value in the global context, but as was made clear in the
discussion about NADW, NADW itself is constructed by a convoluted mixing process involving
many precursor water masses and even includes mixing with an old, aged, recirculating version of
itself. People interested in using the concept of water type and linear mixing models would thus be
better off finding their own definitions. Definitions based on isoneutral layers are avoided also, for
similar reasons. As the volumetric θ/S presented here shows (Figure 2.3), the ocean is a continuum
and hard water mass boundaries do not usually exist on very large scales. Hard density boundaries
only exist across fronts or across clearly defined basins separated by topography.
Volumetric θ/S diagrams calculated from the CMIP3 set of global climate models were presented to illustrate the difficulty these models have in representing water masses accurately. These
volumetric θ/S diagrams show, however, that many of the models are able to capture the large scale
stratification. That is, models have bottom waters, deep waters, intermediate salinity minima and
central waters. As was indicated on a few occasions, water mass formation is sometimes impacted
by very small bathymetric features, such as Maud Rise in the Weddell Sea, or Orphan Knoll in the
Labrador Sea. Models presented here do not include small topographic features such as these. It
was also shown that overflows and entrainment at the overflows can depend strongly on the local
topography, e.g. the presence of sharp canyons. Improvement in the representation of the overflow
process will doubtlessly result in greatly improved simulations. Mode and intermediate water formation are critically dependent on the winds and on the ability of models to model the mixed layer,
which, as was the case for ESTMW of the North Pacific, can also depend on peculiarities of the seasonal cycle of buoyancy flux. As water mass formation often requires cold winter air bursts, small
zonal or meridional shifts in the winds can have a dramatic impact on the formation characteristics
of these water masses.
Many of the details presented above may seem excessive considering the state of climate models
today. It is possible, however, that some of the local details presented above may become relevant in
the upcoming model inter-comparison exercises with the new generation of global climate models
(CMIP5) as these models benefit from improved resolution and parameterizations.
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Figure 2.1: θ/S relationships of the principal water masses of the world proposed by Sverdrup et al.
(1942). Figure reproduced from Sverdrup et al. (1942).
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Figure 2.2: θ/S relationships of the principal water masses of the world proposed by Emery and
Meincke (1986). Figure reproduced from Emery and Meincke (1986). Nomenclature for central
waters (CW): leading “E/W” for East/West followed by the “N/S” for North/South, “A/I/P” for
Atlantic, Indian, Pacific. E/WASIW: Eastern/Western Atlantic Subarctic Intermediate Water, MW:
Mediterranean Water, PSIW: Pacific Subarctic Intermediate Water, PEW: Pacific Equatorial Water,
IEW: Indian Equatorial Water, ASW: Arabian Sea Water, IUW: Indonesian Upper Water, IIW:
Indonesian Intermediate Water, RSPGIW: Red Sea and Persian Gulf Intermediate Water.
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Equatorial Current, NAECC: North Atlantic Equatorial Counter Current. Colors are subjective and
are only used to group similar circulation features for cosmetic reasons into upper (reds), intermediate (orange, green, light blue) and deep (blues) circulations. b) Climatological combined mean
dynamic topography (MDT CNES-CLS09 v1.1) for the period 1993-1999 (Rio et al., 2009).
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Figure 2.6: Schematic illustrating the controlling influence of the subsurface water mass (SL ) on the
convective ability of the upper water mass (SU ) for cases a) when the upper layer (red star) is fresher
than the layer underneath (green star) and b) when the upper layer (red star) is saltier than the layer
underneath (green star). In a), as the upper layer cools (red point), because of the nonlinearity of
the equation of state of seawater, the water at the surface can have a density evaluated at depth (σz )
that is denser than if that density were evaluated at the surface (σ0 ). Further cooling is necessary for
the upper water to match the density of the subsurface water (green point). At this point, convective
overturn occurs without further cooling since the density of the upper water is already denser than
the density of the deeper layer. In b), the density of the upper water column, even evaluated at
depth, is always lighter than (green point) or as dense as (red point) the water underneath. Constant
cooling is required to deepen mixing. Adapted from (Aagaard and Carmack, 1989).
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Figure 2.7: Topographic map of the Antarctic region highlighting the names of relevant hydrographic basins (red), the largest ice shelves (green) and the mean position of the Southern Ocean
fronts after Orsi et al. (1995): Subtropical front (red), Subantarctic front (yellow), Polar front
(green), Southern ACC front (violet) and southern Boundary of the ACC front (magenta). Black
contours are drawn at 100m, 200m and 1000m.
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Figure 2.8: Climatological sea-ice concentration isolines (Reynolds et al., 2002) during the months
of January (red) and July (green) in the Arctic (left) and Antarctic (right) regions. The thick, medium
and thin lines represent the 90%, 50% and 5% sea-ice concentrations isolines, respectively. Thin
white lines show the mean location of the main Southern Ocean fronts.
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Figure 2.9: Global maps of hydrographic properties on the γn = 26.8 isoneutral from the gridded
annual mean WOA05 climatology and GLODAP. Surfaces are trimmed at their winter outcrops
(grey shading), as defined by the deepest observed mixed layer depths at each grid point as given
by the monthly climatology of de Boyer Montegut et al. (2004). pCFC11 is in patm.
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Figure 2.10: Global maps of hydrographic properties on the γn = 27.3 isoneutral from the gridded
annual mean WOA05 climatology and GLODAP. Surfaces are trimmed at their winter outcrops
(grey shading), as defined by the deepest observed mixed layer depths at each grid point as given
by the monthly climatology of de Boyer Montegut et al. (2004). pCFC11 is in patm.
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Figure 2.11: Global maps of hydrographic properties on the γn = 27.95 isoneutral from the gridded
annual mean WOA05 climatology and GLODAP. Surfaces are trimmed at their winter outcrops
(grey shading), as defined by the deepest observed mixed layer depths at each grid point as given
by the monthly climatology of de Boyer Montegut et al. (2004). pCFC11 is in patm.
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Figure 2.12: Water thicknesses [m] contained between isoneutral surfaces computed from the annual WOA05 climatology for the interval 25.1 ≤ γn ≤ 26.6.
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Figure 2.13: Water thicknesses [m] contained between isoneutral surfaces computed from the annual WOA05 climatology for the interval 26.6 ≤ γn ≤ 28.1.
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Figure 2.14: Illustration of the subduction/obduction processes responsible for the ventilation of
the thermocline and the formation of mode waters. Following a water parcel of a given density
(σi ), subduction represents the annually integrated balance between the net sinking relative to its
position when it first crosses the bottom of the mixed layer (H) and relative to the motion of the
layer marking the bottom depth of the mixed layer. A parcel that is seen to reenter the mixed layer,
either due to advection into a region of deeper mixed layer or because of mixed layer deepening in
winter is said to be entrained back into the mixed layer. This is the obduction process, shown in
red. The Ekman layer is typically shallower than the mixed layer. Eddies (shown as spirals) can
also contribute to net motion across the mixed layer base.
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Figure 2.15: a) Depth of the deepest mixed layer defined independently at every grid point by the
density criterion method (de Boyer Montegut et al., 2004). Contours show the neutral density of
each grid cell calculated from monthly WOA05 temperature and salinity fields on the surface of
deepest mixed layer depth. Contour interval is 0.2 kg/m3 for black lines, 1 kg/m3 for white lines.
b) Maximum seasonal amplitude of the mixed layer depth, defined independently at each grid point
from the mixed layer depth climatology of de Boyer Montegut et al. (2004). White contours in the
Southern Ocean show the main fronts of the ACC as defined by Orsi et al. (1995).
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Figure 2.17: Annual mean sea surface temperature from WOA05.
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Table 2.1: List of acronyms. Main currents and miscellaneous.
Acronym
Full Name
Currents and
Fronts
ACC
Antarctic Circumpolar Current
ASF
Antarctic Slope Front
DS/ISO
Denmark Strait/Iceland-Scotland Overflow
DWBC
Deep Western Boundary Current
E/WSC
Eastern/Western Spitzbergen Current
EGC
East Greenland Current
LC
Labrador Current
NAC
North Atlantic Current

Miscellaneous
AD
Antarctic Dipole
ARGO
Array for Real-time Geostrophic
Oceanography
BS
Bering Sea
CFC
Chlorofluorocarbon
CMIP
Coupled Model Inter-comparison Project
ENSO
El Niño Southern Oscillation
GCM
General Circulation Model
GIN
Greenland, Iceland, Norwegian Seas
GISS
Goddard Institute for Space Studies
GLODAP
Global Ocean Data Analysis Project
IPCC
Intergovernmental Panel on Climate
Change
ITCZ
Inter-Tropical Convergence Zone
MLD
Mixed Layer Depth
MOC
Meridional Overturning Circulation
MS
Mediterranean Sea

Acronym

Full Name

NwAC
WBC(s)
WGC

Norwegian Atlantic Current
Western Boundary Current(s)
West Greenland Current

SAF
PFZ
NAD
N/SAEC
NAECC

Subantarctic/Subarctic Front
Polar Frontal Zone
North Atlantic Drift
North/South Atlantic Equatorial Current
North Atlantic Equatorial Counter Current

MWR
NAO

Mixed Water Region
North Atlantic Oscillations

NRG
Oks
PDO
PV
SALH
SAM
Scrit
S.O.
THC

Northern Recirculating Gyre
Okhotsk Sea
Pacific Decadal Oscillation
Potential Vorticity
Silicic Acid Leakage Hypothesis
Southern Annular Mode
Critical Salinity
Southern Ocean
Thermohaline Circulation

TSD
TTD
WOA05
WOCE

Transpolar Drift
Transit Time Distributions
World Ocean Atlas 2005
World Ocean Circulation Experiment
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Table 2.2: List of abbreviations used in this review for water masses in the world’s Ocean. In cases
when multiple names represent the same or closely related water masses found in the literature, the
names have been grouped together. Atl.=Atlantic, Pac.=Pacific, Ind.=Indian, Int.=Intermediate,
Wat.=Water, Sh.=Shelf.
Acronym(s)
AABW

Water Mass Name(s)
Antarctic Bottom Wat.

Acronym(s)
MCDW,
WCSW, WC,
MWDW

(M)AAIW
AASW
ACCBW

(Modified) Antarctic Int. Wat.
Antarctic Surface Wat.
Antarctic Circumpolar Current Bottom
Wat.
Adelie Land Bottom Wat.
Arabian Sea Surface Wat.
Arctic Sh. Wat., High Salinity ASW

M(S)(O)W
MTW
NACW

Water Mass Name(s)
Modified Circumpolar Deep Wat., Warm
Core Sh. Wat., Warm Core, Modified Warm Deep Wat., Modified Weddell
Deep Wat.
Mediterranean (Sea) (Overflow) Wat.
Mesothermal Wat.
North Atl. Central Wat.

NADW
NEADW
NPDW

North Atl. Deep Wat.
North East Atl. Deep Wat.
North Pac. Deep Wat.

Atl. Wat., Atl. Layer Wat., Arctic Atl.
Wat., Modified Atl. Wat., Recirculating
Atl. Wat., Arctic Int. Wat., Lower Arctic
Int. Wat.
Baffin Bay Surface Wat.
Bay of Bengal Wat.
Canadian Basin Deep Wat.
Circumpolar Deep Wat.
Central Mode Wat.
Classical/Lower Labrador Sea Wat.

NPESSMW

North Pac. Eastern Shallow Salinity
Minimum Wat.

NPESTMW
NPIW
NPSASW
NSDW
ODSW
OSMW

North Pac. Eastern STMW
North Pac. Int. Wat.
North Pac. Subarctic Surface Wat.
Norwegian Basin Deep Wat.
Okhostk Dense Sh. Wat.
Okhostk Dense Mode Wat.

Denmark Strait/Iceland-Scotland Overflow Wat.
Dichothermal Wat.
Eastern/Western/Northern
Equatorial
Surface Wat.
Eurasian Basin Deep Wat.
Eighteen Degree Wat.
Eastern North Atl. Wat.
Eastern STMW(s)
Glacial North Atl. Int. Wat.
Greenland Sea Deep Wat.
High Density STMW
High Salinity Sh. Wat., Western Sh. Wat.
High Salinity Subtropical UnderWat.
Ind. Deep Wat.
Ind. Ocean Central Wat.
Irminger Sea Wat.
Ice Sh. Wat.
Indonesian Throughflow Wat.
Lower Arctic Int. Wat.
Lower Circumpolar Deep Wat.
Lower Halocline Wat.
Levantine Int. Wat.
Low Salinity Sh. Wat., Eastern Sh. Wat.
Labrador Sea Wat.

PBBW

Prydz Bay Bottom Wat.

PDW
PG(O)W

Pac. Deep Wat.
Persian Gulf (Overflow) Wat.

PIW
RS(O)W
RSBW
SAMW
SPESTMW
SPMW(s)
SSMW
STMW(s)
STUW
UAIW
UCDW
UHW
ULSW
WDW
WISW
WMDW
WSBW
WSDW
WSTMW
WW

Polar Int. Wat.
Red Sea (Overflow) Wat.
Ross Sea Bottom Wat.
Subantarctic Mode Wat.
South Pac. Eastern STMW
Subpolar Mode Wat.(s)
Shallow Salinity Minimum Wat.
Subtropical Mode Wat.(s)
Subtropical UnderWat.
Upper Arctic Int. Wat.
Upper Circumpolar Deep Wat.
Upper Halocline Wat.
Upper Labrador Sea Wat.
Warm/Weddell Deep Wat.
Western Ind. Surface Wat.
Western Mediterranean Deep Wat.
Weddell Sea Bottom Wat.
Weddell Sea Deep Wat.
Western STMW
Winter Wat.

ALBW
ArSSW
ASW,
HSASW
AW,
ALW,
AAW, MAW,
RAW, AIW,
LAIW
BBSW
BBW
CBDW
CDW
CMW
CLSW,
LLSW
DS/ISOW
DTW
E/W/NEqSW
EBDW
EDW
ENAW
ESTMW(s)
GNAIW
GSDW
HDSTMW(s)
HSSW, WSW
HSSUW
IDW
IOCW
IrSW
ISW
IT(F)W
LAIW
LCDW
LHW
LIW
LSSW, ESW
LSW
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Table 2.3: Mode Water systematics, adapted and extended from Hanawa and Talley (2001).
Type
I

Class
WSTMW (Western
Mode Water)

II

ESTMW (Eastern
Mode Water)

III

HDSTMW (High density Subtropical Mode Water)

IV

SPMW (Subpolar Mode Water)

V

HSSUW (High Salinity Subtropical
Underwater)

Subtropical

Subtropical

Characteristics
Found in all basins, they are the archetypical mode waters. Their formation is associated with the Western boundary currents extensions of
the subtropical gyres (Kuroshio, Gulf Stream, East Australian Current,
Brazil Current, Agulhas Current).
Found on the Eastern side of the subtropical gyres, formation region
bounded to the East by the Western edge of Eastern Boundary Currents
(Canary, California, Peru Currents), and poleward by the equatorward
edge of zonal fronts (Azores Front, subtropical fronts).
Originate poleward of subtropical gyres, but equatorward of the North
Pacific subarctic front, North Atlantic Current and subantarctic front.
The typical example is SAMW.
Deep mixed layers reported around the outside of subpolar gyres in the
North Pacific and North Atlantic/Nordic Seas. In the North Atlantic subpolar gyre, culmination of the densification process results in the formation of LSW.
Shallow high-salinity subsurface layer found in every subtropical basin.
Their formation is mostly driven by Ekman pumping and subduction
from the high-evaporation regions found within subtropical gyre.

111

Chapter 3

Inter-comparison study of the
meridional overturning streamfunctions
in CMIP3 models.
Oh mother tell your children
not to do what I have done.
House of the Rising Sun
The Animals

3.1 Abstract
A comparative analysis of the state and response of the latitude-depth meridional overturning streamfunction in the CMIP3 model set is presented. The overturning strength of the North Atlantic cell in
these models tends to converge towards observational estimates for many models. Models that simulate the North Atlantic cell with accuracy tend to converge in their prediction for 2100, suggesting
a 25-30% decrease in the maximum intensity of that cell. Agreement with regard to the state and
the response of the global Southern Ocean abyssal cell to anthropogenic radiative forcing is poor
among the models. A 29.3±20.7% reduction by 2100 in the intensity of that cell is nonetheless
suggested, in rough agreement with the decrease predicted in the Northern cell. The relationships
between the state and evolution of different measures of the overturning streamfunction suggest
that one of the main reasons for across-model spread with regard to their simulation of the streamfunction of mass is the models effective diapycnal diffusivity or viscosity. These factors would
be able to explain qualitatively the inter-model differences between the Northern overturning cells
of the different models. No seesaw-like coupling is found across the mean states of the different
CMIP3 models between the Northern and the Southern cell. In agreement with published analyses,
it is found that across-models differences in the winds over the Southern Ocean are responsible for
much of the disparity in the overturning recirculation cells of the Southern Ocean.

3.2 Introduction
Model inter-comparison studies indicate that the ability of the oceanic components of the global climate models to simulate the present day distribution of tracers and key transports vary dramatically
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from model to model (Gregory et al., 2005; Schmittner et al., 2005; Russell et al., 2006b; Schneider
et al., 2007; Sen Gupta et al., 2009). The lack of coherence amongst models undermines one’s
confidence in their predictions (Knutti et al., 2010; Knutti, 2010; Weigel et al., 2010; Mahlstein and
Knutti, 2011) as it is unclear how and on what time-scale these model-to-model ocean differences
affect the overlying atmospheric patterns.
Climate models differ in a variety of ways that range from the numerical schemes used, parameterizations of unresolved physics, boundary conditions, forcing fields, and spin-up strategies.
In consequence, modelers can exploit many degrees of freedom to steer model solutions towards
important observational constraints; the strength of the North Atlantic overturning being one of
them. Given the increasing number of climate model simulations, it is becoming difficult to evaluate causes for inter-model differences.
The analysis presented here relies on a philosophy that differs somewhat from prior model intercomparison studies in that the goal is not to characterize model performance or to rank each model’s
ability in representing particular observables, but to try to find systematic model difference between
various measures of meridional overturning cells across the models. These model differences are
then evaluated against known processes in an attempt to see if particular processes are able to
explain the inter-model disparity.
By contrasting the behavior of the meridional overturning streamfunction of the climate models used as part of the last IPCC-AR4 model inter-comparison exercise (Climate Model Intercomparison Project 3, CMIP3), the analysis suggests that a decrease of the Northern and Southern abyssal overturning of order 25-30% relative to modern conditions are expected by the end of
the 21st century. Furthermore, it is shown that one of the main difference across CMIP3 models
with respect to their ability to represent the meridional mass transport in the deep North Atlantic is
linked to the models’ effective diapycnal diffusivity, a long standing problem. The analysis confirms
previous findings regarding the importance of winds in influencing the circulation of the Southern
Ocean.
A methodology section introduces the models and discusses the overturning diagnostics used in
this study. Different types of relationships between the various measures of the overturning streamfunction are presented. The first section describes the models’ overturning simulations, with an
emphasis placed on the North Atlantic cell and the global Southern Ocean abyssal cell. A comparison between different measures of the abyssal cell is presented next. A third section investigates
inter-hemispheric connections between the two deep cells. The last section discusses the influence of surface buoyancy fluxes, sea-ice, diapycnal mixing and winds on the models’ overturning
streamfunctions.

3.3 Methodology
3.3.1 Models and observational constraints
This analysis uses the results from the models used as part of the Intergovernmental Panel on Climate Change Fourth Assessment Report (Table 4.1, PCMDI (2011); Meehl et al. (2005, 2007)).
The IPCC modeling experiments are coupled simulations designed to investigate the response of
the climate system to increasing levels of atmospheric greenhouse gases. The boundary conditions
considered for the CMIP3 suite include pre-industrial conditions (PICNTRL), 20th century conditions (20C3M scenario) and conditions predicted to occur at the end of the 21st century as a result
of increasing anthropogenic carbon emissions (SRESA2/A1b). For models where SRESA2 is not
available, scenario SRESA1b is used instead (see Table 4.1). Unfortunately, since not all the necessary variables are available for all the models and every scenario, the analyses that follow are not
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always able to systematically include all models.
Dashed green lines are used throughout the figures to mark real world observed values. The
strength of the Northern and Southern deep water cells are, in the modern world, of roughly similar
magnitude, with Ψmax ≈18.7±5.6 Sv (Talley et al., 2003; Cunningham et al., 2007) and Ψmin ≈1220 Sv (Orsi et al., 2002). A value of 14 Sv is used here as indicative of the global Southern abyssal
cell, assuming that the overall balance with the NADW inflow in the Southern Ocean is achieved
also with a 4-5 Sv Northward AAIW transport (Talley et al., 2003). Talley (2003) estimate the
Northward flow of Antarctic Bottom Water into the South Atlantic to be about 4 Sv. Orsi et al.
(1999) estimate the circumpolar production of AABW around Antarctica to be about 8 Sv. Doos
et al. (2008) estimate the Deacon cell to be about 20 Sv (in latitude-depth space) from a forced
eddy-permitting global ocean model (OCCAM).

3.3.2 Overturning circulation metrics
A few overturning indices are considered, Ψmax , Ψmin , Ψmin,Atl , Ψmin,AABW and Ψmax,Deacon (Figure
3.1). These are derived from the overturning streamfunctions available in the PCMDI data base
(PCMDI, 2011). The overturning streamfunctions for the CMIP3 models are calculated by zonally averaging and vertically integrating the meridional advective component of the velocity field.
Overturning streamfunctions are available on depth-latitude space only and do not include the bolus eddy-induced velocity. Separate bolus-velocity streamfunctions are typically not available, an
exception is for model 8.
Ψmax is used as a proxy for the overturning of the NADW cell in the North Atlantic. It is defined as the maximum of the Atlantic overturning streamfunction between 20-60o N, below 500 m.
Ψmin is the minimum of the global overturning streamfunction below 1500 m between 20-60o S.
Ψmin,Atl represents the strength of the Southern abyssal cell evaluated below 1500 m from the Atlantic streamfunction, which is typically provided North of 30◦ S for the CMIP3 models (PCMDI,
2011). Ψmin,AABW is meant to capture the sinking branch of Antarctic Bottom Water (AABW)
close to Antarctica, evaluated from the global streamfunction between 60-80◦ S, below 1500 m.
Ψmax,Deacon is the maximum of the streamfunction below 10 m between 30-60◦ S. Visual inspection
of each models’ overturning streamfunction shows the latitude and depth limits used are appropriate
(not shown, see example in Figure 3.1).
The Deacon cell captures the overturning of the Southern Ocean, with equatorward Ekman
transport near the surface and deep upwelling. Note that the Deacon cell, as shown in Figure 3.1
on the latitude-depth space, mostly results from the projection on horizontal coordinates of zonally
sloping isopycnals associated with the gyre circulations. This picture of the Deacon cell is in fact
inconsistent with the mean stratification and largely vanishes when the streamfunction is calculated
on isoneutral surfaces. The net water mass transformation associated with the cell (i.e. the diabatic
Deacon cell, Speer et al. (2000)) is only about 2 Sv (Doos et al., 2008), although this estimate is
very uncertain.
Mean conditions for the 1990s and 2090s are defined by fitting a linear model (Ψ = a · t + b)
to the monthly time series of the indices between January 1900 to December 1999 and taking the
decadal average of the values predicted by the linear fit between January 1990 and December 1999.
Similarly, the mean conditions for the 2090s represent the mean conditions predicted by a linear fit
generated from January 2050 to December 2099 using scenario A2/A1b. Linear fits were preferred
to decadal averages to minimize the influence of interannual variability, whose characteristic timescale varies from model to models, and also as a means to extrapolate values of the indices to periods
when data were not available in the public database.
Visual inspection of the model times series for these overturning indices shows that the values
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calculated for the 1990s and 2090s using the linear fits are appropriate measures of the mean conditions and compare favorably with estimates provided by periodic seasonal decomposition of the
time series with a loess fit using a 10 years span, which is similar to a moving average (Figures 3.2,
3.3 and 3.4). Where PICNTRL time series were insufficiently long (model 16, miroc3 2 hires), an
initial attempt was made to extrapolate the 1990s trend to the 2090s to provide a drift estimate at
these latter times (Figure 3.2, 3.3 and 3.4). Owing to the 20th century drift that exists in the PICNTRL case for model 16 (Figure 3.3), extrapolation results in a 2090s control value that is quite
different from the 1990s. For this reason, to minimize what may be an artifact of the linear extrapolation approach, the 1990s PICNTRL values are used for this model to correct both the 1990s and
the 2090s values.
The relative changes in the overturning indices between the 1990s and the 2090s, normalized
to the 1990s value ( ∆Ψ
Ψ ) and expressed as a percentage, are taken as measures of the sensitivity of
the overturning cells to anthropogenic forcing. The corresponding drift, calculated by difference
between 2090s and 1990s from the PICNTRL case, is removed in the numerator for all sensitivity
calculations, except for model 20 (mri cgcm2 3 2a), where this was not possible owning to missing
data.
For the models for which multiple ensemble simulations exist, results from only one, usually
the first, ensemble member are considered. On occasion, other ensembles have been used owing
to data availability. Run 2 is used for models 9 and 21 in the PICNTRL case, models 8 and 9 in
20C3M, and model 21 in A2. Run 3 is used for model 12 in PICNTRL and models 5, 6, 12, 19 and
21 in 20C3M. Run 5 is used for models 2, 10 and 20 (PICNTRL) and models 2 and 20 (A2).
The use of linear fits also diminishes the effect of differences in phasing between interannual
fluctuations amongst different ensemble members of given models because interannual fluctuations
tend to be symmetric. One example of the multiple ensemble issue is provided by the csiro mk3 0
case in Figures 3.2, 3.3 and 3.4. The ensemble member shown for the 20C3M case for that model
was started with a 20 year time lag relative to the end of the spin up phase. This lag is evident by
the out-of-phase tendency between the PICNTRL and the 20C3M cases in Figures 3.2, 3.3 and 3.4.
While phasing differences can be significant locally, the 1990s and 2090s conditions and the calculated sensitivities predicted by the linear fits are not greatly affected by phasing incompatibilities
between the transient and the control runs. Inspection of the overturning circulation of ensemble
members indicate that inter-ensemble variability is small relative to inter-model differences; differences amongst ensemble members are not considered further.

3.3.3 Statistical analyses
Linear regression statistics are calculated by least-square. Regression results are expressed using the
adjusted-r2 and p-values. The adjusted-r2 is typically smaller than or equal to the traditional r2 and
includes a correction for the number of terms in the regression model. The p-values reported here
represent the probability that the slope of the regression line is 0 (i.e. no relations), as quantified
by a two-tailed t-test. While the adjusted-r2 values are not identical to the square of the Pearson
correlation test statistic, the square-root of the adjusted-r2 usually provides a close approximation to
the Pearson correlation statistic. The non-parametric Kendall correlation test is useful when the data
distribution may bias the regression results. Linear regression statistics are reported in addition to
correlation statistics to highlight the desired predictive nature of the relationships investigated here.
The following discussion uses the term “significant” in association of the commonly used cutoff
p=0.05. Because the number of points is small, however, some flexibility is sometimes necessary
with regard to the concept of statistical significance.
Some outliers are, on occasion, excluded from the regression fits or correlation tests. Although
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not used in the statistical analyses, outliers are nonetheless plotted and highlighted in yellow on the
figures. The regression fits are shown by dashed red or magenta lines. Summary statistics for the
regressions and correlations discussed in the text and shown in the figures are shown in Table 3.2.

3.3.4 Persistent outliers and known model issues
Models 9 and, in fact, models 10 and 11 (giss aom giss model e h, giss model e r) often appear as
outliers in model inter-comparison studies and stem from the same institution (Russell et al., 2006b,
2007; Schmittner et al., 2005; Schneider et al., 2007). Models 9 and 11 have the coarsest resolution
of the CMIP3 models and models 9 and 10 present the strongest Northern overturning magnitude
(Table 4.1).
Model 10 is systematically excluded from all relationships involving the overturning sensitivities because of the short and uncertain record length available from the public PCMDI database.
The limited record for that model makes the sensitivity values calculated for that model unrepresentative of the century-scale trend of the other models. The record length is long enough, however,
to provide an estimate of the mean control values for model 10. Further inspection of that model’s
characteristic overturning streamfunction (not shown) reveals that the circulation of model 10 does
not resemble that shown in Figure 3.1. The overturning of model 10 shows two antisymmetric cells
centered about the equator that span the full depth of the ocean. The overturning structure of model
10 is reminiscent of the idealized sector models of Bryan (1986) or Toggweiler and Samuels (1998).
The control simulation of model 9 appears to be in an unstable state as per the discussion of
model stability of Tziperman et al. (1997) and Tziperman (2000). As can be seen in Figure 3.2, the
Atlantic overturning index of that model is characterized by periods of relatively constant magnitudes, with values hovering near 40 Sv, and periods of intense overturning (up to 100 Sv). Furthermore, Ψmax fluctuations for that model are asymmetric towards large values: no large fluctuations
exist below the base 40 Sv state. Interestingly, this behavior disappears by the end of the 20th century in the A1b scenario. Closer inspection of that model’s overturning streamfunction (not shown)
indicates that this behavior is caused by a sudden intensification and deepening (to over 3500 m)
of the wind-driven subtropical gyre (between the equator and 20◦ N). As can be seen in Figure 3.2,
use of the linear regression method to estimate the mean state for the 1990s and 2090s does help
mitigate the influence of the intensely overturning periods on the overturning metrics used in the
pre-industrial control run. The linear regression approach appears to be very successful in 1990s and
also helps in 2090s. The fact that model 10 operates in a different Northern overturning regime warrants its exclusion on occasion. The Southern overturning index for that model behaves normally
(Figure 3.3), although there is an anti-symmetric relationship between the circulation strength of the
subtropical gyres: when the Northern Hemisphere gyres intensify, the Southern Hemisphere gyres
weaken (not shown).
Another model, model 3 (cccma cgcm3 1 t63) falls off the general trend shown in Figure 3.5b.
One peculiarity of model 3 is that its Ψmax PICNTRL and 20C3M time series diverge earlier, from
about 1920, than seems to be the case for other models (Figure 3.2). Both models 2 and 3, stemming
from the same institution, show significant drift in their PICNTRL Ψmax representations, but only
model 3 exhibits the early divergence issue. Another peculiarity is that both the control and the A2
lines of model 3 run almost parallel to each other throughout the 21st century instead of diverging as
other models do (Figure 3.2). The Southern abyssal cell of model 3 does not look atypical, however
(Figure 3.3 and 3.4).
Model 14 (inmcm3 0) should be flagged, as it sometimes behaves as an outlier, in that it displays
one of the largest overturning in the North Atlantic and its abyssal cell is also very strong. As pointed
out by Medhaug and Furevik (2011), the circulation of model 14 seems to be mainly controlled by a
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very deep wind-driven gyre-like circulation, where the subpolar and subtropical regions of the North
Atlantic are nearly decoupled to depths of 3000-4000 m. Furthermore, the Atlantic abyssal cell of
this model shows a strong minimum near 20◦ N. The zonally averaged picture of the overturning
streamfunction in the Atlantic indicates that this peculiar feature may be isolated from the Southern
Ocean. Time-series of the overturning indices in Figures 3.2 and 3.3 do not show anything out of
the ordinary for this model, however.
Finally, model 12 (iap fgoals1 0 g) is reported to have an almost perennial and overly extensive
sea-ice cover in the Southern Ocean (Sen Gupta et al., 2009). Figure 3.3 also shows that significant
drift exists in that model abyssal overturning, which almost vanishes.

3.4 Across-model relationships between the overturning indices
Different relationships between the magnitude of the Northern and Southern (abyssal) meridional
overturning circulations and their absolute change and relative sensitivities to increasing atmospheric CO2 by 2090s as simulated by the A1b or A2 IPCC emission scenarios are illustrated in
Figure 3.5 and 3.6. Across-model relationships between the overturning indices are overall statistically weak, but some significant trends can be seen, provided outliers are accounted for. A
discussion of the relationships that are observed between the different overturning indices, including a description of the mean state and the absolute and relative changes of the overturning indices
characteristic of the Northern and Southern circulations, is provided here.

3.4.1 Description and response of the Northern and Southern deep circulations
Maximum values for the overturning streamfunction in the North Atlantic for the 1990s range from
3.4 to 36.1 Sv and the global abyssal cell varies in strength from -8.4 to -32.9 Sv across the CMIP3
models (Table 4.1). Absolute changes in the North Atlantic overturning predicted in the 2090s
fall between -0.2 Sv to -28.0 Sv. Relative changes (i.e. absolute change normalized to the 1990s
values) range from -2.9% to -77.1%. Equivalent measures for the global Southern abyssal cell
range between -1.3 Sv to 8.1 Sv and -56.9% to 6.9%. The across-model relationships amongst
these measures are discussed in this section.
3.4.1.1

Absolute changes

Many models simulate the observed Northern overturning well and these better simulations tend to
produce consistent estimates of both absolute and relative change (Figure 3.5a and b): an absolute
decrease of order 5 Sv corresponding to a 25-30% reduction in the modern overturning in the North
Atlantic. The models’ spread around the observed strength of the global abyssal cell is only slightly
more than that for the Northern cell, i.e. many models fall within a few Sverdrups of the observations (Figure 3.5c). In this case, however, models do not tend to cluster around a particular estimate
of the absolute or relative change for the Southern overturning (Figure 3.5c and d). Confusion even
exists with regard to the sign of change: most models predict a decrease in the global abyssal cell
but two suggest a slight increase (models 14 and 16). Note that since the abyssal overturning rotates
counter-clockwise, it is represented by negative values. Positive changes in Figure 3.5c thus represent a decrease in the magnitude of the cell’s overturning and negative values represent a spin-up of
the circulation.
While the assumption that a better representation of the observed state leads to confidence in
the prediction seems to hold for the North Atlantic overturning (models with the same circulation
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strength also indicate a similar change of their circulation), this does not seem to be the case for the
models’ representation of the abyssal circulation originating from the Southern Ocean.
There is some concern, however, that some CMIP3 models may be biased towards particular circulation states. This can happen because these models are not truly independent from each
other and because some of their parameters are manually tuned, sometimes outside the range of
acceptable parameter values that are suggested by observations, to force model simulations towards
“acceptable” model states (Knutti, 2010; Masson and Knutti, 2011; Hofmann and Rahmstorf, 2009).
Hofmann and Rahmstorf (2009) warns that this practice of tuning parameter values may artificially
limit the span of model responses to particular perturbations and affect the stability properties of
some models.
Gregory et al. (2005) investigated the behavior of the Atlantic thermohaline circulation in response to increasing atmospheric CO2 in a previous generation of atmosphere-ocean coupled models and Earth system models of intermediate complexity (CMIP, as opposed to CMIP3 in this study).
Gregory et al. (2005) found a significant across-model relationship between the mean overturning
strength of the control NADW cells and the overturning cells’ absolute changes in response to increasing atmospheric CO2 . Models with a stronger overturning tend to experience a larger decrease,
in absolute terms, in their NADW overturning. A similar general trend can also be inferred from the
model inter-comparison analysis of the PMIP2 and PMIP1.5-type models by Weber et al. (2007).
This latter study investigated the difference between model solutions for the pre-industrial period
and the Last Glacial Maximum (LGM), so models subject to a very different forcing scenario than
the CMIP3 models.
The CMIP3 model spectrum investigated here hints towards a similar relationship (Figure 3.5a)
as that found by Gregory et al. (2005) and calculated from the circulation values given by Weber
et al. (2007). The trend line shown in panel 3.5a, however, has a shallower slope (-0.19±0.08) than
that found by Gregory et al. (2005) (-0.54±0.14) and than that calculated from the data provided
by Weber et al. (2007) (-1.4±0.56, excluding PMIP1.5 model MRI, r2 =0.42, p=0.04). As a consequence, extrapolation of the trend to Ψmax =0 does not indicate that models with low but positive
overturning below a certain critical value of Ψmax would be associated with increases in the North
Atlantic overturning by 2100 as the results of Gregory et al. (2005) imply. The trend line presented
here is more in-line with expectations than that obtained by Gregory et al. (2005). The different
slopes among these studies could also reflect differences in the effective radiative forcing under
which these sets of simulations were run.
While the significance of the trend and the magnitude of the slope shown in Figure 3.5a can
be debated based on the outliers that are excluded, the fact that Gregory et al. (2005), Weber et al.
(2007) and the results presented here, in different contexts, point to a similar trend across models
provides confidence in the existence of a relationship between the magnitude of the North Atlantic
overturning and a tendency for models with large overturning to experience a larger absolute drop in
their overturning. Gregory et al. (2005) were not able to provide an explanation for this relationship,
qualifying it as “surprising”. This relationship is difficult to interpret and it may just be that models
with a stronger circulation have a greater potential for response, yielding larger circulation decreases
in an absolute sense.
In contrast, no analogous relationship between the 1990s states of the global Southern Ocean
abyssal cells and their changes by 2100 seems to exist across the CMIP3 model set (Figure 3.5c).
Consistently, no relationship can be found using the values provided by Weber et al. (2007) for the
AABW cell between the pre-industrial and the LGM periods.
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3.4.1.2

Relative changes

Fractional circulation changes, i.e. the absolute circulation changes predicted by the CMIP3 models
normalized by their 1990s states, are considered in an attempt to reduce the effect that the circulation
strength may have on the evolution of the circulations. This normalized measure of the overturning
is here referred to as the “sensitivity”. The sensitivity is meant to capture the vulnerability of each
model’s overturning to increasing atmospheric CO2 .
For both the Northern (Figure 3.5b) and the Southern (Figure 3.5d) circulations, there exists
a tendency for models with weak circulations to be more sensitive to the effects of anthropogenic
carbon emissions. That is, the relative change in the overturning is larger for models whose Northern
or Southern circulations are weak. For reference, the relative change is also shown by oblique lines
in increment of 10% in Figure 3.5a and c. The picture is thus different when looking at relative
changes than it is when looking at absolute changes. While predictions for the Northern cell seem
consistent across models, it would be difficult, given the scatter in Figure 3.5d, to argue that the
sensitivity displayed by the global abyssal cell of one model better represents the sensitivity of the
real world than another model.
Statistically significant trends are obtained (or approached) in both cases (Figure 3.5b and d),
provided outliers are removed (Table 3.2). The reasons for removing models, 3, 9 and 10 were
explained above, but additional exclusion of model 20 (mri cgcm2 3 2a) from the regression fit
shown in Figure 3.5b is necessary for the regression slope to be significantly different from zero.
Excluding model 20 improves significance but does not change the slope and the intercept of the fit
much (Table 3.2). Exclusion of model 20 may be warranted by the fact that no drift estimate exists
for this model. This is why model 20 is systematically highlighted in grey on the figures. With
or without model 20, the non-parametric Kendall correlation for the relation shown on Figure 3.5b
remains weak, however (Table 3.2).
The discrepancy in significance between the regression statistics and the non-parametric correlation test (Table 3.2) highlight the non-ideal distribution of the data and the large influence of
model 14 (inmcm3 0) on the linear fit in Figure 3.5b. The NADW cell of model 14 is about twice
the magnitude that observations would suggest but there is no indication from Figures 3.2 and 3.3
that this model behaves in a way that would systematically warrant its exclusion as was the case for
models 9 and 10 and inspection of the overturning streamfunction as a function of time shows the
overturning structure is stable. Closer scrutiny of the overturning streamfunction of model 14 (not
shown) indicates that the meridional and depth structure of the overturning is slightly different than
that shown in Figure 3.1, showing a strong (about 30 Sv) counter-clockwise circulation cell centered
at 3000 m between 10-35◦ N and extending from the bottom to 700 m that breaks apart the NADW
cell shown in Figure 3.1, isolating the circulation North of 35◦ N from the mid-depth circulation
South of 10◦ N. Every circulation cell of model 14 appears to be intensified relative to observations.
Exclusion of model 14 from the fit in Figure 3.5b yields a non-significant relationship.
As stated above, comparing the models’ abyssal circulations with the observational estimate
does not allow one to make any inference about the likely response of the global abyssal cell upon
increasing atmospheric CO2 (Figure 3.5c). Expressing the results in term of a relative change (Figure 3.5d) suggest, however, that the model spread around the observation is not totally random.
Models that overestimate the magnitude of the abyssal cell tend to show small sensitivities, while
models that are close to, or underestimate, the observed abyssal circulation tend to yield larger sensitivities. While the adjusted-r2 is small for this fit (0.21, Table 3.2, Figure 3.5d), the p-value of the
regression and of the non-parametric correlation test are encouraging. Using this regression fit to
predict the sensitivity of the global abyssal cell given the observational estimate yields an expected
decrease of -29.3±20.7%. Although the uncertainty is large, this is roughly similar to the predicted
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decrease in the North Atlantic cell. The error reported here represents the standard deviation of
10000 Monte Carlo predictions obtained by sampling normal distributions constrained by the standard error estimates given in Table 3.2 for the slope and the intercept and assuming a ±3 Sv error
on the observed value of Ψ1990s
min .

3.5 Comparison between the global abyssal cell, the abyssal circulation
in the Atlantic and sinking around Antarctica
The global abyssal overturning has been used in the discussion so far, but one could also consider
other indices, such as the abyssal circulation in the South Atlantic only (Ψmin,Atl ), or the downwelling of AABW close to the Antarctic coast (Ψmin,AABW ).
The across-model relationship between the magnitude of the global abyssal cell and the strength
of that cell in the Atlantic only is shown in Figure 3.5e. A linear relationship exists between the two
indices. In most models, the abyssal overturning in the South Atlantic accounts for about a quarter
of the global Southern cell. Fifty percent of the models show a ratio between these two measures
that ranges between 19.6 and 38.5%, the median across all models is 25.3%. Dashed oblique lines
on Figure 3.5c, e and f show contours of constant fractions of Ψmin , in 10% increments. The solid
oblique black line shows the 1:1 line, i.e. a ratio of 100% between the two measures.
Although the fit and the correlation are significant (Table 3.2), the quality of the relationship in
Figure 3.5e between (Ψmin,Atl ) and (Ψmin ) is not as high as one may have expected if bottom water
formation was the dominant factor influencing abyssal circulation. Model-to-model differences in
Figure 3.5e reflect also zonal structure of the bottom cell across the CMIP3 models. Furthermore,
two models, 10 and 14, are outliers. Model 10, which is a model having two anti-symmetric cells
about the equator instead of a mosaic of recirculations as in Figure 3.1, shows a very weak abyssal
circulation in the Atlantic for a strong global value. This zonal structure implies that most of the
abyssal overturning in that model occurs in the Indo-Pacific, consistent with an overly diffusive
simulation. Because the area of the Indo-Pacific is greater than the area of the Atlantic, most of the
diffusion-induced upwelling occurs in the Indo-Pacific.
On the other hand, the South Atlantic abyssal circulation of model 14 is nearly identical to the
global value (Figure 3.5e), suggesting relatively little overturning in the Indo-Pacific. Inspection
of the overturning structure of model 14 also reveals that the bulk of what is, in that model, the
equivalent of the bottom cell, recirculates in a narrow but intense counter-clockwise cell located
between 40-50◦ S (just equatorward of the Deacon cell) that extends from the bottom to the surface.
This intense Atlantic upwelling and the deep-reaching influence of the subtropical gyres are features
that are a priori consistent with a circulation that is dominated by the winds at all depth. A similar
suggestion was made by Medhaug and Furevik (2011) with regard to model 14. Southern Ocean
winds for that model do not seem to be overly strong and compare well with observations, however
(Russell et al., 2006a).
No relationship exists between the modern state of the Atlantic abyssal cell and its change by
the end of 2100 with the greenhouse forcing (not shown). In fact, there is little agreement amongst
the models with regard to the sign of change in the Atlantic-only abyssal cell, with half the models
showing an increase and half showing a decrease. Unlike for the global abyssal cell, there is no
relation between the Atlantic abyssal cell and its sensitivity (not shown). Sensitivities range from
-26.8% to 64.5%. Given the scatter, it is not possible to make a definitive statement about the fate
of the abyssal cell in the Atlantic from the CMIP3 models.
A comparison between the downwelling branch poleward of 60◦ S (Ψmin,AABW ) and the strength
of the global abyssal cell equatorward of 60◦ S (Ψmin ) is shown in Figure 3.5f. There is no clear
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systematic relationship across the CMIP3 models between these two measures pointing towards
significant inter-model differences in the role of AABW for the ventilation of the models’ bottom
waters.
As AABW is formed, it entrains ambient water, resulting in an increased transport downstream.
This is what happens as NADW is formed across the Nordic Sea overflows. The value of Ψmin,AABW
is smaller than Ψmin for most models, consistent with this entrainment interpretation and observations. The inter-model scatter is large, however, with fifty percent of the models indicating a
Ψ
ratio min,AABW
between 35.1 and 69.2% with a median of 50.7%. Furthermore, models 9, 11 and
Ψmin
18 (miub echo g) show that these models’ Antarctic downwelling branch transports are larger than
that of the overturning of the global abyssal cell downstream, indicating that a strong recirculation
of AABW exists in the Southern Ocean in models 9, 11 and 18. Time-series of the different overturning indices do not show abnormal behavior and investigation of the latitude-depth structure of
the overturning streamfunction of model 18 (not shown) does not indicate any anomalous patterns
relative to the typical case of Figure 3.1. Model 18 is one of the few model that relies on flux correction of heat and freshwater (see Table 4.1), although it is not known if that is the reason for this
model’s strong Antarctic recirculation.

3.6 Inter-hemispheric connections between the North Atlantic and the
Southern abyssal circulations
3.6.1 The bipolar seesaw
It has been suggested that paleo-temperature reconstructions from Greenland and Antarctic ice cores
show an anti-correlated time-lagged phase relationship between the air temperature of the Northern
and Southern hemispheres on a variety of time-scales consistent with the ocean overturning timescale and Rossby wave adjustment processes (Blunier and Brook, 2001; Rahmstorf, 2002; Knutti
et al., 2004). The effect is particularly pronounced for variability characteristic of DansgaardOeschger (D/O) fluctuations that are likely induced by large Heinrich events and that occur on a
time-scale of 1500-2000 years (Stocker, 1998; Broecker et al., 1999b). One explanation for the
anti-correlated air temperature record specific of these freshwater induced D/O events argues that
when convection slows down in the North Atlantic, less heat is transported Northward by the Atlantic overturning. In consequence, heat is not released to the atmosphere in the North Atlantic and
heat accumulates in the Southern Hemisphere. This results in a cooling in the North Atlantic and
a warming in the Southern Ocean (Crowley, 1992). The time lag and the differences in magnitude
between the Northern and Southern responses can be explained by the size of the heat reservoir of
the Southern Ocean (Stocker and Johnsen, 2003). Other paleo-proxy data (δ18 O, PO⋆4 , atmospheric
14 C) and models support this interpretation, known as the seesaw hypothesis (Bryan, 1986; Crowley, 1992; Shin et al., 2003; Broecker, 1998; Broecker et al., 1999b; Stocker and Johnsen, 2003;
Knutti et al., 2004; Severinghaus, 2009; Barker et al., 2009).
While the seesaw hypothesis can explain many features of temperature and tracer paleo-reconstructions,
it is not well understood how perturbations in the deep water formation in the North Atlantic influence mechanistically the Southern abyssal ventilation, if at all (Broecker et al., 1999a; Brix and
Gerdes, 2003). Paleo-reconstructions indicate that the influence and the thickness of AABW in the
North Atlantic was increased during times when NADW ventilation was reduced (e.g. D/O events,
Younger Dryas, LGM) relative to modern conditions (Duplessy et al., 1988; Hillaire-Marcel et al.,
2001; McManus et al., 2004; Thornalley et al., 2010). It is less well established, however, if and
how the ventilation rate of AABW has changed at these times. For instance, increased ventilation
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of AABW is expected to produce younger deep waters in the Southern Ocean, but oceanic ∆14 C
reconstructions show that the deep waters in the Southern Ocean were older than they are today
during periods when the NADW was slowed down, such as during the Younger Dryas (Thornalley
et al., 2011). As such, it is not clear that an increased AABW thickness and Northward penetration
necessarily corresponds to increased AABW formation rates, as was suggested by Broecker (1998)
and Broecker et al. (1999b).
It should be mentioned that the seesaw hypothesis is not a universal theory that describes all
fluctuations of the paleo-record, and is, in fact, not fully accepted by the community. Wunsch
(2003), for example, using statistical arguments, questions the validity of the anti-phase correlation
between the Northern and Southern ice-core records. Regional effects may be particularly important
at higher frequencies (periods shorter than a few thousand years) and could substantially influence
the paleo-temperature ice core records (Wunsch, 2006). Furthermore, a positive, not negative, correlation between the temperatures of both hemispheres exists for instance on longer time-scales
between glacial and inter-glacial periods as the forcing for these events is external to the ocean
(Stocker and Johnsen, 2003).
The type of perturbation (buoyancy versus winds) also affects the response of the ocean. It
seems a bipolar seesaw response is only associated with buoyancy driven perturbations in the North
Atlantic (Knutti et al., 2004). Levermann et al. (2007) show that when only the winds over the
Southern Ocean are decreased (increased), both the North and the South show a cooling (warming),
a result that is not consistent with the seesaw. Similarly, Trevena et al. (2008a) performed a meltwater pulse experiment in the Southern Ocean which resulted in a decrease in the North Atlantic cell,
not an increase as would be naively expected by a direct seesaw argument.
It has been shown, in the CMIP3 models, that Northward heat transport in the Atlantic is associated with greater NADW overturning rates measured at 30◦ N (Schneider et al., 2007). This result is
consistent with that aspect of the seesaw hypothesis connecting overturning to heat and salt supply
to the North Atlantic. Schneider et al. (2007) show that this relationship holds true with regard
to the evolution of the North Atlantic meridional overturning in each model, as well as across the
models; only model 1 (bccr bcm2 0) and 11 (giss model e r) fall slightly off the main trend in their
analysis.
The second half of the Broecker (1998) seesaw hypothesis, that is the connection between the
Northern cell and the abyssal cell, remains to be seen in the CMIP3 models. Assuming that the
CMIP3 models represent a set of independent climate perturbation experiments, and since these
models display a range of overturning patterns and strengths, their results can in principle be used
to see if the model’s NADW circulation cells are anti-correlated with the Southern abyssal cells, as
would be expected if a bipolar seesaw-like phenomenon were to explain inter-model differences.
The response of ocean models to increasing atmospheric CO2 (Randall et al., 2007) and freshwater hosing experiments (Stouffer et al., 2006a) differ from model to model owing to their constructions (resolution, diapycnal diffusivity, numerical diffusivity, boundary conditions) and to the
different buoyancy fluxes these models experience. Architectural aspects of model constructions
and the buoyancy and wind fields differ substantially between the CMIP3 models. It is not clear
if the models’ different circulations are due principally to their different constructions or to their
different forcing fields. If differences in the buoyancy forcing were to dominate, one could imagine
seeing indications of a bipolar connection across the modern mean states of these models as each
member of the CMIP3 set essentially represents a different sensitivity experiment with a slightly
different forcing.
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3.6.2 No sign of a seesaw connection across the mean states of the CMIP3 models
Figure 3.6 shows relationships between the magnitudes of the NADW cell across the CMIP3 models and the strengths of different circulation cells associated with the Southern hemisphere. The
existence of a bipolar seesaw mechanism linking both the Northern and Southern circulation cells
across the circulations of the different CMIP3 models, if it existed, would be indicated by a positive
slope on panels 3.6a, c and e.
Figure 3.6a and e show relations involving circumpolar measures of AABW sinking and global
abyssal overturning that are inconsistent with the one that would be expected if a bipolar seesaw
mechanism were to explain inter-model circulation differences. Relations in panels 3.6a and c
show either no trend or, at best, suggest that models experiencing a strong NADW overturning also
tend to exhibit a strong abyssal overturning. Tentative regressions are shown in Figures 3.6a and e
considering in turn the X-axis or the Y-axis as the independent variable. Only lines Bx and By are
significant (p=0.03). The p-value for lines Ax and Ay is 0.07 and that for lines x and y in panel 3.6e
is 0.06. In any case, the data in Figure 3.6a are inconsistent with a seesaw interpretation acting on
both the Northern deep cell and the global Southern abyssal cell or circumpolar AABW production.
On the other hand, inspection of the data in Figure 3.6c suggest that, when restricting the analysis to the abyssal cell in the Atlantic only, a seesaw-like interpretation may not be a priori inconsistent with the models’ spread. Provided models 5, 14 and 15 are removed, regression lines and the
non-parametric Kendall correlation can become significant (Table 3.2).
Figure 3.4 shows that the 1990s overturning metric used for model 12 may not appropriately
reflect that model’s equilibrium overturning. Assuming that the end of the record for that model
better reflect its equilibrated state, the value of Ψ1990s
min,Atl for model 12 would be closer to 0 and the
relation in Figure 3.6c would worsen. Removing model 12 from the analysis yields only marginally
significant relations (p<0.1).
The weak slope suggested by the data in Figure 3.6c could indicate a strong damping between of
the North Atlantic inter-model variance and its expression the abyssal Southern Atlantic cell. This
damping effect would be consistent with the idea that the Southern Ocean acts as a large heat reservoir that dampens the seesaw effect in the South (Stocker and Johnsen, 2003). In this case, however,
the damping does not relate to the dynamics of the Southern Ocean during a transient response as in
(Stocker and Johnsen, 2003), but rather it may be due to the mean inter-model differences between
the models’ simulations of the Southern Ocean.
Considering Figures 3.6a, c and e simultaneously, it is unlikely that a seesaw-like phenomenon
is associated with the main inter-model spread with regard to the inter-hemispheric connection in
the Northern and Southern circulations. Neither the strength of the abyssal cell nor the AABW cell
behave as would be predicted by the seesaw. Furthermore, the positive trend in the Atlantic is weak
and driven mostly by models known to be problematic (i.e 9 and 11). If a see-saw interpretation
were to hold, it would only be applicable to the Atlantic sector of the Southern Ocean.
Figure 3.6b, d and f show no relationship between the CMIP3 predicted absolute changes in the
maximum strength of the Northern overturning cell and the absolute changes in any measure of the
Southern cells. Changes in the circulation between the 1990s and the 2090s as forced by greenhouse
radiative forcing of the CMIP3 experiments are exclusively caused by changes in the winds or heat
and freshwater buoyancy as the model architecture (resolution, parameterizations, etc.) is fixed.
Results in Figure 3.6b, d and f suggest that the atmospheric and sea surface changes in the
Northern and Southern deep and bottom water formation regions are not strongly correlated: there is
no systematic across-model North-South coupling in the measures of absolute change. The models’
responses to increasing atmospheric CO2 levels in the Northern and Southern water mass formation
regions affect the two circulation cells independently, in agreement with the earlier study by Stouffer
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et al. (1989).
The fact that a seesaw effect between the Northern deep cell and measures of Southern hemisphere circulations does not come through clearly in this analysis across mean model states suggests
that inter-model differences are not likely caused by some internal mode of variability shared across
the models, such as a see-saw. It should be emphasized that these analyses do not exclude the existence of a seesaw connection between the deep and bottom cells in the transient evolution within
each model independently, however. Also, it would be rash to conclude that biases in the models’
mean state representation of the NADW cells and the Southern abyssal cells are completely unrelated. Weakly significant relationships can be extracted between the circulation indices (e.g. Figures
3.6a, c, Table 3.2), these just tend to be inconsistent with a seesaw-like interpretation linking the
circumpolar Southern Ocean to the North Atlantic.
Given the different formation mechanisms of the deep and bottom waters fueling the Northern
and Southern cell, is seems also unlikely that systematic differences in the regional surface buoyancy
fluxes in each model would be the proximal cause of the relations shown in Figure 3.6. Owing to the
correlation between the absolute magnitude of the values of Ψmax , Ψmin and Ψmin,AABW (Figure 3.6a,
e), the two leading candidate hypotheses that would better explain the relationships shown in Figure
3.6 are 1) how the CMIP3 models experience or parameterize diapycnal diffusivity and 2) how that
mixing competes with Southern Ocean winds. These alternative explanations are discussed in the
following section.

3.7 Controls on inter-model overturning differences
As stated above, CMIP3 models differ in almost everything, from basic aspects of model construction to their interaction with the atmospheric fluxes. This section reviews some of the likely
causes for differences between the CMIP3 models’ overturning streamfunctions for the mean 1990s
20C3M states. The effects of air-sea buoyancy fluxes, sea-ice, mixing and winds are discusses
sequentially.

3.7.1 Air-sea heat and freshwater buoyancy fluxes
Changes in surface heat and freshwater buoyancy fluxes between the PICNTRL and the SRESA1b/A2
scenario by 2100 are of roughly similar magnitude as the inter-model differences and these changes
vary regionally from model to model (see Sen Gupta et al. (2009) for a comparison over the Southern
Ocean). Together with the lack of correlation between the CO2 -induced overturning perturbations
in the Northern and Southern cells shown in Figure 3.6b, d, f, this reinforces the idea that biases in
the surface heat and freshwater buoyancy forcing are not the main cause of inter-model spread with
regard to the deep and bottom circulation of mass in the CMIP3 models.
A similar conclusion was reached by Sen Gupta et al. (2009) regarding inter-model differences
in the representation of the mixed layer depth in the CMIP3 models. Sen Gupta et al. (2009)
concluded that mixed layer biases were unrelated to the surface forcing but depended mostly on the
various mixed layer mixing parameterization schemes used in the CMIP3 models. This is not to
say that the surface buoyancy changes do not contribute to the evolution of each model, simply that
other inter-model differences are more likely to explain the differences between the circulation cells
of the CMIP3 models.
In good agreement with the data shown here, Toggweiler and Samuels (1998) also noted that
while surface buoyancy fluxes increase the available potential energy of the ocean, the conversion
of that buoyancy-induced potential energy addition to mechanical energy is relatively modest. Toggweiler and Samuels (1998) thus concluded that the role of surface temperature and salinity condi125

tions is mostly that of a valve (see Samelson (2004)) or a trigger, regulating the release of available
potential energy into kinetic energy. That is, temperature and salinity affect the stratification and
thus allow for convective overturn but buoyancy fluxes do not in themselves provide enough energy
to drive the overturning.

3.7.2 Sea-ice
The melt-freeze cycle of sea-ice concentrates salt (by trapping freshwater into ice) in the surface
waters as sea-ice grows in Winter and releases freshwater as sea-ice melts in Summer, contributing
to the restratification process. Sea-ice in models plays a role in the formation of brine-enriched
dense shelf waters around Antarctica and in preconditioning waters that contribute to the formation
of AAIW (Duffy and Caldeira, 1997, 1999) such that sea-ice dynamics must be included in the
models. Models have typically two problems with regard to accounting for the influence of sea
ice. If brine release is concentrated in the model’s upper cell, salinity increases drastically in these
grid cells and this may result in excessive convection (Duffy and Caldeira, 1997). Secondly, if
sea ice melt is too high in Summer, restratification is too strong and deep convection is reduced.
This freshwater must also be exported equatorward out of the Southern Ocean (by the winds), as it
ultimately contributes to the formation of AAIW.
In the context of the bipolar seesaw, warmer Southern hemisphere conditions should correspond
to strong Southern hemisphere circulations and weak Ψmax states. Warm Southern hemisphere conditions are also expected to lead to less sea-ice than when the Southern hemisphere is cold. Alternatively a stronger seasonal sea-ice cycle during Southern warm phases, if coupled with efficient
export of freshwater in Summer, could also contribute to increased bottom water formation during
weak NADW overturning periods.
The relationships between sea-ice and circulation in the CMIP3 models are explored in this
section. Using the sea-ice area and sea-ice volume estimates provided for the CMIP3 models by
Sen Gupta et al. (2009), no clear relationship is found between either sea-ice area or volume in Winter, in Summer or the Winter-Summer differences, and any circulation measure considered (Ψmax ,
Ψmin , Ψmin,Atl , Ψmin,AABW , Ψmax,Deacon ; not shown). This lack of relation again argues against a
systematic seesaw-like connection across the different CMIP3 models.
Significant relations can be found, however, between measures of sea-ice area in Winter, in
Summer and the seasonal amplitude of sea-ice area in the Southern Ocean, and ∆Ψmax , the absolute change the magnitude of the meridional overturning of the NADW cell (Figure 3.7, Table 3.2).
The relative change, i.e the sensitivity, yields more scatter and statistically weaker relationships
(not shown), but presents equivalent information: models with less sea-ice area, either in Winter or
in Summer, experience a larger decrease (in an absolute or relative sense) in their NADW cell by
2100 than models with an extensive sea-ice (Figure 3.7a, b). Also, models with a weaker seasonal
amplitude of sea-ice area experience a larger absolute or relative change in Ψmax (Figure 3.7c).
Equivalent relationships are not found when considering the sea-ice volumes estimates given by
Sen Gupta et al. (2009) instead of areal sea-ice extent, or between measures of sea-ice area or volume and metrics of circulation in the Southern hemisphere (Ψmin , Ψmin,Atl , Ψmin,AABW , Ψmax,Deacon ,
not shown).
One possible explanation for the relationship between small sea-ice area and large absolute circulation change may be related to the main message of the study by Russell et al. (2006a): Southern Ocean representations in the CMIP3 models differ mostly because of the way warm and salty
NADW is imported in the region. As was suggested by the weak relation in Figure 3.5a, a weak relation exist between the modern value of Ψmax and its absolute change by 2100. Models with a small
sea-ice area are then expected to be these models that import either the most or the warmest type
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of NADW. The distinction between volume and temperature of the NADW inflow to the Southern
Ocean may explain why while there is a weak trend between Ψmax and ∆Ψmax , only ∆Ψmax covaries
significantly with measures of sea-ice area.
The importance of NADW supply to the Southern Ocean can be seen when considering the
relationship between the seasonal amplitude of sea-ice area and the difference between Ψ30S
max and
30S ; that is the strength of the NADW and abyssal cells evaluated around 30◦ S. The difference
Ψ
 min

30S
Ψ30S
max − Ψmin is a measure of the total Southward mass flux at depth. It incorporates both NADW
and CDW. This relationship produces a marginally significant trend (r2 =0.22, p=0.07; τ=-0.40,
p=0.07) provided models 12 and 14 are treated as outliers (not shown). As pointed out by Sen Gupta
et al. (2009), model 12 has a nearly permanent and extensive sea-ice cover over the whole Southern
Ocean. This model is not visible in Figure 3.7 as no ∆Ψmax estimates exist for it. Shortcomings of
model 14 were discussed earlier.
Differences in sea-ice parameterizations do not appear to be the main cause for the circulation
differences of the CMIP3 model set, what is unsurprising in a mechanically driven overturning
(by winds or mixing). Differences in circulation may cause differences in sea-ice, however. This
conclusion is consistent with earlier experiments by Stoessel et al. (1998), who revealed a small
effect for changes in the parameterization of the sea-ice component on the circulation strength of
the Antarctic or abyssal cell. Differences in the treatment of sea-ice can alter the tracer properties
of the abyssal waters, but sea-ice effects on the inter-model spread of circulation is not a first-order
problem in the CMIP3 set.
Note that the effect of sea-ice parameterizations grows in importance as other modeling issues
are being solved and models are refined. The effect of sea-ice is larger when open ocean convection
is weaker. If open ocean convection is excessive (open ocean convection is a common solution to
bottom water formation in coarse resolution models that do not explicitly model continental shelves
around Antarctica), the effect of sea-ice parameterizations will be relatively smaller (Stoessel et al.,
2002). As such, the influence of sea-ice parameterizations on the inter-model spread is expected to
grow in relative importance with future generations of models.

3.7.3 Diapycnal mixing
Mixing parameterizations vary substantially among the CMIP3 models (see Sen Gupta et al. (2009)
and Carman and McClean (2011)). Many use the Bryan and Lewis (1979) scheme in the vertical,
with a value for Kv =0.3·10−4 m2 s−1 near the surface increasing with depth, although a variety of
schemes is used (Sen Gupta et al., 2009). Details of the numerical implementation of the mixing
scheme, grid discretization and numerical integration algorithms differ across the models. These
differences are known to generate substantial and variable numerical diffusion that induces differences amongst model simulations that are otherwise similar (Gerdes et al., 1991; Griffies et al.,
2000; Hofmann and Morales Maqueda, 2006; Hofmann and Rahmstorf, 2009).
It is well-established that large diapycnal diffusivities can induce a strong NADW overturning in
models (Munk and Wunsch, 1998; Bryan, 1987a; Manabe and Stouffer, 1999a; Sijp and England,
2006; Mignot et al., 2006; Jochum, 2009). In the Atlantic, enhanced NADW overturning due to
increased diapycnal mixing may come at the expense of a reduced Southern abyssal cell in that
basin (Kamenkovich and Goodman, 2000). This would explain also the across-model seesaw-like
relationship in Figure 3.6c and the weak positive slope between Ψmax and Ψmin,Atl . In this case,
while the slope of the line in Figure 3.6c is consistent with the seesaw hypothesis, the cause for this
relationship is not necessarily related to the seesaw but could be explained by the effective diapycnal
diffusivity experienced by each model.
Since there is no formation of bottom water in the Northern regions of the Indo-Pacific, large
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diapycnal diffusivities operate mostly on the abyssal cell there (Tsujino et al., 2000), speeding up
that cell’s circulation. This decoupling of the effects of diapycnal mixing in the Atlantic and the
Indo-Pacific (Manabe and Stouffer, 1999a; Sijp and England, 2006) explains the apparent discrepancy seen between Figures 3.6a and c, between the global and Atlantic-only abyssal circulations
indices.
Model experimentation has shown that models with large diapycnal diffusivities, and so models with a strong North Atlantic overturning cell, are less vulnerable to freshwater pulses in the
North Atlantic (Manabe and Stouffer, 1988, 1999a; Schmittner and Weaver, 2001; Hofmann and
Rahmstorf, 2009). As such, an explanation relying on differences in the way models experience
diapycnal diffusivity is also consistent with the relationship in Figure 3.5b between the magnitude
of the Northern cell and its sensitivity to increasing atmospheric CO2 .

3.7.4 Winds
A complementary perspective to the mixing-driven overturning was suggested by Toggweiler and
Samuels (1995a) and Toggweiler and Samuels (1998). This interpretation consists in a circulation
driven by deep wind-induced upwelling in the Southern Ocean. Strong westerly winds in the Southern Ocean drive a divergent Ekman Northward transport that is balanced by upwelling South of the
Polar Front, itself balanced by a deep flow that can only be maintained below the sill depth of the
Drake Passage (the Drake Passage effect). In the limit where diapycnal mixing is small, as may be
the case in the real world relative to the values used in models (Toggweiler and Samuels, 1998),
the Southern Ocean winds may be an important source of energy for the meridional overturning
circulation.
Wind diagnostics in the Drake Passage are taken from Russell et al. (2006b). The meridionally
integrated zonal wind stress, the maximum of the wind stress and the latitude of the maximum wind
stress band at the longitude of Drake passage are all well-correlated measures (τ >0.6, p<0.01) and
only results using the meridionally integrated wind stress measure (total τ x ) are shown in Figure
3.8 as the other wind diagnostics result in similar conclusions. Overall, Southern Ocean winds
in the CMIP3 models are too weak and the maximum zonal wind stress band is located too far
equatorward. These shortcomings and some of their implications are discussed in Russell et al.
(2006a) and Sen Gupta et al. (2009).
3.7.4.1

Influence of Southern Ocean winds on the NADW cell

Relationships between the strength of circulation cells and Southern Ocean wind diagnostics are
shown in Figure 3.8. The data show no correlation between Southern Ocean winds and Ψmax across
the CMIP3 models (Figure 3.8a). A similar analysis using the strength of the NADW cell evaluated
at 30◦ S yields similar results as Ψmax and Ψ30S
max are well-correlated (τ=0.64, p<0.01; models 9, 10
and 11 show the largest deviation from the 1:1 line, not shown). The ratio between Ψmax and Ψ30S
max
ranges from 47.2 to 112.2%, with half of the models in the bracket 71.8-82.3% and the median
being 77.7%. Similarly, no
 relation is found between total τ x or other measure of Southern Ocean
30S
◦
− Ψ30S
winds, and the difference Ψmax,Atl
min,Atl , an estimate of the total deep Southward flow at 30 S.
The lack of a direct connection between Southern Ocean winds and the NADW cell across
the models conceptually agrees with the results presented in Gnanadesikan et al. (2006), who used
a suite of sequential coupled model experiments contrasting the effects of changing atmospheric
model components versus changing isopycnal mixing and lateral viscosity parameterizations. The
coupled model simulations described by Gnanadesikan et al. (2006) showed that the strength of the
North Atlantic overturning in these experiments varied more in response to changes in the viscosity
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or mixing parameterizations than to changes in the winds or surface buoyancy fluxes. Gnanadesikan
et al. (2006) observed changes of only 0.2 Sv between the North Atlantic overturning in gfdl cm2 0
and a hybrid case using the ocean component of gfdl cm2 0 in conjunction with the atmosphere of
gfdl cm2 1. In contrast, the difference between a case using a spatially variable isopycnal diffusivity
that depends on the mean horizontal density gradient and a case with a spatially constant isopycnal
diffusivity resulted in a 0.8 Sv decrease for the constant diffusivity case, given a common atmosphere. The largest effect is seen when changing the parameterization of lateral viscosity, however,
a quantity that affects momentum directly. Given the configuration of gfdl cm2 1, a simulation with
reduced isotropic lateral viscosity in the extra-tropics resulted in an overturning that is 3.9-6.8 Sv
stronger that the same model with a larger viscosity.
In a separate study, Farneti and Delworth (2010) investigated the effect of changing Southern
Ocean winds on the overturning of NADW in a coupled climate model. In agreement with the
data presented here and the results of Gnanadesikan et al. (2006), Farneti and Delworth (2010)
found only a weak sensitivity of the Northern cell to strongly enhanced or reduced winds over the
Southern Ocean.
This apparent lack of direct connection between Southern Ocean winds and the strength of the
NADW is not so surprising, in fact. First, Toggweiler and Samuels (1995b) used a rather coarse
model with no parameterization of Southern Ocean eddies. Secondly, theoretical developments
incorporating eddies suggest instead that the NADW cell is the sum of the wind-driven Ekman flow
(QEkman ), the eddy return flow (QEddy ) and mid-latitude upwelling (QUpwelling ) (equation 3.1). It is
evident that a direct connection between Southern Ocean winds and Ψmax is only possible when the
influence of eddies is small in the small diapycnal diffusion limit.


Ψmax = QEkman − QEddy + QUpwelling
(3.1)
Different scaling arguments have been proposed to quantify the different terms in equation 3.1;
see for instance Gnanadesikan (1999), Johnson et al. (2007) and Fuerst and Levermann (2011).
Using (3.1) and the scalings proposed by Johnson et al. (2007) for the terms on the right-hand-side,
a relation between the North Atlantic cell and the Southern Ocean could be:
!
κv A KGM DL x
τx Lx
+
−
(3.2)
Ψmax ≈
ρ0 | fS |
D
Ly
fS is the Coriolis term in the Southern Ocean (about 50 ◦ S), L x is the circumpolar distance of the
ACC (about 3·107 m), Ly is the meridional length scale characteristic of the isopycnal slope in the
Southern Ocean (106 m), ρ0 is a reference density, A is the area of upwelling (2.6·1014 m2 ) and
τ x is wind stress over the Southern Ocean. KGM is the eddy diffusivity but not all models use the
Gent-McWilliams parameterization. Similarly, the profiles of κv , the vertical diffusivity, vary in
the CMIP3 models. Since the CMIP3 models do not rely on the same mixing parameterizations,
evaluation of the conceptual model in equation (3.2) is difficult to apply quantitatively for the purpose of this model inter-comparison exercise. Expression (3.2) shows, however, that even if there
is mathematically a linear dependency with wind stress, the other terms, which depend heavily on
the geometry of the flow and on the mixing parameterization, can easily obscure this relation in the
CMIP3 set.
Scalings for Ψmax converge towards a dependency in D2 (see for example Gnanadesikan (1999)).
Figure 3.8b shows how the pycnocline depth (averaged between 25◦ S and 25◦ N in the Atlantic) relates to Ψ1990s
max . In rough agreement with the scaling arguments, a tendency exist for models with a
deep pycnocline to also have a strong NADW cell, although the statistics are not very good (τ=0.33,
p=0.09, excluding model 9). Since the pycnocline depth is affected by all the processes in equation
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(3.1) and not just the winds, a case for differences in Southern Ocean winds as the principal cause
for inter-model differences in NADW overturning across the CMIP3 models cannot be made from
the data in Figures 3.8a.
It is important to emphasize that this analysis does not suggest that winds play no role in the
meridional overturning: the degree to which winds influence the circulation varies from model to
models according to the sum in equation (3.1). The basis for analysis in this study is to look for systematic inter-model differences to try to explain the largest variance. As such, it is very sensitive to
outliers, meaning models whose properties can be far from observed values. This analysis thus simply suggests that differences in the winds may not be the primary reason for the difference observed
between the NADW cells across the CMIP3 models. The lack of the direct relation between Ψmax
and Southern Ocean winds, Figure 3.6a, c, e, the hybrid coupled model experiments in Gnanadesikan et al. (2006) and the analysis of Farneti and Delworth (2010) point towards differences in the
mixing parameterizations or other architectural model differences (not resolution) as the dominant
cause of model disparity with regard to the NADW overturning cell.
3.7.4.2

Winds and circulation cells in the Southern Ocean

Correlations exist between various measures of Southern Ocean winds and the strength of the Deacon cell, the global abyssal cell and the Atlantic-only abyssal cell (Figure 3.8b, e, f). The connection
between the Southern Ocean winds and the strength of the AABW cell close to the Antarctic coast
(not shown) is not clear, however.
As Figures 3.8c and d show, CMIP3 models tend to overestimate the Deacon cell (in latitudedepth space) by as much of 100% relative to the estimate of Doos et al. (2008). As shown by Danabasoglu et al. (1994) and Danabasoglu and McWilliams (1995), the parameterization of Southern
Ocean eddies can result in a substantial reduction of the Deacon cell. The overturning streamfunction fields available from PCMDI do not include the eddy-induced bolus velocity and are computed only from the advective component. Bolus velocity fields are generally not available for the
CMIP3 models, but these exist for model 8 (gfdl cm2 1). The overturning streamfunction presented
throughout this study for that model includes the bolus velocity and shows the residual mean flow.
This correction explains why the Deacon cell strength for model 8 is below the other model in the
same data cluster (Figure 3.8c). Model 8 falls closer to observations, relative to these other models.
The Deacon cell is still too strong, however, in spite of the bolus-velocity correction. Although
this cannot be established for sure based on the data available, a tendency for overestimation of the
Deacon cell is likely in all the models even if the bolus velocity had been considered. Since wind
stresses simulated by the CMIP3 models tend to be underestimated, the overly strong Deacon cells
that most likely characterize the CMIP3 models must be the result of an underestimation of the
eddy-return flow throughout the simulations. Although the streamfunction is not corrected for the
bolus-velocity, most CMIP3 models possess an implementation of a form of eddy parameterization,
either following Gent and McWilliams (1990), Gent et al. (1995) or Griffies (1998) (Carman and
McClean, 2011). Hunke et al. (2008) has shown, however, that there is a grid dependence on mixing
parameterizations, owing to the shrinking of grid cell areas poleward. Given the various resolutions
and grid types used in the CMIP3 models, the results of Hunke et al. (2008) indicate that even if
each CMIP3 model had implemented the same mixing scheme for eddies, these algorithms would
likely have resulted in different effects.
Inasmuch as the Deacon cell represents the upwelling of water in the ACC and its mostly isopycnal northward Ekman transport and southward meandering, a relationship between the strength of
the Deacon cell and Southern Ocean winds is expected. The observed relation across the CMIP3
models (Figure 3.8c) is not formally significant but a correlation consistent with the overall expec130

tation is indicated (Table 3.2). Although the inter-model correlation is weak, it generally agrees
with the coupled model experiments of Farneti and Delworth (2010), who perturbed winds over the
Southern Ocean and found the strongest response in the Deacon cell.
Since the major part of the Deacon cell, presented in depth-latitude space, reflects depth changes
of isopycnals zonally, the Deacon cell index presented in Figure 3.8c also represents the evolution
of isopycnal surface throughout the Southern Ocean. The index thus partly reflects differences in
the subtropical winds and in the shape of the subtropical gyres. Sen Gupta et al. (2009) find large
differences in the gyre representation of the CMIP3 models in the Southern Ocean. This gyre effect
on the Deacon cell is surely responsible for some of the scatter shown in Figure 3.8c.
There exist a strong linear relation between the strength of the abyssal cell and the strength
of the Deacon cell (Figure 3.8d, Table 3.2). No such
relationship is observed, however, between

1990s , between Ψ1990s
30S
30S
1990s
Ψ1990s
and
Ψ
and
Ψ
max
max,Deacon
max,Deacon
max,Atl − Ψmin,Atl , or between Ψmax,Deacon and
1990s
Ψmin,AABW . By implications, correlations also exist between measures of Southern Ocean wind
stress and the abyssal cell, both when measured globally or in the Atlantic only (Figure 3.8e, f,
Table 3.2).
The relationship in Figure 3.8e suggests that a large part of the circulation measured by Ψmin
and Ψmin,Atl is in fact a wind-driven component. There may be two explanation for this. First,
Southern Ocean winds drive an upwelling that drives the bottom cell. As pointed out by Russell
et al. (2006b), the degree to which CMIP3 models upwell deep water is one of the key factor
explaining inter-model differences in the Southern Ocean.
Secondly, since the background circulation of the abyssal cell is small, most of the signal
recorded by Ψmin or Ψmin,Atl reflects bottom recirculation cells that not only represent the strength
of the abyssal cell, but also reflects local Deacon-like recirculation subcell that are created on the
latitude-depth space by the upward domed shape of isopycnals under the different subpolar and
subtropical wind regimes. Since the degree to which deep waters are influenced by the winds varies
across the CMIP3 model, this latter explanation could also explain the scatter seen in Figure 3.6f,
that is the apparent lack of a clear connection between the Antarctic bottom water sinking cell and
the abyssal cell, and the lack of an across-model seesaw behavior between the Northern and the
abyssal cell.

3.8 Conclusions
Many CMIP3 models simulate the magnitude of the North Atlantic overturning cell well relative
to the observational estimate of Cunningham et al. (2007). These models also converge in their
estimates of the absolute and relative change of the NADW overturning by the end of the 21st
century. This cluster of “good” models suggest that the NADW cell is projected to decrease by
about 25-30% by 2100 given the emission scenario used in these simulations (A2 or A1b).
An analysis across the CMIP3 models also indicates that a relationship exists between models
with a strong NADW cell and this cell’s sensitivity to increasing atmospheric CO2 radiative forcing.
Models that are most sensitive are those models with a weak Northern cell, whereas least sensitive
models tend to have a strong meridional overturning.
Analogous arguments cannot be made for the global Southern abyssal cell as the CMIP3 representations of that cell greatly differs from model to model. Nonetheless, there exists a weak
dependency between the sensitivity of the global Southern cell and its modern value across the
models. Exploiting this weak relationship and using an observational estimate of the cell’s strength
points to a decrease of the Southern cell by 2100 that is of roughly similar magnitude as that of the
Northern cell, although this prediction is very uncertain.
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Investigating the relationship between the strength of the NADW cell and different measures of
the Southern abyssal cell does not reveal a seesaw-like connection across the CMIP3 models that
links the relative strengths of these cells. This indicates that model differences are mainly due to
external differences with regard the surface forcing or the model architectures.
Regarding the seesaw, while the focus here was between the NADW and the abyssal cell, recent
paleo-reconstructions (Pahnke and Zahn, 2005; Jung et al., 2010; Rickaby and Elderfield, 2005)
indicate that AAIW may be more clearly linked to the North Atlantic than AABW formation or
the abyssal cell, whose behavior seems to be mostly decoupled from the dynamics of the NADW
circulation cells. In light of these recent data and other modeling studies (Saenko et al., 2003b;
Stouffer et al., 2007; Trevena et al., 2008b,a), it seems that the bipolar seesaw at most involves the
NADW circulation cell, to which the AAIW branch belongs, and does not influence the circulation
of AABW much, contrary to Broecker (1998)’s original speculation.
After consideration of the main causes that could affect the different overturning cells, it is concluded that neither inter-model differences of the surface buoyancy fluxes or sea-ice could explain
the magnitude of the inter-model differences in the overturning patterns across the CMIP3 models.
Mixing or viscosity parameterizations and winds, on the other hand can, at least conceptually, explain the differences across the CMIP3 models. Differences in the effective diapycnal mixing or
viscosity of each model are strong candidates to account for the differences in the Northern cell.
Differences in the Southern cells are likely the result of both wind and mixing disparities.
One serious weakness of the analysis presented here is the reliance on overturning streamfunctions computed on the depth-latitude space that are provided in the PCMDI database. Such
streamfunctions encompass both aspects of the diabatic and the adiabatic isopycnal circulation.
The adiabatic circulation is the component that is most affected by the winds, whereas the diabatic
part is affected by all the other processes discussed above. As such, a variable and unknown fraction of the variability across the models or the variability in time for each overturning index reflects
adiabatic differences; that is the shape of isopycnal surfaces along a Lagrangian trajectory.
The curvature of isopycnals can be affected by the winds to great depth, although the penetration
depth varies from model to model. This effect may contaminate the overturning indices used here
and influence the conclusions presented above. Since overturning streamfunctions calculated in the
density-latitude space filter out the adiabatic wind-driven signal, it seems reasonable to expect that
a streamfunction analysis in that reference frame would indicate a greater role for the mixing or
viscosity parameterizations in accounting for inter-model differences and a smaller influence of the
winds. It should also be mentioned that, as first-order architectural model discrepancies are being
addressed, processes that are today second-order, such as sea-ice and buoyancy flux differences,
will likely gain in importance in explaining inter-model variance in future inter-comparison studies.
The analysis above does not explicitly consider the role of stratification, which is addressed
in the next chapter. The role of stratification can be important at high latitude for the water mass
formation process. Stratification is not an external parameter and is itself a consequence of the
circulation in each model. However, since many aspects of the large scale circulation depend on
density gradients, changes in stratification can feed back on circulation patterns. For example,
Sen Gupta et al. (2009) suggest that differences in the magnitude of the Antarctic cell (AABW
sinking) are well-correlated with the high latitude density stratification calculated across the top
100 m. Sen Gupta et al. (2009) also points out that models with low stratification are often models
with low resolution and that such models typically experience high AABW sinking rates. Model
resolution was never found to explain the relationships discussed in this study directly, however.
One can also ponder about the value of model inter-comparison exercises, particularly in the
framework utilized here. It is clear from the figures presented through this study that the distribution of the data is typically not normally distributed. Data typically fall into clusters, and many
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(often subjective) decisions have had to be made regarding the identification of outliers. As such,
determination of trends across model states often depend quite substantially on particular models,
which are the extreme cases, the models that are the most different from observational constraints.
The implication is then that much of what is learned through the analysis aims at explaining these
extreme cases. As seen throughout the text, the consequence can be that interpretation of particular
analyses does not always translate into a physical interpretation of real world processes and can be
limited to the identification and discussion of the most obvious model errors. This can be rather
disconcerting.
Finally, while the CMIP3 simulations tend to estimate the magnitude of the North Atlantic deep
cell with some skill, the same is clearly not true regarding the circulation in the Southern Ocean.
Significant and immediate improvements are necessary in that important region, which accounts for
most of the global oceanic heat and carbon uptake.
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Subtropical gyres

Ψmin,AABW

Deacon cell

Subpolar
gyres

Ψmax
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Figure 3.1: Typical structure of the global overturning streamfunction in latitude-depth space showing the different overturning cells that make up to global meridional overturning circulation. This
particular example shows the mean overturning (in Sv) over the period 1900-2099 for the PICNTRL case of model 8 (gfdl cm2 1). Ψmin,Atl (not shown) corresponds to Ψmin but calculated for the
Atlantic basin only. Note the coordinate stretching of the depth axis (depth in meters).
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Figure 3.2: Time series of the Ψmax overturning index. Vertical grey lines mark the 1990s and
2090s. The mean values of the indices for these periods, isolated by predictions of linear fits (see
text for details), are shown as cyan (PICNTRL) and gold (20C3M, SRESA2/A1b) line segments.
The dark blue and orange solid lines are deseasonalized loess-filtered trend lines with span windows
of 10 years.
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Figure 3.3: Time series of the Ψmin overturning index. Vertical grey lines mark the 1990s and 2090s.
The mean values of the indices for these periods, isolated by predictions of linear fits (see text for
details), are shown as cyan (PICNTRL=blue) and gold (20C3M, SRESA2/A1b=red) line segments.
The dark blue and orange solid lines are deseasonalized loess-filtered trend lines with span windows
of 10 years.
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Figure 3.4: Time series of the Ψmin,Atl overturning index in the South Atlantic only, Northward of
30◦ S. Vertical grey lines mark the 1990s and 2090s. The mean values of the indices for these periods, isolated by predictions of linear fits (see text for details), are shown as cyan (PICNTRL=blue)
and gold (20C3M, SRESA2/A1b=red) line segments. The dark blue and orange solid lines are
deseasonalized loess-filtered trend lines with span windows of 10 years.
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Figure 3.5: a) Absolute change in the magnitude of the North Atlantic overturning circulation between 20-60o N below 500 m between 1990s and 2090s as a function of the overturning strength
simulated

 by the 20C3M scenario in the 1990s. b) Same as a) but for the overturning sensitivity
∆Ψmax
1990s
Ψmax

expressed in percent. c) Absolute change in the magnitude of the global Southern (abyssal)
overturning circulation between 20-60o S below 1500 m between 1990s and 2090s as a function of
the overturning strength simulated
by the 20C3M scenario in the 1990s. d) Same as c) but for the


overturning sensitivity

∆Ψmin
Ψ1990s
min

expressed in percent. e) Relationship between the magnitude of the

global and the Atlantic only estimate of the abyssal cell. f) Same as e) but for the minimum magnitude of the overturning streamfunction evaluated between 60-80◦ S.Outliers not used in the linear
regression fits (the X-axis is always used as a predictor, regression lines are shown as dashed red
lines) are highlighted in yellow. A key for the model numbers is provided in Table 4.1. Dashed green
lines mark modern observational estimates for the NADW cell (18.7 Sv) and the global AABW cell
(-14 Sv). Oblique black dashed lines show contours of constant relative changes in increment of
10% between -100 and 100%. Lines after that in f show 125, 150 and 200%.
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Figure 3.6: Relationship between the mean values for the 1990s simulated by the 20C3M scenario
of the Northern and a) the Southern abyssal overturning circulations, c) the abyssal circulation in
the Atlantic basin only, and e) the sinking of AABW. Relationships between the absolute changes
predicted for the Northern and the b) global Southern abyssal circulation, d) Atlantic abyssal circulation and f) AABW sinking by 2090s by either the A1b or A2 scenarios. Model 20 for which no
drift correction exist is shown in grey. Oblique black lines marks the 1:-1 line (a, c, e) or the 1:1 line
(b, d, f). Outliers not used in the linear regression fits are highlighted in yellow. Regression lines
are shown as dashed red/magenta (x: abscissa used as the independent variable) or blue/cyan (y:
ordinate used as the independent variable) lines. Two fits are shown on panel a, group A uses data
with Ψmax > |Ψmin | and group B uses the data with Ψmax < |Ψmin |. A key for the model numbers is
provided in Table 4.1. Dashed green lines mark modern observational estimates where available.
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Figure 3.7: Relationships between Southern Ocean a) Winter sea-ice area, b) Summer sea-ice area
and c) the seasonal amplitude of sea-ice area between Winter and Summer, and the absolute change
in the strength of the North Atlantic cell (Ψmax ). Sea-ice data are from Sen Gupta et al. (2009).
Green dashed lines mark observational estimates, red dashed lines show regression fits.
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Figure 3.8: Relationships between the meridionally integrated zonal wind-stress at Drake Passage
(total τ x , values taken from Russell et al. (2006a)) and measures of the overturning circulation: a)
1990s
1990s
1990s
1990s
Ψ1990s
max , c) Ψmax,Deacon , e) Ψmin and f) Ψmin, . b) Relationship between Ψmax and the pycnocline
1990s
depth in the Atlantic between 25◦ S and 25◦ N. d) Correlation between Ψ1990s
max,Deacon and Ψmin . Green
dashed lines mark observational estimates, red dashed lines show regression fits.
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Table 3.1: Characteristics of IPCC AR4 models: average grid cell
 volume
 (gV); maximum
overturning streamfunction below 500 m between 20-60o N Ψ1990s
max ; relative change in
Ψmax between the
2090s
and
1990s
for
scenario
A2
(or
A1b)
corrected
for model drift


∆Ψmax
where available Ψ1990s ; minimum overturning streamfunction below 1500 m between

 max
20-60o S Ψ1990s
and 1990s for scenario A2
min ; relative change in Ψmin betweenthe 2090s

∆Ψmin
(or A1b) corrected for model drift where available Ψ
1990s .
min

#

Models

1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23

bccr bcm2 0
cccma cgcm3 1 t47(1)
cccma cgcm3 1 t63
cnrm cm3
csiro mk3 0
csiro mk3 5
gfdl cm2 0
gfdl cm2 1
giss aom(4)
giss model e h(4)
giss model e r
iap fgoals1 0 g(4)
ingv echam4
inmcm3 0(1)
ipsl cm4
miroc3 2 hires(4)
miroc3 2 medres
miub echo g(1)
mpi echam5
mri cgcm2 3 2a(1,3)
ncar ccsm3 0
ukmo hadcm3
ukmo hadgem1
Observations

gV
[1012 m3 ]
1.22
5.35
2.00
2.26
2.14
2.22
0.64
0.64
14.33
1.19
23.48
1.18
1.16
5.78
2.41
0.75
1.47
7.20
0.99
6.25
0.48
3.18
0.79
1.20(2)

Ψ1990s
max
[Sv]
20.3
8.8
7.5
28.6
21.1
20.1
22.4
36.3
33.1
28.2
3.4
32.9
13.1
15.6
20.1
19.5
18.0
16

(1)

∆Ψmax
Ψ1990s
max

[%]
-28.7
-34.6
-2.9
-24.2
-30.5
-33.9
-77.1
(-54.0)(5)
-29.4
-13.9
-47.6
-17.6(6)
-30.6
-24.5
-8.7
28

1990s
Ψmin
[Sv]
-11.8
-18.2
-12.7
-11.3
-26.5
-17.2
-8.4
-14.3
-34.6
-15.3
-18.6
-25.9
-8.7
-19.0
-22.3
-9.9
22.2
-15

∆Ψmin
Ψ1990s
min

[%]
-6.9
-34.9
-19.6
-18.6
-21.7
-56.9
-56.7
(-22.2)(5)
-46.9
-2.0
-13.2
-26.6(6)
-15.3
-45.9
-6.2
-28

These models use some form of flux adjustment for heat, freshwater or both.
Calculated from the gridded 1o ×1o WOA05 annual climatology.
(3)
PICNTRL overturning streamfunction values not available for drift correction. A2 values
used.
(4)
Scenario A1b used, A2 not available.
(5)
Results are questionable due to short record length and the fluctuating nature of Ψmax .
(6)
PICNTRL value used for drift correction was obtained by extrapolating the linear fit of the
first half of the record to the 2090s.
(2)
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Table 3.2: Statistical summaries of some linear regressions and correlation tests presented in
this study. Results for ordinary least squares fits show the slope and the intercept, the adjustedr2 and the associated p-value. Non-parametric Kendall correlation results are indicated by the
correlation coefficient τ and a p-value. Models excluded for the fits are indicated in the last
column. See Table 4.1 for model identification. x/y suffix indicates that the x/y-axis is used as
the independent variable.
Figure
3.5a
3.5b
3.5d
3.5e
3.6c-x
3.6c-y
3.6e-x
3.6e-y
3.7a
3.7b
3.7c
3.8c
3.8d
3.8e
3.8f

Slope
(a ± a′ )
-0.19±0.08
0.83±0.29
0.69±0.43
-1.82±0.87
0.40±0.09
0.14±0.06
2.33±0.97
-0.41±0.20
-0.53±0.26
0.53±0.09
0.69±0.24
0.85±0.17
4.13±2.27
-1.0±0.23
-2.80±0.59
-1.37±0.27

Intercept
(b ± b′ )
-1.18±1.67
-47.4±6.4
-42.4±9.3
-54.9±15.6
1.93±1.51
-6.95±1.26
29.79±4.49
-2.59±4.48
14.78±3.46
-13.14±1.42
-6.78±0.88
-15.74±2.34
15.62±12.05
24.6±4.1
-4.94±3.07
2.20±1.44

r2

p

τ

p

Outliers

0.28
0.42
0.13
0.21
0.58
0.27

0.04
0.02
0.14
0.06
<0.01
0.03

-0.44
0.35
0.21
-0.36
0.56
0.38

0.04
0.16
0.38
0.08
0.01
0.06

9, 10
3, 9, 10, 20
3, 9, 10
10
10, 14
5, 14, 15

0.17

0.06

-0.29

0.11

0.77
0.40
0.69
0.15
0.56
0.68
0.67

<0.01
0.02
<0.01
0.09
<0.01
<0.01
<0.01

0.64
0.41
0.70
0.38
-0.64
0.68
0.67

<0.01
0.06
<0.01
0.06
<0.01
<0.01
<0.01
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10, 12
3, 8, 10
14

Chapter 4

Connections between the hydrographic
mean state of CMIP3 coupled models
and their circulations
Un pour tous, tous pour un, c’est
notre devise.
Les Trois Mousquetaires
Alexandre Dumas

4.1 Abstract
A comparison of the volumetric θ/S distribution of the models participating in the Climate Model
Inter-comparison Project (CMIP3) indicate that these models differ widely in their ability to represent the thermohaline properties of water masses. Relationships between features of the mean
hydrographic state of CMIP3 models and aspects of their circulations are investigated with the
help of sentinel hydrographic stations. A set of seven sentinel stations is found to provide a good
schematic of the global water mass system. Relationships between hydrographic conditions in the
North Atlantic measured with a subset of these stations suggest that hydrographic properties in the
subpolar North Atlantic are set by the circulation field of each model. The overturning circulation of the CMIP3 models differ in their diapycnal mixing or viscosity parameterizations and it is
suggested that these effective architectural differences of the model parameters ultimately explain
the main across-model differences in temperature and salinity in the North Atlantic. The analysis
of properties across the mean states of the CMIP3 models confirms previously reported scalings
between meridional steric height gradients or horizontal density contrasts at depth and the strength
of the North Atlantic meridional circulation. Tight scalings are reported in the Southern Ocean
between measures of vertical stratification and the strength of the abyssal circulation across the
CMIP3 models. Consistent projections of across-model linear relationships between the mean state
of hydrographic measures in the Southern Ocean and the sensitivity of the abyssal cell to increasing
radiative forcing by 2100 point towards a 20% decrease in the strength of the abyssal cell by the
end of the century.
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4.2 Introduction
Projections from a spectrum of climate models (e.g. Manabe and Bryan (1985); Manabe et al.
(1994); Randall et al. (2007)) agree that increasing the amount of carbon dioxide in the atmosphere
will result in a significant globally averaged warming signal. Model predictions, however, disagree
on the amplitude of this temperature response as well as on its spatio-temporal pattern (Randall
et al., 2007). The resulting spatial heterogeneity of the temperature perturbations will cause a readjustment of the atmospheric temperature gradients that will affect large scale wind patterns.
A warmer atmosphere will also lead to a reinforcement of the global hydrological cycle, with
a first order response indicating that dry regions will become drier, and wet regions will become
wetter (Manabe and Wetherald, 1967; Santer et al., 2009). These responses will ultimately affect
the surface buoyancy forcing of the ocean, and, as a result, core water mass properties will adjust
together with the stratification, sea-level (due to the steric effect), density gradients, the circulation
and the associated marine biogeochemical landscape.
Owing to the ocean’s function as a conveyor of heat and nutrients in the Earth system, perturbations of the stack of ocean’s water masses and their transports can feed back onto the atmosphere
directly, affecting local or regional climate patterns (e.g. Manabe and Bryan (1968); Sutton and
Hodson (2005); Knight et al. (2005); Zhang and Delworth (2007); Minobe et al. (2008)), and also
indirectly, principally through its role as a sink for carbon dioxide (e.g. Friedlingstein et al. (2006),
Sigman et al. (2010)).
Confidence in model projections is typically gained by comparison of simulations with historical or present-day data. Since anthropogenically-forced climate change appears to be a unique
phenomenon with regards to the rate of change and the initial mean climate on which it is imposed, it is difficult to assess wether the ability to reconstruct historical or present-day conditions is
necessarily related to any ability in forecasting.
Multi-model analyses based on various suites of surface and atmospheric variables and using
various performance measures suggest that synthetic skill metrics obtained for present-day conditions do not appear to be strongly correlated with a model’s performance in simulating climate
trends and variability (Rainsanen, 2007; Jun et al., 2008b; Gleckler et al., 2008; Knutti et al., 2010;
Collins et al., 2011). This last statement should be taken with caution, however, as it appears to be
partly a function of the regions and climate variables analyzed (Gleckler et al., 2008). The fact that
composite skill metrics do not easily scale with forecast performance does not necessarily mean
that the ability of a model to simulate the present-day state does not impact the future evolution of
the system, nor that no relationship exists between estimates of mean-state present-day quantities
in models and the responses of these models (Hall et al., 2004; Knutti et al., 2006).
One example showing a positive relationship between the mean state and the prediction is provided by Mahlstein and Knutti (2011), who found a relationship between the present-day estimates
of the northward Atlantic ocean heat transport at 60o N and the forecasted Arctic warming by the
end of the 21st century in the A1B scenario of the CMIP3 set of model simulations. While their
across-model best-fit is obtained after excluding one outlier (giss aom, which shows large transport
and weak Arctic warming) and with another model (giss model e r, which has low transport and
low warming) that seem to have a large leverage on the fit, their results indicate nonetheless that
greater warmings in the Arctic are associated with larger simulated present-day heat transports and
smaller simulated present-day sea-ice extent, relative to the model set considered. Since these latter
two conditions characterize the real world better than conditions of low heat transport and large
sea-ice extent relative to the range predicted by all the CMIP3 models considered, Mahlstein and
Knutti (2011) suggest that Arctic warming predictions that fall on the upper half of the modeled
range are more likely to be true than the low warming solutions. Since the Barents Sea is usually
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not covered by sea ice because of the northward flowing North Atlantic Drift and Norwegian Current penetrating into it (Chapman and Walsh, 2007), the Barents Sea can be looked at as a climate
“sentinel” for the Arctic region. Hydrographic conditions in the Barents Sea are consequently an
interesting diagnostic to assess model performance on much larger scales.
Another ocean-specific example of a relationship between the mean model state and their prediction tendencies is provided by Boé et al. (2009b), who show that differences in deep ocean heat
uptake is a major source of inter-model disparity within the CMIP3 set of 21st century A1B forecasts. Specifically, Boé et al. (2009b) find that more heat is transferred from the surface to the deep
ocean in models with deep mixed layers at high latitude than models with low vertical mixing. Surface warming is larger in models that experience low vertical mixing (shallow mixed layers). Ocean
models with deep polar mixing must necessarily have a different water mass stack than those with
shallow mixing.
It is conceivable that models that transfer more heat to the deep would also be models that
sequester anthropogenic carbon and preformed nutrients more efficiently in the deep ocean. Since
information about the heat uptake is implicitly contained in the water mass systems characteristic
of each model as water mass formation is tightly linked to vertical mixing processes, an assessment
of the realism with which models capture the water mass stack helps with the understanding of the
ocean processes that affect climate on multi-decadal time-scales.
While slab ocean models were a first-step in earlier climate simulations and for short time scales
problems, realistic simulations of the deep ocean are necessary on longer time scales: the deep ocean
affect long-term climate predictions and inter-model differences (Stouffer et al., 2006b; Boé et al.,
2009b; Palmer et al., 2011). Recent observational studies support the role of deep water in taking
up heat (Kawano et al., 2010; Purkey and Johnson, 2010; Song and Colbert, 2011). Furthermore, a
good model description of the interior water masses is taking on importance in the new generation
of Earth System Models equipped with a biogeochemistry module and a responsive carbon-climate
feedback as water masses store nutrients differently, affecting nutrient (including oxygen and carbon) transport, storage, and subsurface nutrient delivery from high to low latitudes (Keeling and
Garcia, 2002; Sarmiento et al., 2004a).
While an accurate representation of the water masses in the ocean interior does not necessarily
guarantee performance in forecasting the evolution of surface air temperature or ocean circulation
in response to anthropogenic forcing, models that represent the observed water mass system best in
their mean state would be expected to better resolve the important physical processes, provided this
good representation is not due to inadequate spin up and memory of the initial conditions. In theory, these “better” models are also models with the potential to respond most accurately to variable
physical forcings as they are more likely to contain the relevant parameterizations. One complication with quality-based model assessments, however, is that the resulting model rankings can vary
dramatically depending on the variables under investigation and on the criteria selected for comparison. In that sense, a metric is not equivalent to a diagnostic and the particular interpretation and
value of particular measures of model quality differ depending on the question asked, the climate
variables considered and the spatio-temporal domain investigated (Jun et al., 2008a; Gleckler et al.,
2008).
Different relationships between hydrographic features and the overturning have been proposed
in the literature. Table 4.2 lists, references and briefly describes a subset. These relationships can
be classified in four broad categories. There are measures that are specific to the local conditions
of the North Atlantic and the Southern Ocean, such as the salinity in the region, the density of the
Denmark Strait Overflow (DSOW), or the density gradient between the subpolar and the subtropical
regions. There exist measures derived from conceptual models of the overturning, such as those
stemming for the work of Stommel (1961) and Gnanadesikan (1999). These involve an estimate of
147

the pycnocline depth typically measured between the mid-latitudes of the North and South Atlantic,
as well as a density gradient, typically measured between the mid and northern high latitudes of
the Atlantic. A third type of measure represents the internal competition, or stratification, that may
exist between water masses. For example, in a perturbation experiment, Saenko et al. (2003b) find
that the density contrast between North Atlantic Deep Water (NADW) and Antarctic Intermediate
Water (AAIW) controls the transition between the bistable modes of the thermohaline circulation
in their model. Finally, following the modeling experiments of Seidov and Haupt (2002) and the
consequent diagnostics proposed by Hu et al. (2004) and Hu et al. (2008), inter-basin property
contrasts between the North Atlantic and the North Pacific are considered.
While the above metrics are usually derived from zonal, volumetric or areal mean quantities,
the choice is made here to work with individual hydrographic stations. This choice is motivated
by the fact that large scale mean quantities are not always easily observable, while time series
of hydrographic conditions at particular stations exist for many sites. It is also conceivable to
reconstruct paleo-hydrographic conditions at selected locations (Adkins et al., 2002b,a).
Furthermore, owing to the spatial correlations characteristic of the ocean and its water masses,
the value of single hydrographic measurements transcends the local information of the particular
stations. For this reason, a few oceanographic stations can be sufficient to provide a representative
sketch of the globally dominant or regionally important water masses. The effect of seasonality in
the mixed layer can be very large for individual stations but much of this high frequency variability
is filtered by the water mass formation process, enabling subsurface properties from local profiles
to be used as proxy for the mean surface condition in water mass formation regions to a good
approximation.
The primary focus of this study is to investigate relationships between thermohaline properties
the ocean’s water masses system and the overturning circulation of each model to better understand
linkages between model biases. Relationships between the mean state of models and the overturning
response to anthropogenically forced climate change across different models are also investigated.
An analysis of the connections between the transient evolution of the models’ water mass properties
and their circulations is left for a subsequent study.
The philosophy behind the study presented here differs somewhat from prior quality-based
model assessment, however, in that the goal is not to characterize model performance or to rank each
model’s ability in representing particular observables. Since inter-model differences are still larger
than uncertainties between ensemble runs from a single model or even, to some extent, from different models stemming from a given modeling institution (Knutti et al., 2010; Masson and Knutti,
2011), each model is here considered an independent experiment, with a set of defining characteristics, such as resolution, topography, surface forcing, internal parameterizations, etc. Relationships between the hydrographic measures and aspects of the meridional overturning of each model
are established for a variety of water-mass metrics based on, or derived from, easily measurable
temperature and salinity profiles. The expected real-world response of the meridional overturning
circulation to anthropogenically forced climate change is estimated by treating the observed watermass based metrics as yet another model simulation and by inversely inferring the likely response
that would be associated with the observed modern state assuming the relationships derived using
the spectrum of models hold.
The paper is organized as follows. A methodology section introduces the models and data used.
A description of the hydrographic stations used in the study is provided, with an explanation of the
features these stations aim to capture. Results are presented into four main parts. Hydrographic
conditions in the North Atlantic are discussed first, followed by discussion of the connection between meridional property gradients and the overturning. This is followed by a presentation of the
North Pacific to North Atlantic contrast. A section on the Southern Ocean comes last.
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4.3 Methodology
4.3.1 Models and data
This analysis uses the results from models presented as part of the Intergovernmental Panel on Climate Change Fourth Assessment Report (Table 4.1, PCMDI (2011); Meehl et al. (2005, 2007)).
The IPCC modeling experiments are coupled simulations designed to investigate the response of
the climate system to increasing levels of atmospheric greenhouse gases. The boundary conditions considered for the CMIP3 suite include pre-industrial conditions (PICNTRL), 20th century
conditions (20C3M scenario) and conditions predicted to occur at the end of the 21st century as a
result of increasing anthropogenic carbon emissions (SRESA2/A1b). For models where SRESA2
is not available, scenario SRESA1b is used instead (see Table 4.1). Unfortunately, since not all
the necessary variables are available for all the models and every scenario, the analyses that follow
are not always able to systematically include all models. The 1o × 1o gridded World Ocean Atlas
2005 (WOA05, Locarini et al. (2006); Collier and Durack (2006)) annual climatology is used as the
modern observational reference.
Metrics of the overturning circulation are defined and discussed in chapter 3. Dashed green lines
are used throughout the figures to mark observed values. Hydrographic observations are taken from
the annual mean WOA05 climatology. Observational estimates of circulation are as follows. The
strength of the Northern and Southern deep water cells are, in the modern world, of roughly similar
magnitude, with Ψmax ≈18.7±5.6 Sv (Talley et al., 2003; Cunningham et al., 2007) and Ψmin ≈1220 Sv (Orsi et al., 2002). A value of 14 Sv is used here as indicative of the global Southern abyssal
cell, assuming that the overall balance with the NADW inflow in the Southern Ocean is achieved
with a 4-5 Sv Northward AAIW transport (Talley et al., 2003). Talley (2003) estimate the Northward
flow of Antarctic Bottom Water into the South Atlantic to be about 4 Sv. Orsi et al. (1999) estimate
the circumpolar production of AABW around Antarctica to be about 8 Sv.
The pycnocline depth (D) was computed according to Gnanadesikan (1999) using a reference
depth Zref =2.5 km, linearly interpolating tracer values to that reference depth as necessary:
D=

2

R Zref

(σ1,max − σ1 ) · z · dz
0
.
R Zref
(σ1,max − σ1 ) · dz
0

(4.1)

Steric height (η, Tomczak and Godfrey (1994); Thorpe et al. (2001); Curry and McCartney
(2001)) was calculated using
Z Zref
η=
δ(S , T, P) · ρo · dz
(4.2)
0

,T,P)
with the specific volume anomaly expressed as δ(S , T, P) = ρo −ρ(S
and ρo = ρ(35, 0, P). Since
ρ2o
the model fields provide potential temperature, θ, on standard depths surfaces, z, the in situ temperature, T , was first computed and subsequently used to integrate the hydrostatic equation to compute
the in situ pressure, P.

4.3.2 Sentinel stations
The sentinel stations used (see Figure 4.1) were selected from the the list of existing time-series
sites provided by the OceanSites database (OceanSITES, 2011), with the final selection performed
by trial and error, based on subjective criteria of overall representativeness (i.e. stations 6, 31, 47,
49, 64) of the general water mass structure and because these stations measure peculiar structures
relevant to the relationships listed in Table 4.2 (i.e stations 8, 74). The specific θ/S curves for
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these stations in the annual WOA05 climatology are shown in Figure 4.2, overlain over the global
volumetric θ/S distribution generated from WOA05, using bin intervals of 0.01 psu for salinity and
0.05◦ C for temperature, to provide a feel of their representativeness.
Station 6 (65o W, 38.5o N) is a CLIMODE Gulf Stream Reference station and station 47 (144.6o E,
32.4o N) is part of the Kuroshio Extension Observatory. Stations 6 and 47 sample the Subtropical
Mode Water of the Northern Atlantic and Pacific near their formation region, South of the respective
Western Boundary Currents, the Gulf Stream and the Kuroshio. The bottom conditions at station
47 can be used as a proxy for the properties of the Pacific Deep Water (PDW), which represents the
volumetric mode of the global θ/S distribution. The near-bottom conditions at station 6 are representative of North Atlantic Deep Water properties, as the mixture of Labrador Sea Water (LSW) and
waters originating from the Greenland-Iceland-Norwegian (GIN) Sea overflows, particularly Denmark Strait Overflow Water (DSOW) that is exported from the North Atlantic. Station 8 (27.1o W,
66.1o N) measures the properties of the DSOW at the overflow. Station 74 (33o E, 62o N, Ocean
Weather Ship station Alpha) is located in the Irminger Sea (Vage et al., 2011), in the Subpolar
gyre. It reflects both the properties of the Subpolar Mode Waters (SPMW) in the upper 1000 m
and touches upon freshly ventilated LSW, between 1000 and 2000 m. In the observations, the bottom and deep waters at station 74 are fresher than the bottom waters measured at station 8. This
is because station 74 is located downstream from station 8 and the overflow waters have entrained
SPMW, LSW and a small fraction of Antarctic Bottom Water that penetrates to the North Atlantic
(Luyten et al., 1993).
Station 31 (39.3o W, 31.3o S) is part of the VEMA channel observatory. This station provides
a good overview of the hydrographic conditions in the South Atlantic, and of the water masses
that dominate the Southern Hemisphere in general. Relative to the Mode Waters of the Northern
Hemisphere, the Mode Waters of the Southern Hemisphere have closely related temperatures and
salinities, as demonstrated by the strong and coherent volumetric ridge on Figure 4.2a, which is
well traced by the θ/S curve of station 31 overlying the main ridge.
While temperature is mostly controlled by latitude, inter-gyre connectivity exists between the
subtropical gyres of the Southern Hemisphere owing to the presence of a Southern Hemisphere
“super-gyre” (Ridgway and Dunn, 2007; Speich et al., 2007), which tends to homogenize and
weaken the salinity contrast between the different basins in the South relative to the situation of
the Northern Hemisphere. There is also no major land mass in the Southern Hemisphere that significantly block zonal atmospheric moisture transport, as is the case in the Northern Hemisphere.
The hydrography of station 31 reflects the properties of the world’s four most prominent water
masses: SAMW, AAIW, NADW and AABW.
At this station, AAIW can be approximated using the

i
intermediate salinity minimum S min
, the general properties of NADW are well captured by the


d
deep salinity maximum S max
, and the waters at the bottom sample the AABW exported past the
ACC region that fills the Argentine
Basin
(Smythe-Wright and Boswell, 1998; Orsi et al., 2002).


d
The line segment between the S max
and the bottom (Figure 4.2b) represents the mixing line between NADW and AABW.
Station 64 (36.4o E, 66.6o S, Alfred Wegener Institute Weddell Sea station 208-5) captures the
mean conditions in the center of the Weddell gyre. Its deep temperature maximum is reflective
of Circumpolar Deep Water (CDW). The temperature minimum below that is fresh WSBW. The
shallow temperature minimum with a salinity close to 34.4 psu captures the Winter Water (WW), a
perennial near freezing isothermal layer that is capped in summer by a layer of fresher and warmer
waters owing to sea ice melt. The line segment connecting WW and CDW is called Modified
Circumpolar Deep Water (MCDW) and is a precursor to the formation of AABW (Gill, 1973;
Foster and Carmack, 1976; Foster et al., 1987).
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Station 49 (160o E, 47o N, JAMSTEC Northwest Pacific K2) is located in the subpolar North
Pacific. It reflects the low salinity of the North Pacific region as a whole, which can be contrasted
with the salinity of the subpolar North Atlantic (station 74) or the salinity of the subtropical North
Pacific (station 47). These salinity contrasts reflect both the dynamics of the atmospheric hydrological cycle and ocean circulation. The mean atmospheric circulation transports moisture from the
Atlantic to Pacific over Central America and also from the evaporative subtropical regions to the
subpolar regions (via the Hadley and Ferrel cells).
Time series of hydrographic profiles at the selected stations were isolated for each model from
January 1900 to December 2099, for the PICNTRL, 20C3M and A2 or A1b scenario where possible,
using the values of the grid cells in which the stations were located, without further horizontal
interpolation to the exact station locations at the subgridscale level. θ/S curves of the sentinel
station for the median conditions of the 20C3M simulations are presented in Figure 4.3, overlaid on
the global volumetric θ/S diagram of each model.

4.3.3 Statistical analyses
Linear regression statistics are calculated by least-square. Regression results are expressed using the
adjusted-r2 and p-values. The adjusted-r2 is typically smaller than or equal to the traditional r2 and
includes a correction for the number of terms in the regression model. The p-values reported here
represent the probability that the slope of the regression line is 0, as quantified by a two-tailed t-test.
While the adjusted-r2 values are not identical to the square of the Pearson correlation test statistic,
the square-root of the adjusted-r2 usually provides a close approximation to the Pearson correlation
statistic. The non-parametric Kendall correlation test is useful when the data distribution may bias
the regression results. In this case, τ represents the Kendall statistic and the p-value indicates the
probability that the correlation seen is due to chance alone. Linear regression statistics are reported
in addition to correlation statistics to highlight the desired predictive nature of the relationships
investigated here. Some outliers are, on occasion, excluded from the regression fits or correlation
tests. Although not used in the statistical analyses, outliers are nonetheless plotted and highlighted
in yellow on the figures. The regression fits are shown by dashed red or magenta lines. Summary
statistics for some key regressions and correlations that are discussed in the text are shown in Table
4.3.

4.4 Hydrographic conditions in the Atlantic and the Atlantic meridional
overturning circulation
4.4.1 Background
Overturning circulation and stratification are closely linked properties of the ocean. Paleo-observations
(Bond et al., 1992) and modeling experiments (Rahmstorf, 1996; Manabe and Stouffer, 1999b;
Stouffer et al., 2006a) indicate that perturbations of the high latitude stratification can affect deep
and bottom water formation by inhibiting convective mixing. Inhibition of convection can have
multiple effects; the particular importance of each is not well constrained. A weakened convection
can reduce the sinking of mass directly (although this effect may not be as large as once thought, see
Marotzke and Scott (1999)), it can affect the pressure gradient across the overflows of the Nordic
Seas (Schweckendiek and Willebrand, 2005; Frankcombe and Dijkstra, 2011), and it can alter the
deep vertical density gradient and influence diffusive upwelling (Munk and Wunsch, 1998).
Models show that high-latitude freshwater perturbations can trigger a slowdown of the meridional overturning circulation and so affect the northward flux of heat and salt to high latitude, further
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influencing convective activity in the North Atlantic (Stouffer et al., 2006a). In turn, perturbations
of the upper branch of the meridional overturning, as could result from changes in the large-scale
wind patterns, can also induce changes in the distribution of the temperature and salinity fields and
consequently impact stratification and convective mixing (Curry et al., 2003; Hakkinen and Rhines,
2004). Feedbacks thus exist between overturning and stratification.
Volumetric θ/S diagrams for the North Atlantic and Nordic Seas region (Between Fram Strait
and 50◦ N, Figure 4.4) show that the models capture the hydrographic conditions in this region rather
poorly. Observations show that most of the difference between the Nordic Seas and the deep North
Atlantic is in temperature (Figure 4.4a). The salinity difference between these two regions can be
substantial in models, however. How these temperature and salinity biases are associated with the
model’s dynamics is unclear.
Connections between North Atlantic hydrography and the overturning strength of the NADW
cell are explored here for the mean state characterizing the 1990s decade of the 20C3M scenario
in the CMIP3 models. Particular relationships between Ψ1990s
max (the maximum of the North Atlantic
◦
Deep water cell below 500 m between 20-60 N) and hydrographic indices specific to the North
Atlantic are shown in Figure 4.5.

4.4.2 Subpolar and subtropical conditions and the North Atlantic overturning cell
High latitudes are characterized by low salinities and cold temperatures. This contrasts with subtropical regions, which are warm and salty (Figure 4.1). Convection only occurs when surface
density becomes dense enough to break the stratification. Water properties and exchange between
the subtropics and subpolar regions can influence convective activity in the subpolar region through
modulation of the haline component of stratification. Convection occurs in winter due to cooling.
If the surface is too fresh, however, since density of seawater is densest at about -2.9◦ C, it may be
that even the coldest temperatures may not be able to induce convective overturn as further cooling
has no effect. Salinity conditions near high latitude convective regions may thus influence a model’s
ability to form deep waters.
High latitude temperature and salinity conditions, and so the potential for high latitude winter
densification, can be influenced by heat and salt transports to the convective regions, both by the
the North Atlantic Current, which brings high salinity subtropical waters northward, and Arctic
and atmospheric sources, which tend to freshen the subpolar latitudes. Subtropical to subpolar
temperature and salinity gradients are thus of interest. Similarly, since water masses that form at
high latitude are exported to lower latitude at depth, meridional hydrographic gradients in the upper
ocean and vertical gradients at lower latitudes should not only be connected, but should also both
be diagnostics of the overturning.
This section summarizes temperature and salinity conditions of the CMIP3 models at stations 6
and 74, the sentinel stations of the subpolar and subtropical regions, and explores the correlations
between the hydrographic conditions at these stations and the value of the North Atlantic overturning index, Ψmax , that describes the strength of the overturning in each model. The role of salinity
and temperature stratification on convective activity in models is well established within individual
models (Griffies et al., 2009). As can be seen in Figure 4.3, however, the water mass structure of
CMIP3 models differ substantially from model to model. The question is to see if systematic relationships exist between the models’ temperature and salinity biases and their overturning, as can
be the case in each model individually, or if these biases across the CMIP3 set are dynamically
unrelated from one model to the next.
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4.4.2.1

Subpolar conditions

The relationship between the overturning and subpolar salinity, evaluated at the shallow salinity
maximum of station 74, agrees conceptually with previous claims (see for example Griffies et al.
(2009)) in that saltier conditions in the subpolar region correlate with overturning strength (Table
4.3). Robust relationships also exist linking Ψmax and subpolar temperature (Table 4.3). Figure 4.5a
and c show that salty and warm subpolar conditions associate with models with a strong NADW
cell, highlighting the importance of subtropical to subpolar exchange as a dominant source of model
bias.
The salinity relationship in Figure 4.5a depends on the exclusion of some outliers. These are
briefly discussed here. Models 9 and 12 have been identified as outliers elsewhere, routinely and
in different regions with different variables (Schmittner et al., 2005; Schneider et al., 2007; Russell
et al., 2006b; Sen Gupta et al., 2009; Medhaug and Furevik, 2011). Winds are weak in model 9
(giss aom) and closer inspection of that model’s overturning index time series indicates that model
9 is unstable. Model 9 is also the coarsest model. Winds are located too far equatorward in model
12 (iap fgoals1 0 g) (Sen Gupta et al., 2009), a bias that limits subtropical to subpolar exchange in
that model. It is also noted that much of the trend in Figure 4.5a depends on model 14 (inmcm3 0),
which, contrary to model 9, is strongly influenced by the winds (Medhaug and Furevik, 2011).
No explanation was found to explain the high salinity of model 6 (csiro mk3 5), a model whose
Atlantic salinity is overall much higher than the other models. The position of model 6 on Figures
4.5a, g and i is then not an regional artifact of using data from a single station. This is confirmed by
Figure 4.4, showing the volumetric θ/S distribution in the North Atlantic and Nordic Seas region.
Aside from this salinity bias, model 6 represents the structure of the meridional overturning well.
High salinity in the North Atlantic seems to be the major issue of model 6. The θ/S properties of
the North Pacific for that model are reasonable relative to observations. The Central Waters in the
Southern hemisphere are slightly too fresh, however (Figure 4.3g).
4.4.2.2

Subpolar-subtropical gradients

In an investigation of the relationship between temperature and salinity variability in the subtropical
and subpolar region in the North Atlantic, Wang et al. (2010a) reported a correlation (although with
much scatter) between the subpolar-subtropical meridional gradient of regionally and vertically
(upper 700 m) averaged potential density and Ψmax in the SODA ocean reanalysis product (a model
assimilated with data).
It is found here that the surface density gradient between stations 74 and 6 across the CMIP3
models is not well correlated with the overturning index (Figure 4.5c, r2 =0.06 p=0.19; τ=0.13,
p=0.50). The data scatter in Figure 4.5f does resemble somewhat the temperature plot (Figure
4.5c), however, suggesting that temperature drives most of the density signal.
While subsurface properties at single stations are typically good proxies for conditions on larger
spatial scales, owing to the water mass consolidation process (Tomczak, 1999), variability near the
surface generally prevents one from assimilating the conditions at single points with mean conditions found regionally. The relationship shown in Figure 4.5f improves when calculating the
density gradient from vertically averaged temperature and salinity, although even when the average
is performed over the top 800 m, the statistics remain poor. Aside from a greater influence of local
variability near the surface, the degradation of the correlation when using density as opposed to the
salinity or temperature subpolar-subtropical contrast (Figure 4.5b, d), is principally due to the compensation effect of salinity and temperature on density. It is concluded here, in opposition to Wang
et al. (2010a), that the meridional density gradient between the subpolar and subtropical gyres is not
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a very good proxy for monitoring the strength of the overturning across the different models. The
problem of meridional gradients and their connection to the overturning are explored in more detail
in a subsequent section.
A correlation exists between overturning strength and the salinity contrast between the shallow
salinity maximum of station 6 and 74 (Figure 4.5b, Table 4.3). It is interesting to note how models
9 and 14 fall almost on each other in panel 4.5b, with both models simulating strong overturning
and a weak salinity contrast. These models display very different subpolar salinity conditions and
seem to operate dynamically very differently (overturning circulations dominated by diffusion versus wind). Yet, when considering the meridional salinity contrast, these tend to converge. It is also
interesting to note the high subpolar-subtropical salinity contrast of model 12, which is indicative
of little subtropical-subpolar exchange in that model. This is, as expected, associated with a weak
overturning. The subtropical-subpolar salinity contrast can be quite heterogenous for models that
simulate the strength of the North Atlantic overturning relatively accurately (see models 5 and 17,
and 10, 18 and 20 for example).
In analogy to Figure 4.5b, Figure 4.5d shows the subpolar-subtropical temperature contrast
evaluated between the temperature of the shallow salinity maximum at station 6 and the temperature
of the deep salinity maximum at station 74. Panel 4.5d shows that strong overturning corresponds
to weak meridional temperature gradients across the CMIP3 models.
4.4.2.3

Systematic offset

One peculiarity of the trends presented in Figure 4.5d and e is that the relationships depicted by
the models on these panels do not pass through the observational constraints but systematically
overestimate the observations. This is not the case in panels 4.5a, b and c, where the regression
intersects the observations. Figure 4.5d and e shows that there seems to be a trade-off between the
models’ ability to capture the temperature gradient and their ability to resolve the mean overturning
conditions. Models that represent the overturning well have a meridional or vertical temperature
gradient that is too high. Conversely, models that estimate the temperature contrast well have an
overturning that is too strong.
This offset could be reflective of some recurrent problems across the models regarding the dynamics or position of the Gulf Stream. This may be caused by the use of excessively high viscosities
in the momentum equations (Jochum, 2009) (necessary to resolve the Munk boundary layer) or by
systematic biases in the wind patterns over the North Atlantic. Although winds and Gulf Stream
and North Atlantic Current dynamics are not independent problems in coupled models, inspection
of maps of the mean zonal and meridional wind velocities in the North Atlantic for the CMIP3
models (not shown) does not suggest any clear systematic biases that explain the offset.
In conjunction with the broad range of meridional temperature and salinity gradients displayed
by the CMIP3 models, the results in Figure 4.5b and d suggest that subtropical-subpolar exchange
in the North Atlantic is a major issue across the CMIP3 models. This concurs with the analysis
of Carman and McClean (2011) who found substantial differences in the related process of mode
water formation across the CMIP3 models in the North Atlantic.
4.4.2.4

Synthesis

Subpolar North Atlantic salinity and subpolar-subtropical meridional salinity contrast scale with
the overturning. It is not clear from Figures 4.5 if subpolar salinity is high because circulation is
strong or if the circulation is high because salinity is high and convection active. The analysis of the
overturning patterns across the CMIP3 models performed in chapter 3 suggests, however, that, with
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regard to inter-model differences in the CMIP3 model set, it is the first reason that matters: salinity
is high at high latitude because circulation is high.
If surface buoyancy and stratification differences were important for explaining inter-model
differences in circulation, one would expect that models with a strong overturning would have
deep waters that are relatively cold and salty, both conditions that enhance convection and density.
Salinity is indeed high in models with strong overturning but as shown in panel 4.5, temperature is
also high, compensating the salinity effect. It is then unlikely that surface temperature and salinity
conditions of the CMIP3 models, through their influence on convection, are directly responsible for
the models’ various representation of NADW overturning. This agrees with results presented by
de Boer et al. (2010) derived from perturbation experiments of a single ocean model.
A linear scaling also exists between Ψmax and the vertical temperature contrast at station 6 between the shallow salinity maximum and the temperature of the deep salinity maximum identified
between 1500 m and the bottom (Figure 4.5e, Table 4.3). These results suggest that a measure of
the vertical gradient of temperature in the subtropics from a single station (i.e. station 6) can be used
as a diagnostic of each model’s Northern overturning magnitude. The vertical gradient at station
6 can also be used as a surrogate indicator of meridional temperature gradient. It is worth noting
that these are robust statements that do not depend on the removal of outliers. Both figures 4.5d
and e indicate that stronger overturnings are associated with weaker vertical or meridional temperature gradients. Figure 4.5b also suggests that weaker meridional salinity contrasts correspond to
stronger overturnings. These across-model trends in temperature and salinity contrast are in overall
agreement with expectations assuming that the distribution of temperature and salinity through the
North Atlantic basin is to first order controlled by circulation.
It is interesting to note that while the relationships discussed here are between decadal mean
states of different models and so span large temperature and salinity ranges, similar relationships
have been reported regarding the temporal variability of individual models (Latif et al., 2000; Medhaug and Furevik, 2011). In these transient cases, the amplitude of the temperature and salinity
differences are much smaller: the parameter space covered by the present analysis is almost an
order of magnitude wider. For example, Medhaug and Furevik (2011) report temperature differences of order 0.9◦ C between periods of strong and weak overturning associated with the Atlantic
Multi-decadal Oscillation. The full temperature range considered here is about 5◦ C.

4.4.3 Overflow properties and the Northern overturning cell
Volumetric θ/S representations of the North Atlantic (North of 50◦ N) and Nordic Seas are shown in
Figure 4.4 for the decadal mean condition of the 20C3M historical runs of the CMIP3 models. The
Nordic Sea overflows connect the two volumetric modes seen on Figure 4.4, with the colder mode
representing the Nordic Sea (near θ≈0◦ C, S≈34.9 psu) and the warmer mode representing NADW
(near θ≈2-4◦ C, S≈34.9 psu). As is evident from the position of the two volumetric modes in Figure
4.4, the density gradient and the cause for the gradient (haline versus thermal differences) across
the overflows differ in the CMIP3 models.
The real-world density gradient across the overflow is mostly due to a temperature gradient
(Figure 4.4a). Many models, however, show significant salinity contrasts between the Nordic Seas
and the deep North Atlantic. For example, inspection of the volumetric θ/S distributions for the
CMIP3 models in the North Atlantic and Nordic Seas (Figure 4.4) and of the θ/S curves in Figure
4.3 shows that models 10, 11 and 12 simulate hydrographic conditions in the Nordic Seas that are
dramatically fresher than the North Atlantic. That is, for these models, the overflows act as a source
of freshwater to the North Atlantic. The very fresh properties of the Nordic Seas in these models
relative to the North Atlantic are indicating that these models have problems exporting warm and
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salty waters from the Atlantic into the Nordic Seas. On the other hand, model 5 and 21 tend to show
overly salty Nordic Sea conditions.
Although it is dynamically the pressure gradient across the sills that drives the overflows (see
Legg et al. (2009) and references therein), Latif et al. (2006) reported that a relationship exists
between changes in the overflow density and changes in the meridional overturning circulation.
Density increases at the overflow result in an intensification of the overturning. The relationship
obtained by Latif et al. (2006) appears to be quite robust: it was obtained from three different oceanonly model setups run at three resolutions (from 120 to 18 km) with temperature perturbations
ranging from -1 to 1◦ C applied at 70◦ N (the Northern boundary of the model domain). These
results suggest that monitoring the overflow property only may be sufficient to infer the effect on
the overturning. This can, in principle, be achieved using a single station. Given this context, the
hydrographic properties at the bottom of station 8 can be used as a measure of the properties of the
Nordic Seas overflow in the CMIP3 set.
The thermohaline properties at station 8 show that density at the bottom of station 8 scales
linearly with the mean overturning strength (Figure 4.5g, Table 4.3) across the CMIP3 model set,
supporting the results of Latif et al. (2006). The same generally holds when using the bottom density
at station 74, located just downstream from the overflow in the Irminger Sea.
It is interesting to note, however, that the relation between temperature and the overturning at
the bottom of station 74 is better than when evaluated at the bottom of station 8 (in good agreement
with panels 4.5c, d and e) highlighting the role of salinity as as significant source of inter-model
bias in the Nordic Seas. No systematic relationship between the bottom temperature at stations 8
and 74 exists across the CMIP3 model set (Figure 4.5i).
A relationship is found between the bottom salinity of CMIP3 models at stations 8 and 74, however (Figure 4.5h). Bottom salinity is correlated with bottom density at station 8. That correlation
is not good with temperature, and its quality is less clear at station 74. In the real world, the bottom
salinity at station 74 is only slightly fresher than that at 8. The small freshening is caused by the entrainment of fresher subpolar and Labrador Sea water (Figure 4.2b) as part of the overflow process.
This slight freshening is clearly not resolved for some models (Figure 4.5h), particularly models 3,
10, 11, and 12. These models have saltier bottom waters at station 74 than at the overflow (red and
magenta lines on Figure 4.3d, k, l, m). These models were identified above as having overly fresh
Nordic Seas (Figure 4.4).

4.4.4 Overturning sensitivity and hydrography of the North Atlantic
As this study has shown, there exists relatively strong correlations between the interior temperature
and salinity distribution and the overturning across the CMIP3 models. Similarly, Lohmann et al.
(2008), analyzing the transient behavior of a coupled model simulation run with a global warming
scenario, showed that interior temperature and salinity adjusted as a function of the overturning. In
that model simulation, localized warming or cooling trends were well-correlated with changes in
the overturning and so could be used to predict the strength of the overturning. That is, correlations
exist between the overturning and the mean hydrographic state, and between the transient evolution
of the overturning and the hydrography. Here we ask if the mean hydrographic state of models is
connected to the transient evolution of the overturning.
Using the CMIP3 models, it is very difficult, to find any indication that mean simulated modern temperature or salinity conditions in the North Atlantic, or vertical and meridional gradient of
these properties, are related in a systematic way to the evolution of CMIP3 overturning responses
under anthropogenic radiative forcing. Overall, no relationship was found between any of the hydrographic indices considered (at stations 6, 8, 74) and the change of the Northern overturning
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strength by 2100 or the change in the sensitivity (i.e. the relative change) of the overturning across
the CMIP3 models. This lack of connection suggests that processes influencing the overturning
response are different from the processes responsible for inter-model differences. It also indicates
that more accurate representations of the observed hydrographic mean state by models do not necessarily imply that these models are better able to simulate the climate response to increased anthropogenic radiative forcing. A deeper analysis of the connections between the mean state and the
global warming response is beyond the scope of this study.

4.4.5 Synthesis
Most of the hydrographic indices considered based on stations 6 and 74 scale with Ψmax across the
CMIP3 model set and match expectations (Figure 4.5). Given the diversity of model architectures
making up the CMIP3 models and the diversity of atmospheric forcing, the quality of the relationships shown in Figure 4.5 is remarkable. These relationships indicate that hydrographic model
biases are very much associated with the models’ overturning, and it is generally true that models
with a better representation of the overturning also simulate temperature and salinity conditions of
the North Atlantic better. This may not be the case for the meridional subpolar-subtropical salinity
gradient, however. The results presented above are consistent with the idea that, on long time-scales,
as represented by the mean conditions of the different CMIP3 models, the overturning and the associated hydrographic properties tend to be controlled by mechanical energy sources and interior
mixing, and less so by the regional distribution of thermal and haline surface buoyancy fluxes.
There exists a systematic problem in the CMIP3 models with regard to estimating the proper
subpolar-subtropical meridional or the subtropical vertical temperature gradients. The offset is
likely ultimately tied to the CMIP3 models’ difficulties in simulating the proper path of the Gulf
Stream and associated North Atlantic Current. This is a complex problem. For one, the Gulf
Stream depends critically on the winds. Second, viscosity parameterizations and model resolution
affect the ability of models to simulate boundary currents (Jochum, 2008). Finally, Zhang and Vallis (2007) also showed that differences in the way models resolve the Nordic Seas overflow and
the properties of the Deep Western Boundary Current as it passes the Grand Banks can impact the
position of the Gulf Stream separation. More work is necessary to elucidate the root cause for the
subpolar-subtropical systematic trade-off between overturning and temperature gradient.

4.5 Meridional inter-hemispheric property gradients and North Atlantic
overturning
4.5.1 Background
The magnitude of the Atlantic overturning cell, representing the conversion of light to dense waters
in the North Atlantic, has historically been parameterized by a proportional relation to the density
gradient between a high latitude and a low latitude box in simple box models (Stommel, 1961;
Rooth, 1982). A few complications arise when porting this analogy to the real world directly,
however.
It is pressure gradients, not density gradients that drive flows. Density and pressure can only
be interchanged in the box model case because the boxes of these model are assumed to be wellmixed. While Rahmstorf (1996), using the mean zonal density at 750 m between two latitudinal
strips (50-55◦ N and 35-40◦ S), found a linear relation between the North-South density contrast
and the overturning strength in his relatively coarse model, Hughes and Weaver (1994) and Griesel
and Morales Maqueda (2006) suggest instead the use of the inter-hemispheric gradient in pressure,
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or steric height, a vertically integrated measure that relates to pressure, as both more accurately
represent the water mass stack in a stratified fluid.
Due to rotation, it is formally the zonal pressure gradients, via the thermal wind relation, that
support meridional flows in the real world and in more complex circulation models, not the meridional pressure gradients, unless one is only concerned with the frictional boundary currents. It is
not totally clear, dynamically, how meridional pressure gradients generate such good linear scalings with overturning measures. Numerical circulation model experiments have shown empirically
that there exists a linear proportionality between the zonal and the meridional pressure gradients
(Hughes and Weaver, 1994; Park, 1999; Park and Bryan, 2000; Griesel and Morales Maqueda,
2006), allowing for the meridional pressure gradient between the Northern (typically averaged between 50◦ N and the overflows) and Southern (typically at the latitude of the tip of South Africa)
Atlantic to scale with overturning strength. Griesel and Morales Maqueda (2006) proposed that the
meridional pressure gradient, which is strongest at the North Atlantic subtropical-subpolar boundary, induces a westward flow that feeds the deep Western boundary current and an associated upwelling at the Western boundary. This situation then partly helps to maintain a zonal pressure
gradient which can support a meridional flow (Scott and Marotzke, 2002).
While scalings between meridional pressure, steric height or density gradients across light and
dense waters and the overturning have been shown to exist in different model architectures separately (Hughes and Weaver, 1994; Rahmstorf, 1996; Thorpe et al., 2001; Hu et al., 2004; Griesel
and Morales Maqueda, 2006; Hu et al., 2008), there is no guarantee a priori that a general scaling
should also exist across the mean meridional pressure, steric height or density contrasts achieved
by the CMIP3 spectrum of models and their circulations. Differences in model geometry, parameterizations of interior mixing, viscosity and in the importance of the winds over the Southern
Ocean, under otherwise constant surface buoyancy forcing, can all alter the transformation rate of
light to dense water and affect the associated density contrast (Bryan, 1987b; Saenko and Weaver,
2003; Klinger et al., 2003; Kamenkovich and Sarachick, 2004; Griesel and Morales Maqueda, 2006;
Johnson et al., 2007). The energetic balance (i.e. the role of Northern sinking, tidal mixing, upwelling, Southern Ocean winds) that drives the overturning in the different CMIP3 models likely
differs across the models, such that simple relationships between measures of light and dense waters may not reflect the same dominant dynamical processes in the CMIP3 models (Griesel and
Morales Maqueda, 2006), masking a possible across-model signal.
The existence of across-model scalings between measures of meridional gradients and the overturning is explored below, based on previously published relationships (Table 4.2). The first section
describes across-model relationships between measures of density, pressure and steric height. A
second section casts the analysis in the context of the pycnocline theory (Gnanadesikan, 1999).

4.5.2 Direct measures of meridional gradients
Figure 4.6 presents different relationships of pressure, steric height and density contrast calculated
between a few sentinel Atlantic stations and Ψ1990s
max simulated by the CMIP3 models. Linear scalings
are found between Ψmax and pressure, steric height, density contrasts and the maximum of the deep
overturning in the North Atlantic (Figure 4.6).
Horizontal pressure contrasts between station 74, in the subpolar North Atlantic, and station
31, in the subtropical South Atlantic, calculated for the CMIP3 models show significant relationships with Ψ1990s
max (Figure 4.6a, b, c). The relationship between pressure and maximum overturning
improves slightly with depth (compare Figure 4.6a and b). Gradients, calculated every 500 m (not
shown), verify this statement. This is in agreement with the results of Griesel and Morales Maqueda
(2006), who calculated meridional pressure gradients above and below the level of no motion and
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found tighter relationships below. Griesel and Morales Maqueda (2006) argue this is a reflection
of the dominant pressure-driven dynamical regime at depth, which is not “contaminated” by other
wind-induced motions, and operates in a different dynamical regime.
Similarly to Griesel and Morales Maqueda (2006), the pressure gradients between the Northern and Southern subtropics, although negative for all models, are dissociated from the overturning
strengths (Figure 4.6d, τ=0.10, p=0.67). Most of the pressure signal is between the Northern Atlantic and the subtropical North Atlantic. For this reason, meridional gradients taken between station 74 and 6, or between 74 and 31 (Figure 4.6a, b, c) yield qualitatively similar results. This also
agrees well with the results of Zhang (2010), who found a dynamical separation at the subtropicalsubpolar boundary, between the mechanisms responsible for the Southward propagation of volume
transport anomalies originating in the North Atlantic convective regions in the gfdl cm 2 1 model.
North of about 35◦ N, overturning anomalies propagate with the advective speed from the convection sites, taking about 4-6 years to go from 60◦ N to 35◦ N. South of this boundary, the propagation
is faster and is occurring at coastal Kelvin Wave speeds, taking less than a year to propagate from
35◦ N to the South Atlantic.
Since pressure and steric height are related quantities, both are vertical integrals of density, it
is not surprising to see that steric height gradients also show excellent scalings with the meridional
overturning strength across the models (Figure 4.6g, h). Steric height was calculated at each station
according to equation 4.2, with a reference depth of 2500 m, or using the deepest available depth
above 2500 m. Similarly to the case of pressure, better regression statistics are obtained when
a deeper reference level is used for the integration (not shown). In this case, there is a notable
improvement in the regression quality between the pair 6-74 and 31-74.
The main difference between stations 6 and 31 is the strong influence of AAIW at the Southern
Atlantic station. This hydrographic feature also explains why, while no relation was obtained for the
pressure gradients between stations 6-31 (Figure 4.6d), a relation exists between the density contrast
at 1100 m between stations 6 and 31 and the maximum overturning (Figure 4.6h) or between stations
74 and 31 at that depth (Figure 4.6g). A weak relation can also be retrieved between the contrast
of the vertically averaged density between 50 and 1500 m and Ψ1990s
max (Figure 4.6i) as was used
by Weber et al. (2007), although panels 4.6e and f clearly support Hughes and Weaver (1994) and
Thorpe et al. (2001) in their use of steric height as a superior diagnostic.
This analysis shows that meridional gradients in pressure, steric height or density measures are
correlated with the strength of the meridional overturning cell not only within the dynamics of each
model, as previously published studies indicate (Table 4.2), but also across the CMIP3 models.
These strong correlations emphasizes the fact that the meridional gradients investigated here and
the overturning are linked dynamically.
Similarly to the results focusing on the local conditions of the North Atlantic, however, no
relation was found between the absolute change in Ψmax between 1990s and 2090s and between the
overturning sensitivity (i.e. the relative change) and the mean state of the different hemispheric and
inter-hemispheric thermohaline property, sea-surface height, pressure or density gradients across
the CMIP3 models. Changes in the overturning upon global warming are induced by changes in the
winds or buoyancy fluxes. The lack of relationship between the modern estimates of the meridional
property gradients considered here and the change in the overturning by 2100 reflects the fact that
the inter-model spread in meridional gradients is less controlled by across model differences in the
winds or surface buoyancy fluxes and more controlled by other processes affecting the overturning,
such as mixing and viscosity parameterizations.
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4.5.3 Scalings derived from the pycnocline theory
As shown by Gnanadesikan (1999) and others (Levermann and Griesel, 2004; Johnson et al., 2007;
Levermann and Fuerst, 2010), a scaling can be derived between the strength of the meridional
overturning circulation, the pycnocline depth and a density gradient that characterizes the contrast
between light and dense waters. Although details of the derivations can vary, all proposed equations
converge towards an expression of the form shown in Equation 4.3:


2
Ψmax ≈ Ω · ∆ρdense
·
D
(4.3)
light
Ω is a constant that varies depending on the argumentation of the derivation. It encompasses multiple geometrical elements of the flow. Assuming that the precise description of the geometrical
elements is not too important compared to the inter-model differences in the density field and py2 is expected across the CMIP3 models
cnocline depth, a scaling between Ψmax and ∆ρdense
light · D
(Figure 4.7).
Figure 4.7 shows results that are not very different from the scalings obtained using ∆σ1,1100m
only (Figure 4.6g-i). The implication is that differences in the pycnocline
depths across

 the models
2
are small and thus only exert a small influence on the calculation of ∆σ1,1100m · D .
Although the scatter of the points in Figure 4.7 can be substantial, all relationships shown are
significant (Table 4.3), and only model 9 behaves in a way that seems inconsistent with the main
trend suggested by the other models. The presence of a consistent relationship across the CMIP3
models suggest that inter-model variation in the flow geometry (i.e. the constant Ω) are not as large
as differences in the subsurface density field. In this case, given that the density measure is taken at
1100 m, this indicates that one of the main difference across the CMIP3 models is the representation
and influence of intermediate waters (LSW and AAIW).
It is also interesting to note the difference in results between Figure 4.7c and Figure 4.6d. As
stated earlier, no relationship can be found with the pressure gradient evaluated between stations 6
and 31, located in the Northern and Southern Subtropical gyre. The justification for a relationship
between Ψmax and pressure relies on the hypothesized dynamics of the Deep Western Boundary
Current. If it is assumed that the inter-equatorial exchange is mostly eddy-driven, however, and not
hydraulically driven, the lack of a relationship with pressure makes sense. In contrast, the justification for the relationship shown in Figure 4.7c is based on the concept of water mass transformation
(Gnanadesikan, 1999). Since water masses maintain their properties far from their formation region, the presence of a relationship can exist even when evaluating the meridional density gradient
at subpolar latitudes.
Statistical results in Table 4.3 show good consistency between the regression slopes obtained
using the different station pairs. Regression lines in Figures 4.7 also clearly intercepts with the
observational constraint. This good agreement indicates that, even if only data from pairs of stations
are used in each case, the results are representative of the basin scale. Thanks to the process of water
mass consolidation (i.e. aging and mixing, resulting in homogenous layers), it is not necessary to
use areally or zonally averaged measures. This highlights the value of well-positioned individual
stations in the context of observational network design.

4.6 North Atlantic to North Pacific contrast
4.6.1 Background
Water that evaporates in the mid-latitudes of the Atlantic is transported both poleward towards the
subpolar region and also Westward across the American continent and precipitated in the Pacific.
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Topography (Asia and the Rocky Mountains) and modulation by the position of the Inter-tropical
Convergence Zone (ITCZ), which is associated with the East Asian Monsoon (Keigwin and Cook,
2007; Schmidt and Spero, 2011; Sagawa et al., 2011), affect precipitation and the equivalent return
of atmospheric transport of water from from the Pacific to the North Atlantic. Freshwater is thus
trapped in the North Pacific, inducing a freshwater deficit in the Atlantic. The balance between
atmospheric water vapor transports and ocean salt transports is responsible for maintaining the observed inter-basin salinity contrast and limits deep water formation in the North Pacific (Keigwin,
1987; Warren, 1983; Emile-Geay et al., 2003; Keigwin and Cook, 2007). Complementary arguments, based on models, for explaining the Atlantic to Pacific salinity contrast suggest that salinity
will always be greater in the basin where convection occurs (Manabe and Stouffer, 1988).
In a series of modeling freshwater disparity experiments designed to test the role of the interbasin salinity contrast in maintaining the global thermohaline circulation, Seidov and Haupt (2002),
Seidov and Haupt (2003), Seidov and Haupt (2005) and Haupt and Seidov (2007) show that the
inter-basin salinity contrast between the North Pacific and the North Atlantic is able, without any
other forcing, to generate a conveyor-type circulation of appropriate structure and magnitude if
a critical inter-basin salinity difference is achieved. These experiments also reveal that details of
the zonal distribution of salinity in each basin are not very important relative to the mean interbasin contrast. It should be noted, however, that these experiments suffer from serious limitations.
The most relevant ones are 1) the fact that the model domain used does not include the Arctic
and as such does not allow for the associated freshwater return pathway through the Bering Strait
to influence NADW formation (De Boer and Nof, 2004a,b), and 2) the fact that these are ocean
only simulations, excluding the possibility of ocean-atmosphere coupling, i.e. surface salinity was
modified independently of temperature, not considering the possibility of density compensation
effects. In spite of these limitations, these experiments indicate that the inter-basin salinity contrast
may provide overall stability to the global climate.
A strong Atlantic-Pacific teleconnection was also found by Saenko et al. (2004), who showed,
using coupled model experiments, that a removal of freshwater in the Pacific (i.e. salinity increase in
the Pacific) without direct local perturbations to the North Atlantic can result in a salinity decrease
in the Atlantic, with a potential to collapse the North Atlantic overturning if the size of the Pacific
perturbation is large enough. The results of Saenko et al. (2004) thus show that a salinity increase
in the North Pacific has the same effect as a freshwater addition in the North Atlantic. Conversely,
Saenko et al. (2004) found that a freshwater addition in the North Atlantic leads to a salinity increase in the Pacific and initiation of an overturning cell in the Pacific. This Atlantic-Pacific seesaw
(Saenko et al., 2004) is hypothesized to be dynamically similar to the Stommel box model salinity
feedback experiment (Stommel, 1961), albeit working at the inter-basin scale via the intermediate
waters in the Southern Ocean, instead of meridionaly between the subpolar and subtropical regions
in the North Atlantic.
Different measures of temperature and salinity contrast between the North Atlantic and the
North Pacific and their relationship to the magnitude of the North Atlantic meridional overturning
circulation in the CMIP3 models are discussed below.

4.6.2 Hydrographic measures in the North Atlantic and North Pacific
As can be seen from the North Atlantic and North Pacific central water θ/S ridges in Figure 4.3, the
inter-basin salinity contrast simulated by the CMIP3 models differs from one model to another and
from the observations. Central waters representations by the models differ from observations both
because of a basin-scale bias (translation of the θ/S ridges along the θ or S axis) or regional scale
biases between the subpolar and subtropical regions (reflected in the slope of the θ/S mode water
161

ridges). The slope is indicative of the subtropical to subpolar salinity and temperature contrast.
The inter-basin contrast is summarized here using sentinel stations 6 and 47 for the subtropical
regions and stations 74 and 49 for the subpolar regions. Stations 6 and 47 are located in the subtropical mode water formation regions of the North Atlantic and Pacific (Figure 4.1). Overlay of the
specific θ/S curves for these stations on the volumetric θ/S diagrams show these stations are good
indicators of the general conditions representative of the North Atlantic and North Pacific (Figure
4.3).
Inter-basin salinity contrasts are typically evaluated from large areal averages (i.e. 10-60◦ N, see
for example Hu et al. (2004)). The salinity contrast based on these average measures can depend not
only on the Atlantic-Pacific difference, but also on the location of the subtropical-subpolar boundary
within each basin in relation to the averaging domain, as well as the area fraction covered by each
gyre in the domain considered. The use of values at single stations that are clearly located in either
the subtropical or subpolar domain circumvents this problem.
While it is true that single-station measures are more vulnerable to small regional heterogeneity
and temporal variability, especially near the surface, these effects are minimized by looking at a
vertical averages over a thickness (here the upper 500 m). Overall, however, the results in Figure
4.8 are robust to the diagnostic measures used: qualitatively similar results as those presented below
are obtained when values evaluated at the surface, values values evaluated at fixed depth or evaluated
at core layers locations (i.e. shallow salinity maximum, temperature minimum) are used instead of
vertically averaged values. Consistent results are also seen when using other stations, such as for
example a station in Eastern North Pacific Alaska gyre region as a surrogate for station 49, or station
ALOHA, 100 km North of Hawaii, instead of station 47 (not shown).
Relationships between the North Atlantic overturning index and measures of the salinity and
temperature inter-basin contrast are shown in Figure 4.8 and their statistics are summarized in Table 4.3. Both the inter-basin subpolar salinity (Figure 4.8a) and temperature (Figure 4.8c) contrast
yielded a positive correlation with overturning across the CMIP3 models. Considering the subtropical contrast, only the inter-basin temperature contrast yielded a significant connection with the
overturning (Figure 4.8b). Evaluation of the hydrographic contrast using the subpolar conditions in
one basin and the subtropical measure in the other basin do not provide any significant trend.
Although the results in Figure 4.8a are a priori consistent with the Atlantic-Pacific seesaw
mechanism proposed by Saenko and Weaver (2004), a definitive statement cannot be made in favor
of its importance of the Atlantic-Pacific seesaw in explaining the across model variance with regard
to the model’s overturning strength. This is explained as follows. The data presented in Figure 4.5
show that a stronger overturning leads to saltier conditions in the subpolar North Atlantic. No connections were found, however, between the meridional overturning strength in the Atlantic and any
hydrographic measure in the North Pacific. This means that a large fraction of the correlation seen
in Figure 4.8a is driven by Atlantic conditions. An alternative interpretation of Figure 4.8a may then
be that it is a reflection of how the subpolar-subtropical system of the North Atlantic is represented
in each model rather than a dynamic linkage between inter-basin contrast and overturning.
The results in Figure 4.8b and c are consistent with Hu et al. (2004), who found significant
correlations between the Atlantic-Pacific contrast in mean sea surface temperature, averaged from
10 to 60◦ N, and the North Atlantic overturning in coupled model simulations perturbed with freshwater in the North Atlantic and in a 1% CO2 transient climate run. Again, however, in light of the
relations found between local conditions in the North Atlantic and the overturning (Figure 4.5c),
and given that the correlation between North Pacific subpolar or subtropical temperature and Ψmax
are not significant, it is concluded that the positive correlations in Figure 4.8b and c are due to local
North Atlantic conditions in the CMIP3 set and not due to an Atlantic-Pacific teleconnection that
would be manifested across the different coupled models. Since the across model differences in
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hydrographic conditions in the North Atlantic are mostly set by the overturning circulation of the
models, the implication is that the positive correlations observed for the inter-basin contrasts are
mostly driven by the circulation and are not the cause for the differences in overturning.
Finally, as was the case in the section on local North Atlantic conditions and on the meridional
gradients, no significant relationship was found across the models between any of the vertically
averaged hydrographic conditions in the top 500 m in each basin, any measure of inter-basin contrast using these stations, and the sensitivity of each model’s meridional overturning to increasing
atmospheric radiative forcing by the end of 2100.

4.7 Hydrography and circulation in the Southern Ocean
4.7.1 Overview of hydrographic conditions in the Southern Ocean
As the regional volumetric θ/S diagrams calculated for the ocean volume South of 30◦ S show,
the temperature and salinity distribution of the CMIP3 models can differ substantially from the
observations (Figure 4.9). Aside from temperature and salinity offsets, the cumulative volumetric
θ/S distributions also show that the distribution of volume within the θ/S shape can vary significantly
between the models. These differences in the volume distribution, irrespective of the translation of
the whole θ/S shape with respect to the observations in panel a), represent errors in the relative
importance of the formation processes, rates, and export of particular water masses.
Of notable importance for the discussion that follows is the relative importance of waters of Atlantic origin. Atlantic influence on the volumetric θ/S diagram is represented by the lobe extending
from the main “S” shape towards values of 3◦ C and 35 psu in Figure 4.9.
Waters cooler than -1◦ C in Figure 4.9 represent the precursor water masses that are known to
participate, along with NADW, in the formation of AABW. It is clear from Figure 4.9 that the
simulations of these waters in the CMIP3 models differ substantially from the observations and
from one-another.
Since these θ/S shapes differ in almost all respects, the analysis below again relies on hydrographic properties isolated from a few sentinel stations as a means to synthesize the vast volume of
information in Figure 4.9. The discussion will also be limited to the investigation of relationships
between the mean hydrographic properties and aspects of the meridional overturning circulation.
As Figure 4.9 suggest, this is by no means an exhaustive analysis. Furthermore, the transient response, when visualized in the way of Figure 4.9 (not shown) provides an interesting view of the
effects of climate change on the ocean that warrants further investigation.

4.7.2 Background
Two water masses of importance for climate are formed in the Southern Ocean: AABW and AAIW.
Both are fresher than NADW (Figure 4.2) and contribute to the return of Atlantic-sourced water
vapor that has been precipitated in the Indo-Pacific and the Southern Ocean (Broecker et al., 1990;
Saenko and Weaver, 2001; Saenko and England, 2003). The salinity contrast between AABW,
AAIW and NADW partly reflects whether the net Atlantic overturning is a net importer or exporter
of salt (Broecker et al., 1990). The net freshwater transport balance in or out of the South Atlantic
is an important diagnostic quantity that has been linked to the ability of the circulation to maintain
multiple stable states (Rahmstorf, 1996; de Vries and Weber, 2005; Hawkins et al., 2011). The
salinity contrast between these water masses, particularly NADW and AAIW, is likely related to the
sensitivity of the overturning circulation to the greenhouse-induced perturbation of the hydrological
cycle (Saenko et al., 2003b).
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Similarly to the Northern polar region, the upper ocean around Antarctica is salinity stratified
(β-ocean). As such, higher upper ocean salinities have a positive effect on the propensity of models
to generate AABW, as has been shown in simple models (Stocker et al., 1992). The Southern Ocean,
however, does not appear to be very sensitive to negative freshwater perturbations. Both Stouffer
et al. (2007) and Trevena et al. (2008b) performed freshwater hosing experiments in the Southern
Ocean and found that while the deep Southern circulation weakens, it doesn’t collapse and it seems
to lack multiple steady states, contrary to its Northern counterpart. The time scale for recovery
is also much quicker than that of North Atlantic hosing cases, owing to the efficient Northward
freshwater export out of the surface waters. Freshwater perturbations in the Southern Ocean are
able, nonetheless, to generate significant localized atmospheric cooling. The cooling arise in part
because the freshwater cap prevents upwelling of warmer and saltier CDW.
The absence of a bistable Southern circulation is likely associated with the lack of a positive salt
feedback in the Southern Ocean. In the North Atlantic, reduced convection also implies a slowdown
of the Northward subtropical-to-subpolar supply of salty water, which further tends to reinforce the
collapsed circulation. The Drake Passage limits the subtropical influence at high Southern latitude.
As such, AABW does not rely on subtropical salinity for its densification, but instead depends
on the wind-induced upwelling and mixing of salt from CDW. (Toggweiler and Samuels, 1995b),
analyzing the δ18 O budget of bottom waters, further suggest that even brine rejected from sea ice
and dense waters produced by interactions with ice shelves are minor contributors to the overall
production of AABW, which further explains its resilience.
Previous studies also point to AAIW as an important vector for the Northward propagation of
the freshwater anomalies, in accord with Saenko et al. (2003b). This does not imply that AABW is
not important, but points perhaps, to its role in climate being more indirect than the bipolar seesaw
(Bryan, 1986; Broecker, 1998) would suggest. For instance, England (1992), in a modeling study,
argues that AAIW simulations depend critically on the proper density of the bottom waters. In cases
where AABW is too light, it does not provide the correct base on which CDW and AAIW can build,
resulting in degenerate AAIW simulations.
One of the most prominent features of the Southern Ocean is the Antarctic Circumpolar Current
(ACC) system (Russell et al., 2006b). Although the ACC, as a geostrophic flow, has been shown
to scale with the meridional density gradient across it (Gnanadesikan and Hallberg, 2000; Hallberg
and Gnanadesikan, 2001; Bi et al., 2002; Russell et al., 2006b; Fuckar and Vallis, 2007), it is not
clear how the ACC responds to climate perturbations. The dynamical balance that maintains the
meridional isopycnal slope that supports the ACC is not clear with on one extreme wind stress
and on the other buoyancy fluxes. While the effects of wind stress perturbations were shown to
have a large effect on the ACC in coarse resolution simulations with parameterized eddies, newer
simulations at eddy-permitting scales suggest increases in the winds do not contribute to increasing
the ACC transport (Hogg, 2010; Farneti et al., 2010; Farneti and Delworth, 2010; Morrison et al.,
2011; Downes et al., 2011). As pointed out by Downes et al. (2011), changes in the winds in highresolution models, even if they do not affect the net ACC transports, affect the meridional structure
of the jets composing the ACC system and as a consequence influence the export of SAMW and
AAIW.
Farneti and Delworth (2010) compared the effects of increasing Southern Ocean winds on the
overall overturning structure of the ocean in models of various resolutions. Scaling theories of the
pycnocline (Gnanadesikan, 1999) suggest that the overturning in the North Atlantic should increase
in response to increasing Southern Ocean winds, owing to greater northward Ekman transport. Farneti and Delworth (2010) show, however, that eddies in higher resolution models largely buffer this
effect, resulting in small overturning changes in the eddy-permitting simulations. Following the
hypothesis of Saenko et al. (2003b), if AAIW densities were to increase slightly in the strong wind
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case, the AAIW to NADW contrast would be slightly weaker. To the extent that the meridional density contrast between NADW and AAIW is related to the strength of the meridional overturning, a
reduced AAIW-NADW density contrast would induce a weakening of the North Atlantic overturning, working in the same direction as the eddy return flow, further balancing the increased Ekman
transformation of dense to light waters.
While the effect of freshwater and wind perturbations in the Southern Ocean were discussed
above, it is also relevant to ask how perturbations in the North Atlantic affect the Southern Ocean.
Fuckar and Vallis (2007), following on the work by Samelson (2004), used an idealized model
configuration to investigate how changes in the surface meridional buoyancy gradient in the North
Atlantic affects the ACC transport. The reduction in North Atlantic deep water formation induced by
altering the temperature gradient in the North Atlantic results in a stronger ACC transport. Weaker
Atlantic overturning results in a deepening of the overall stratification at mid-latitudes (i.e. more
light waters, deeper pycnocline), which results in a stronger meridional density gradient across
the ACC, between the Southern Ocean and the mid-latitudes, supporting an increase in the ACC’s
baroclinic transport. Fuckar and Vallis (2007) found this response is not sensitive to peculiarities of
the lateral or vertical mixing schemes used or to the winds over the Southern Ocean.
The response observed by Fuckar and Vallis (2007) is similar qualitatively to the response simulated by global warming simulations in a coupled model (Bi et al., 2002). Bi et al. (2002) showed
that the meridional temperature gradient across the ACC is stronger at higher temperature. The
mechanism proposed by Bi et al. (2002) is reminiscent of that proposed by De Boer et al. (2007) in
the context of historical ventilation changes (i.e. the sensitivity of density to temperature increases
with increasing temperature). Changing the density structure of water masses, even remotely, can
thus affect the ACC for reasons other than local wind or buoyancy changes (Munday et al., 2011).
The following sections investigate the relationships between Southern Ocean hydrographic
properties of the CMIP3 models and aspects of the overturning streamfunction characteristic of
these models given the context just provided. Specifically, relationships between circulation and
temperature and salinity are explored first, followed by an investigation of sea ice. The role of
NADW import in the Southern Ocean and relationships between the hydrographic conditions of
the South Atlantic and the overturning circulation are presented next. Connections between hydrography and the ACC are discussed last. Unlike previously, the discussion here is not limited to
the North Atlantic overturning index, but investigates connections with an overturning index that
describes the abyssal Southern abyssal cell (Ψmin ).

4.7.3 Relationships with temperature and salinity
Relationships between hydrographic features measured by two stations in the South Atlantic (31
and 64) and indices of the Southern and North Atlantic overturning and their relative changes by
2100 are shown in Figure 4.10. Statistical relations are summarized in Table 4.3. The average
salinity in the top 100 m at station 64, located in the Southwestern Weddell gyre, is interpreted as
a proxy for the overall conditions of the Southern Ocean. Qualitatively similar results are obtained
when using stations located in the Northeastern section of the Weddell gyre or in the Ross gyre.
The average salinity of the top 100 m at station 64, evaluated in each CMIP3 model, produces
a significant relationship with the Southern overturning circulation index (Figure 4.10a), provided
models 8 (gfdl cm2 1) and 18 (miub echo g) are removed from the regression (Table 4.3). A weak
relationship also exists between the sensitivity of the abyssal overturning to increasing atmospheric
radiative forcing by 2100 and the mean salinity of the upper 100 m (Figure 4.10c). No clear relationships are found between the salinity profiles in the Southern Ocean and Ψ1990s
max or the sensitivity
of the North Atlantic overturning by 2100, however.
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More than the upper layer salinity, it is the vertical stratification around Antarctica that controls
the overturning strength of the abyssal cell and its sensitivity to greenhouse forcing. The salinity
contrast between the upper 100 m and the salinity of the deep salinity maximum is strongly correlated with the overturning indices (Figure 4.10b and d, Table 4.3). Sen Gupta et al. (2009) observed
a similarly good relationship between AABW overturning and the mean vertical density gradient
in the top 100 m south of 60◦ S. These authors also identified model 14 (inmcm3 0) as an outlier
(Table 4.3).
A significant scaling exists also between the bottom salinity at station 64 (other stations in the
northeastern Weddell Sea or in the Pacific sector in the Ross Sea gyre produce similar results) and
the sensitivity of the abyssal cell by 2100 across the CMIP3 models (Figure 4.10h). The salinity
gradient between Weddell Deep Water (WDW) (the deep salinity maximum at station 64) and the
bottom waters is very small compared to the inter-model differences in deep water salinities (Figure
4.3). For this reason, the bottom salinity and the salinity of the deep salinity maximum can be used
inter-changeably (r2 =0.92, p < 0.001, not shown) with similar effects, even if these measures track
different water masses in principle, i.e. WDW and AABW. These differences are small given the
dynamic range of the CMIP3 biases, however.
The vertical salinity contrast and the salinity of the upper 100 m are anti-correlated (Figure
4.10e), while the vertical salinity contrast and the salinity at the bottom are positively correlated
(Figure 4.10f). The upper salinity and the bottom salinity across the models are only weakly related,
however (Figure 4.10g). That is, models with low surface salinities tend to experience a strong
stratification, models with high deep salinities also experience a strong stratification, but models
with a low surface salinity are not necessarily those models with a high deep salinity, even if a weak
tendency exists. This means that surface properties of the CMIP3 models are only weakly related
to their bottom properties, implying a variable degree of subsurface mixing associated with each
model.

4.7.4 Sea ice
Because upwelling of relatively warm water is largely responsible for the heat supply to the Southern
Ocean and the catastrophic demise of the sea-ice cover in Spring in the real world, models whose
water column are more stratified would be expected to develop larger amounts of sea ice. Per
the relationship of panel 4.10e (i.e. strong stratification is associated with fresher surface waters),
this implies that models with a lower salinity in their surface layer should develop more sea ice as
upwelling should be less intense in a more stratified water column.
The opposite relationship is in fact obtained when testing this hypothesis using the CMIP3 sea
ice areas calculated by Sen Gupta et al. (2009) (their Table 4). Models with saltier surface layers
tend to possess more sea ice area in summer (r2 =0.29, p = 0.02, not shown). For numerical
reasons, model 12 (iap fgoals1 0 g) has anomalously high sea ice coverage and is excluded from
these regressions (Russell et al., 2006b; Sen Gupta et al., 2009). Model 3 (cccma cgcm3 1 t63)
also has excess sea ice, although much less than model 12, and is also excluded from these fits.
No relationship exists between temporally averaged upper salinity and winter sea ice cover, with
the seasonal change in sea ice coverage and between the mean temperature in the top 100 m and sea
ice cover either in summer or winter or with the seasonal amplitude of the sea ice coverage. While
insignificant statistically, relationships with temperature do show, however, that no model with a
mean upper 100 m temperature above -1.0◦ C has large sea ice cover. Warmer models also tend to
experience a weaker seasonal amplitude change in sea ice cover. The scatter that prevents statistical
significance in these comparisons occurs at lower temperatures. Significant negative relationships
(p < 0.05) between temperature and sea ice cover appear, however, when considering stations that
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are further North (60◦ S). Relationships between salinity and sea ice all become insignificant at these
latitudes, however.
These comparisons suggest that sea-ice does not play a strong role for explaining the intermodel variance in salinity across the CMIP3 set. Similarly, upper layer hydrographic conditions do
not seem to influence sea-ice dynamics.

4.7.5 Influence of NADW
Since NADW is saltier than all waters present in the Southern Ocean (only the saltiest of High
Salinity Shelf Water (HSSW) comes close), the scatter in Southern Ocean salinities amongst the
CMPI3 models must be associated with the influence of NADW in the region, as proposed by
Russell et al. (2006b).
Unfortunately, using the volume, salt and heat export values from Russell et al. (2006b) calculated for the CMIP3 models at 30◦ S in the fixed density interval characteristic of NADW as defined
by Talley (2003) in the observations, no statistically significant relationships could be found between these measures of NADW volume, salt or heat export out of the South Atlantic and the mean
salinities or temperature of the top 100 m or with the salinity at the bottom at station 64 or at other
similar stations in the Southern Ocean (not shown).
Using properties of the deep salinity maximum at station 31 as a proxy for the properties of
NADW exported out of the South Atlantic, also does not yield any clear statistical relationships
with near surface or deep salinity or temperature conditions at station 64.
Upon closer inspection of the data, indications exist, nonetheless, that are suggestive at least of
a qualitative agreement with the contribution of NADW in setting hydrographic conditions in the
Southern Ocean. For instance, the models with the freshest surface conditions are never associated
with high NADW exports, models with the highest surface temperatures correspond to those models
with a larger export and models with very low NADW exports typically reflect low bottom salinities.
Furthermore, significant relationships could be found between the volume and salt export indices
of NADW and the bottom temperature at station 64 (r2 ≈ 0.22,p < 0.05, excluding models 5 and
14, not shown). Paradoxically, the regression between bottom temperature and heat transport is not
significant, although a marginally significant correlation can be achieved (τ = 0.33, p = 0.07).
The inter-model differences in how water masses are resolved in the volumetric θ/S space are
large (Figure 4.3). The use of fixed density boundaries as a means to define water masses in the
CMIP3 model set is not ideal as models experience systematic density biases. Supporting evidence
that this is indeed a problem for the export values given by Russell et al. (2006b) is provided by
looking at the relationship between the properties of the salinity minimum at station 31 and the
NADW export values.
Clear relationships exist between temperature, salinity and density of the intermediate salinity
minimum and the NADW volume, salt and heat exports. The negative-sloped linear relation between density at the salinity minimum and the export values is particularly telling. Russell et al.
(2006b) used σθ = 27.4 as the light limit for NADW. About half of the models have densities at
their salinity minimum close to or higher than this threshold, however, indicating that the NADW
layer used by Russell et al. (2006b) is more or less contaminated by AAIW, whose circulation is
opposite to that of NADW. This definition issue explains why models with high densities at the
salinity minimum also have low NADW exports given the values of Russell et al. (2006b). This
also explains the difficulties in recovering statistically significant correlations above.
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4.7.6 Hydrographic properties in the South Atlantic
Since the South Atlantic acts as the gateway controlling the southward propagation of the overturning cell of the North Atlantic and the northward extension of waters originating in the Southern
Ocean, monitoring the South Atlantic can be a very cost-effective way to observe the evolution of
the ocean and its long-term response to climatic shifts. As can be seen in Figure 4.2 and 4.3, a lot of
information can be gained about the main stratification of the ocean from a single profile at station
31. Interesting relationships are found between the hydrographic properties at station 31 and both
overturning indices considered (Ψmax and Ψmin ).
An estimate of the NADW to AAIW density contrast is estimated in the CMIP3 models using the
vertical density contrast between the intermediate salinity minimum and the deep salinity maximum
at station 31. Relationships between the density contrast at station 31 and the overturning indices
are shown in Figure 4.10i-k.
4.7.6.1

NADW-AAIW density contrast and overturning sensitivities

Using freshwater perturbation model experiments, Saenko et al. (2003b) showed that a hysteresis
behavior of the thermohaline circulation can be triggered by perturbing the freshwater content of
outcropping isopycnals North of the ACC, without any other changes in buoyancy in the North Atlantic. Saenko et al. (2003b) found that, in their model, the switch between the “on” (NADW dominated) and the “off” (AAIW dominated) circulation is controlled by the density contrast between
these two water masses in their formation regions. The “on” mode corresponds to the condition
σNADW > σAAIW and the “off” mode to the condition σNADW < σAAIW . Given these results, a
relationship is conceivable across the CMIP3 models between the NADW-AAIW density contrast
and measures of the overturning circulation.
Indeed, a tight relationship is found between the NADW-AAIW density contrast at station 31
and the sensitivity of the Southern Ocean overturning (Figure 4.10i). Figure 4.10i agrees with
Saenko et al. (2003b) in the sense that a weak density contrast between NADW and AAIW is
associated with a strong change in circulation. It disagrees with Saenko et al. (2003b), however,
in that the circulation cell associated with this relationship is the abyssal cell and not the North
Atlantic overturning cell.
This relation between the overturning sensitivity of the abyssal cell and the NADW-AAIW
density contrast is not easily explained. The density contrast does not scale with measures of wind
stress at Drake Passage (not shown, using the wind stress proxies from Russell et al. (2006a)), nor
with measures of Summer, Winter, Summer-Winter difference in sea ice concentration or sea ice
volume (sea ice data from Sen Gupta et al. (2009)), nor with model resolution.
No relation was found between the NADW-AAIW density contrast and the sensitivity of the
Northern overturning cell, whether the overturning is characterized by the maximum overturning in
the North Atlantic or by the maximum of the NADW cell at 30◦ S, and irrespective of the correlation
test used (Pearson, Spearman, Kendall).
A relationship is suggested by the data showing the difference between the maximum overturning in the North Atlantic and the measure at 30◦ S and the sensitivity of the North Atlantic overturning (Figure 4.10l). The differences between the mean 1990s maximum NADW cell strength and its
1990s
mean 1990s value at 30◦ S (U = Ψ1990s
max − Ψ30S ) are consistent across most of the models, at about
1990s
2-4 Sv (15-20% of Ψmax ), except for model 14, where it is negative (-5 Sv), and for models 9, 10
and 11, where it is 19, 18 and 12 Sv respectively (Figure 4.10l).
The tentative relationship in Figure 4.10l is based purely on overturning measurements, however. These measurements are difficult to make in reality, unlike easily measurable hydrographic
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variables like temperature and salinity. Since the difference U is a measure of the upwelling flux
in the mid-latitudes of the Atlantic basin, the relation illustrated on panel 4.10l suggests, nonetheless, that the circulation of models with more intense mid-latitude upwelling are more sensitive to
greenhouse forcing.
A few of the relationships mentioned thus far (Figure 4.10c, d, h, i) have indicated significant
relationships between some measure of the modern hydrographic state of the ocean models with
the CMIP3 model estimated overturning sensitivity to increasing atmospheric radiative forcing.
As can been seen from these panels, the intersection of the proposed regression trends with the
observational estimates tend to converge towards similar sensitivity values, typically indicating a
20% decrease in the magnitude of the abyssal cell by 2100. Given the lack of agreement amongst
the CMIP3 models in their simulations of the overturning cells originating in the Southern Ocean,
the consistency of the 20% estimate is remarkable.

4.7.6.2

NADW-AAIW density contrast and overturning strength

A significant relation also exists between the NADW and AAIW density contrast at station 31 and
Ψ1990s
max (Figure 4.10k). The salinities at the salinity maximum and salinity minimum at station 31
further suggest that fresher AAIW-cores are consistently associated with stronger Ψ1990s
max and saltier
NADW-cores also (not shown). Warmer NADW core temperatures also tend to scale with stronger
Ψ1990s
max (not shown).
A relationship between the NADW-AAIW density contrast at station 31 and the AABW overturning also exists (Figure 4.10j), whereby stronger density contrasts between NADW and AAIW
lead to weaker Ψ1990s
min . In this case, however, the data cluster in two groups that clearly follow two
parallel trends. Regression slopes for both groups are statistically indistinguishable. To emphasize
this behavior, the magenta line in Figure 4.10j represents the regression slope of the first (red) group,
offset by -11 Sv. Interestingly, models 5 and 6 (csiro models), and models 16 and 17 (miroc models), which both fall in the second group (magenta line) come from the same modeling institutions.
There are no obvious reason why these models follow a parallel yet offset trend. Considerations
such as resolution, mixing parameterizations, grid types, sea ice dynamics, eddy and mixed layer
parameterization or atmospheric model resolution (Sen Gupta et al., 2009; Carman and McClean,
2011) are not a priori atypical in a way that could explain this offset.

4.7.7 Hydrography and the Antarctic Circumpolar Current
The relationship between the vertical density contrast between the density of the salinity minimum
(AAIW core) and the shallow salinity maximum (STMW) measured at station 31 indicates that
the ACC strength is lower for larger vertical density contrasts between AAIW and NADW (Figure
4.10n).
Models in Figure 4.10n tend to form two groups. Regression slopes for each group are not
statistically different from one another, with slopes of about ≈-33 Sv/(kg/m3 ), although both fits are
only marginally significant with p-values ≈0.1. The model groupings are consistent with the groupings obtained when considering the meridional steric height gradient (a measure that is dynamically
linked to the ACC magnitude) between station 31 and station 64, located on either side of the ACC,
with the exception of model 6 (Figure 4.10m). The members of each group differ from the groups
suggested in Figure 4.10j, however. Model 5 (csiro mk3 0) falls off every trend and is a consistent
outlier with regard to its ACC, which is twice as strong as observed. Models 5 and 6 originate from
the same institution.
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Since the regression line for group 2 (magenta line, Figure 4.10m) passes through the observational estimate for the ACC, models from these groups are more likely to be correct, although this is
just a supposition. The fact that the regression slope of each group is similar suggests, however, that
the ACC is governed by similar dynamics in both groups and that the offset is due to a systematic
bias.
Fuckar and Vallis (2007) and Munday et al. (2011) predicted an increase in the ACC with a
decrease of the meridional overturning driven by buoyancy forcing in the North Atlantic. While
this dynamical response occurs in each model individually, a weak tendency also exists for CMIP3
models with a weaker NADW cell to also have a lower ACC than those experiencing a stronger
overturning (Figure 4.10p). The relation is not significant, however.
No connection exists between the AABW overturning or the sensitivity of the NADW cell and
the ACC across the CMIP3 model set (not shown). The same is true, statistically, for the sensitivity
of the AABW, although Figure 4.10o suggests that models with strong ACC have AABW circulations that seem more responsive to greenhouse induced perturbations than models with weak ACCs.
Santoso et al. (2006) found a strong correlation between the natural variability of the ACC and the
surface density in the Weddell Sea simulated in a version of the CSIRO model they investigated.
This connection does not yield any significant relationship when using the mean top 100 m density
of station 64 as a proxy for Weddell Sea surface density and the ACC strength across the CMIP3
models, however.

4.8 Conclusions
CMIP3 models capture the overall water mass structure of the ocean very differently. While most
models are able to represent the main stratification, that is Central Waters, Intermediate Waters,
Deep and Bottom Waters, the thermohaline properties and relative volumetric importance of these
waters can be substantially biased in the different models. In this study, an overview of the overall
water mass structure in the CMIP3 models was provided. It was shown that vertical profiles from a
few well-chosen stations in concert with the concepts of water mass and core layer can be used to
gain information about the biases of the ocean simulated by he CMIP3 models.
The bulk of the discussion is devoted to the investigation of possible connections between how
the CMIP3 models represent the temperature and salinity fields and aspects of the meridional overturning circulation across theses models. Specifically, four types of connections were investigated,
stimulated by previously published relationships (see Table 4.2): 1) connections between local
North Atlantic hydrographic conditions and the North Atlantic meridional circulation, 2) connections between meridional property contrasts in the Atlantic and the North Atlantic meridional overturning, 3) connections between inter-basin property contrasts and the North Atlantic meridional
circulation, and finally 4) connections between Southern Ocean hydrography and the Northern and
Southern abyssal overturning. In each case, possible relationships between the mean hydrographic
measures and the overturning sensitivity (i.e. the relative change in a circulation index between the
1990s and 2090s), were also investigated.
Many different types of water mass temperature and salinity measures in the North Atlantic
produced a significant relationship with the overturning strength across the CMIP3 models (Figure 4.5). A salinity feedback exists in the North Atlantic, indicating that saltier subpolar waters
are conducive to enhanced convective mixing and enhanced Northward salt transport. It is found,
however, that most of the variance across the CMIP3 models is driven primarily by the strength of
the overturning, which is itself not controlled by hydrographic conditions in the North Atlantic, but
by the input of mechanical energy to the ocean by tides and winds. This conversion of available
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potential energy to kinetic energy in the models depends critically on the effective diapycnal mixing in the models and on the models’ viscosity. The results presented in this study point towards
differential effective mixing or viscosity in the CMIP3 models as the primary reason explaining the
relationships between biases of the hydrographic properties in the North Atlantic and meridional
overturning circulation.
Investigations of the links between measures of meridional gradients in pressure, steric height
and density (Figure 4.6 in the CMIP3 models confirm previously published scalings between these
gradients and the circulation. The novelty of this result is, however, that in this case the relationship
is derived from the mean states of different models and not from the analysis of the transient response to perturbations of individual models. Although based on different physical interpretations,
both meridional steric height gradients and subsurface density contrasts show robust linear relations
between these measures and the maximum overturning stream function index of the North Atlantic
cell across the CMIP3 models.
Model perturbations studies have suggested a strong connection, and even suggested a causal
relation, between Atlantic to Pacific property gradients and the state of the North Atlantic meridional
overturning. While correlations are found between the salinity and temperature North Atlantic to
North Pacific contrasts (Figure 4.8), a causal relation between these contrasts and the state of the
Atlantic overturning across the CMIP3 models is unlikely. It is found, instead, that the inter-basin
property contrasts reported here are driven mostly by the systematic relation across the CMIP3
models between the subpolar hydrographic properties in the North Atlantic. No significant relation
is found between measures in the North Pacific subtropical or subpolar gyre and the North Atlantic
overturning directly. Inter-basin contrasts, in the context of this study, appear to be nothing more
than indirect measures of the hydrographic state of the North Atlantic.
Finally, many relations are found between measures of stratification in the Southern Ocean (vertical property gradients at sentinel stations), mostly involving different measures of salinity, and the
strength of the Southern abyssal cell (Figure 4.10). While no connection could be found between
hydrographic measures of the North Atlantic, or measures of the meridional or inter-basin gradients, and the sensitivity of the North Atlantic overturning in response to increasing anthropogenic
radiative forcing simulated by the CMIP3 models in 2100, multiple significant relationships linking
measures of the hydrographic mean state of the Southern Ocean and the sensitivity of the Southern
abyssal cell were found. All such relationships point towards a reduction of the abyssal cell of order
20% by the end of the century. Given that individual CMIP3 model projections of the response of
the abyssal cell do not converge towards a common prediction when looking only at the overturning index of each model, as is the case in the North Atlantic, these relationships linking the mean
hydrographic state and the response of the abyssal cell provide a means to constrain the various
CMIP3 predictions towards a relatively narrow range.
Investigations of the relationships between the vertical property gradients at one station in the
South Atlantic indicates that multiple interesting relationships between hydrographic measures at
that station and the state and sensitivity of the overturning in the models can be found. Further
analysis of the value of such a station with regards to the evolution of the transient simulations is
necessary to ascertain the value of such a monitoring station in the real world, but the preliminary
data shown here based on an analysis of the mean states of different models suggest that such a
station would be very valuable as a climate monitoring station.
Some comparisons involving the strength of the ACC and measures of the steric height gradient
across the current or a vertical density gradient estimate located equatorward of the current at the
South Atlantic station indicate that two groups of CMIP3 models exist. Some models have a strong
ACC and the other models have a weak ACC. The reason for these groupings are unknown.
The framework of analysis used in this study provides an alternative approach to statistical skill
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assessment for the purpose of model inter-comparison exercises. One should note, however, that
because the analysis presented here aims at finding systematic trends across different models, it may
be that these trends are mostly driven by models that behave as outliers or that are known to not
represent reality well. The risk exist then, that some relationships described are purely artifact of the
different model architectures of the CMIP3 models and do not, in fact, represent physical processes
or different states of some internal model of variability shared across the models. Careful scrutiny
by the investigator is then an important aspect of this type of analysis.
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Figure 4.1: Annual mean surface salinity and temperature from WOA05 and climatological combined mean dynamic topography (MDT CNES-CLS09 v1.1) for the period 1993-1999 (Rio et al.,
2009). Stations used in this study are marked. Station numbers are subjective.
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Figure 4.2: θ/S relationships for the stations marked on figure 4.1 overlain on the global volumetric
θ/S distribution of the annual mean WOA05 climatology (greyscale: lighter shades indicate larger
cumulative volumes). Panel b shows the details of the deep and bottom water formation region.
Markers are shown at 200, 500, 1000 and 3000 m along each θ/S curve. The station annotation
(panel a), marks the surface. The intersection of the horizontal and vertical black lines in panel b
mark the location of the volumetric mode.
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Figure 4.3: Volumetric θ/S distribution of the CMIP3 model set for the 1990s decadal climatology
of the historical period (20C3M scenario). Each model is presented in two panels. For each model,
the left panel gives a global perspective, the right panel focuses on the deep and bottom waters.
Colored line show the θ/S curve representative of the median conditions for the 20th century in
scenario 20C3M. The intersection of the horizontal and vertical black lines on the deep water panels
mark the location of the global volumetric mode obtained from WOA05. The magenta contours (left
panels) reproduce the outline of the WOA05 global θ/S distribution that encompasses 95% of the
ocean volume.
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Figure 4.3: continued
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Figure 4.3: continued

177

Figure 4.3: continued
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Figure 4.3: continued
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Figure 4.3: continued
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Figure 4.3: continued
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Figure 4.4: Volumetric θ/S distributions for the region of the North Atlantic and the Nordic Seas for
WOA05 (a) and the CMIP3 models. The volume is presented on a log-10 scale and the distribution
is calculated for the 1990s averaged conditions of the 20C3M scenario. Black contours in each
panel show the cumulative volumetric distribution of the global volumetric θ/S distribution of the
observations. These contours are meant to help the reader position of the distribution of each model
relative to the observations.
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Figure 4.4: continued
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Figure 4.5: Relationships between the North Atlantic overturning index (Ψmax ) and different hydrographic features of the North Atlantic. Select regression and correlation statistics are shown in
Table 4.2). S74 |Smax : salinity maximum at station 74 between 200 and 3500 m. σ8θ |bottom: potential

 

density of the bottom grid point at station 8. θ6 |Smax − θ74 |Smax : θ difference between the shallow

 

6 |Surf :
salinity maximum at station 6 and that of station 74 between 200 and 3500 m. σ74
|Surf
−
σ
θ
θ
deep

surface density difference between station 74 and 6. θ6 |Smax : potential temperature at the deep
salinity maximum (>1500 m) at station 6.
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Figure 4.6: Relationships between the North Atlantic overturning index (Ψmax ) and measures of
meridional gradients in the North Atlantic and between the North and the South Atlantic (see Table
stations , where X is either pressure (P), steric height (η) or potential density (σ . The depth
4.2). ∆Xdepth
1
and the stations used are indicated as sub- and super-scripts. Dashed green lines show observational
constraints.
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Figure 4.7: Relationships between the North Atlantic overturning index (Ψmax ) and measures of
the meridional gradients of density at 1100 m in the North Atlantic multiplied by the square of
the pycnocline depth. The pycnocline depth used is the mean of the pycnocline depth calculated
from the stations shown in each panel. The depth and the stations used are indicated as sub- and
super-scripts. Dashed green lines show observational constraints.
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Figure 4.8: Relationships between the North Atlantic overturning index (Ψmax ) and measures of
inter-basin temperature (θ) and salinity (S ) contrast between the North Atlantic and the North Pacific. The depth and the stations used are indicated as sub- and super-scripts. 0-500 m indicates
averaging between these two levels. Dashed green lines show observational constraints.
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Figure 4.9: Cumulative volumetric θ/S distribution for all the data South of 30◦ S for the observation
(a, WOA05) and the 1990s average conditions of the 20C3M historical runs of the CMIP3 models
(b-w). Cumulative fractions are calculated based on the total volume of ocean South of 30◦ S by
ranking the volumes of each δθ and δS in order of decreasing volume. Black contours (the WOA05
skeleton) are reproduced in each panel for reference and correspond to selected boundaries (50%,
70%, 90% and 95%) of the global cumulative volumetric θ/S distribution of the observations. σθ
isopycnals are shown to illustrate the density scale.
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Figure 4.9: continued
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Figure 4.10: Relationships between the North Atlantic and abyssal overturning indices, their sensitivity to anthropogenic radiative forcing by 2090s and hydrographic measures in the Southern
Ocean. The depth and the stations used are indicated as sub- and super-scripts. 0-300 m indicates
int indicates the intermediate salinity minimum and S shallow
averaging between these two levels. S min
max
deep
or S max , the shallow or deep salinity maximum, associated with high salinity subtropical mode
waters or NADW. Outliers excluded from the regressions are highlighted in yellow. ACC values for
panels h, l and p are from Sen Gupta et al. (2009) or Russell et al. (2006b) (pink).
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Table 4.1: Characteristics of IPCC AR4 models: average
 grid cell volume (gV); maximum overo
turning streamfunction below 500 m between 20-60 N Ψ1990s
max ; relative change in Ψmax between


max
the 2090s and 1990s for scenario A2 (or A1b) corrected for model drift where available ∆Ψ
;
Ψ1990s
max


minimum overturning streamfunction below 1500 m between 20-60o S Ψ1990s
min ; relative change in
Ψmin between
 the 2090s and 1990s for scenario A2 (or A1b) corrected for model drift where avail∆Ψmin
able Ψ1990s ; Antarctic Circumpolar Current (ACC) from Sen Gupta et al. (2009) or Russell et al.
min

(2006b, 2007); average of the median pycnocline depth between stations 6 and 31 for the first half
of the PICNTRL time series at these stations; average of the median density contrast between the
intermediate salinity minimum
and the deep salinity maximum for the first half of the PICNTRL

S min 
31
time series at station 31 ∆σ2
.
S max

#
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23

Models

gV

Ψ1990s
max

∆Ψmax
Ψ1990s
max

Ψ1990s
min

ACC

D1990s
{6,31}

bccr bcm2 0
cccma cgcm3 1 t47(1)
cccma cgcm3 1 t63
cnrm cm3
csiro mk3 0
csiro mk3 5
gfdl cm2 0
gfdl cm2 1
giss aom(5)
giss model e h(5)
giss model e r
iap fgoals1 0 g(5)
ingv echam4
inmcm3 0(1)
ipsl cm4
miroc3 2 hires(5)
miroc3 2 medres
miub echo g(1)
mpi echam5
mri cgcm2 3 2a(1,4)
ncar ccsm3 0
ukmo hadcm3
ukmo hadgem1
Observations

[1012 m3 ]
1.22
5.35
2.00
2.26
2.14
2.22
0.64
0.64
14.33
1.19
23.48
1.18
1.16
5.78
2.41
0.75
1.47
7.20
0.99
6.25
0.48
3.18
0.79
1.20(2)

∆Ψmin
Ψ1990s
min

[Sv]
20.3
8.8
7.5
28.6
21.1
20.1
22.4
36.3
33.1
28.2
3.4
32.9
13.1
15.6
20.1
19.5
18.0
16

[%]
-28.7
-34.6
-2.9
-24.2
-30.5
-33.9
-77.1
(-54.0)(6)
-29.4
-13.9
-47.6
-17.6(7)
-30.6
-24.5
-8.7
-

[Sv]
-11.8
-18.2
-12.7
-11.3
-26.5
-17.2
-8.4
-14.3
-34.6
-15.3
-18.6
-25.9
-8.7
-19.0
-22.3
-9.9
22.2
-15

[%]
-6.9
-34.9
-19.6
-18.6
-21.7
-56.9
-56.7
(-22.2)(6)
-46.9
-2.0
-13.2
-26.6(7)
-15.3
-45.9
-6.2
-

[Sv]
96
97
110
84
313
149
113(3)
135(3)
202(3)
175(3)
226
71
139
72
44
122
185
71
155
94
205
216
199(3)
135

[m]
799
1000
900
960
891
991
944
1071
868
1073
881
1034
1033
1074
857
734
989
937
860
987(2)

(1)



∆σ31
2

S min

S max

[kg/m3 ]
0.57
0.35
0.50
0.74
0.60
0.95
0.69
0.76
0.35
0.48
0.26
0.30
0.88
0.84
0.66
0.33
0.61
0.70
1.76
0.66
0.67(2)

These models use some form of flux adjustment for heat, freshwater or both.
Calculated from the gridded 1o ×1o WOA05 annual climatology.
(3)
Not available in Sen Gupta et al. (2009), used values from Russell et al. (2006b, 2007).
(4)
PICNTRL overturning streamfunction values not available for drift correction. A2 values used.
(5)
Scenario A1b used, A2 not available.
(6)
Results are questionable due to short record length and the fluctuating nature of Ψmax .
(7)
PICNTRL value used for drift correction was obtained by extrapolating the linear fit of the first half of the record to
the 2090s.
(2)
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Table 4.2: Different locally measurable hydrographic features associated with aspects
of the global scale circulation or its variability on various time scales.
B=bottom,
s/i/d
S max/min =shallow/intermediate/deep salinity maximum/minimum, η=steric height.
#

Measure

Description

References

Local conditions in the North Atlantic and Southern Ocean
1 SAtlantic
Salinity(1) in the subpolar North Atlantic scales with AMOC
strength in forced and coupled simulations. Weak AMOC also
appear to be more unstable to freshwater perturbations.
2 σθDS OW
Density of the DSO, or density of the intermediate waters in the
GIN Seas, scales with AMOC strength.
3

(∆σθ )SS TPGG

s )
Tziperman (1997, 2000); Griffies 74(S max
et al. (2009)

Doescher and Redler (1997); 8(B), 74(B)
Schweckendiek and Willebrand
(2005); Latif et al. (2006)
s ),
Wang et al. (2010a)
74(S min
s )
6(S max

Larger upper meridional density gradients between the subpolar
(SPG) and the subtropical (STG) North Atlantic(2) scale with
AMOC strength.
4 SAABW
Surface salinity near the Antarctic continent scales with the England (1992)
strength of the AABW circulation in forced and coupled simulations.
Large-scale meridional gradients
5 (∆η)SN ,
Meridional gradient of steric height (3) , pressure(4) , zonal and Thorpe et al. (2001); Hu et al.

N
(3)
(∆σθ )SN
depth mean density(5) , mean surface salinity(6) ( ∆S sur f S ) or (2004, 2008) (4), Hughes and
Weaver
(1994)
, Griesel and
density gradient at fixed depth between the Northern and South
N
Morales Maqueda (2006), We(7)
DW
BC
ern DWBC ( ∆σ1100m ) between the North and South At- ber et al. (2007)(5) , Stocker et al.
S
lantic scale with AMOC or SMOC.
(1992)(6) , Schewe and Levermann
(2010)(7)
6 (∆σ)SN · D2 The meridional density contrast multiplied by the mean pycno- Johnson et al. (2007); Levermann
cline depth squared(8) scales with the AMOC.
and Fuerst (2010)
Water mass competition
7 (∆σ2 )AAIW
Density contrast between the salinity minimum core (AAIW) Saenko and Weaver (2003)
NADW
and the deep salinity maximum core (UNADW) in the South
Atlantic affects the stability of the MOC to perturbations.
(9)
8 (∆σ3 )AABW
NADW , Density contrast between the deep salinity maximum core Weber et al. (2007)
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Hu et al. (2008)
10 (∆θ)N.Atl.
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Griffies et al. (2009) talk about mean Atlantic salinity.
Wang et al. (2010a) define the subpolar region as 60-10◦ W, 52-75◦ N and the subtropical region as 70-10◦ W, 25-50◦ N.
(3) Thorpe et al. (2001) and Hu et al. (2004) use η (similar to depth integrated density anomaly, above 3000 m) gradient between 60◦ N
and 30◦ S.
(4) Since surface density is not a dynamic quantity in a stratified model, Hughes and Weaver (1994) use the zonally averaged depth
integrated η between 47.25◦ S and the latitude of maximum zonally averaged surface density in the North Atlantic.
(5) Weber et al. (2007) use the density contrast between zonal and depth mean (above 1500 m) density between 55◦ N and 30◦ S and
interpret this as the density contrast between NADW and AABW formation densities.
(6) Stocker et al. (1992) use the mean salinity difference between the surface salinity North of 65◦ N and in South of 62.5◦ S.
(7) Properties defined at 1100 m depth. See Schewe and Levermann (2010) for exact locations.
(8) Levermann and Fuerst (2010) measures the density gradient between 35-45◦ N and 35-45◦ S at 800 m, and the mean pycnocline
depth between 20◦ N and 20◦ S.
(9)
◦
Weber et al. (2007) considers ∆ρS N ≈ (∆σ3 )AABW
NADW , the contrast between zonal mean density averaged over all depth between 55 S


◦
AABW N
◦
◦
and 55 N, and ∆ρ B ≈ ∆σ4
, the zonal and depth mean density contrast between 30 S and 25 N for the lowest 1000 m.
S
(2)
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Table 4.3: Statistical summaries of some linear regressions and correlation tests presented in this
study. Results for ordinary least squares fits show the slope and the intercept, the adjusted-r2 and
the associated p-value. Non-parametric Kendall correlation results are indicated by the correlation
coefficient τ and a p-value. Models excluded for the fits are indicated in the last column. See Table
4.1 for model identification.
Figure
4.5a
4.5b
4.5c
4.5d
4.5e
4.5g
4.5h
4.6a
4.6b
4.6c
4.6e
4.6f
4.6g
4.6h
4.6i
4.7a
4.7b
4.7c
4.8a
4.8b
4.8c
4.10a
4.10a
4.10c
4.10d
4.10e
4.10f
4.10g
4.10h
4.10i
4.10k
4.10l
4.10p

Slope
(a ± a′ )
0.034±0.006
-0.019±0.007
0.11±0.04
-0.13±0.02
-0.15±0.03
0.023±0.003
1.27±0.10
26.16±10.69
25.40±7.08
21.74±7.21
15.67±4.95
23.45±4.43
44.65±13.03
49.02±20.56
19.87±7.35
4.99±2.28
3.54±1.03
3.89±1.60
6.88±2.47
4.41±1.27
1.72±0.74
-16.54±6.71
21.65±4.65
-64.90±30.0
53.73±15.52
-0.51±0.08
0.46±0.08
-0.41±0.21
113.5±23.6
94.99±13.24
27.72±8.14
-2.14±0.68
2.79±1.41

Intercept
(b ± b′ )
34.465±0.127
1.390±0.173
3.86±0.80
14.86±0.48
16.91±0.73
27.501±0.060
-9.44±3.61
-3.54±9.84
-8.81±7.91
5.54±4.81
7.45±4.32
-9.39±5.71
5.38±4.58
7.30±5.63
1.61±6.84
16.06±2.61
6.15±4.35
7.92±5.33
12.25±3.30
26.07±2.18
17.57±2.11
545.9±229.5
-28.39±2.25
2205.6±1027.4
-41.35±7.45
34.55±0.03
34.53±0.03
48.91±7.40
-3954.7±817.3
-73.40±7.62
1.99±5.31
-18.94±5.00
63.67±31.31

r2

p

τ

p

Outliers

0.74
0.27
0.38
0.67
0.57
0.83
0.90
0.27
0.52
0.42
0.39
0.66
0.43
0.25
0.32
0.21
0.44
0.26
0.33
0.42
0.24
0.28
0.63
0.27
0.52
0.71
0.64
0.13
0.64
0.83
0.47
0.40
0.16

<0.01
0.02
<0.01
<0.01
<0.01
<0.01
<0.01
0.03
<0.01
0.01
0.01
0.01
<0.01
0.03
0.02
0.02
<0.01
0.03
0.02
<0.01
0.04
0.03
<0.01
0.06
<0.01
<0.01
<0.01
0.07
<0.01
<0.01
<0.01
<0.01
0.06

0.69
-0.35
0.45
-0.72
-0.67
0.76
0.76
0.49
0.52
0.30
0.41
0.58
0.50
0.47
0.43
0.37
0.54
0.50
0.37
0.45
0.26
-0.50
0.66
-0.38
0.60
-0.63
0.56
-0.18
0.67
0.75
0.48
-0.25
0.3

<0.01
0.06
0.02
<0.01
<0.01
<0.01
<0.01
0.01
0.02
0.02
0.03
<0.01
<0.01
0.02
0.03
0.06
<0.01
<0.01
0.06
0.02
0.20
0.01
<0.01
0.12
0.01
<0.01
<0.01
0.29
<0.01
<0.01
0.02
0.23
0.11
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Chapter 5

An evaluation of regression methods
used to quantify changes in the oceanic
industrial carbon inventory from
repeated quasi-synoptic DIC
measurement programs.
... il n’y a ni bonheur ni malheur en
ce monde, il y a la comparaison d’un
état à un autre, voilà tout. Celui-là
seul qui a éprouvé l’extrême
infortune est apte a ressentir
l’extrême félicité.
Le Comte de Monte-Cristo
Alexandre Dumas

5.1 Abstract
Differencing predictions of linear regression models generated from hydrographic data collected at
different times (the eMLR method) was proposed as a means to quantify the dominant patterns of
change in ocean carbon, thereby providing an estimate of the change in anthropogenic carbon in the
context of data sets that are sparse in space and time. The ability of the eMLR technique to recover
the true anthropogenic carbon signal in the North Atlantic is tested in a controlled setting where
the true signal is known using output from a global ocean general circulation and biogeochemistry
model sampled at observed station locations. The eMLR technique produces typical estimates of
the integrated basin-scale change in the anthropogenic carbon inventory that only slightly underestimate (-6%) the true value. While regression model selection does not appear to be critical for
the integrated basin-scale estimate, model selection, which is a function of sampling grid and data
set variance, is shown to significantly influence the geographic distribution of the anthropogenic
carbon change signal in the ocean interior. The systematic use of statistically optimum regression
formulas defined independently at both time points may not necessarily produce the best estimates
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of anthropogenic carbon if the distribution of the station locations emphasize hydrographic features
differently at both times. Best results are obtained when multiple formulas are used throughout the
water column although different formulas yield results of similar quality. The fact that good results
are obtained in the dynamically active and hydrographically complex North Atlantic suggests that
eMLR can expected to produce accurate estimates of the change in anthropogenic carbon in other
basins.

5.2 Introduction
It is estimated that, averaged over the last 50 years, 43% of the annual carbon emissions (257 PgC
cumulatively) have remained in the atmosphere and have been contributing to the excess greenhouse radiative forcing (Le Quéré et al., 2009; Sarmiento et al., 2010a). The land and the ocean
have been taking up the remainder. The magnitude and variability of the terrestrial carbon sink
are difficult to characterize directly (Sarmiento et al., 2010a). In fact, the land sink is typically inferred by subtracting the residual atmospheric concentrations and the oceanic sink from the carbon
emissions (Sarmiento et al., 2010a). Better observational bounds on the interannual natural variability of the oceanic anthropogenic carbon sink and storage will contribute to the overall improved
understanding of the land sink.
Combined atmosphere-ocean observations for the period 1995-2000 constrain the mean oceanic
uptake rate of anthropogenic carbon to 2.2 ± 0.3 Pg C yr−1 (Gruber et al., 2009). While independent
estimates of the global anthropogenic carbon uptake rate tend to converge in magnitude (Wetzel
et al., 2005; Takahashi et al., 2002; Mikaloff-Fletcher et al., 2006; Khatiwala et al., 2009; Takahashi
et al., 2009a), observational and modeling assessments diverge significantly on a regional level,
showing different uptake and storage patterns (Sabine et al., 2004; Waugh et al., 2006), especially
in the Southern Ocean (Caldeira and Duffy, 2000; Le Quéré et al., 2007). These differences bear
important mechanistic implications for the understanding of the marine carbon cycle. Moreover,
owing to the size of the oceanic carbon stores and the role of the ocean as a long-term sink of excess
carbon dioxide, perturbations or even progressive saturation or decrease of the oceanic uptake rate,
as has been suggested by Schuster and Watson (2007), Corbiere et al. (2007), Le Quéré et al. (2007)
and Khatiwala et al. (2009), can have large impacts on the atmospheric concentrations and bear
important policy implications for carbon mitigation efforts.
Thousands of dissolved inorganic samples have been collected as part of the the Climate Variability and Predictability and Carbon Repeat Hydrography (CLIVAR/CO2) program. This data set
can in principle be compared with older samples to directly constrain the temporal and spatial evolution of the oceanic anthropogenic carbon sink. While some samples have been collected at the same
locations as older samples, this is not always the case, such that direct point-by-point comparisons
(Sabine et al., 2008; Wanninkhof et al., 2010) are not systematically feasible. Furthermore, due
to the limited number of observations, temporal aliasing of short-term variability can mask the anthropogenic signal. Ideally, this problem would benefit from sustained high-frequency time-series
measurements to alleviate aliasing problems. High-quality time-series measurements are only available at a few stations (Winn et al., 1998; Bates, 2001), however, and these stations, in general, do
not reflect the variability of more dynamic and perhaps more carbon-relevant regions such as the
Southern Ocean, the subpolar North Atlantic or the Eastern Equatorial Pacific. A complementary
alternative is to rely on spatial correlations as a means of filtering out short-term, localized, variability. Globally, few time-separated data sets of sufficiently high analytical quality and broad spatial
coverage are available to constrain temporal changes in the oceanic carbon inventory: GEOSECS
(1971-1978), WOCE (1990-1997) and CLIVAR repeat hydrography (post-WOCE). In the Atlantic
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Ocean, additional available data sets with good spatial coverage are TTO (Transient Tracers in the
Ocean) and SAVE (South Atlantic Ventilation Experiment, 1988-1989). This study evaluates the
performance of an analytical strategy, based on regression analysis, that utilizes the statistical coherence of basin-scale data as a means to filter out short-term variability associated with shorter
spatial scales and infer the anthropogenic carbon signal.

5.2.1 The challenge of measuring carbon storage and uptake in the ocean
The characterization of the time rate of change of the oceanic anthropogenic carbon sink from
direct measurements is a challenging task. The anthropogenic carbon fraction is small relative
to the background dissolved inorganic carbon (DIC) concentration. It is of order 5% of the DIC
in the upper ocean. The upper ocean anthropogenic carbon concentration is also of order 50%
of the magnitude of the natural DIC variability (Bates et al., 1996), and in the deep, it can be
as large in some regions as the difference between its determination using various methods (Key
et al., 2004; Waugh et al., 2006). Brewer et al. (1997) argues, that if a target of accuracy is set
that conforms to the expected ∆pCO2 increase of 7 years of emission, about the time scale of
repeat hydrography programs, which corresponding to about ±10 ppm given the annual uptake rate
from BATS (Bates, 2001), the variability of dissolved DIC must be constrained to better than 7
µmol/kg and alkalinity (Alk) to 8 µmol/kg. These targets are well above the analytical precision
available today for these measurements, 1 and 3 µmol/kg for DIC and Alk respectively (Brewer
et al., 1997). These are still stringent requirements when it comes to our ability to understand the
local natural variability of these tracers on dynamically relevant time scales ranging from weeks
to season or to interannual perturbations associated with the dominant natural climate modes such
as the El Niño-Southern Oscillation (ENSO) (Feely et al., 2002), the Pacific Decadal Oscillation
(PDO) (Feely et al., 2006; Mecking et al., 2008), the North Atlantic Oscillation (NAO) (Schuster
and Watson, 2007; Corbiere et al., 2007) and the Southern Annual Mode (SAM) (Lovenduski and
Gruber, 2005). These considerations further emphasize the importance of data collection and crossvalidation efforts, such as the work of Key et al. (2004) and Takahashi et al. (2009a), and shows that
data from even single isolated stations and from unrelated sampling programs in data-poor regions
can significantly help reduce spatial interpolation errors, help quantify the temporal fluctuations in
particular regions, and overall reduce uncertainties in carbon sink calculations.
There exist different approaches to exploit the available data and the planned repeated sectionbased carbon system measurements to constrain the oceanic carbon uptake. On one extreme of
the complexity spectrum, data-constrained model-based global inversions (Mikaloff-Fletcher et al.,
2006; Jacobson et al., 2007a,c,b) are obvious candidates as they statistically represent the best theoretical compromise between state-of-the-art knowledge of ocean dynamics, initial and forcing
boundary conditions, various tracers data, and they can also tolerate the non-ideal sample distribution of tracer data in space and time. In practice, however, the circulation models used are quite
sensitive to the boundary conditions and to the prescribed internal mixing schemes (Gnanadesikan,
1999; Mignone et al., 2006). Model drift also has to be controlled and the model must have reached
some form of internally consistent but difficult to achieve dynamic steady-state. Owing to the complexity of the exercise, it is also difficult to assess in practice how much information is imposed
from prescribed prior conditions and how much is gained from the addition of data (Jacobson et al.,
2007a,c,b).
On the lower extreme of the complexity spectrum, the uptake rate could be measured simply by
comparing the data collected from two time points and by difference infer the carbon uptake that
must have occurred during that period. Unfortunately, straightforward comparisons of DIC measurements from one section to similar measurements from the same section but at a different time
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show patchy patterns (Sabine et al., 2008) which are hard to interpret but must reflect a superposition of the anthropogenic signal and natural variability due to the eddy and internal wave fields,
frontal shifts and changes in water mass position, formation and possibly composition. On data
sparse sections, differences in mapping statistics may also be a factor. Since the results from the
high-quality CLIVAR/CO2 repeat hydrography cruises are being released, it is useful to develop a
better understanding of the processes that govern the natural variability of DIC in the ocean interior
and to devise methods that are able to cope with this variability and the non-ideal spatio-temporal
distribution of the measurements.

5.2.2 On the separation of the natural variability of DIC using empirical model fits
Instead of directly comparing time-separated measurements, Wallace (1995) proposed to compare
regression fits, i.e. empirical model representations, of the measurements to filter out the natural
variability. The tool of multiple linear regression (MLR) has been used successfully as a means of
interpolation for missing carbon and alkalinity data (Brewer et al., 1995; Goyet et al., 1997; Lee
et al., 2006). The standard errors typically reported for these linear fits is of order a few times
the analytical measurement errors. This level of uncertainty, while relatively large, is a priori
comparable to or better than the magnitude of the expected DIC increase over 10 years, i.e. ≈10
µmol/kg at BATS (Brewer et al., 1997). Since, by definition, regression models identify the fraction
of the variance that can be explained by the model and the part that is due to noise, assuming a
suitable regression model can be found for DIC and assuming that the physical and biogeochemical
processes underlying the model are stationary and not affected by the anthropogenic perturbation,
the noise can be filtered out and the anthropogenic signal revealed as the difference between model
predictions of DIC at the different times (Friis et al., 2005):
∆DIC anth = ∆G = G2 (D2 ) − G1 (D2 ) .

(5.1)

Gt are the empirical model fits at times t derived from the respective data sets Dt . Note that since it
is the difference between two models derived from two different data sets that is used, predictions of
the expected DIC concentrations formulated using the model obtained from one data set but applied
to the other data set are necessary (G1 (D2 )). This contrasts with the original implementation of
Wallace (1995), who used one set of observations directly instead of a fit of them:
∆DIC anth = DIC2 − G1 (D2 ) .

(5.2)

Levine et al. (2008) discusses the differences between these two approaches: when using (5.2),
some of the noise of one of the data sets (i.e. DIC2 ) is included as part of the anthropogenic
signal. Computation (5.1), referred to as the ”extended MLR (eMLR)” method, is less sensitive
to measurement errors since predictions, while based on different models Gt , are based on the
same data set (D2 ) (Friis et al., 2005). In the eMLR case, data inaccuracies largely cancel in the
difference and the propagation of the measurement biases into the anthropogenic signal is limited.
Furthermore, systematic model biases/misfits, as typically occur in the thermocline when linear
regressions are fitted to data from all depths (Brewer et al., 1995), will tend to cancel when using
eMLR. This tendency to self-correct is one advantage of eMLR over the classic MLR approach for
the purpose of estimating the change in carbon. Fitting biases that are not systematic in the two
models but result from real physical or biogeochemical changes, or the presence of outliers in the
data can, however, introduce errors in the estimated magnitude of the ∆DIC anth signal.
Wallace (1995) suggested that the predictors chosen in the fitting process (i.e. the structure of
the model G) should carry biogeochemical relevance. That is, the model G should be physically
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related to actual processes governing the uptake of DIC. For instance temperature influences solubility, oxygen is an indicator of biological respiration, and alkalinity responds to calcium carbonate
dissolution. Wallace (1995) argued that the use of physically interpretable terms allows for the
comparison of the results between independent studies, for the identification of model sensitivities
through the investigation of the variability across the different terms and helps evaluate the validity
of the magnitude and the variability of the anthropogenic carbon signal recovered. If the model
formula is complete, all the processes are included and the model is in fact the true model, then,
indeed, the coefficients will reflect the sensitivities of the different terms and can be interpreted
physically. If the true model is unknown, non-linear or incomplete, as is likely the case, providing
an oceanographic interpretation to the coefficients becomes more difficult. In practice, model selection is a struggle between statistical rigor and pragmatic considerations about data availability and
quality.
Published empirical models vary in form and it is unclear which processes are represented by
which coefficient. Yet, Table 5.1 indicates that while the particular values of the regression coefficients vary and may not reflect actual remineralization stoichiometries for instance, their order of
magnitude and sign tend to be consistent between studies. For example, DIC concentrations are
of order O(2000) µmol/kg. The intercept is usually of order O(1000) µmol/kg. The salinity term
usually accounts for another O(1000) µmol/kg, except when alkalinity is present, in which case
the coefficient for salinity becomes negative. The temperature term is usually negative, of order
O(−10) to O(−100) µmol/kg, and most likely represents the temperature influence on carbon solubility which implicitly will vary with latitude. Biological terms are similar in magnitude to the
temperature term. These tend to be positive as nutrients (or AOU) are positively correlated (negatively for O2 ) with DIC. Different nutrient combinations result in different signs and magnitudes.
For instance the nitrate term becomes negative if phosphate in included and silicate is negative if
alkalinity is included. It is difficult to draw general conclusions on the form of the models listed in
Table 5.1, however, since aside from containing different terms, these models also represent fits to
different data sets.
Linear models used in the MLR/eMLR calculations are not fundamentally different in structure
from the ones used in the so-called back-calculation methods used to estimate anthropogenic carbon
concentrations (Brewer, 1978; Chen and Millero, 1979; Gruber et al., 1996). The main difference
is, however, that while the back-calculation methods are forward models and assume that all the
relevant physical and biogeochemical processes are included in the model and that their sensitivities
are known, i.e. the stoichiometric coefficients are known a priori, the MLR/eMLR strategy relies
on inverse modeling, where the coefficients are unknowns to be determined from the data. The
basic principle behind the back-calculation approach stems from the postulation of Redfield (1942)
that a water parcel in the ocean interior is composed of a mixture of preformed (conservative) and
remineralized (non-conservative) quantities. Based on this conceptual formulation, the DIC field
can be decomposed into two parts: DIC = DIC pre f + DICbio . DIC pre f is the preformed component;
the part of the signal that is imprinted on the water parcel at the time of water mass formation.
DICbio is the fraction that is due to the path-integrated non-conservative biological or chemical
processes that alter the DIC concentration. Back-calculation studies attempt to correct the modern
DIC measurements taken at location ~r and time t for the the path-integrated history of the nonconservative interior source/sink effects, recover the preformed DIC at the time and place where the
water left the surface, and through various assumptions, compare the preformed DIC estimates with
the preformed DIC field thought to be relevant in the pre-industrial period. The difference between
the two preformed concentration estimates define the anthropogenic fraction in the back-calculation
context. There exist many different implementations of this approach (Vazquez-Rodriguez et al.,
2009). These differ mostly in the way they consider mixing between different water masses and in
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the way they calculate the preindustrial preformed reference concentrations.
Mathematically, if the modern preformed DIC field (C ⋆ ) is estimated using

1
Alk + RN:O2 O2
(5.3)
2
where RC:O2 and RN:O2 are appropriate stoichiometric coefficients, the difference between two preformed states, the modern one (C ⋆ ) and the preindustrial one (C0⋆ ), can be expressed through an
equation of the form
C ⋆ = DIC − RC:O2 O2 −


∆C ⋆ = (DIC − DIC0 ) − RC:O2 O2 − O2,0

1
− (Alk − Alk0 ) + RN:O2 O2 − O2,0 .
2

(5.4)
(5.5)

Equation (5.4) aims to quantify the full anthropogenic carbon inventory, while (5.1) is designed to
estimate the change in the inventory. If one were to estimate a decadal change in inventory from
repeated applications of (5.4), terms quantifying the pre-industrial preformed states (C0⋆ ) would
cancel, being the same in each application, ∆C ⋆ = (C2⋆ − C0⋆ ) − (C1⋆ − C0⋆ ) = C2⋆ − C1⋆ . The
resulting equation looks similar to (5.4) except that the differences are taken between two sets of
measurements (at time 1 and 2) and not between one set of measurements (either at time 1 or 2)
and an inferred preindustrial state (time 0). The difficulty with this approach is that there is no clear
account of the natural variability. In a notation equivalent to eMLR, the change in anthropogenic
carbon derived from (5.4) takes the form
∆DIC anth = G(D2 ) − G(D1 ) .

(5.6)

The model G is constant for both data sets and does not necessarily represent a best fit to the data.
In that case, the signal arises from differences in the data. The scope of (5.6) is also limiting as it
requires data sets D1 and D2 to be sampled at the same locations. The amount of noise filtered by
the different models increases from equation (5.6) to (5.2) to (5.1).
While the advantages and disadvantages of the ∆C⋆ technique are well-documented (Gruber
et al., 1996; Matsumoto and Gruber, 2005; Keeling, 2005; Sabine and Gruber, 2005) and studies exist contrasting different methods used to estimate the interior distribution of anthropogenic carbon,
see for instance Vazquez-Rodriguez et al. (2009), there is little work devoted to a better characterization of the eMLR methodology. In an effort to validate their North Atlantic eMLR-derived
anthropogenic carbon estimate, Tanhua et al. (2007) added a known perturbation to DIC data (the
”true” signal) collected during an East-West North Atlantic cruise and performed sensitivity analyses, mimicking the effect of measurement errors and systematic measurement biases between repeat
cruises, to investigate the precision and accuracy of their implementation of eMLR. They proposed
95% confidence intervals of ±0.6 to ±1.3 µm/kg, variable with location and depth, for the accuracy
of their ∆Canth estimates. In a different study, Friis et al. (2005) estimated the precision error at ±1
µm/kg by propagating measurement error estimates.
An interesting aspect of the results of Tanhua et al. (2007) is that perturbations applied to some
variables have more effects than perturbations applied on others variables. For example, the eMLR
predictions in the Eastern North Atlantic basin respond strongly to perturbation in alkalinity while
the Western Basin is most sensitive to perturbations in oxygen. While Tanhua et al. (2007) were
mostly concerned with cross-calibration problems between hydrographic data of variable quality
from multiple sources, environmental and temporal variability may have similar effects; of temporarily decoupling the original regression relationships amongst the tracers, affecting the validity
of the regression equation in space and time.
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Levine et al. (2008) used output from the coupled carbon-climate CSM 1.4 model (Doney et al.,
2006) to compare the performance of the ∆C⋆ method with the MLR (Wallace, 1995) and eMLR
(Friis et al., 2005) empirical methods in their ability to detect changes in the anthropogenic carbon
inventory in the presence of natural variability. The results of Levine et al. (2008) indicate that while
both the ∆C⋆ and the eMLR methods yield overall comparable mean relative errors (relative to the
“true” anthropogenic signal simulated by CSM 1.4) around the anthropogenic carbon concentration
estimates (about 25% on average for all methods), the sources of errors and patterns of the residuals
resulting from each method differ. Every method has difficulties in recovering the true signal in
high variability regions, such as the North Atlantic, intermediate and mode water formation regions
and especially in the upper 200 m. The ability of the eMLR approach to recover the true signal
to within 25% is encouraging, but the analysis of Levine et al. (2008) is only a partial analogy to
the eMLR approach as it would be applied to real data at it assumes data availability in every grid
cell at all times. In the context of ideal biogeochemical cycling with fixed stoichiometry, complete
and continuous data availability and error-free data quality used in the Levine et al. (2008) study,
one could argue that 25% percent error is a large uncertainty, that is only expected to increase
when factoring in measurement uncertainties, cross-calibration biases, spatial data sparsity and nonsynopticity of the data set in time. For this reason, a closer look at what constitutes best practices for
the implementation of eMLR is warranted using a testbed closer to reality than that used by Levine
et al. (2008).
One area where improvement is possible is in the choice of the regression model. There apparently exists no systematic investigation of the effect of changing the model structure on the
recovered anthropogenic carbon distribution and inventories. Levine et al. (2008) were limited in
that respect by the tracers available to them and were forced to apply the same regression model
everywhere (always using DIC = a + bθ + cS + dO2 + ePO4 ), acknowledging that better results
are often observed in studies using nitrate and silicate in the fit. They did try a stepwise regression
technique to select the model structure but unsurprisingly found that it is when all four tracers are
used that the results are best. Indeed, given that the ∆C⋆ method itself requires at least four tracers
for computation (θ, S , alkalinity and either O2 or PO4 ), it would be surprising to find that fewer
than four terms in the regression equation would be sufficient if one assumes that the ∆C⋆ is based
on process understanding of the dynamics controlling the interior distribution of DIC.
Another criticism of many published eMLR studies is that a single equation is fit to broad depth
ranges. For instance, Levine et al. (2008) fit a single equation for all the data between 200 and
2000 m. There exist sharp vertical gradients in that depth range and samples in this broad layer represent water masses formed by different mechanisms and from different origins. It is not known if a
single regression equation is able to characterize the biochemical and physical processes controlling
the distribution of anthropogenic carbon in that entire range but it seems unlikely. Indeed, plots of
DIC residuals as a function of depths show systematic and coherent structures (Tanhua et al., 2007)
suggesting that a single equation is probably inappropriate.
Although not an issue investigated in detail by Levine et al. (2008), these authors recognize
that regionalization of the problem can greatly improve the performance of eMLR. This problem
is also briefly discussed by Friis et al. (2005) and Tanhua et al. (2007), who advocate for the use
of water-mass specific regressions. These authors do not provide suggestions on how to define the
water masses, however. As an example of the effect of regionalization, the large-scale analyses of
Levine et al. (2008) reveal that if single fits are used world-wide for all data between 200-2000 m,
the resulting 1σ RMS error on the column inventories (200-2000 m) is increased by about 17 mol
m−2 relative to the case when independent fits are used for the Atlantic, Pacific, Southern Ocean,
Indian and Arctic basins. To put this number into perspective, the corresponding changes in column
inventories over a 10 year period along A16 reported by Levine et al. (2008) vary between about
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0 mol m−2 (at low latitude) to 12 mol m−2 (in the North Atlantic) using a single fit across the whole
section. Similarly, Wanninkhof et al. (2010) show from the repeated observed data sets along A16
that splitting this section into multiple latitudinal bands and into isopycnal layers further reduces
the fitting errors relative to a case when all the data are fitted simultaneously. The issue of spatial
partitioning raises an interesting question: ”Into how many domains should one split the data set
to ensure accuracy of the regression without fitting the noise one wants to filter?” Some trade-off
necessarily exists between how much of the variability needs to be accounted for by the regression
and how many data points need to be included in the region. This could obviously be pushed to the
limit of considering only pairs of samples. That extreme case, however, would not be very helpful
since this approach would remove the value of regression methods in this context; that is not only to
filter out the spatial and temporal short-term variability (i.e. noise) but its use as a tool to compare
data sets that are not necessarily composed of the same stations.
The structure of the regression equation and the regional partitioning are of course also conditional upon data availability and quality of the real data set. However, beyond the obvious questions
of knowing which variables are available in the data set (this limits the potential complexity of the
regression models) and how representative the sampling grid is of the true ocean, another issue
is whether the time-separated data sets necessary to perform the eMLR calculation are co-located.
When Levine et al. (2008) obtain a mean 25% relative error about the anthropogenic signal, the synthetic data they used at both time points are exactly co-located and available in every grid cell. This
is definitely not the case in the real data set such that some form of spatial interpolation is necessary.
In fact, one of the assumed advantages of eMLR is its use as a spatial interpolation tool. Figure 5.1
shows the station locations for the GLODAP data set (Key et al., 2004), mostly representative of the
1990s, and for the CLIVAR data set (based on the data currently available to us at this time, Key,
R.M., personal communication), mostly representative of the 2000s. Clearly, while a section-bysection or point-by-point analysis as performed by Wanninkhof et al. (2010) or Levine et al. (2008)
works relatively well and allows for a good control of the time difference between repeat cruises,
this approach would only be applicable to a limited subset of sections actually repeated, resulting in
a sparse spatial coverage, insufficient to produce good maps. A strict section-by-section or stationby-station strategy would waste many samples for which no repeat exists. Some flexibility with
regards to the definition of “repeat” is thus necessary in the eMLR context.
The time difference between repeated cruises (where available) is unfortunately not constant.
Producing maps from these temporally inconsistent data will require additional assumptions to
scale the data to some common reference time scale in a manner perhaps analogous to that used
by Takahashi et al. (2009a,b) to build the surface pCO2 climatology or to that used by Tanhua et al.
(2007) to calculate the state of the anthropogenic carbon reservoir from estimates of local changes
or by Helm et al. (2010) to study decadal changes in the salinity field. Key et al. (2004) claim
(without proof) that a substantial fraction of the estimated 20% overall error associated with the
global inventory they propose is due to mapping uncertainty. While more stations are usually available along CLIVAR cruises than older cruises, there exist fewer CLIVAR cruises, yielding a sparser
spatial coverage horizontally. If the spatial mapping errors of the CLIVAR sampling grid is going
to contribute significantly to the uncertainty budget of the analysis, an alternative is to accept some
uncertainty with regards to the time control a priori and make the simplifying assumption that the
GLODAP and CLIVAR data sets represent climatological snapshots approximately 10 years apart.
This allows for a relaxation of the co-location requirement and makes it possible to work with data
in larger regions and to use regression relationships developed in each region to map the sparser
data set (usually CLIVAR) onto the one with more spatial coverage (GLODAP).
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5.2.3 Outline
The goal of this study is to gain a better understanding of the eMLR methodology proposed by Wallace (1995) and modified by Friis et al. (2005) to quantify the changes in the anthropogenic carbon
inventory on the time-scale relevant to the the global CO2/Repeat Hydrography Program, whose scientific targets are outlined in the Large Scale CO2 Observing Plan (LSCOP) report (Bender et al.,
2002). The empirical eMLR procedure is evaluated numerically using output from a forced circulation model that includes carbon and nutrient biogeochemistry in which the true anthropogenic
signal is known, providing a tool to evaluate the power of the eMLR method in recovering the true
signal and identifying its weaknesses. This model simulates the carbon cycle and provides a means
of estimating absolute errors in the presence of natural temporal and spatial variability patterns consistent with many observed processes on a variety of time and space scales. The tests are performed
on synthetic data sets constructed by sampling the model fields at the same locations where real
hydrographic stations exist.
The platform used for our Observing System Simulation Experiment (OSSE) is briefly described in the methodology section, along with the criterion used to select the regression model
and an explanation of the different experiments performed. The results are divided into four section. The first investigates the role of the variance inherent in the data set in influencing regression
models. The second section summarizes the frequency with which different regression formulas
are selected and evaluates their oceanographic relevance. The next section focuses on the statistical quality of the regression models, describing the geographical distribution of the residuals and
providing a measure of influence for the different stations. The fourth section depicts the ability of
particular regression models to recover the true anthropogenic carbon signal. A discussion follows,
where assumptions regarding the spatial and temporal distribution of the data revisited. Additional
concepts relevant to the application of regression methods in oceanography are presented. A conclusion summarizes the main points.

5.3 Methodology
5.3.1 Description of the synthetic data set
Similarly to Matsumoto and Gruber (2005) and Levine et al. (2008), a synthetic data set with known
anthropogenic carbon concentrations is used as a testbed. This data set is constructed by sampling
a global circulation-biogeochemistry model (output provided by J. Dunne, GFDL) at the station
coordinates given by the GLODAP and CLIVAR data sets (Figure 5.1) to reproduce the observed
sampling grid. The simulator is composed of the z-level coordinate Modular Ocean Model MOM4
general circulation model (Griffies et al., 2004; Griffies and et al., 2005; Gnanadesikan et al., 2006)
and the Tracers in the Ocean with Allometric Zooplankton (TOPAZ) lower-trophic level biogeochemistry model (Dunne et al., 2005, 2007, 2008, 2010). Sea-ice dynamics are modeled by the
GFDL Sea Ice Simulator (SIS) (Winton, 2000). GFDL-CM2.1, the coupled IPCC-version of the
model used here, has been consistently ranked among the better coupled simulations in comparison
studies of AR4 IPCC-class models (Russell et al., 2006a; Schneider et al., 2007). The model results
used here are different from the coupled IPCC runs in that they were obtained by forcing the model
with the NCEP-derived CORE representation of atmospheric fields and fluxes (Large and Yeager,
2004, 2009; Griffies et al., 2009) over the period 1958-2006. Surface salinity was restored to observation with a relaxation time of 60 days. The ocean model has 50 vertical layers and is resolved on a
tripolar grid with an approximate resolution of 1◦ , improved to 1/3◦ meridionally near the equator.
Synthetic profiles isolated from each station are not further sub-sampled in the vertical to mimic
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the observations, however. This results in a slight overestimation of the vertical sampling relative
to the resolution available from the data but the ocean is relatively well-sampled in the vertical and
horizontal interpolation errors are much larger than vertical ones.
The TOPAZ biogeochemistry module is fully prognostic and more complex than the one used in
the Levine et al. (2008) study. Levine et al. (2008) used an OCMIP-II type model (Najjar, 2007) that
had been modified to incorporate iron and dissolved organic matter cycling (Doney et al., 2006).
TOPAZ includes all major nutrients (NO3 , PO4 , O2 , Si, DIC, Alk), labile and semi-labile dissolved
organic matter pools, an iron cycle, ballasting of sinking particles, a flexible stoichiometry, nutrient
and light co-limitation, a microbial loop, three classes of phytoplankton and zooplankton. Additional details about the model formulation and performance are available in Dunne et al. (2010),
Sarmiento et al. (2010b) and Henson et al. (2009, 2010).
The strategy used to isolate the anthropogenic carbon concentration is described by Rodgers
et al. (2009). Briefly, the model was initialized with World Ocean Atlas (2001) temperature, salinity
and nutrients, and GLODAP carbon and spun up for two repeating CORE cycles with pre-industrial
atmospheric CO2 concentration. At this point, parallel integrations were performed: one with a
prescribed atmospheric carbon dioxide transient boundary condition, yielding the contemporary
carbon signal (DIC+) and one without, giving an estimate of what the evolution of the natural carbon would have been had the atmosphere remained stable at pre-industrial pCO2 levels (DICo).
These parallel simulations were repeated for 5 additional CORE cycles with the atmospheric CO2
concentration increasing monotonically throughout the 5 cycles as prescribed by the known evolution of historical atmospheric pCO2 . The last cycle, corresponding to years 1958-2006, is used
here as a model surrogate for the last 50 years and provides the basis for this work. Note that since
both branches of integration were forced with exactly the same forcing fields, the physical fields
are identical and the only difference between the two is the concentration of carbon dioxide in the
atmospheric reservoir. The anthropogenic carbon concentration is operationally defined directly by
difference between the two runs. In contrast, Levine et al. (2008) used independent coupled model
runs that have, by their nature, different patterns of natural variability in each run making it difficult to identify the anthropogenic signal unambiguously. Levine et al. (2008) eventually relied on
scale separation assumptions and detrending algorithms to isolate the ”true” anthropogenic signal,
de facto further removing the high-frequency variability from their original monthly mean fields.
While it was shown that these assumptions introduced little error, they are not necessary in the
present study.
The distribution of the cumulative anthropogenic carbon signal simulated by the model (simulator) and that inferred by the ∆C⋆ method applied to the GLODAP samples (Key et al., 2004; Sabine
et al., 2004) are shown in Figure 5.2. There is broad-scale agreement between the column inventories shown by the data product and by the model fields (Figure 5.2 a and c), with both showing
the strongest signal in the North Atlantic and in the subantarctic mode water region in the Southern
Hemisphere. The two estimates diverge at high latitudes, represented by the cold and fresh regions
in Figure 5.2 b and d, but data sparsity in the GLODAP collection contributes a relatively large
mapping error associated with these regions. It is also in these regions and in the deep ocean that
the observational ∆C⋆ and the TTD estimate (Waugh et al., 2006) show the strongest discrepancies.
Note that the GLODAP inventory estimate excludes regions north of 60◦ N. The column inventories
of the model tend to be larger and more localized than those of the data, especially in the Labrador
Sea region. It is unclear if this is a real difference or if the smoother ∆C⋆ map is an artifact resulting from the objective mapping procedure employed in GLODAP. Although the ∆C⋆ map and
the model fields differ in some regions, the relative water mass-specific interior distribution of the
anthropogenic signal is to first order similar between the data and the model (here shown in the θ/S
space in Figure 5.2 b and d). One would obviously not expect that the coefficients obtained by the
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eMLR regression equations isolated from the model and the data are the same between the simulator
and the real world. As Figure 5.2b and d show, the model suffers from systematic biases in its temperature and salinity distribution, that will directly translate onto the regression coefficients. While
the model is necessarily imperfect, it constitutes one of the most appropriate testbeds available at
this time to test the eMLR methodology in the context of realistic spatial GLODAP and CLIVAR
sampling (Figure 5.1) and in the presence of temporal variability.
The change in anthropogenic carbon column inventory simulated by the model between July
2005 and July 1995 is shown in Figure 5.2e. The global transient carbon inventories and associated
oceanic uptake rate are shown in Figure 5.2f. The mean simulated oceanic uptake rate between
1995 and 2005 is 2.59 PgC/yr. While increasing monotonically before about 1990, the global
simulated uptake rate shows larger interannual and seasonal variability in the last 15 years of the
simulation. Panel 5.2e shows the distribution of the change in column inventory. Regions with a
large inventory change tend to associate closely with water mass formation regions that are also
high uptake regions, notably the Labrador Sea Water and the North Atlantic Subtropical Mode
Water formation regions. Large changes in inventory also seem to correlate spatially with injection
points of Subantarctic Mode Water in the Southern Ocean, in the Central Pacific sector, just South
of New Zealand and in the South Eastern Indian Ocean, South-West of Australia (Qu et al., 2008).
Other inventory change regions in Figure 5.2e, such as South of Iceland at about 50-55◦ N, in the
mid-Atlantic at about 35◦ N and the centers of the Ross and Weddell gyre are not a priori water mass
formation regions. Accumulation of anthropogenic carbon in the model’s Ross and Weddell gyre
likely represent accumulation due to recirculation of freshly ventilated waters within these gyres,
whereas the hot-spots in the central North Atlantic most likely reflect water mass reorganization,
gyre wobble and frontal shifts in the control simulation.

5.3.2 Criterion for model selection and calculations
As suggested by Table 5.1, a wide variety of regression equations have been used to fit the interior
DIC field. While the magnitudes of the misfit error reported in these studies are of similar order
(typically <10µmol/kg), many of these equations have been derived from very different types of
data sets, mostly for local applications along particular sections. Afficionados of the eMLR/MLR
approach have historically relied on two different strategies to select the structure of the regression
model: 1) stepwise regression and 2) assumed a priori knowledge of the structure based on biogeochemical arguments or convenience (i.e. considerations about data availability or quality). Stepwise
regression has been criticized in that more complex models will typically produce better fits with
lower residuals relative to models with fewer terms (Burnham and Anderson, 1998). Some decision
on how much variance reduction is required to warrant the addition of new terms to the model is
then necessary, with a large associated risk for over-fitting the data (Burnham and Anderson, 1998).
The Akaike Information Criterion (AIC) has been proposed as a tool for model selection, as
a means of addressing the bias-variance tradeoff and to minimize the risk of over-fitting. AIC is
defined as
AIC = −2 ln(L) + 2k
(5.7)
where L is the log-likelihood and k is the number of parameters in the model. AIC is essentially
a measure of residual sum of squares misfit (L) with a penalty added (2k) that is a function of
the number of terms in the model (Burnham and Anderson, 1998). While multiple forms of AIClike definitions exist with different penalty functions (i.e. in place of 2k), in all cases, plots of the
AIC values as a function of model complexity (number of equivalent degrees of freedom) typically
form convex shapes with the region around the minimum AIC values pointing towards the model
structures which are statistically most suitable to fit the data without over-fitting.
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Given that the GLODAP and CLIVAR sampling grids differ, the nature of the data sets should
also be considered. As indirectly suggested by the study of Tanhua et al. (2007) who find different
optimal regressions in the Eastern and Western North Atlantic, model selection is a strong function
of the variance in the data set under consideration. Consequently, the structure of the regression
is expected to vary depending on whether one performs the analysis on sections, on regions, or on
isopycnals such that the regression models used in the eMLR/MLR context are ad hoc. The goal
here is then neither to find one optimal model structure, nor to advocate for the use of one particular
model listed in Table 5.1 over another. Rather, it is to investigate, in a controlled setting, the effects
of variable data set variance on the regression structure chosen by the minimum AIC approach
and ultimately on the distribution of anthropogenic carbon in the ocean. Variance variability, in
the context of this study, can arise either from temporal variability, assuming a constant sampling
pattern is sampled repeatedly, or by altering the sampling grid, which acts by weighting certain
regions (water masses) differently in the data set. More realistic hybrid cases are also considered
where different sampling grids are used at different times.
In a first set of simulations all possible first-order additive models, from single term-models to
8-terms models, were fitted, each depth layer at a time, to the synthetic data sets extracted from
the monthly mean fields of July 1995 and July 2005 from the MOM4/TOPAZ simulator sampled at
GLODAP and CLIVAR station locations using the set Z of 8 variables (salinity, potential temperature, nitrate, phosphate, silicate, apparent oxygen utilization, oxygen, salinity):
Z ⊆ {S , θ, NO3 , PO4 , Si, AOU, O2 , Alk} .

(5.8)

An offset term (i.e. y-intercept) is implicitly included in all the linear models considered here. As
such all the models effectively have one more term than presented in this discussion, where it is
ignored for simplicity. The synthetic data are assumed free of all errors. Given Z, this results in 255
possible unique model formulas, with each variable in Z being represented in 128 of them.
In a second set of experiments, the best (in an AIC sense) regression models of all possible
first-order models (O1) and all possible second-order models (O2), that is including multiplicative
interaction cross-terms (i.e. a · θ · O2 , where a is the regression coefficient), were identified for
each month from January to December for the nominal years 1995 and 2005. The purpose of these
experiments is to investigate the effect of temporal physical and biological variability on the ability
of simple (O1) and more complex (O2) regression models to fit oceanographic data. The results
obtained for the O2 regressions are qualitatively equivalent to those of O1 and will not be discussed
further.
Years 1995 and 2005 were chosen as they are approximatively representative of the measurement density constituting what is here operationally defined as the GLODAP and CLIVAR data
sets (Figure 5.3). CLIVAR is defined here as the data collected since then end of GLODAP and
thus encompasses additional cruises in addition to those constituting the CLIVAR program per se.
Similarly, July was chosen to emphasize the summer bias inherent in the real data set (Figure 5.4).
Since the North Atlantic contains both a large inventory and a large change in inventory (Figure 5.2)
and is the most heavily sampled basin, the choice was made to focus on that basin in this study.

5.4 Results
5.4.1 Data set variance
This section discusses the spatial and temporal patterns of the variance in the synthetic data sets
used in this study to evaluate the eMLR methodology. As stated earlier, given that the goal of
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regression analysis is to explain the variance in a data set, the levels and patterns of variance in the
data obviously affect the regression results. In the context of eMLR, patterns of variance influence
the depth range over which a particular regression equation may be applicable and in the case of
non-identical station locations, different variance levels in the data sets as a function of time can
introduce spurious signals, artifacts due to variable regression quality.
Figure 5.5 shows the seasonal evolution of vertical profiles of the standard deviation in the
synthetic North Atlantic GLODAP data set for the year 1995. The standard deviation of each variable in the synthetic GLODAP data is calculated for each month and on each layer independently.
Temperature, salinity and alkalinity show maximum variance in the top 200 m with a monotonic
decrease with depth, except alkalinity, which has a minimum at about 1000 m and levels of standard
deviations increasing again slightly below this depth to peak at around 3000 m (Figure 5.5a,b,h).
This feature is exacerbated and the variance is high all the way to the bottom below the 1000 m
variance minimum layer when considering the data set derived from the CLIVAR grid (not shown).
The deep local maximum in the standard deviation of alkalinity is partly due to the few samples
located in the Caribbean Sea, characterized by high alkalinity, and to the East-West asymmetry of
the North Atlantic deep alkalinity distribution. Alkalinity is higher in the Eastern Basin than in
the Western Basin. This distribution is consistent with the findings of Tanhua et al. (2007), who
demonstrated the asymmetric role of alkalinity in linear regression models between the Eastern and
Western North Atlantic.
Oxygen and AOU, on the other hand, show minimum variance in the top 100 m and near the
bottom, and maximum standard deviation at intermediate depths (Figure 5.5c,d). The depth horizon
of maximum variance for these two related tracers differ slightly, however, being around 1000 m
for AOU but shallower (500 m) for oxygen. This slight discrepancy in the location of the depth of
maximum variance disappears when using the CLIVAR points. This difference highlights the fact
that the GLODAP grid samples the Labrador Sea while the CLIVAR grid does not (Figure 5.1).
Since AOU was calculated offline, from the oxygen, temperature and salinity fields, the fact that
the variance of AOU is reduced in the depth range 500-1000 m relative to the variance in oxygen
indicates that perhaps the oxygen saturation assumption is invalid in and around this convective
region, what is consistent with the observed oxygen undersaturation in the Labrador Sea (Clarke
and Coote, 1988).
Silicate shows maximum variance between 2000 and 2500 m (Figure 5.5g). This is indicative
of the large concentration gradient between water coming from the North and the bottom water
originating from the South. A similar gradient is observed in the other nutrients, but owing to
different remineralization mechanisms and preformed concentrations, the maximum North-South
gradient is shallower for these other tracers, resulting in a broad maximum variance layer between
1000-2000 m.
The standard deviation of the two dissolved inorganic carbon fields show the most complex
vertical patterns (Figure 5.5i,j). DICo and DIC+, the preindustrial DIC and the contemporary DIC
(i.e. includes the anthropogenic perturbation) fields, show maximum standard deviations in the top
40 m (in spring) to 80 m (in late summer/fall). The standard deviation of carbon expresses also
an intermediate variance maximum around 260 m and a third deep maximum between 1000 and
2000 m. The only other tracer showing an intermediate variance maximum co-located with that
of DIC is phosphate (Figure 5.5f), whose shallow variance peak is about 50 m deeper than that of
nitrate (Figure 5.5e). This feature is accentuated when considering the data set obtained from the
CLIVAR grid (not shown), which emphasizes the tropics and the Eastern Atlantic relative to the
GLODAP grid (Figure 5.1). Maps of nitrate, phosphate and DIC point towards differential nutrient
cycling processes in the oxygen minimum zone as the culprits for this 50 m offset in peak variance.
Nutrients show large variances in late Summer and in the Fall in the top 150 m and relatively
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smaller standard deviations in the Winter and Spring, consistent with the development of the North
Atlantic Bloom (Henson et al., 2009). Temperature shows a maximum variance in Spring and
Summer when the subtropical-subpolar gradients are strongest. The variance of salinity is small in
Summer and is large in Winter, possibly due to sea-ice dynamics in the northern subpolar region.
The magnitude of the seasonal cycle of the variance is typically 10 to 15% in the upper 200 m
for the nutrients (O2 , AOU, NO3 , PO4 , S iO4 ), and 5% for θ, S , Alk and DIC. Seasonality in the
variance of all the tracers is small below 200 m (<1-2%). Given the seasonality in the magnitude of
the variance of the nutrients and the DIC fields and in the processes governing their concentrations,
it is reasonable to expect that a seasonal cycle exists in the misfit error of linear regression models
and in the structure of the equation that best fits the data.
Interannual variability can also alter the data set variance. Comparisons of standard deviation
profiles between years 1995 and 2005 for either repeated versions of the GLODAP or CLIVAR
data sets (not shown) show that the difference in variance between these two years, given a constant
sampling grid, is smaller than 2-4%, except for O2 and AOU, which demonstrate larger changes in
data set variance of order 6 and 15% in the top 100 m, respectively. Changes in data set variance
between 2005 and 1995 are generally consistent across the tracers. Variance is generally larger
by 2-3% in 2005 than in 1995 across all tracers between 100 and 500 m. This is different for the
contemporary DIC field (DIC+), which experiences a 2-3% decrease in the variance in that depth
range. Changes in standard deviations between 100 and 500 m tend to be larger in the second half
of the year than in the beginning, except for DIC+, which shows larger changes in the first half of
the year. Variance is either similar or slightly smaller in 2005 than in 1995 between 500 to 2000 m.
This is the case for all tracers, including DIC+. Between 2000 and 3500 m, slight increases in
variances are observed. Below that depth, changes in variance may differ between tracers, with
NO3 and PO4 showing slight increases, O2 , AOU, S iO4 and DICo showing no change and θ, S ,
Alk and DIC+ showing slight decreases. Below 100 m, the patterns of interannual variance changes
are different than the patterns of seasonal changes, suggesting that the processes responsible for the
slight alteration of the data set on these longer time-scales are not directly related to the seasonal
cycle. They are most likely reflective of other processes such as water mass reorganization, gyre
wobble, thermocline oscillation, frontal shifts, etc.
While the interannual changes in data set variance are small, typically less than 3% above 500 m
and less than 1% below that depth, this is not to say that point-by-point differences in tracer values
or concentrations do not exceed that level. In fact, point-by-point differences between July 1995 and
2005 for the North Atlantic can be as high as 50-100% in specific regions (East Greenland Current,
Labrador Sea, across the North Atlantic Current, near the equatorial boundary of the subtropical
gyre). The relative constancy of the data set variance in time sampled from a constant observational
network simply suggests that the point-by-point changes are not a priori systematic enough as to
greatly bias the large-scale representativeness of a given sampling grid: the GLODAP or CLIVAR
sets of stations measure approximately the same feature in 1995 and in 2005.
As was stated earlier, the GLODAP and CLIVAR sampling grids emphasize, through their variable spatial sampling densities, certain hydrographic features differently. Figure 5.6 compares profiles of the standard deviations obtained by the GLODAP sampling grid in 1995 with standard deviations estimated by the CLIVAR network in 2005. This is a hybrid case which mimics the spatial
and temporal distribution of the real samples. Differences between the variances of the GLODAP
and CLIVAR data sets shows typical variations of order 10%, with different patterns in depth and
across the tracers. Similar differences between standard deviation profiles are observed when contrasting the statistics of the GLODAP and CLIVAR networks in 1995 or in 2005. This indicates that
the first order control on the difference in variance in Figure 5.6 is the nature of the observational
grid and not seasonal or interannual variability.
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In summary, the observed patterns in vertical profiles of the variance in the synthetic North
Atlantic data sets are mostly associated with the large scale water mass distribution and the process
of remineralization. The seasonal evolution of these profiles reflects the mechanisms of water mass
formation and ecological succession in the basin. A parallel analysis using the CLIVAR sampling
grid shows similar patterns, although with slightly different magnitudes and gradients owing to the
different emphasis put on the Labrador Sea and the Eastern Atlantic between the two sampling
grids. Interannual variability and variations in the sampling grid both alter the data set variance
and have the potential to affect misfit error or the equation structure of the “best” regression model.
The depths of minimum and maximum variance differ between the tracers (Figure 5.5), indicating a
priori the role each tracer will take in the regression models as a function of depth and highlighting
the value of each variable as tracers of particular water masses. For eMLR, this implies that a
regression model derived with data taken from 1000-2000 m is unlikely to produce good results
when applied to a different depth range since the processes governing the distribution of that tracer
may be different at other depths.

5.4.2 Model selection and variability of the chosen regression structures
The vertical distributions of the model structures selected by minimum AIC given the July 1995
GLODAP or the July 2005 CLIVAR station locations sampled from the MOM4/TOPAZ fields are
summarized graphically in Figure 5.7 and Figure 5.8. The frequencies with which particular variables are selected in the chosen regression formulas are summarized in Figure 5.9 as a function of
depth. Parallel analyses for the complementary July 2005 GLODAP and July 1995 CLIVAR cases
confirm that interannual variability exerts only a small influence on the regression relative to the
difference in sampling network: differences between Figures 5.7 and 5.8 are much more important
than between Figures 5.7 or 5.8 and their 1995 or 2005 counterparts (not shown). Differences between 1995 and 2005 in the types and vertical extent of the selected model structures are minor
given either a constant GLODAP or CLIVAR network. Furthermore, any changes in formula in
time for the constant observational network case usually only involve one of the terms. These term
swaps are consistent with the vertical patterns of changes in standard deviation between data sets
constructed from the 1995 and 2005 sampling of the model fields.
The set of regression models selected between the GLODAP or CLIVAR observational networks differ substantially. As stated in the previous section on data set variance, these observational
networks put emphasis on slightly different hydrographic structures owing to the presence, absence,
and density of sampling stations in certain areas. CLIVAR emphasizes the Eastern Atlantic and the
subtropical gyre. GLODAP samples the North Atlantic more homogeneously, with a substantial
coverage in the Irminger Sea, the Iceland Basin and the Labrador Sea. As a result of these differences in sampling, regressions using the North Atlantic GLODAP data are more influenced by
waters in such features as the East and West Greenland Current, characterized by low temperature
and low salinities, and the subsurface Northern Atlantic region, which contains larger nutrient levels
and higher oxygen concentrations than the subtropical region.
These differences are reflected in the formulas of the models selected by AIC. Figure 5.9 shows,
for each depth layer, the number of times a particular tracer is included in the formulas identified
in Figures 5.7 and 5.8 across all 8 size classes. Since the 8-term model contains every tracer, the
minimum number of times a tracer can be represented is 1 and the maximum is 8. Figure 5.9a
highlights the importance of salinity in the top 300 m as an explanatory variable in the regressions
applied to the GLODAP data set. Temperature and oxygen appear to replace salinity in many of
the formulas produced by the CLIVAR synthetic data in this depth range. This is a consequence
of the fact that the dominant source of variance in the CLIVAR set is the subpolar to subtropical
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contrast and not the East/West Greenland Current and the Labrador Sea as in the GLODAP case. As
suggested by the difference in standard deviations between the two data sets (Figure 5.6), salinity
takes a relatively more important role in the CLIVAR data between 400 to 1200 m. This reflects
the influence of the Mediterranean Sea Overflow water in the Eastern Atlantic, which, relatively,
is more heavily sampled during CLIVAR. Silicate is more frequently present in the formula in that
depth range given the GLODAP set of samples. Common features also exist, however, between the
formula structures generated by the two grids. For instance, the role of phosphate at intermediate
depths (200 -1500 m) is clear in both situations. Similarly, alkalinity is recurrently selected in the
deep ocean (below 2000 m). Overall, nitrate and AOU are the least often selected variables in the
formulas.
The family of the 4-term models shows the greatest vertical continuity (Figure 5.7), with essentially four models able to cover all depths layers from 100 to 4000 m (Figure 5.7). These 4term models (numbers 140, 99, 100 and 150, ordered as per their relative frequencies) are Z140 =
{θ, PO4 , S i, Alk}, Z99 = {S , θ, PO4 , AOU}, Z100 = {S , θ, PO4 , O2 }, Z150 = {NO3 , PO4 , S i, Alk}.
Model Z140 is the model structure used by Friis et al. (2005) for their North Atlantic analysis and
Z100 is the model used by Levine et al. (2008). Interestingly, while Levine et al. (2008) applied this
structure for the model fields between 200 and 2000 m, Figure 5.7 suggest this structure is more
appropriate in the upper 200 m. Note that models Z99 and Z100 are essentially identical, the only
difference between the two being the use of O2 or AOU. Model Z150 , which fits the data well in the
range 2000 to 4000 m is interesting in that it does not include either θ or S in its formula. These
tracers do not account for much of the variability in that depth range (Figure 5.5). This is qualitatively consistent with the classic studies of Broecker (1974) and Broecker et al. (1985b) who used
nutrient-based composite tracers (“NO”, “PO”) to characterize the flow path of deep waters in the
Atlantic.
While some of the particular models identified from the GLODAP analysis (Figure 5.7) are
also present in the CLIVAR equivalent (Figure 5.8), their vertical stacking can differ. This is
clearly the case for models Z99 , Z100 and Z140 . Given the CLIVAR setup, Z140 , the model of Friis
et al. (2005), takes a prominent role in the top 200 m while models Z99 and Z100 , the model of
Levine et al. (2008), occupy the space between 300 and 500 m. Models Z97 = {S , θ, NO3 , Alk} and
Z98 = {S , θ, PO4 , S iO4 } belong to the same model group as Z99 and Z100 , which features salinity,
temperature and phosphate (or nitrate) as dominant variables. Z97 , Z98 extend the influence of this
model group down to about 3000 m, although the continuity is not as clear as with models Z140 or
Z150 in the GLODAP case.
These differences between Friis et al. (2005) and Levine et al. (2008) agree well with the results
of this analysis. Friis et al. (2005) used data located in the Subpolar North Atlantic (North of 40o N,
South of Iceland) and many of the data used in the Friis et al. (2005) are the same data that partly
constitute GLODAP (Key et al., 2004) in that region. It is then reassuring that both Friis et al.
(2005) and the AIC results converge towards the same model (Z140 ). Similarly, the data set used by
Levine et al. (2008) was most heavily influenced by the subtropical regions, more like CLIVAR, and
it is again reassuring that model Z100 , or related models, be most representative in that case. Tanhua
et al. (2007) used model Z205 = {θ, NO3 , S iO4 , AOU, Alk}. Since the data set they used was oriented
along East-West sections in the Subtropical North Atlantic, model Z205 is unrepresentative of the
basin-scale data set used here and Figures 5.7 and 5.8 show this model is never selected here. Given
that this analysis uses the MOM4/TOPAZ biogeochemistry model as a source of data, that Levine
et al. (2008) used another circulation/biogeochemistry model and that Friis et al. (2005) used real
data, it is encouraging to note how well the regression models proposed by each study converge
when presented in the context of their associated sampling grids.
Models with the lowest overall AIC values tend to be the more complex ones (Figures 5.7 and
210

5.8). In fact, the one model with the maximum number of 8 terms (9, including the offset term)
is the most frequently selected model. When the 8-term model is not chosen, it is usually one of
the 7-term models that is selected. Models of size class 6 and 5 are rarely selected and formulas
with 4 terms or less are never chosen. Repeating these analyses using BIC (Schwarz’s Bayesian
Information Criterion) as a model selection criterion deflates slightly the importance of the 8-term
model in favor of 7-term alternatives. Using BIC instead of AIC is similar to increasing the penalty
due to the number of terms in the model. In both AIC and BIC, the penalty added to the misfit
is of the form p = kN (see equation 5.7), k being a constant and N is the number of parameters
in the model. In BIC, the penalty is a function of the number of samples (y), k = ln(y). Given
the GLODAP and CLIVAR observational networks, kBIC ≈ 5.5 − 6 (y ≈ 300 − 400), while, for
AIC, kAIC = 2 and is constant by definition. Artificially inflating the penalty of AIC by a factor
10 (p = 2 · 10N), to explore how much the penalty must be increased to significantly alter model
selection, results in models which are dominantly of size 5 in the top 200 m, of size 6 between
200-1000 m and of size 7 below that. A similar inflation of the BIC penalty k = ln(y) · 10 results
principally in 5-terms models, with some volatility in the selected size classes, between 4-7 terms,
below 1000 m. Boosting the AIC penalty term by a factor of 100 selects principally the family of
4-terms models, with even the 1-term models becoming favorable below 4000 m. Since the penalty
only affects the misfit diagnostic for comparisons between model families of different size classes, it
plays no role within any size class, and the particular best-fit models in these inflated penalty cases
are obviously the same as those presented in Figures 5.7 and 5.8.
While Figures 5.7 and 5.8 indicate that there is some volatility in terms of the specific minimum
AIC models between depth layers (Figure 5.7), quite a few models have AIC values within 10%
of the depth-specific AIC range from the minimum AIC in that layer (Figure 5.10a). This suggests
that differences in AIC values can be relatively small between many of the models. In addition, as
was hinted at earlier, the different regression formulas resulting from the AIC analysis often vary
among formulas falling in closely related groups, e.g. the nitrate term replaces the phosphate term,
oxygen and AOU swap. This suggests that, while a strict identification of the minimum AIC values
can results in models with slightly different structures, the DIC data can be fitted to similar degrees
using a variety of different models with only small differences between the fits. Closely related
models can be used by investigators to maximize data coverage in cases when measurements for
particular tracers are missing with little loss in precision. Overall, however, the quality of the fits is
lower in the top 1000 m than below 3000 m (Figure 5.10a,c). There is a thin layer centered around
1500 m where fit quality is better for many models than for the layers just below it (2000 m).
This layer corresponds to the position of the Mediterranean Overflow Water in the MOM4/TOPAZ
simulator. Given that the vertical profile of the range of AIC values on each layer (Figure 5.10b)
show a maximum between 800 and 1500 m, model selection can make a significant difference in
the Mediterranean Overflow layer. On the other hand, the vertical profile of the AIC ranges shows
a minimum between 2000 and 2400 m suggesting this depth layer is less sensitive to the form of
the particular regression formula. The difference between the maximum and minimum AIC value
is lowest below 4000 m where the fits are also best, suggesting that almost any model can be used
to properly represent the DIC field in that range.

5.4.3 Regression statistics, residuals, and leverage of the observations
Seasonal estimates of vertical profiles of the standard error of the regression (i.e the least square
estimate of the standard deviation of the errors) obtained after application of the regression models
with minimum overall AIC are shown in Figure 5.11. The models with minimum AIC were determined for each month and each depth layer independently for the GLODAP 1995 and the CLIVAR
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2005 data sets. Aside from a few Summer and Fall months in the top 100 m where the standard error
of the residuals hovers near 8 µmol/kg, the standard errors of the residuals are typically smaller than
the typical modern measurement uncertainty for DIC (≈4 µmol/kg) and consistently smaller than
2 µmol/kg below 500 m. Corresponding seasonal profiles of R2 values produced by these models
(not shown) are typically better than 0.995 below 200 m. Summer and fall values are slightly lower
in the top 80 m and between 80 m and 180 m throughout the year (R2 ≈0.98). All regressions are
significant at p ≪0.001.
As was suggested by the evolution of the data set variance across the year (Figure 5.5), it is more
difficult to fit first-order linear models to Summer and Fall data than to winter data, irrespective of
the sampling grid (Figure 5.11a, b). Typical scales of misfit vary similarly with season in the
GLODAP 1995 and the CLIVAR 2005 cases, however, as shown by the fact that the difference
plot (Figure 5.11c) is dominated by horizontal band structures and not seasonally varying ones.
Differences in the standard error of the residuals between the two data sets are usually less than
0.5 µmol/kg (Figure 5.11c), except between 80-300 m, where the standard errors of the residuals
for the GLODAP grid are approximately 1 µmol/kg larger than the CLIVAR residuals, and in the
upper 80 m, where the CLIVAR residuals are larger than their GLODAP counterparts by that same
amount. Interestingly, these differences in the standard errors do not mirror the differences in the
data set variance presented in Figure 5.6 exactly. For instance, when Figure 5.6j indicated that the
standard deviation in the data was larger in the CLIVAR data set than in the GLODAP data set
between about 100 to 400 m, Figure 5.11c shows that the misfit is larger for the GLODAP data set
than for the CLIVAR data set between 100 and 300 m. While the variance of the fitted variable
plays a role in the ability to fit a regression to a data set, the magnitude of this variance alone is
evidently not a sufficient diagnostic. Other factors, typical for all regression exercises, such as the
independence of the regression variables, signal-to-noise and the presence of outliers also play a
role.
Data set variance and the standard error are summary statistics: they provide some indication
about the data set or the regression process as a whole but they are lacking in geographical information. Only 68.2% of the residual values are expected to be between the confidence interval
implied by the standard error of the residuals in Figure 5.11; 31.8% will have residuals larger than
the standard error. In fact, some stations experience deviations between fitted and true values that
are of similar magnitude to the expected anthropogenic carbon signal. The station-specific residuals
associated with the first order models isolated by minimum AIC (Figures 5.7 and 5.8) are mapped
in Figures 5.12 and 5.13 on representative depth layers for the July 1995 GLODAP and the 2005
July CLIVAR data sets. Clearly, the residuals are not uniformly distributed geographically. There
exist large coherent domains of negative and positive residuals, suggesting that what is considered
“noise” in the fitting process is not simply representative of the eddy field. Eddies would generate
less-structured patterns of residuals.
In given layers, the patterns of residuals change with the type of the linear model considered.
For instance, in the top 200 m, the consistently negative residuals found South of Iceland in the
Irminger Seas (Figure 5.12a, b, c) become positive residuals when using model Z150 on these layers
instead of the model with minimum AIC (not shown). Using the appropriate 4-term models (e.g.
Z100 ) in these layers instead of the best overall AIC models produces a less heterogenous residual
fields relative to the ones on Figure 5.12a-c. This is not inconsistent with the AIC signatures shown
in Figure 5.10, where it was shown that many models have AIC values very close to the minimum
AIC, but it shows that different regression models, while apparently statistically equivalent when
assessed by summary statistics, have different implicit strengths and weaknesses that are tied to
particular hydrographic features.
In spite of using slightly different model formulas in each horizontal layer, the residual patterns
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associated with these “best-fit” models are consistent between layers (Figure 5.12). Negative or
positive residuals tend to form at the same stations across the layers above the main thermocline
and amongst the layers below the thermocline. Panels 5.12a-f generally show negative residuals
(underestimation of the true DIC field) in the West Atlantic, in the formation region of the Subtropical Mode Waters, and positive residuals (overestimation of the DIC field) towards the East,
near the Mediterranean Sea Overflow region. Large residuals are also present where the DIC field
experiences large gradients, such as in the subequatorial region (between the equator and 10◦ N) of
Figure 5.12b. There is much less vertical continuity in the horizontal patterns of the residuals in the
deep layers. This is most likely a consequence of the bathymetry, which alters the distribution and
representativeness of the data set.
Since the CLIVAR and GLODAP sampling grids are different, a point-by-point comparison between the residuals is not directly possible. Qualitative comparison between Figures 5.12 and 5.13
indicates, however, that regions of low/high residuals on the GLODAP grid tend to have residuals
of the same sign on the CLIVAR network. This suggests that the regressions are biased by approximately the same amount in the same locations. A fraction of the fitting error should then cancel
when taking the difference between the two fits as part of the eMLR algorithm, attenuating the
propagation of the misfit error on large geographic regions. There are notable exceptions, however.
For example, in the Sargasso Sea at 2049 m (Figure 5.12h and 5.13h), negative residuals are found
in the CLIVAR version while these are positive in GLODAP. The structure of the lowest AIC model
differs substantially between these two cases: model Z169 is a 5-term model and model Z255 is the
full 8-term model. The effect of these differences in the patterns of the residuals will be discussed
in the context of the anthropogenic carbon signal in the next section.
One other diagnostic in regression analysis is to look at the influence each observation has on the
fit. Leverages help identify the observations that have large effects on the regression. The leverages
are defined as the diagonal elements (Hi,i ) of the so-called “hat-matrix” (H):

−1
H = Z ZT Z ZT .

(5.9)

Z is the design matrix specific to each regression model.
Since different model formulas (Z) can lead to different leverages and residual patterns, a “specific leverage indicator” (SLI) was computed by us to summarize the general trends across all models. The leverages for each of the 255 first order linear model were computed for each depth layer.
Since H is of size N × N, with N the number of observations, g = tr(H)/N is the mean contribution
for each observation, which, if every observation had equal predictive power, would be K/N, where
K = tr(H) is equal to the number of parameters in the formula. For each model and each layer, an
indicator variable J, of size 1 × N, was constructed, with Ji = 0 if Hi,i < g. Similarly, Ji = 1, 2, 3
or 4 if Hi,i ≥ g, 2g, 3g or 4g. SLI is defined as the mean value of the 255 vectors of J indicators.
S LI = 1/255 ≈ 0.0039 if g ≤ Hi,i ≤ 2g only once. Maps of SLI on representative depth layers
calculated for the July 1995 GLODAP and July 2005 CLIVAR data sets are shown in Figures 5.14
and 5.15. In these figures, all stations with S LI ≥ 1 are circled in black and those with S LI ≥ 3 are
marked with a “+” sign.
By design of SLI, any particular observation must have a consistently large influence on the
regression for it to receive a score of 3 or more. Such high-leverage points are found in the Labrador
Current (Figure 5.14a-e) and in the subequatorial Eastern North Atlantic (Figure 5.14b-h) on the
GLODAP grid. Given the CLIVAR set of observation, the high leverage points are located in
the Greenland Sea, on the OVIDE section (Lherminier et al., 2007) linking Greenland to Portugal
(Figure 5.15a-e). On the 1007 m layer, high leverages are found in the European Basin (Eastern
North Atlantic), still along the OVIDE section. Leverage stations on the CLIVAR network are also
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found in the subequatorial North Atlantic (Figure 5.15b-d), off the coast of Florida in the Sargasso
Sea (Figure 5.15b-e) in the top 1000 m and in the Caribbean Sea (Figure 5.15c-e) at intermediate
depths. SLI patterns are nearly identical between GLODAP 1995 and GLODAP 2005, and between
CLIVAR 1995 and CLIVAR 2005, reinforcing previous statements with regards to differences in
sampling grids being more important than interannual or short-term variability when considering
basin-scale regressions.
Since the leverages measure the sensitivity of the regression fit to particular observations, removing or changing these observations in any way can alter the regression results more than changing or removing other observations. The choice was made a priori to work on horizontal layers in
this analysis. If one were to decided to work on isoneutrals instead, the residual and leverage patterns would differ since the design matrices would contain different sets of observations. Since water
masses mix/age dominantly along isoneutrals, differences in physical properties between stations
are expected to be smaller on isoneutral layers than on horizontal ones. The depths of isoneutrals
can vary by a few hundred meters, however, and in this case, one could speculate that leverage patterns may be influenced more by biological processes (remineralization) rather than physical ones
as different water masses mostly occupy different density levels.

5.4.4 Recovery of the anthropogenic carbon uptake signal
While the question of variable station coverage and associated data set variance is not typically an
issue when dealing with exactly repeated data sets, it is relevant in the present basin-scale eMLR
application. Previously published eMLR studies require the structure of the regression formula to
be constant as a function of time and derive the anthropogenic signal by difference between the
regression coefficients. However, direct subtraction of the regression coefficients (i.e. manipulation in the model domain) is only possible because the regression models in question are linear.
The equivalent signal can of course be obtained by subtracting the predicted DIC values obtained
after parallel application of the regression equations to the data from one of the time points (i.e.
manipulation in the data domain). This second approach opens the conceptual possibility of using
separate regression models derived independently at each time point. The main argument for using
a constant model structure in time is that the physical and biogeochemical processes maintaining
the DIC field are relatively constant and should thus be constrained by the same empirical models.
In practice, there is no guarantee that empirical formulas represent these physical and biogeochemical processes accurately. In addition, if the observational network varies, the variance in the data
will change and empirical models will likely change to match these different patterns of variance.
There is no a priori certainty with regard to a particular form of the model formula. The previous
sections have demonstrated that the concept of “best” formula varies as a function of depth and with
the particular geographic distribution of the samples. This section investigates the performances of
these two conceptual approaches to eMLR: 1) use of a constant regression formulas in time and 2)
use a composite of optimized formula that are allowed to vary in time and as a function of depth.
Maps showing the true and inferred changes of the anthropogenic carbon column inventory between July 1995 and July 2005 in the MOM4/TOPAZ simulator are shown in Figure 5.16. The true
inventory change calculated on the native MOM4 grid and subsequently remapped on the WOA2005 1o × 1o regular grid is presented in Figure 5.16a. Both the GLODAP and the CLIVAR observational network are overlain showing how some notable high-change regions are entirely missed
by the sampling patterns. One such high-change feature, with column inventory differences above
20 mol/m2 and centered around 35o W-35o N, is missed entirely by both the GLODAP or the CLIVAR stations. Another localized high-change feature is situated near 60o W-38o N and is similarly
omitted in the respective data sets. Since the Labrador Sea is only sampled by the GLODAP sta214

tions, there is no direct constraint from measurements for this high-uptake region in the CLIVAR
data set. Estimates of the change in carbon inventory in these regions are then solely constrained by
the mapping process through the influence of neighboring stations.
Figure 5.16b shows the kriging estimate of the change in anthropogenic carbon column inventory in Figure 5.16a produced from subsamples of the true signal taken at GLODAP stations on
every depth layer with subsequent mapping on every layer and vertical integration. The components
used to calculate the true anthropogenic signal are shown in corresponding maps calculated from
the GLODAP change in carbon estimated by taking the July 2005 and July 1995 difference in the
transient (DIC+, Figure 5.16c) and control (DICo, Figure 5.16d) simulations. The July 2005-1995
difference in the transient simulation predicts substantial carbon accumulation in the Subpolar gyre,
the European Basin and at the southern edge of the subtropical gyre (≈15o N), and little change in
carbon inventory in the Subtropical Mode Water formation region, South of the Gulf Stream. This
later point is unexpected as the Mode Waters are expected to take up anthropogenic carbon (Bates
et al., 1996; Lee et al., 2003). In fact, these features are compensated in the control simulation.
The Greenland current region, the Eastern Atlantic and the southern edge of the subtropical gyre all
show increases in vertical carbon inventories between the two years (Figure 5.16d). In contrast, the
Western Subtropical Atlantic shows a drastic decrease between 1995 and 2005, which, when added
to the transient run, results in substantial carbon uptake in that region, confirming expectations.
The analysis of horizontal maps (not shown) of the ocean interior change in the DIC in the
control simulation between 1995 and 2005 suggest that the systematic negative trend in vertical
inventory (Figure 5.16d)) in the North American Basin is caused primarily by a decrease in the
DIC concentrations (>5-10 µmol/kg) in the deep ocean (>2200 m). These deep DIC changes are
accompanied by a decrease in the concentration of the other nutrients, an increase in oxygen and
a slight warming. The Labrador Sea and subpolar basin show large increases in carbon and in the
nutrients, a decrease in oxygen and strong increases in salinity and temperature. These changes are
topographically constrained to the West of the Mid Atlantic ridge below 3000 m, but the changes
between 2200 and 3000 m suffice to explain the drop in column inventory visible in the North
East Atlantic (25o W, 50o N, Figure 5.16d). These patterns suggest that variability in the convective
activity and export of the Labrador Sea and downstream adjustments of the Western Boundary
Current properties are responsible for the large-scale column inventory changes in the Northern and
Western Atlantic (Figure 5.16d). The increase in the carbon inventory simulated by the control run
at the southern edge of the subtropical gyre and Eastern Atlantic are associated with gyre dynamics.
Increases in the DIC field are observed in this region between 150 and 700 m, along with changes
in other tracers. These changes are consistent with a northward contraction of the subtropical gyre
as the main cause for this feature.
Differences in the model’s annual mean sea surface height (SSH, not shown) between 1995 and
2005 agree with the interpretation given above. The patterns of change in SSH do not reflect the
North Atlantic Basin drop in carbon inventory seen in Figure 5.16d, suggesting the source of that
feature to be in the deep ocean. SSH varies consistently with the signal observed at the eastern
and southern edge of the gyre, however. The regions showing positive carbon uptake in the control
simulation (Figure 5.16d) coincide with the regions of highest variability identified by Cromwell
(2006) from an analysis of satellite SSH data in the North Atlantic filtered with an 18 months
window. Cromwell (2006)’s observational results suggest variability on a 5-year time-scale for a
tripolar SSH basin-scale pattern of similar structure as that in Figure 5.16d. Given that the MOM4
model is forced by the NCEP-derived CORE surface atmospheric fluxes product (Griffies et al.,
2009), that the source of the positive deviation of the carbon inventory in the subequatorial and
eastern North Atlantic is in the upper few hundred meters, and that these patterns agree well with
the dominant pattern of SSH variability observed in the North Atlantic, this pattern is most likely
215

the result of a true mode of interannual variability captured by the model.
The subtropical region with strong negative change in the column carbon inventory is identified
as a low SSH variability region in the analysis of Cromwell (2006). This is further evidence that
the strong and coherent signal of Figure 5.16d is not due to interannual variability in the upper
thermocline. This signal is clearly associated with the Labrador Sea Water. Curry et al. (1998)
report on the export of deep subpolar perturbations caused by variable convection in the Labrador
Sea to the subtropical regions from an analysis of historical hydrographic data in the region. These
observed anomalies in the thickness and properties of the Labrador Sea Water layer look similar in
scale and pattern to the signal present in the MOM4 simulation.
Throughout this study, mapping is performed by anisotropic kriging, although using a fixed exponential covariance function with a longitudinal correlation scale of 15.5o and a latitudinal scale
of 7.4o above 3500 m, or 7.4o for both scales below that depth. Analysis of the semi-variograms,
experimentation with the length-scales and other kriging control parameters produced similar results. This particular scheme was chosen to mimic the objective mapping process used by Key
et al. (2004) who used typical length scales of 1550 and 740 km above 3500 m and 740 km in
both direction below that depth, and to ease the computational burden. In light of the thousands
of maps that were produced here, a fully adaptable kriging scheme for each map was not practical. The difference between the true distribution calculated from the native simulator grid and the
kriging estimate produced by the true values sampled on the GLODAP observational network is
shown in Figure 5.16e. The equivalent quantity resulting from the CLIVAR stations is shown in
Figure 5.16f. Mis-representation of the high-change hot-spots in the data sets unsurprisingly result in underestimation in these regions. Similarly, mis-representation of low-change regions result
in overestimations. Mapped fields (i.e. 5.16b) are thus smoother than the original model fields,
with a tendency towards overestimation in the subtropics and a tendency towards underestimation
at the subtropical/subpolar transition and in the Labrador Sea. Local differences between the true
and interpolated results are only important (±10 mol/m2 ) in some restricted regions. The kriging
uncertainty (uncertainty around the central kriging estimator) is roughly of similar magnitude to the
absolute error (difference between the true value and the central kriging estimator) on given depth
layers (not shown). The mapping uncertainty is expected to be smaller in the North Atlantic than
in either the South Atlantic, the Indian, or the Pacific, as the North Atlantic is better sampled than
the others. Propagation of the mapping uncertainty is not considered in the following discussion,
where only the central kriging estimator is used as a diagnostic.
Figure 5.16g shows the change in column inventory of carbon estimated by the combination
of regression models isolated by the minimum AIC criterion independently at every depth for July
1995 GLODAP and July 2005 CLIVAR, projected onto the GLODAP network, mapped by kriging
and vertically integrated. The difference between this prediction (panel g) and the true inventory
(panel a) is shown in Figure 5.16h. The error patterns look generally similar to the ones resulting
from the analysis of the control run (Figure 5.16d), although they show errors of much smaller
magnitude in the subtropical region relative to panel d. The similarity between these patterns suggest that, while eMLR is able to account for some of the natural variability, large-scale variability
patterns are not fully corrected for in the estimate shown in Figure 5.16g. In panel h, the errors
of largest magnitude seem to be controlled by the the fact some features were not resolved by the
sampling network and not by mis-representation of dynamical shifts, which come through as the
weaker large-scale negative/positive pattern. Interestingly, this best AIC solution is not the equivalent of panels b or c, the map of the true values or the map of the difference in the transient run. The
East and West Greenland Current region of Figure 5.16g resembles panel c. The subtropics show
some uptake, but this uptake is still insufficient to achieve the levels of Figure 5.16b in the Western
Atlantic. The best-AIC eMLR estimate shown in Figure 5.16g is able to account for many of the
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dynamical changes (panel d), although not all.
Changes in carbon column inventories resulting from the use of fixed model structures at each
depth on both the GLODAP and CLIVAR data sets are shown in Figure 5.16i-p. Results from the
8-term model (Z255 , 5.16k, l) produces results similar to the best AIC compilation of models. This
is expected since model Z255 is the most frequently selected model when using the minimum AIC
criterion. Small differences exist between the case when the regressions are projected backwards in
time onto the GLODAP data (Figure 5.16k) or forward in time onto the CLIVAR data (Figure 5.16l).
Forward projection onto the CLIVAR stations results in improved results in the East Greenland
Current region, where the overestimation relative to the true values is less in the CLIVAR case than
in the GLODAP case. One surprising feature is the slight worsening of the overestimation near
Gibraltar in the CLIVAR case in spite of the availability of a few samples in that region. These
differences are typical of most regression models tested in this study.
The error maps resulting from the use of the better 4-term models Z100 (Figure 5.16i, j) , Z140
(Figure 5.16m, n) and Z150 (Figure 5.16o, p) differ from either the best AIC results or the maps
for model Z255 and from one another. The use of model Z140 produces the patterns that are most
similar to the best-AIC or Z255 cases. The main difference in this case being the amplitude of
the overestimation in the Eastern Atlantic, at the southward edge of the subtropical gyre and the
extrapolation to the Caribbean. The use of model Z100 , which in contrast to Z140 does not use silicate
or alkalinity but rather salinity and oxygen in addition to phosphate and temperature, produces
smaller overestimates than model Z140 in the subequatorial and Eastern Atlantic. However, it also
results in inflated and extended underestimations over the North American Basin and the Labrador
Sea. Model Z150 , which uses neither temperature, salinity nor oxygen as parameters, produces yet
other absolute error patterns, typified by large overestimations over the Eastern Atlantic and large
underestimations over the North West Atlantic.
Indications on the interior distribution of the data used to compute the column inventories is
provided in Figure 5.17. This figure presents the vertical profiles of the true signal sampled either
on the GLODAP (panel a) or CLIVAR (panel g) networks, the associated differences in the control
(DICo, panels b, h) and transient simulations (DIC+, panels c, i), the best-AIC eMLR results (panels
d, j), their associated absolute errors (panels e, k) and the errors associated with models Z140 (panel
f) and Z100 (panel l). To construct the profiles in Figure 5.17, histograms of the variables were
computed at each depth independently, in intervals of 0.25 µmol/kg for the carbon measures (Figure
5.17a-d, g-j) or 0.1 µmol/kg for the residuals (Figure 5.17e-f, k-l), and normalized to the total
number of observation at each depth.
While the average shape of these vertical distributions are to first-order similar between the
GLODAP and CLIVAR cases, a closer look reveals a few of the differences previously expressed in
the section on data variance, mostly reflected by the presence or absence of some outliers. Regarding the anthropogenic carbon uptake signal, the GLODAP samples (Figure 5.17a) reveal a larger
number of high values (>15 µmol/kg) between 200 and 500 m compared to CLIVAR (Figure 5.17g).
The same is true near 1000 m, with the GLODAP distribution showing slightly larger frequencies
above 5 µmol/kg.
The largest anthropogenic uptake is concentrated in the upper water column (upper 1000 m).
The eMLR results (Figure 5.17d, j) show typically less scatter than the true values sampled at the
same stations (Figure 5.17a, g), except in the top 25 m where some of the eMLR predictions vary
widely. There is a tendency for the eMLR results to systematically underestimate the true anthropogenic carbon signal, as shown by a higher density of samples with positive residuals (Figures
5.17e-f, k-l). The same is true in the deep ocean (below 1500 m), where the bias is even more clear.
This feature is accentuated in the case of model Z100 (Figure 5.17l) relative to the best-AIC composite result (Figure 5.17k). Differences between results from model Z140 and the best-AIC case do
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not look greatly different, which corroborates the previous assessment on that model’s performance
(Figure 5.16m, n).
Different regression formulas can lead to differences in the interior carbon distribution (Figure
5.17). These differences can translate into systematic patterns in the vertical carbon inventories.
RMS (root mean square) errors of the difference between the vertical column inventory maps were
calculated to evaluate how the error patterns were affected by the choice of the regression models
(Figure 5.18). There is a general decrease of the RMS error with increasing model complexity,
dropping from about 6 mol/m2 for 1-term models to about 3 mol/m2 in the 8-term case. This is
about twice as large as the RMS error that results uniquely from kriging the true values onto the
native MOM4 grid (about 1.5 mol/m2 , horizontal dashed and solid lines, Figure 5.18). In given
complexity classes, differences between model formulas can result in RMS error that differ by up
to 2 mol/m2 . Results from the GLODAP and CLIVAR networks are quasi-equivalent, even if there
is a minor tendency for the GLODAP RMS errors (blue, Figure 5.18) to be larger than the CLIVAR
ones (red, Figure 5.18). For comparison, MLR results, in the sense of Wallace (1995), projected
onto the GLODAP network are overlain in green (Figure 5.18). These show RMS errors which are
up to 400% larger at low model complexity and still 200% larger for the 8-term model. The scatter
within size classes is also substantially larger than that from the eMLR. This provides additional
(Friis et al., 2005; Levine et al., 2008) support in favor of the eMLR formalism relative to the simpler
MLR approach.
The change in carbon inventory between 1995 to 2005 in the North Atlantic as simulated by the
CORE-forced MOM4/TOPAZ simulations is 4.43 PgC and does not vary significantly seasonally
(Figure 5.19, black line). The equivalent inventories calculated from the kriging results of the
true values sampled at GLODAP or CLIVAR resolutions are shown as grey lines (Figure 5.19). The
CLIVAR estimate is nearly identical to the true inventory. The GLODAP inventory results in a slight
(≈2.5%) overestimation of the anthropogenic carbon change. The relative errors of these estimates
vary seasonally by about 0.5%. The basin inventories of carbon uptake inferred from the composite
best-AIC eMLR methodology systematically underestimate the true inventory. The relative error
varies seasonally from about -3% in November to -8% in February for the estimate projected onto
the CLIVAR stations (green lines). Due to the ≈2.5% overestimation introduced by the mapping
process in GLODAP, the underestimation is less severe in the GLODAP case; the relative error
in the inventory change estimate is offset by about 2.5% and varies seasonally from about -1%
in November to -6% in April. The error in the carbon uptake estimate is smallest in Fall, early
Winter and largest in the Spring. Since the mapping error resulting from kriging is nearly constant,
the exaggerated seasonal cycle of the eMLR estimates must originate from the seasonally varying
ability of linear models to fit the data. Deep convection, shoaling of the mixed layer and initiation
of blooms in late Winter and Spring all contribute to the presence of sharp property gradients that
are difficult to properly represent in simple linear model empirically defined over broad geographic
scales.
The relative (left y-axis) and absolute (right y-axis) errors in the determination of the change
in North Atlantic carbon inventory resulting from the use of fixed regression structures for both
the GLODAP and CLIVAR data sets, projected either backward or forward in time onto the corresponding stations, are shown on Figure 5.20. Most inventory changes are within 20% of the true
value, with a large fraction of the models resulting in an underestimation. The mean relative error
across all models is -6% (±2%) and is significantly different from 0 (two-tailed t-test, p<0.001).
The observational grid makes little difference on the basin scale inventory change estimate. The integral computed from either the GLODAP or the CLIVAR stations produce similar estimates (Figure 5.21). The GLODAP and CLIVAR estimates are well-correlated (ρ=0.92, Pearson correlation,
p<0.001).
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An accuracy target of 0.1 PgC/yr for each of the major ocean basins (3 PgC globally over
10 years, 10% of the expected anthropogenic input for that period) was proposed in the LSCOP
report (Bender et al., 2002) as a target for the Repeat CO2 /Hydrography program. The average
underestimation of 6% over 10 years (≈0.2 PgC) obtained in this study for the North Atlantic easily
beats this requirement: 75% of the models tested produce carbon uptake estimates within 1 PgC
of the true value. Considering that about one third of the global carbon inventory is in the North
Atlantic (Steinfeldt et al., 2009), 1 PgC is proposed as a North Atlantic target over 10 years. Half of
the regression formulas yield results within 0.5 PgC of the true estimate. Models Z140 and Z150 fall
within the 0.5 PgC accuracy limit. Model Z100 produces errors slightly above that number in the
CLIVAR case, but meets this requirement in the GLODAP case. All models with 7 or more terms
and the composite best-AIC solutions for every months (Figure 5.19) produce uptake estimates that
are better than the 0.5 PgC error limit and thus exceed the success criterion proposed in the LSCOP
report (Bender et al., 2002).
The taget North Atlantic uptake rate in the MOM4/TOPAZ simulation is 0.443 PgC/yr. This
number is of course obtained from the knowledge that exactly 10 years separate the measurements. Allowing for uncertainty in the timing of ±2 years, the uptake rate would vary from 0.55
to 0.37 PgC/yr were one to spread the true signal over 8 or 12 years. These values are close to the
LSCOP accuracy limits on the uptake rate (0.443±0.1 PgC/yr). Since most of the model formulas
produce North Atlantic uptake estimates that underestimate the true value by 6% on average, assuming smaller time differences (by 1 or 2 years) between data sets would compensate this. Since
real samples are collected over multiple years, using a nominal time difference between sampling
campaigns representing the difference in peak sampling intensity in given regions to infer the uptake
rate from eMLR inventory estimates will either produce over- or underestimates of the true value.
When the true inventory change is approximated well, however, uncertainties in the time differences
of roughly ±2 years still produce uptake rate estimates within the desired accuracy of the true value.
Figure 5.20 shows that good inventory change estimates can be obtained from many different
regression formula. Yet, different regression formulas produce different horizontal distributions of
the column inventory of the anthropogenic carbon change (Figure 5.16). Vertical profiles of the
horizontal layer-specific inventory change estimated by different regression models are shown in
Figure 5.22b and also show that different regression formulas lead to different vertical distributions.
Absolute errors calculated layer-by-layer, relative to the true layer inventories, for all first order
linear models are shown in Figure 5.22a and the cumulative layer-by-layer vertical inventory, integrated from the bottom to the surface, for specific models, is shown in Figure 5.22c. Vertical
patterns in Figure 5.22 are consistent with patterns resulting from the AIC analysis in Figure 5.10.
One notable similarity is the band of relative AIC highs centered around 2000 m (Figure 5.10a,c)
which corresponds to a region of systematic underestimation of the true layer inventories in the
water column (Figure 5.22a, b). The region between 1500 to 3500 m generates most of the error
(underestimation, Figure 5.20) in the basin-scale inventory change estimates (Figure 5.22c). The
vertical distribution of the change in layer inventory associated with the control simulation (∆DICo ,
green line in Figure 5.22b and c) clearly shows the effect of the Labrador Sea Water variability and
water mass reorganization. It is interesting to note that the composite eMLR case made of the best
AIC
, magenta line in Figure 5.22b and c) is not producing
AIC models at each depth and time (∆CeMLR
the best uptake profiles. Based on Figure 5.22b and c, it appears that an eMLR application using
models Z100 in the upper 1500 m and Z140 below that depth would be able to reproduce the true
uptake inventory profile almost exactly. The fact that many different interior distributions lead to
similar inventories suggest that inventories are not very stringent diagnostics of success. Integrals
filter out noise by design. This can be misleading and give a false sense of confidence in the results
and in the value of selecting appropriate regression models. In that regards, investigations about the
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vertical continuity of the regression models and an investigation of the geographical pattern of the
residuals such as was done in this study, are particularly useful diagnostics that help evaluate the
anthropogenic carbon estimates produced by eMLR.

5.5 Discussion
5.5.1 Data distribution in space and time
Because of both scientific necessity and resource limitation, basin-scale data sets of ship-based
oceanographic measurements are assembled from a variety of cruises, every one of them constituting individual research projects in their own right. While this is of course desirable as this strategy
ensures that independent hypotheses can be tested without having to wait for basin-scale data sets
to be assembled, it also represents a challenge for the analysis of large-scale systems. Data quality
can vary considerably between cruises, data collection is staggered in time and the sampling design
is usually not optimized spatially towards one where sample density is statistically representative of
the system’s geometry. Global-scale umbrella programs such as WOCE or CLIVAR alleviate many
of the above-mentioned difficulties. For example, as a result of these programs, reference materials
for DIC and alkalinity have been introduced that permit cross-calibration between different measurement campaigns, and surveys are organized for the most part into coherent basin studies that
improve spatial coverage and reduce the time delays between cruises occurring in particular hydrographic regions, reducing the risk of temporal climate shifts during the experiment. In spite of these
efforts, however, sampling density remains low in some areas and assemblages of data collected
from ships contain inherent temporal and spatial biases.
The numerical analysis performed here relied on snapshots of the ocean state taken either in
July 1995 or July 2005, a situation which is overly idealistic since hydrographic sampling programs
are never instantaneous. July was chosen to approximate the summer bias that exists in the real
data sets, and the years 1995 and 2005 were selected as they represent peaks in sampling intensity.
The ability of regression models to fit the DIC data varies through the seasonal cycle (Figure 5.11a,
b). The summer to winter contrast in the standard error of the regressions for either the GLODAP
or CLIVAR sampling is of order 5 µmol/kg. This effect is restricted to the upper water column.
The GLODAP 1995 to CLIVAR 2005 differences in the standard errors are typically smaller than 2
µmol/kg (Figure 5.11c), but are mostly caused by differences in the sampling grid and not temporal
changes, as comparisons with corresponding GLODAP 2005 and CLIVAR 1995 cases suggest (not
shown). Even if the upper ocean contains large anthropogenic carbon concentrations, the volume
concerned is relatively small and the seasonal cycle results in only a small error (4% amplitude,
Figure 5.19) on the basin-scale estimate of the change of the carbon inventory.
These inventory estimates were derived using month-by-month comparisons, however, where
January 1995 is directly compared to January 2005, etc. In practice, real data sets are composed of
samples taken from different seasons. Unless the seasonal biases in sample distribution contained in
real data sets were to change drastically (e.g. all Winter versus all Summer values), the seasonal bias
inherent in the data is not expected to vary greatly between sampling campaigns. Differences in the
representativeness of the sampling grid have a much larger effect than changes in the seasonal distribution of the samples. Furthermore, since regression misfits are largest in the Summer and early
Fall (Figure 5.11a, b), addition of Winter and Spring data should result in an overall improvement
of the fit quality, a consequence of reduced biogeochemical gradients during the Winter and Spring
seasons due to more intense mixing. While seasonal effects can produce local extrema in residuals
at particular near-surface stations, seasonal variability tends to be filtered out and is not expected
to bias the change in carbon inventory estimates obtained by eMLR on the space and time-scales
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relevant to the repeat hydrography program.
The synthetic data sets were generated from monthly mean fields such that sub-monthly variability is filtered out by design. This approach was necessary as the sampling was performed offline
using available model output. As such, the model output should not be expected to include variations that may be driven by phenomena such as inertial oscillations, internal waves or Langmuir
cells. The variability associated with each model sample is thus underestimated, but this underestimation is not expected to significantly affect the results. The magnitude of seasonal variability
outweighs sub-monthly variability. Since seasonal variability does not, in general, introduce large
errors in the eMLR inventory results, and since eMLR is a statistical method that relies on a large
number of data points to isolate mean trends, sub-monthly variability associated with each station
is not expected to play a large role as long as spatial covariances typical of these temporal scales are
small relative to the physical system under consideration.
The statement that sub-monthly perturbations are unlikely to substantially bias the eMLR results only holds because the analyses were performed at the basin-scale. There exists an implicit
relationship between the spatial scales of the system under study and the temporal scales that are
smoothed out by regression: any perturbation must affect a substantial fraction of the data for it
to have a noticeable effect on the regression statistics and the eMLR results. Considering data on
the basin-scale for the regression analysis is then equivalent to filtering out temporal variability that
is uncharacteristic of that scale and is averaged out. Since about a decade separates WOCE and
CLIVAR, consideration of large domains consistent with spatial patterns of interannual variability
limits aliasing of shorter term variability.
This analysis has shown that one dominant source of error in the eMLR method lies in the
representativeness of the GLODAP and CLIVAR data sets. Data sets should measure approximately
the same hydrographic regions in the same amount. Differences in the spatial distribution of the
data sets imply variable levels of variance that can lead to inconsistencies in the validity of the
regression formulas. Emphasis of particular water masses in the data sets may result not only from
the presence or absence of a hydrographic cruise in the region, but also from the station density
along a particular cruise track. CLIVAR stations density is typically larger than GLODAP station
density along cruise tracks. In fact, in sheer number, there are more CLIVAR stations in the North
Atlantic than GLODAP stations. As was pointed out earlier, their coverage is different, however,
with the Labrador Sea being under-represented in the CLIVAR set of stations. The station locations
used here were provided by R.M. Key (personal communication, see Figure 5.1), and were taken at
face value as the “true” GLODAP/CLIVAR coverage. These stations locations were assembled from
an initial first guess of the composition of the WOCE and CLIVAR-era subsets. There are rather
old stations in GLODAP that would perhaps best be removed. Construction, cross-calibration and
analysis of the final WOCE- and CLIVAR-era data sets is underway. The final composition of these
data set will likely differ from the one used here.
Where coverage is sparse for either the GLODAP or CLIVAR grid, one possibility is to combine the results obtained by projecting the regressions both forward onto the CLIVAR stations and
backward onto the GLODAP stations into a single estimate composed of the joint GLODAP and
CLIVAR distributions of stations prior to mapping the results and alleviate the mapping uncertainty.
This practice of joining results from forward and backward predictions may become particularly
helpful in the North Pacific, were GLODAP cruise tracks are dominantly latitudinal and CLIVAR
tracks longitudinal. A careful analysis will have to be made to assess whether the gain in spatial
coverage outweighs the uncertainties arising from inconsistently sampled regions, however.
In a few regions, multiple repeated cruise tracks are available (e.g. OVIDE section in the North
East Atlantic). Using all of these sections in the analysis will bias the data set towards these particular regions. In such cases, it is best to use the one cruise track that is most representative of
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the nominal year used in the analysis (i.e. 2005). The remaining tracks provide a rare and valuable
opportunity to test the variability and validity of the regression formulas at other times. Because of
the temporal distribution of the data, the eMLR interior estimate of the carbon uptake represents a
weighted average over a few years. Repeat sections present the possibility to evaluate the sensitivity
of the final eMLR estimates to temporal inconsistencies in the data set by replacing the temporally
most representative section with the others.
The numerical analysis was performed on depth layers for convenience (the model output is
gridded to depth levels). The North Atlantic was chosen as a test case as this basin contains over
a third of the global anthropogenic carbon inventory and is relatively well sampled. Better regression results, in the sense of lower residuals and removal of systematic patterns of the residuals,
are possible by working with dynamically more consistent systems, such as isopycnals or water
masses. Statistical techniques, such as K-means clustering (Hartigan and Wong, 1979), can be used
to help divide the data set statistically, based on characteristics of the data variance. Application of
regression analysis on individual clusters can then achieve lower residuals as the dominant source
of variance has been a priori accounted for by the clustering algorithm.
Preliminary analyses with the Hartigan-Wong K-means clustering algorithm (Hartigan and Wong,
1979), an algorithm that partitions data into a preselected number of K groups such that the sum of
squares from each point to the assigned cluster centers is minimized, performed on the real GLODAP data contained between isopycnal layers, recovers cluster patterns reminiscent of water masses
(not shown). Providing a robust and meaningful physical interpretation to the clusters can be difficult, however. The division into clusters is based on the largest variance differences. Continuity
of the clusters as a function of depth (or density) is not guaranteed between layers. Some shallow regions, which account for a large fraction of the variance, disappear with depths because of
bathymetry, changing the variance patterns that have to be explained by the K-means algorithm. Just
as with depth and bathymetry, the representativeness of the data sets differs between the WOCE-era
and the CLIVAR-era samples and the clusters resulting from two applications of the k-means clustering algorithm may not overlap. While the problem of cluster continuity may be a problem for
the interpretation, it is not a barrier to the application of this strategy in the eMLR context. One can
in principle keep track of the appropriate regression formulas that are associated with the specific
clusters, themselves representative of specific regions, and use the appropriate formula as needed.
Note that this is another reason to use eMLR formulated as equation (5.30) (see below) and not the
formulation of Friis et al. (2005), which is more rigid as it requires similar formula structures at both
times. In practice, since the station locations at both times differ, the geographical limits between
clusters are not well defined and some iteration may be necessary in some regions to choose the
appropriate formulas.

5.5.2 Additional considerations
The numerical evaluation section above tested different implementations of the eMLR methodology to estimate the interior carbon uptake and was guided by strategies found in published works.
This section discusses aspects of the theory of linear regression in the oceanographic context and
touches upon different aspects of regression analysis that could be further exploited for the future
implementation of the eMLR method to real data sets.
After introducing the basic machinery of linear regression, the classical multivariate linear regression equations forming the backbone of eMLR are expanded with another analysis technique
called Optimum Multiparameter (OMP) analysis (Tomczak, 1981; Thompson and Edwards, 1981;
Mackas et al., 1987; Tomczak and Large, 1989; Karstensen and Tomczak, 1998) to highlight the
role of water mass mixing and biology in the eMLR framework. OMP analysis is a tool used to
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infer the mixing between a finite number of water masses, themselves characterized by sets of mathematical points (water types) that best highlight the water masses’ individual traits at the time of
their formation. Both the eMLR and OMP methods are forms of linear inverse models that rely on
the same data, but they differ in that they fit different models to the observations. The connections
between regression fits to oceanographic data and mass conserving mixing models are explored to
show how mixtures of different water masses are accounted for in the eMLR framework and how
changes in the water mass properties and their mixing product can influence the eMLR solution.
The effects of biology are discussed. The concept of salinity normalization, a widely used practice
in marine chemistry, is revisited in the eMLR context. Finally, means to account for the propagation
of errors through the eMLR framework are proposed.
5.5.2.1

Mixing and biology

The basic regression model is of the form
N
X

ck Zk = Y .

(5.10)

k=0

In the eMLR application, Y is the observed DIC concentration for a given sample and it is related to a subset of N variables measured on the same sample, generally taken from the set Z ⊆
{1, T, S , O2 , AOU, NO3 , PO4 , S i, Alk, ...}, through coefficients cn . In matrix form, equation (5.10)
becomes
~.
Z · ~c = Y
(5.11)
For every hydrographic sample and each variable M, the OMP mixing model is defined by a
coupled set of equations of the form
B
X


xi Mio + ∆Mi = Mobs .

(5.12)

i=1

The xi are mixing fractions of B end-member. Mio are preformed end-member characteristics and
the ∆Mi terms represent the net interior source/sink terms, integrated along the path of the water
parcel from the surface to the measurement location, not accounted for by conservative mixing of
the preformed properties Mio .
As an example, given J hydrographic samples and following the eMLR application of Friis
et al. (2005) using the set Z = {1, Alk, θ, S iO2 , PO4 } in the subpolar North Atlantic, equation (5.11)
is explicitly
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(5.13)

(5.14)

Substituting the mixing model (equation 5.12) with B end-members into equation (5.13), the first
~ is represented by the following expression
sample (i.e first row of matrix Z and vector Y)
B
X

xi,1 1i,1 + ∆1i,1



(5.15)

xi,1 Alki,1 + ∆Alki,1



(5.16)

xi,1 θi,1 + ∆θi,1



(5.17)

xi,1 S iO2,i,1 + ∆S iO2,i,1



(5.18)



(5.19)


xi,1 DICi,1 + ∆DICi,1 .

(5.20)
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B
X

+cPO4
=

xi,1 PO4,i,1 + ∆PO4,i,1

i=1
B
X
i=1

Introducing a remineralization fraction that is cumulative over all end-members for each variable as is customary in mixing model studies,
B
X

xi ∆Mi = ∆M

(5.21)

i=1

equation (5.15) can be generalized to a matrix form:
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J is the number of samples, B is the number of end-members and N is the number of variables.
The elements of Mo [B×N] represent the preformed definitions (i.e. water types) defining each endmember. The interior source/sink terms can be further decomposed using the concept of remineralization ratios (Rm:n ):

 x1,1 · · · x1,B ∆m1
 x
 2,1 · · · x2,B ∆m2

..

.

xJ,1 · · · xJ,B ∆m J
or more succinctly
h

 o
  M1,1
  M o
  2,1
 
 · 
  o
  MB,1

Rm:1

X[J×B] ∆~
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(5.23)

(5.24)

The following model, although with different regression coefficients c~o , can be obtained by correcting the observations for the effect of remineralization prior to including them in the regression
~ 7→ Y~o ):
model (matrix Z 7→ Zo and vector Y
 


  o
 
  o
o
 x1,1 · · · x1,B   M1,1 · · · M1,N   co1   Yobs,1 − ∆Y1   Yobs,1 
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  o
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o
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(5.25)
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MB,1 · · · MB,N
Yobs,J
The simplified matrix form of equation (5.25) is

~o .
Zo [J×N] · ~co[N] = X[J×B] · Mo [B×N] · ~co[N] = Y
[J]

(5.26)

~ [J] by ∆Y
~ [J] = ∆~
~T
Note that ∆~
m[J] is related to ∆Y
m[J] · R
c[N] . Practically, the remineralization
m:[N] · ~
correction can be approximated using ∆m = AOU and appropriate estimates of the stoichiometric
ratios (Anderson and Sarmiento, 1994), assuming known stoichiometries between AOU and the
other variables. Stoichiometric ratios are set to zero for conservative tracers. It is interesting to point
out, however, that the stoichiometric ratios have typically been estimated using regression models
that are not unrelated to (5.11) and it is unclear to which extent these ratios represent independent
pieces of information. Since typically 30-50% of the ocean interior nutrient concentrations are
remineralized nutrients, working with variables that have been biology-corrected (use Zo instead of
Z) removes an important fraction of the variability in the data. As is implied by the use of a spatially
constant remineralization stoichiometry, it is mostly the correlated variability between the tracers
that is being removed. The degree of independence between the variables in the design matrix Zo
is increased relative to Z. This should lessen the problem of multicollinearity. This is in essence
saying that one should work with conservative tracers when possible.
As the relationship

−1
~ Y:[N] = ∆~
~T
~ [J] = c[N]
R
m[J] · R
· ∆Y
~
(5.27)
m:[N]

suggests, the regression coefficients should in theory represent the remineralization stoichiometry
~ Y:[N] , as was suggested by (Wallace, 1995). In practice, the regression coefficients c[N]
R
~ obtained
from regression models of type (5.24) cannot necessarily be interpreted as a meaningful remineralization stoichiometry. While the decomposition Z 7→ X · M suggested by (5.12) is conceptually
sensible, its application in practice in difficult as both the mixing fraction matrix X[J×B] and the
end-member definitions Mo [B×N] are unknown in reality. This is not to say that information about
the stoichiometric relationships between tracers cannot be obtained from these linear models. One
must simply be very careful in how these methods are applied as the equivalence in (5.27) between
~ Y:[N] and c[N]
R
~ will only hold if the conservative tracers are able account for the mixing between water masses suggested by (5.21). As shown by the expansion (5.24), implicit in the regression model
(5.11) are assumptions about the number of end-members that can be accounted for (unmixed) by
the data. A similar conclusion was reached by Alvarez-Borrego and Park (1973) and Ben-Yaakov
(1971).
Given the way eMLR models have been applied (Table 5.1, i.e. different equations, different
spatial domains), one would not expect that the regression coefficients obtained by these studies
reflect in any way the biological or chemical processes. The suggestion of Wallace (1995) that the
form of the regression formula should be chosen so that the regression coefficients be physically
meaningful is valid in principle, but unless the data sets are delimited into appropriate regions that
are reflective of the mixing regimes between water masses and that the data contain enough information to deconvolve the mixing, one should not put too much emphasis on deviations of the regression
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coefficients from the expected stoichiometric values in the eMLR context. Since few conservative
tracers exist and given that the tendency of a pseudo-conservative tracer to behave conservatively
varies spatially, the definition of Z essentially constrains how many end-members can be accounted
for by the mixing model. Regression models without a sufficient number of conservative tracers
are not expected to be able to separate the mixing effect from remineralization and the regression
coefficients usually contain a mixture of information about mixing and biology/chemistry.
5.5.2.2

Salinity normalization
S

Many marine biogeochemists work with salinity normalized variables, i.e. nX = X · Sre f (Culberson
and Pytkowicz (1970), Alvarez-Borrego and Park (1973), Brewer et al. (1975), Brewer (1978),
Chen (1978), Chen and Millero (1979), Poisson and Chen (1987), Hoppema et al. (1998), Peng
et al. (1998), Wanninkhof et al. (1999), Peng et al. (2003), etc.). Published implementations of
eMLR/MLR for the purpose of quantifying the anthropogenic carbon uptake, on the other hand,
tend to incorporate salinity as a variable directly in the design matrix. The question is to know
if salinity normalization of variables is equivalent to using salinity as a regression variable and if
salinity normalization should be used in the eMLR framework.
Practically, salinity normalization is not applied to all variables. It tends to be reserved for variables pertaining to the carbonate system (alkalinity and dissolved inorganic carbon), although the
extent of its use varies between studies. Since the salinity normalization and the remineralization
corrections are applied based on fixed a priori, assumed known and true, models that explain some
of the variance, the result is to modify, not simply scale, the design matrix and changes the relationships amongst the tracers in the design matrix. The rationale is that since salinity variations reflect
patterns of precipitation and evaporation, salinity can be used to account for the dilution effect on
chemical concentrations.
The validity of the particular salinity normalization relationship above has been challenged by
Robbins (2001) and Friis et al. (2003) in different contexts. For the particular case of alkalinity, Friis
et al. (2003) show that the salinity-alkalinity relationship varies spatially and that not accounting
for this variability can produce spurious results, i.e. salinity normalized alkalinity still scales with
salinity after normalization, although in a different way. Salinity normalization is essentially an
attempt to correct for mixing between end-members, one of which is freshwater with a salinity of
zero and assuming rivers and rain have similar chemical compositions: a two end-members system.
Deviations will appear in more complex mixing scenarios. Given a linear relationship, implicit of a
−X1
two end-member system, the full normalization is nX = SX22 −S
S re f +XS =0 . The simple normalization
1
S

(nX = X2 · Sre2f ) corresponds to the special case S 1 = X1 = XS =0 = 0.
Salinity normalization is naturally accounted for in the MLR model by definition of the endmembers (Mo , and so also in Zo ) and it should thereby be unnecessary to use it explicitly. If endmember properties are taken at the depth and time of water mass formation, the effect of evaporation
and precipitation is automatically included. Near the surface, however, where the concept of water
mass and end-member are less clear, preformed definitions for rain and rivers can in principle be
added to the design matrix as additional end-members.
5.5.2.3

Errors

Tarantola (2005) (his equations 3.37 and 3.38) gives the following expressions as possible forms
fc of the regression
of the least squares estimator e
~c and associated posterior covariance matrix C
coefficients:

 

−1 −1
e
~ + Cc −1~c prior
~c = ZT C−1
ZT CY −1 Y
(5.28)
Y Z + Cc
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fc = ZT C−1 Z + Cc −1 −1 .
C
Y

(5.29)

CY is the data covariance matrix and Cc is the prior covariance matrix of the estimator with mean
prior densities given in the vector ~c prior . Z is any design matrix. The eMLR representation of
anthropogenic carbon is obtained by projecting the different sets of regression coefficients onto one
of the reference design matrices. Explicitly, the eMLR quantity predicted with the set of samples
from time t2 is given by


 

 

−−−−eMLR
−−−→ f g
T −1 −1
T
−1 ~
~t2 − Y
~ t1 |t2 = Zt2 · ZT C−1 Z −1 ZT CY −1 Y
~
∆Canth|t2 = Y
−
Z
·
Z
C
Z
Z
C
Y
t
|t
Y
2 1
Y
Y
t2

t1

(5.30)
−1
in the limit where there is no prior information available (Cc → 0). Note that the subscripts t2 and
t1 associated with the square brackets imply that every term in the square brackets be evaluated at
either t2 or t1 . It indicates that a model derived using inverse methods from one data set is being used
in a forward sense with data from another data set to generate a prediction. Zt2 |t1 is the design matrix
built from data of time t2 , although adjusted to utilize the variables included in the regression model
derived from time t1 . This notation is introduced to allow for different sets of predictor variables
(different regression formulas) to be used in the derivation of the regression coefficients at either
t1 or t2 . For the terms in brackets, the subscript t1 and t2 apply to each matrix and vector in the
brackets.
Equation (5.30) shows that predicted changes in the carbon concentration can occur from differ~t2 and Y
~ t2 , and also from differences in the
ences in the matrices Zt1 and Zt2 , observation vectors Y
covariance matrices associated with variable Y, CY,t1 and CY,t2 . The measurement accuracy of dissolved inorganic carbon and alkalinity has stabilized after the introduction of the certified reference
material such that, for most samples taken during and after WOCE, CY,t1 = CY,t2 . The measurement accuracy for DIC between cruises would vary by a factor of 2-5 prior to the introduction of
reference material, such that these terms can significantly contaminate the eMLR signal (Matear
and McNeil, 2003; Tanhua et al., 2007) when using older data sets.
−−−−eMLR
−−−−→
For uncorrelated errors, an estimate of the errors associated with ∆Canth,⊥t
can be obtained by
2
linear propagation of the individual projected uncertainties;
generally,
the
error
around a function
v
t n
X dD !2
D(x1 , ..., xn ) can be estimated to first-order by δD =
δxi . Given 5.30,
dxi
i=1
−−−−−−−−−−−→ q 2
eMLR
fY 2t |t
fY t + C
δ ∆Canth,⊥t
≈ C
1 2
2
2

(5.31)

since the Gaussian posterior probability density of the response variable at each time (t1 and t2 )
e
fY = ZC
fc ZT (Tarantola, 2005). This form of error
~ = Ze
is constrained by expresions Y
~c and C
−−−−eMLR
−−−−→
propagation is appropriate even when non-linear regression is considered: ∆Canth,⊥t
is expressed as
2
a difference between two terms, which is a linear operation. One caveat is that 5.29 and 5.31 do not
consider errors associated with the predictor variables in Z. Only errors associated with variable Y
are included. One simple way to propagate the errors from the elements of Z is to use a MonteCarlo approach, although more direct methods exist to approximate errors from the predictor and
the response variable in some cases (Tarantola, 2005).
Consideration of the numerics of the problem can also help reduce error inflation. The condition number κ, the ratio of the maximum to the minimum singular value of the design matrix, is
a diagnostic of matrix conditioning, a property that reflects the possible inflation of errors through
linear inverse problems. If κ is large, the least square solution can be sensitive to small differences
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in the entries present in the design matrices. The problem is said to be ill-conditioned. If κ is small,
the solution is more robust to perturbations. Preconditioning the design matrices by considering the
dynamic range in the data or removing the known effect of biological remineralization can improve
the numerics of the problem and the propagation of the errors. Along the same lines, while equations (5.24) and (5.25) above may appear equivalent, the design matrices Z and Zo have different
numerical properties that influence the sensitivity of the regression solution to perturbations in the
data. Considerations of the condition number suggest that it is better to work with Zo than Z, although one must keep in mind that to go from Z to Zo , a fixed a priori known model of organic
matter and calcium carbonate remineralization has been assumed. The concept of matrix conditioning has, to my knowledge, not been explicitly considered in any of the MLR/eMLR studies, but it
is worth exploring in future studies.

5.6 Conclusions
This study has shown, using an Observing System Simulation Experiment (OSSE), that the basinscale application of eMLR exhibits skill in detecting ocean carbon changes that falls within the
threshold of acceptable uncertainty (10%) proposed in the LSCOP report (Bender et al., 2002). The
eMLR method thus presents an opportunity to evaluate the evolution of the ocean carbon sink and
its rate of change independently from other estimates, such as Khatiwala et al. (2009). eMLR has
so far mostly been used on exact repeat hydrographic sections or small regions, but not over large
scales. This study presented the strengths and weaknesses of a basin-scale eMLR application in
a controlled setting and suggested possible developments to the methodology in preparation for
employing this technique on the global dissolved inorganic carbon data sets that are being released
and assembled upon completion of the Climate Variability and Predictability and Carbon Repeat
Hydrography Program (CLIVAR/CO2, http://ushydro.ucsd.edu, Key et al., in preparation).
The eMLR method was evaluated using output from a global circulation and biogeochemistry
model with a known anthropogenic signal. The model was sampled at observed station locations to
create synthetic data sets that mimic the real observed data sets. Analyses of these synthetic data
sets has shown that both the distribution of the stations in the ocean and the selection of regression
models exert strong influences on the eMLR’s ability to recover the true signal. The model selection
process is not independent of the station distribution.
Regression analysis aims to explain the variance in the data. Since the variance reflects the
variety of hydrographic structures sampled by the stations, different sets of stations have different
levels of variance, and the optimal regression formulas specific to each sampling grid reflect these
differences. Statistical measures of goodness of fit show that many regression formulas are able to
perform equally well. Analysis of the geographical distribution of the residuals has shown, however,
that the misfit is not homogenous and that residuals form large spatially coherent patterns. These
patterns are analogous for similar regression formulas applied to the different GLODAP or CLIVAR
sampling grids and these structures tend to cancel when subtracting the model predictions as part
of the computation of the anthropogenic signal. Mapping does not introduce a large error in the
computation of the basin scale inventory change in the North Atlantic, which is well-sampled.
Most regression formulas yield basin-scale inventory change estimates that are within 10% of
the true value. The mean underestimation across all regression formulas is 6%. Since integration
smoothes errors (negatives and positive anomalies cancel), the basin scale inventory is not a very
sensitive diagnostic of accuracy. The interior distribution of the change in anthropogenic carbon
shows more structure. Interior inventories on horizontal layers can err by as much as 100% or more
when the analysis is performed on horizontal surfaces and uses inappropriate regression models.
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The depth range between 1500 and 3500 m is the source of most of the difference between the true
signal and the eMLR-inferred signals. This challenge is associated with variability in the formation
and export of Labrador Sea Water. The North Atlantic eMLR results are particularly sensitive to
model selection in that depth range.
An analysis performed on isoneutral surfaces instead of horizontal surfaces would likely perform better as property gradients and the data variance are smaller on isoneutrals as water masses
mostly mix along these surfaces. While working in smaller geographical regions will likely improve the regression fits, since there tends to be a general relationship between scales of temporal
and spatial variability, the size of regions should not be so small as to be prone to strong aliasing by
time scales shorter than the time scale inherent to the repeat hydrography program (about 10 years).
The problem of time is an outstanding issue that needs further assessment. The fact that water
samples are collected over multiple years is not expected to produce a large error on the estimate
of the inventory change, but the uptake rate estimates derived from that change are sensitive to
the particular time difference between sampling campaigns. One possibility would be to include
time as an explicit variable in the regression. Data assimilation schemes in models are definitely
key to future efforts as they represent, in principle, the best statistical compromise between the
data distribution problem, data constraints, and dynamical theories. Aside from computational
difficulties, the limitations of assimilation schemes are, however, the dependency on the model’s
physics and the question remains as to what is the best biogeochemical model to use.
This analysis has shown that careful application of the eMLR technique is able to produce very
accurate estimates of the anthropogenic carbon change. The analysis was performed in the North
Atlantic as this basin contains about one third of the global anthropogenic signal. The North Atlantic
is also one of the most hydrographically complex and dynamically variable region. The fact that
eMLR can work well in that basin suggests that it can perform well anywhere.
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Figure 5.1: Maps showing the locations for the GLODAP (bottom) and CLIVAR (top) sets of
stations used in this study, overlain on the mean combined dynamic topography product MDTCNES-CLS09-v1.1 (Rio et al., 2009) averaged for the period 1993-1999 as an indicator of the
dominant oceanographic circulation of the upper ocean.
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Figure 5.2: a) Anthropogenic carbon column inventory computed from the objectively mapped ∆C⋆
GLODAP fields (Key et al., 2004). b) ”Massic” θ/S diagram showing the 3D GLODAP ∆C⋆ inventory projected onto the WOA05 annual climatology of potential temperature and salinity. The
color bar indicates the relative cumulative anthropogenic carbon inventory sorted from the θ/S pair
with largest to smallest inventory. Thin black contours show the outline of the corresponding volumetric θ/S distribution. c) Anthropogenic carbon column inventory for July 1995 as simulated by
the CORE-forced MOM4/TOPAZ model. d) Same as b) but with the 3D MOM4/TOPAZ inventory
from c) and projected onto the model’s own potential temperature and salinity fields. The thin black
contours reproduces the outline of the volumetric θ/S distribution of WOA05 from b). e) Anthropogenic carbon column inventory difference between July 2005 and July 1995. Negative values are
shaded in black. f) Evolution of the global DIC inventory in the control (DICo, black) and transient (DIC+, grey) simulations and associated anthropogenic carbon inventory (red) and uptake rate
(blue). Vertical dashed bars are drawn in July 1995 and 2005. The mean uptake rate between 1995
and 2005 is indicated (2.59 PgC/yr).
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Figure 5.3: Summary of the sampling density, as a function of years and latitude, of the DIC measurements available in the published GLODAP (Key et al., 2004) data set merged with CARINA
(Key et al., 2010) into data set GLOCAR. CARINA is here used as an estimate of what will ultimately be the CLIVAR data set (i.e. all measurements performed post-GLODAP). The colors and
numbers of the main panel show the fractional data density, in %, available in each latitude band
(i.e. number of samples per year per latitude band divided by the number of samples in that latitude
band). fyear and flatitude show the associated marginal distributions. N=229267 is the total number
of DIC measurement available in the merged data product. The top panel is annotated with the
major sampling programs from which the data originate and historical estimates of the measurement precision, p(.), and accuracy, a(.) in µmol/kg. CRM indicates the approximate time of the
introduction of Certified Reference Material for the cross-calibration of DIC measurements. Pink
lines show the time series of important indices of climate variability: the North Atlantic Oscillation (NAO), the Pacific Decadal Oscillation (PDO), the Multivariate ENSO index (MEI) and the
Southern Oscillation Index (SOI).
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Figure 5.4: Summary of the sampling density, as a function of month (adjusted by 6 months in the
Southern Hemisphere) and latitude, of the DIC measurements available in the published GLODAP
(Key et al., 2004) data set merged with CARINA (Key et al., 2010) into data set GLOCAR. CARINA
is here used as an estimate of what will ultimately be the CLIVAR data set (i.e. all measurements
performed post-GLODAP). The colors and numbers of the main panel show the fractional data
density, in %, available in each latitude band. fmonth and flatitude show the associated marginal
distributions. N=229267 is the total number of DIC measurement available in the merged data
product.
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Figure 5.5: Monthly vertical profiles of the standard deviation, expressed in a) ◦ C, b) pss or cj) µmol/kg, of the hydrographic variables used in this study for the year 1995 as sampled on the
GLODAP grid from the MOM4/TOPAZ simulator. i) DICo refers to the preindustrial DIC and j)
DIC+ is the transient DIC field. Tick marks to the right of the main panels show the vertical position
of the vertical layers in the MOM4/TOPAZ simulator.
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Figure 5.6: a-j) Monthly vertical profile of the month-by-month relative changes of the standard
deviation, expressed in percent relative to the 1995 values, between the synthetic 2005 CLIVAR
data set and the 1995 GLODAP data set for the variables used in this study. i) DICo refers to the
preindustrial DIC and j) DIC+ is the transient DIC field. Tick marks to the right of the main panels
show the vertical position of the layers in the MOM4/TOPAZ simulator.
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Figure 5.7: Summary of the best linear models fitting a North Atlantic synoptic data set from July
1995 MOM4/TOPAZ fields sampled on the GLODAP grid. Model size varies from 1 to 8 terms
(plus 1 implicit offset term) for a total number of possible unique combinations of 255. Background
color shading shows models of similar size classes. a) FN /max(FN ) shows the relative frequency
with which a certain model is identified as the best model in each size class (1 to 8) and overall
normalized to the frequency of the most frequently identified model in each size class (black bars)
or overall (white bars), where frequency is computed vertically based on the number of model
layers. b) Same as a) except that the relative importance of a given model is weighted as a function
of the depth interval of each vertical layer that a given model represents (FD /max(FD )). c) Vertical
black bars indicate the location of the linear model with lowest AIC in a given size class and a given
depth layer. White bars show the best model overall for each depth interval. Tick marks on the
right show the vertical location of model layers. Tick marks at the top and bottom show the model
number (in steps of 5). The first model number of each size class is indicated, except for size class
8, which contain only one model. Red ticks on the top and bottom highlight models with lowest
overall AIC.
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Figure 5.8: Same as for figure 5.7 but using a synthetic data set resulting from a July 2005 synoptic
CLIVAR sampling grid.
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Figure 5.9: Summary of the frequency of occurrence of the variables from the starting set Z in
the formula of all the models yielding minimum AIC values given either the 1995 GLODAP (a,b)
or the 2005 CLIVAR (c,d) sampling grid and the difference between the two (e,f). b,d) For each
depth layer, the color scale indicates the number of times that a variable is present in the formula
corresponding to the model with minimum AIC in each size class. a,c) Total occurrence P
of the

variables, summed over each layer, normalized to the maximum possible occurence: Q j =
where D is the number of vertical layers.
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Figure 5.10: a) AIC values as a function of the model structures and depth for the July GLODAP
1995 data set. All models with AIC values within 10% of the depth-specific range in AIC of the
minimum AIC value at each depth (highlighted in magenta) are highlighted in black. Tick marks
on the right show the vertical location of model layers. Corresponding vertical profiles of b) the
depth-specific range in AIC and c) the minimum AIC values.
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Figure 5.11: Seasonal evolution of the standard error of the residuals in µmol/kg calculated after
application to each depth layer of the corresponding minimum AIC models isolated from all first
order formulas for a) GLODAP 1995, b) CLIVAR 2005 and c) the absolute difference of the standard errors between 2005-1995. A black contour line in a) and b) is drawn at 4 µmol/kg, which is
an estimate of the modern measurement accuracy of DIC.
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Figure 5.12: Distribution of the residuals for the July 1995 GLODAP data set computed from the
minimum AIC model of the layer taken over all possible first order regression formulas. A black
circle is drawn around stations with residual absolute values greater than or equal to the standard
error of the residuals (σ, number in parenthesis in panel legends). Contour lines show the DIC
concentration of the transient run (DIC+). The bold contour line indicates the mean DIC+ level for
the North Atlantic, dashed (solid) contour show regions with DIC+ concentrations lower (higher)
than the mean. Point size is proportional to the absolute magnitude of the residual in each panel.
Color breaks are set at ±1/2σ, ±1σ, ±2σ and at the maximum/minimum of the absolute value of
the residuals.
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Figure 5.13: Distribution of the residuals for the July 2005 GLODAP data set computed from the
minimum AIC model of the layer taken over all possible first order regression formulas. A black
circle is drawn around stations with residual absolute values greater than or equal to the standard
error of the residuals (σ, number in parenthesis in panel legends). Contour lines show the DIC
concentration of the transient run (DIC+). The bold contour line indicates the mean DIC+ level for
the North Atlantic, dashed (solid) contour show regions with DIC+ concentrations lower (higher)
than the mean. Point size is proportional to the absolute magnitude of the residual in each panel.
Color breaks are set at ±1/2σ, ±1σ, ±2σ and at the maximum/minimum of the absolute value of
the residuals.
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Figure 5.14: Distribution of the specific leverage indicator (S LI) for the July 1995 GLODAP data
set integrated over all possible first order regression models for representative horizontal layers.
Stations with S LI ≥ 1 are circled in black and those with S LI ≥ 3 are marked with a + sign.
Contour lines show the DIC concentration of the transient run (DIC+). The bold contour line
indicates the mean DIC+ level for the North Atlantic, dashed (solid) contour show regions with
DIC+ concentrations lower (higher) than the mean. Point size is proportional to S LI in each panel.
Colors represent all points in the intervals whose lower boundary is given by the label values.
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Figure 5.15: Distribution of the specific leverage indicator (S LI) for the July 2005 CLIVAR data
set integrated over all possible first order regression models for representative horizontal layers.
Stations with S LI ≥ 1 are circled in black and those with S LI ≥ 3 are marked with a + sign.
Contour lines show the DIC concentration of the transient run (DIC+). The bold contour line
indicates the mean DIC+ level for the North Atlantic, dashed (solid) contour show regions with
DIC+ concentrations lower (higher) than the mean. Point size is proportional to S LI in each panel.
Colors represent all points in the intervals whose lower boundary is given by the label values.

244

Figure 5.16: a) Change in anthropogenic carbon column inventory between July 1995 and 2005 calculated from the native MOM4/TOPAZ simulator grid. Points show the locations of the GLODAP
and CLIVAR stations. b) Change in column inventory calculated from the kriging results based on
b) the difference between the true anthropogenic carbon values, c) the difference in the transient
simulation and d) the difference in the control simulation sampled at GLODAP stations (points). e)
Difference between b and a. f) Difference between the CLIVAR-equivalent to b and a. g) Change
in anthropogenic carbon column inventory calculated from the best AIC sets of regression models between July 1995 GLODAP and July 2005 CLIVAR projected onto the GLODAP station and
mapped by kriging. h) Difference between g and a. i-p) Same as h but for specific models (i, j:
Z100 ; k, l: Z255 ; m, n: Z140 ; o, p: Z150 ) with results projected either on the GLODAP (i, k, m, o) or
the CLIVAR (j, l, n, p) stations. Points show the respective GLODAP or CLIVAR stations. Dashed
(negative) and solid (positive) contour lines are drawn in increment of 5 mol/m2 . The thick contour
marks the 0 contour.
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Figure 5.17: Vertical profiles of a) the change in anthropogenic carbon (ACO2 ) obtained by difference between the transient and the control simulations, b) the change in pre-industrial carbon
(∆DIC0 ) calculated by difference along the control simulation, and c) the change in carbon (∆DIC+ )
calculated by the difference along the transient simulation between July 1995 and July 2005 as simulated by the MOM4/TOPAZ simulator and sampled on the GLODAP observational network. d)
The change in anthropogenic carbon calculated by the eMLR method using the minimum AIC first
order models on each depth layer and for each the 1995 GLODAP and the 2005 CLIVAR sampling
projected backward onto the GLODAP observational network. e) Differences between the “true”
change in anthropogenic carbon (panel a) and the change predicted by eMLR (panel d). f) Differences between the “true” change in anthropogenic carbon (panel a) and the change predicted by
eMLR with model structure Z140 used at each time and each depth layer. g-l) Equivalent to panels
a-f but given on or projected onto the CLIVAR station grid. Results for model formula Z100 is shown
on panel l). In each panel, the color scale indicates the relative frequency, normalized in each depth
layer independently (sums to 1 at each depth), that each x-axis value is represented in the samples
from either the GLODAP or CLIVAR stations at that depth.
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Figure 5.18: RMS error of the North Atlantic column inventory maps obtained after kriging the
eMLR solutions given by the 255 possible first order regression models projected onto the GLODAP
(blue) or CLIVAR (red) station networks. Mapped results of the equivalent MLR solutions obtained
on the GLODAP grid are shown in green. RMS values from kriging results of the true values
based on the GLODAP and CLIVAR stations are shown as horizontal black solid and dashed lines,
respectively.

247

Figure 5.19: Month-by-month evolution of the anthropogenic carbon inventory change (right yaxis, solid lines), and associated relative errors (left y-axis, dotted lines), between 1995 and 2005
computed from the native MOM4/TOPAZ simulator grid (black), after mapping the “true” values
sampled at the GLODAP or CLIVAR stations by kiriging onto the native grid (grey) and after mapping the composite best-AIC eMLR solutions projected onto either the GLODAP (red) or CLIVAR
(green) observational networks.
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Figure 5.20: Relative (left y-axis) and absolute (right y-axis) errors in the determination of the
change in the North Atlantic anthropogenic carbon inventory for each of the 255 first order linear
models between July 1995 and July 2005. Model size is indicated by the color strip at the top. The
change in inventory was calculated using the eMLR method projected either onto the GLODAP
(blue) or the CLIVAR (red) grid. While the model structure was held constant across each layer,
independent regressions were performed on these layers. Equivalent MLR results using the GLODAP grid are shown in green. Horizontal blue (2.9%) and red (0.42%) lines mark the differences
between the inventory change estimates made on the native resolution of the MOM4/TOPAZ simulator and made after mapping the “true” values sampled at the GLODAP or CLIVAR stations by
kiriging onto a 1o × 1o grid.
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Figure 5.21: Comparison between the change in the North Atlantic anthropogenic carbon inventory
calculated for each of the 255 first order linear models between July 1995 and July 2005 on the
GLODAP and CLIVAR sets of stations with subsequent kriging. Specific model results are shown
for some 4 (magenta), 7 (brown) and the 8-terms (gold) models. Results using the minimum AIC
models for January to December and month-by-month comparisons between 1995 and 2005 are
shown in light blue (best AIC). A vertical green line and the corresponding green box mark the
location of the July best AIC case. The vertical blue and horizontal red lines and associated boxes
mark the the inventory change estimates made after mapping the “true” values sampled at the GLODAP (Map error G) or CLIVAR (Map error C) stations by kiriging onto a 1o × 1o grid. Horizontal
and vertical black lines show the “true” inventory change estimate made on the native resolution of
the MOM4/TOPAZ simulator. Dashed grey boxes show isolines limiting the data space lying within
specified inventory errors.
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Figure 5.22: a) Difference between the North Atlantic eMLR predicted inventory change and the
true inventory changes integrated on each horizontal model layer (Σh ) and for each first order regression model. Maps were calculated by kriging from measurements located at the GLODAP
stations. b) Vertical profiles of the inventory changes predicted by a selection of regression models
Z=100,140,150
(∆CeMLR
), including the composite solution based on regression models selected by lowest
AIC ) . c) Cumulative inventory of the carbon change on each layer integrated vertically
AIC (∆CeMLR
from the bottom to the surface (Σv ). The true (transient minus control, ∆ACO2 ) inventory change,
the change in the control (∆DICo ) and the transient (∆DIC+ ) simulations between July 1995 and
July 2005 are also shown.
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Table 5.1: Collection of published linear regression fits to observed or modeled DIC datasets.

Wallace (1995)

Equations (DIC =)
944 + 35.584S − 7.099θ − 0.464O2 + 138PO−3
− 4.62NO−3
4
552 + 44.498S − 4.734θ − 0.101O2 + 62.4PO−3
− 1.20NO−3
4
1704.24 + 12.13S − 4.352θ + 0.66AOU + 0.43Si

Goyet et al. (1997)

O(500) + O(40)S + O(−10)θ + O(0.6)AOU

Slansky et al. (1997)
Sabine et al. (1999)
Ono et al. (2000)

839.3 + 35.99S − 5.13θ + 0.42AOU + 35.9PO−3
+ 0.49Si
4
903.7836(±41.1189) + 3.7812(±1.4361)S − 6.8126(±0.1313)θ + 0.7083(±0.0040)AOU +
0.4893(±0.0109)Alk + O(−1)
1668.4 + 13.1S − 7.250θ + 0.587AOU + 7.3PO−3
+ 0.588Si
4

Matear and McNeil (2003)

534.2 + 49.2S − 15.60θ + 0.787AOU + 11.4PO4−3 + 0.013Si
1237.35 − 29.47S − 4.1θ + 0.64AOU + 0.82Alk
1368.75 − 5.77S − 6.39θ + 0.54AOU + 0.43Alk

Peng et al. (2003)
Friis et al. (2005)
Lo Monaco et al. (2005)

829.615 + 36.291S − 5.156θ + 0.449AOU + 33.596PO−3
+ 0.474Si
4
+ 1.071Si
4951.34 − 72.445S + 1.328θ + 0.710AOU − 16.946PO−3
4
963.3 − 2.24θ + 5.56NO−3 − 0.39Si + 0.484Alk
549.8 − 3.06θ + 97.1PO−3
− 0.73Si + 0.655Alk
4
739.83 + 42.790S − 12.019θ − 0.0439PO
−270.63 + 70.325S − 10.725θ

Region, Cruises, Year
N.Atl., TTO, 1981-1983
N.Atl., A9, A10, WOCE 19911993
TTO,
SAVE,
WOCE
(A9,12,15,21), WOA94
N. Pac, CGC 1991
Indian, GEOSECS
NW. Pac., Japan 90s, WNP,
GEOSECS
S.Ocean, SE. Pac., Eltanin-34,
1968
S.Ocean, SE. Pac., WOCE SR3,
1996
N. Pac. CGC 1996
S. Pac. CGC 1996
N.Atl., M39, M45, 1999
N.Atl., TTO, 1981
S. Atl. and S. Ind., South of 33,
WOCE, OISO, after 1990◦ S
N.Atl, N of 45◦ , WOCE

Comments
<250m
>250m
>100m
>500m, fits done on σθ and σ4 surfaces
as well as on mean profiles from 4◦ grid
boxes
> 100dbar
>200dbar, inclusion of regional categorical variable
South of 40◦ N, >100m
North of 40◦ N,>100m
>200m
>200m
>300m
>300m
Fit includes surface data
Fit includes surface data
0-50m, winter and early spring DIC values, s.e.=±6.3µmol/kg
0-50m,
winter
DIC
values,
s.e.=±9.1µmol/kg

252

Reference
Brewer et al. (1995)

Table 5.1: continued.
Equations (DIC =)
958.7 + 33.97S − 7.98θ

Region, Cruises, Year
pCO2 =280 ppmv

Tanhua et al. (2007)

327(±69) − 3.56(±0.37)θ + 0.760(±0.029)AOU + 4.86(±0.56)NO−3 − 0.686(±0.061)Si +
0.760(±0.029)Alk
729(±105) − 2.89(±0.56)θ + 0.364(±0.106)AOU + 3.33(±0.81)NO−3 − 0.629(±0.101)Si +
0.594(±0.045)Alk
595(±53) − 6.30(±0.20)θ + 0.570(±0.038)AOU + 1.80(±0.30)NO−3 − 0.620(±0.045)Si +
0.662(±0.022)Alk
1647(±202) − 4.85(±0.44)θ + 0.838(±0.059)AOU − 1.24(±0.50)NO−3 − 0.078(±0.125)Si +
0.232(±0.087)Alk
400.39(±21.83) + 49.26(±0.58)S − 4.26(±0.10)θ − 0.23(±0.01)O2 + 77.22(±0.86)PO−3
4

NE. Atl., TTO, 1981

Comments
Empirical fit to analytical equilibrium
carbonate chemisty model predictions
Fit includes surface data

NE. Atl., M60/5, 2004

Fit includes surface data

NW. Atl., TTO, 1981

Fit includes surface data

NW. Atl., M60/5, 2004

Fit includes surface data

CSM1.4 with OCMIP II biogeochemistry, Atl. A16, time0
time0 + 10 yrs, 10-yr mean
CO2,atm =375ppm
North Pacific, CLIVAR and
WOCE

Fit includes surface data
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Reference
Friis (2006)

Levine et al. (2008)

456.02(±25.76) + 47.75(±0.68)S − 3.36(±0.11)θ − 0.19(±0.01)O2 + 77.61(±1.02)PO−3
4
Sabine et al. (2008)

O(800) + O(50)σθ − O(10)S + O(1)Si + O(70)PO4

Fit includes surface data
Their Table 2, cruise-specific fits

Bibliography
Aagaard, K. and Carmack, E. (1989). The role of sea ice and other fresh water in the arctic circulation. Journal Of Geophysical Research, 94(C10):14485–14498.
Aagaard, K. and Carmack, E. (1994). The polar oceans and their role in shaping the global environment., volume Geophysical Monograph 85, chapter The Arctic ocean and climate: a perspective,
pages 33–46. American Geophysical Union.
Aagaard, K., Swift, J., and Carmack, E. (1985). Thermohaline circulation in the arctic mediterranean seas. Journal of Geophysical Research, 90(C3):4833–4846.
Adkins, J. F., McIntyre, K., and Schrag, D. P. (2002a). The salinity, temperature, and delta o-18 of
the glacial deep ocean. Science, 298(5599):1769–1773.
Adkins, J. F., McIntyre, K., and Schrag, D. P. (2002b). The temperature, salinity and delta o-18 of
the lgm deep ocean. Geochimica Et Cosmochimica Acta, 66(15A):A7–A7. Suppl. 1.
Ahmad, E. and Sultan, S. (1991). Annual mean surface heat fluxes in the arabian gulf and the net
heat trasnport through the strait of hormuz. Atmos. Ocean, 29(1):54–61.
Alvarez-Borrego, S. and Park, P. (1973). Oxygen-total inorganic carbon dioxide relationship in the
pacific ocean. Journal of the Oceanographica Society of Japan, 29:193–202.
Ambar, I. and Howe, M. R. (1979). Observations of the mediterranean outflow.1. mixing in the
mediterranean outflow. Deep-Sea Research Part A-Oceanographic Research Papers, 26(5):535–
554.
Ambar, I., Serra, N., Brogueira, M. J., Cabecadas, G., Abrantes, F., Freitas, P., Goncalves, C.,
and Gonzalez, N. (2002). Physical, chemical and sedimentological aspects of the mediterranean
outflow off iberia. Deep-Sea Research Part II-Topical Studies In Oceanography, 49(19):4163–
4177.
Anderson, L. and Jones, P. (1991). The transport of co2 into arctic and antarctic seas: Similarities
and differences in the driving processes. Journal of Marine Systems, 2:81–95.
Anderson, L. A. and Sarmiento, J. L. (1994). Redfield ratios of remineralization determined by
nutrient data-analysis. Global Biogeochemical Cycles, 8(1):65–80.
Arhan, M. (1987). On the large-scale dynamics of the mediterranean outflow. Deep-Sea Research
Part A-Oceanographic Research Papers, 34(7):1187–1208. 0198-0149.
Assmann, K. and Timmermann, R. (2005). Variability of dense water formation in the ross sea.
Ocean Dynamics, 55:68–87.
255

Auad, G., Kennett, J., and Miller, A. (2003). North pacific intermediate water response to a modern
climate warming shift. Journal of Geophysical Research, 108(C11):3349.
Bacon, S. (1998). Decadal variability in the outflow from the nordic seas to the deep atlantic ocean.
Nature, 394:871–874.
Bagriantsev, N., Gordon, A., and Huber, B. (1989). Weddell gyre: Temperature maximum stratum.
Journal of Geophysical Research, 94(C6):8331–8334.
Bailey, D. A., Rhines, P. B., and Hakkinen, S. (2005). Formation and pathways of north atlantic
deep water in a coupled ice-ocean model of the arctic-north atlantic oceans. Climate Dynamics,
25(5):497–516.
Baines, P. (2009). A model for the structure of the antarctic slope front. Deep-Sea Research II,
56:859–873.
Baringer, M. O. and Price, J. F. (1997). Mixing and spreading of the mediterranean outflow. Journal
Of Physical Oceanography, 27(8):1654–1677.
Baringer, M. O. and Price, J. F. (1999). A review of the physical oceanography of the mediterranean
outflow. Marine Geology, 155(1-2):63–82.
Barker, S., Diz, P., Vautravers, M., Pike, J., Knorr, G., Hall, I., and Broecker, W. (2009). Interhemispheric atlantic seesaw response during the last deglaciation. Nature, 457:1097–1103.
Bates, N. and Mathis, J. (2009). The arctic ocean marine carbon cycle: evaluation of air-sea co2
exchanges, ocean acidification impacts and potential feedbacks. Biogeosciences, 6:2433–2459.
Bates, N., Michaels, A., and Knap, A. (1996). Seasonal and interannual variability of oceanic
carbon dioxide species at the u.s. jgofs bermuda atlantic time-series study (bats) site. Deep-Sea
Research II, 43(2-3):347–383.
Bates, N. R. (2001). Interannual variability of oceanic co2 and biogeochemical properties in the
western north atlantic subtropical gyre. Deep-Sea Res. II, 48:1507–1528.
Bates, N. R., Pequignet, A. C., Johnson, R. J., and Gruber, N. (2002). A short-term sink for atmospheric co2 in subtropical mode water of the north atlantic ocean. Nature, 420(6915):489–493.
Beal, L., Wilhelmus, P., de Ruijter, W. P. M., Biastoch, A., and Zahn, R. (2011). On the role of the
agulhas system in ocean circulation and climate. Nature, 472:429–436.
Beal, L. M., Ffield, A., and Gordon, A. L. (2000). Spreading of red sea overflow waters in the
indian ocean. Journal Of Geophysical Research-Oceans, 105(C4):8549–8564.
Beismann, J.-O. and Barnier, B. (2004). Variability of the meridional overturning circulation of the
north atlantic: sensitivity to overflows of dense water masses. Ocean Dynamics, 54:92–106.
Belchansky, G., Douglas, D., and Platonov, N. (2008). Fluctuating arctic sea ice thickness changes
estimated by an in situ learned and empirically forced neural network model. Journal of Climate,
21:716–729.
Belkin, I., Levitus, S., Antonov, J., and Malmberg, S.-A. (1998). ”grean salinity anomalies” in the
north atlantic. Progress in Oceanography, 41:1–68.
256

Ben-Yaakov, S. (1971). A multivariable regression analysis of the vertical distribution of tco2 in the
eastern pacific. Journal of Geophysical Research, 76:7417–7431.
Bender, M., Doney, S., R.A., F., Fung, I., Gruber, N., Harrison, D., Keeling, R., Moore, J.,
Sarmiento, J., Sarachick, E., Stephens, B., Takahashi, T., Tans, P., and Wanninkhof, R. (2002).
A large-scale co2 observing plan: In situ oceans and atmosphere (lscop). OAR Special Report
NTIS: PB2003-00377, NOAA/OAR/PMEL, Seattle, WA.
Benway, H. M. and Mix, A. C. (2004). Oxygen isotopes, upper-ocean salinity, and precipitation
sources in the eastern tropical pacific. Earth And Planetary Science Letters, 224(3-4):493–507.
Bersch, M. (2002). North atlantic oscillation-induced changes of upper layer circulation in the
northern north atlantic ocean. Journal of Geophysical Research, 107(3156).
Bezbodorov, A. and Ovsyany, E. (1991). Influence of the mediterranean intermediate waters on
oxygen distribution in the atlantic ocean. Sov. J. Phys. Oceanogr., 2(4):321–328.
Bi, D., Budd, W., Hirst, A., and Wu, X. (2002). Response of the antarctic circumpolar current
transport to global warming in a coupled model. Geophysical Research Letters, 29(24):2173.
Blanke, B., Arhan, M., Lazar, A., and Prevost, G. (2002). A lagrangian numerical investigation
of the origins and fates of the salinity maximum water in the atlantic. Journal of Geophysical
Research, 107(C10):3163.
Blanke, B., Arhan, M., and Speich, S. (2006). Salinity changes along the upper limb of the atlantic
thermohaline circulation. Geophysical Research Letters, 33(L06609).
Blunier, T. and Brook, E. (2001). Timing of millennial-scale climate change in antarctica and
greenland during hte last glacial perio. Science, 291:109–112.
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