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Abstract 

 

This dissertation deals with generating, exploring, and using the kind of 

seismic data that finite-frequency modeling was envisioned for. It represents 

a comprehensive inquiry into extracting frequency-dependent information 

from broadband waveforms of seismic body waves, and applying these data 

to global-scale imaging of the earth’s interior. 

 

I develop a matched-filtering method to measure two new kinds of 

observables for global-scale seismology: multiple-frequency traveltimes and 

amplitudes. Observed waveforms are compared to predicted seismograms 

through cross-correlation after deconvolving the earthquake source time 

function from the data. The method is validated on a small data set in the 

Western U.S. I explore the dispersive properties and noise characteristics of 

the multiple-frequency measurements and find that dispersion is a 

significant signal, especially in the amplitude measurements. Amplitude 

patterns are spatially coherent over hundreds of kilometers.  

 

The signal processing is scaled and automated to process the entire 

database of ~2000 suitable earthquakes that occurred worldwide between 

1999 and 2007. In the first application of multiple-frequency body-wave 
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tomography, the subset of traveltimes and amplitudes measured in North 

America is jointly inverted for P-wave structure and attenuation of the North 

American mantle. New USArray data represent an ideal testbed for this 

study.  

 

We obtain very detailed velocity structure down to ~1800 km depth that 

reveals some major surprises. Not one but two whole-mantle subduction 

systems are present beneath North America. Presently, the Farallon slab 

descends from the Pacific Northwest coast to 1500 km depth beneath the 

Great Plains, whereas its stalled predecessor occupies the transition zone 

and lower mantle beneath the eastern half of the continent. We argue that 

the separation between them is linked to the end of the Laramide era 50 

million years ago, a time of unusual tectonic and volcanic activity during 

which the flatly subducting slab is inferred to have caused the uplift of the 

ancestral Rocky Mountains. 
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Introduction 

 

This study represents a comprehensive inquiry into extracting frequency-

dependent information from waveform recordings of seismic body waves, 

and using these data for seismic tomography. I develop a method to 

measure two new kinds of observables for global-scale seismology – 

multiple-frequency traveltimes and amplitudes – and I investigate their 

properties. The method is vindicated by the high resolution of the first 

tomographic images obtained, which offer surprising new perspectives on 

the history of subduction beneath North America. 

 

Research context 
 

This research rests on two pillars: 

 

1. Instrumentation of the earth’s surface with seismic broadband sensors 

has dramatically accelerated in pace, and an efficient infrastructure for 

accessing this data has been built. Broadband seismometers, which record 

the whole frequency spectrum usable for body-wave tomography at equally 

high quality, have become the new standard for passive source seismology. 

As importantly, the largest part of this data is shared among the international 
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geophysics community. For global imaging we need data from all parts of 

the world since only waves that criss-cross from different directions allow us 

to reconstruct an image of the earth’s interior. The raw waveform data is 

freely and easily available: over the years I have downloaded and processed 

more than a terabyte from the IRIS consortium’s data server (www.iris.edu). 

 

2. Computing power has steadily increased, and parallel supercomputers 

have become relatively affordable, although computational power is still far 

less than what global-scale seismologists would be able to use. The 

scalability of global body-wave tomography is limited in two ways: the size of 

the earth is a given, and so are the wavelengths generated by our signal 

sources, large earthquakes. These constraints dictate the small-scale mesh 

sizes and time steps that make numerical calculations so computationally 

expensive. The variable that adapts to available resources is the 

sophistication with which wave propagation is modeled. The steady and 

predictable increase of computing power (Moore’s law) has encouraged 

several long-term efforts in implementing numerical methods that use more 

realistic approximations for solving the wave equation and the tomographic 

inverse problem. With finite-frequency tomography, Princeton has been at 

the forefront of such an effort over the past decade (Dahlen et al. (2000), 

Hung et al. (2000), Dahlen & Baig (2002), Montelli et al. (2004), Zhou et al. 

(2004), Tian et al. (2007), Nissen-Meyer et al. (2008)). 
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My Ph.D. research has dealt with making finite-frequency modeling work 

with the kind of data that it was envisioned for. This data did not exist, and 

neither did the methods for measuring it. On the evolutionary ladder of body-

wave seismology, the approximation for wave propagation that came before 

finite-frequency was geometrical ray theory. Not only was ray theory the only 

method that was computationally feasible when it was first applied (Aki et al. 

1974, 1976), but as a high-frequency approximation it was also a good 

match for the data available at the time: the ancestor of the broadband 

seismometer was the short-period seismograph, which was extensively 

deployed as the primary tool for nuclear monitoring.  

 

These origins, in science feeding off world politics, explain why body-wave 

tomographers have not usually been faced with measuring their own data, at 

least not for global-scale studies. Seismic analysts employed by government 

agencies monitored incoming waveform streams and picked onsets of 

events, which were almost always earthquakes. The times of those onsets 

were made available to scientists. By now this effort adds up to millions of 

published traveltimes at our fingertips, which would have been impossible to 

assemble by the academic community. With the Cold War fading into 

history, governments have not moved to provide scientists with upgraded 

services for the newer, much richer broadband data, although onset picking 

continues. 
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The big promise of broadband seismograms lies in their recording of 

frequency dispersion. Different wavelengths interact differently with the 

mantle structure we want to image; considering all wavelengths jointly thus 

multiplies the constraints on the tomographic solution. Extracting this 

frequency-dependent information is the goal of finite-frequency tomography. 

The theoretical and modeling effort started by Dahlen and co-workers was 

implemented for global inversions and applied very successfully by Montelli 

et al. (2004) to a data set that consisted 90% of picked travel times (which 

they modeled with high-frequency Fréchet kernels) and 10% of low-

frequency cross-correlation measurements provided by Guy Masters. The 

success of their work called for a systematic effort to measure and interpret 

observables at all possible frequencies and exactly as theory defines them. 

 

Study approach 
 

I took a comprehensive approach to this problem by: 

 

1. Developing a matched-filtering method that measures finite-frequency 

traveltimes and amplitude anomalies by predicting seismograms in a 

spherically symmetric background model and cross-correlating them with 

observed seismograms. For every seismogram, these measurements are 

repeated in several narrow passbands to selectively extract frequency 

4



information from the entire useful spectrum – hence the name “multiple-

frequency” body-wave tomography.   

 

2. Testing this method on a small data set of P-waves to answer the 

following questions: What is the spectrum of usable frequencies? How good 

must the signal-to-noise ratio be, or: Earthquakes down to what size can be 

used? How well can the unknown earthquake source characteristics be 

identified and deconvolved from the seismograms? How much frequency 

dispersion is present in the data? Can amplitudes be measured robustly? 

How can measurement uncertainty be quantified? 

 

3. Automating this method to scale to the large number of measurements 

required for global tomography. Besides representing a significant signal 

processing effort, this also required robustness in the face of the many kinds 

of data glitches that are ubiquitous in seismic waveforms. 

 

4. Measuring more than two million traveltimes and amplitudes on global P-

waveform data from ~1,500 earthquakes. A collection of ~1,500 source time 

functions was obtained as an interesting by-product. 

 

5. Using the subset of this data that was measured in North America for joint 

inversion of traveltimes and amplitudes for P-velocity and attenuation 

beneath North America. There were two reasons for this choice. It allowed 

5



for a computationally manageable first test of multiple-frequency 

tomography in conjunction with our revamped inversion software. North 

America was chosen because the continent has recently been transformed 

into an ideal testbed for modern tomography methods, thanks to the roll-out 

of USArray. This largest-ever experiment of the geophysics community is 

deploying seismic broadband stations across the entire conterminous U.S. 

on a 70 km x 70 km dense grid (chapters 2, 3, and 4). 

 

6. Comparing the performance of finite-frequency tomography to ray theory 

under better controlled conditions than previously possible. In particular, the 

same source-receiver coverage, data measurement protocol, and 

regularization strategy were used.  

 

7. Investigating the properties of amplitude data and their contributions to 

the tomographic picture. To our knowledge, this was the first time 

amplitudes were measured in a large and systematic effort, and were 

inverted with traveltimes on an equal footing. It also represents the first 

inversion of body-wave amplitudes for attenuation. Amplitudes had received 

little attention, since it had been determined that measurements on (short-

period) data retrieved extremely scattered values. As a further deterrent, 

amplitude inversions are not expected to be stable under the approximation 

of ray theory. Amplitudes are theoretically expected to contain information 
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complementary to traveltimes that should sharpen up tomographic pictures 

of velocity structure and/or provide information about attenuation structure. 

 

Achievements and significance of this study 
 

This work has made advances in understanding seismic wave data on the 

one hand, and has contributed new knowledge about the mantle beneath 

America on the other hand. 

Results on the frequency dependence of seismic waves 

• The usable spectrum of body-wave data ranges from 25 sec period to 

~2 sec period (chapter 1). 

• Traveltime dispersion is significant. Typical values are 0.2 sec of 

dispersion (compared to total anomalies that are one the order of 1.0 

sec). Dispersion of up to 1.0 sec has been observed and linked to a 

plausible mechanism (focusing in beneath the Rio Grande rift and 

Yellowstone) (chapter 1). 

• The quality of the data is very high. The residuals after inversion have 

a standard deviation of 0.35 sec (chapter 2). 

• Amplitudes can be measured robustly in the lower frequency bands 

(up to ~10 sec period). We achieve a signal-to-noise ratio of ~1. 

Amplitude anomalies are on the order of 20%, but values several 

times as large are quite common (chapters 1 and 4).  
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• Frequency dispersion of amplitudes is strong. It is on the order of 

10% (comparing waves at 21 and 11 sec periods). Values several 

times as large are commonly observed (chapter 4). 

• Amplitude anomalies vary in spatial patterns that are coherent over 

hundreds of kilometers, in contrast to the findings on short-period 

data (chapters 1 and 4). 

• Tomography can explain ~50% of the amplitude signal. The dominant 

structural cause for amplitude anomalies is focusing/defocusing due 

velocity anomalies. Contributions from attenuation are either much 

smaller or too poorly constrained to be distinguished reliably (chapter 

4). 

• USArray data are dense enough for finite-frequency modeling to offer 

clear performance advantages over ray theory. In particular, it 

extends the resolved volume deeper into the lower mantle. 

Results on mantle structure beneath North America 

• The Farallon plate is not continuous from its trench in Cascadia to the 

lower-mantle fragments imaged previously beneath the East Coast. 

Instead, two whole mantle systems are present beneath North 

America. The currently active one descends to 1,500 km depth 

beneath the Great Plains. This was not known, since previous studies 

of the Western U.S. had imaged at much coarser resolution and no 

deeper than the transition zone (chapter 3). 
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• We infer that the previously intact Farallon plate must have separated 

in a continental-scale, trench-parallel break ~50 Myr ago while 

foundering in the transition zone. The younger part then descended 

to the lower mantle independently. The western end of the older part 

is still foundering in the transition zone. This scenario is consistent 

with many geological surface observations surrounding the highly 

anomalous Laramide era (70-55 Myr). It also implies that the 

endothermic 670-km boundary provides a strong but incomplete 

obstacle to exchange of material (chapter 3). 

• The Farallon slab is subdivided by more continental-scale tears or 

breaks that were not previously known or expected. The tears could 

explain the complicated patterns of  migrating volcanism in the wake 

of the Laramide era. One of them runs parallel and just north of the 

Yellowstone hotspot track. If it was a rising mantle plume head that 

fueled the Columbia River flood basalts 17 Myr ago, this tear would 

have allowed it to make an unimpeded ascent to the surface (chapter 

3). 

 

Perspectives 
 

The unexpectedly rich harvest of newly discovered mantle structure led me 

to postpone the inversion of the complete, global data set. This is the most 

immediate avenue for future research. More generally, the existing P-wave 
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data set provides a robust framework relative to which more complex 

phases can be measured, for studies on both regional and global scales. In 

combination with more powerful forward modeling  (Nissen-Meyer et al., 

2008) this opens up the poorly understood lowermost mantle to finite-

frequency tomography, as well as the complex uppermost mantle. 

 

The amplitude data set is very rich and far from being fully explored. This 

includes the exact nature of constraints that amplitudes provide on the 

velocity model, on top of traveltimes. There is also room for increasing the 

signal-to-noise ratio of the measurement. At the current signal level, reliable 

extraction of attenuation is not possible but remains to be a very desirable 

goal.  

 

In practice, the greatest technical challenge in measuring mutiple-frequency 

amplitudes and traveltimes from large earthquakes lies in the sufficiently 

accurate deconvolution of source properties. As a by-product, this procedure 

has yielded an unusually large data set of ~1,500 source time functions that 

will find applications in the study of earthquake source properties. The 

collection comprises the vast majority of events above magnitude 5.8 that 

happened between 1999 and 2007. 
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Thesis organization 
 

This dissertation is divided into four chapters. The first chapter develops the 

data measurement method that was published in Geophysical Journal 

International. It is co-authored by Guust Nolet. Chapter 2 describes the 

technique of jointly inverting traveltimes and amplitudes for velocity and 

attenuation structure. In addition, the results of finite-frequency inversions 

are compared to ray-theoretical inversions. This material will be submitted to 

Geophysical Journal International (second author: Guust Nolet). The third 

chapter describes and interprets our new findings in the North American 

mantle. It is co-authored by Nadine McQuarrie and Guust Nolet and is under 

review at Nature Geoscience. Chapter 4 explores the novel amplitude data 

and its contribution to tomographic pictures. It will be submitted to 

Geophysical Journal International (second author: Guust Nolet). 
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Summary 
 

We have developed a method to measure finite-frequency amplitude and 

traveltime anomalies of teleseismic P waves. We use a matched filtering 

approach that models the first 25 seconds of a seismogram after the P 

arrival, which includes the depth phases pP and sP.  Given a set of 

broadband seismograms from a teleseismic event, we compute synthetic 

Green functions using published moment tensor solutions. We jointly 

deconvolve global or regional sets of seismograms with their Green's 

functions to obtain the broadband source time function. The matched filter of 

a seismogram is the convolution of the Green's function with the source time 

function. Traveltimes are computed by cross-correlating each seismogram 

with its matched filter. Amplitude anomalies are defined as the multiplicative 

14



factors that minimize the RMS misfit between matched filters and data. The 

procedure is implemented in an iterative fashion, which allows for joint 

inversion for the source time function, amplitudes, and a correction to the 

moment tensor. Cluster analysis is used to identify azimuthally distinct 

groups of seismograms when source effects with azimuthal dependence are 

prominent. We then invert for one source time function per group. We 

implement this inversion for a range of source depths to determine the most 

likely depth, as indicated by the overall RMS misfit, and by the non-

negativity and compactness of the source time function. Finite-frequency 

measurements are obtained by filtering broadband data and matched filters 

through a bank of passband filters. 

 

The method is validated on a set of 15 events of magnitude 5.8 to 6.9. Our 

focus is on the densely instrumented Western U.S. Quasi-duplet events 

(“quplets”) are used to estimate measurement uncertainty on real data. 

Robust results are achieved for wave periods between 24 s and 2 s. 

Traveltime dispersion is on the order of 0.5 s. Amplitude anomalies are on 

the order of 1 db in the lowest bands and 3 db in the highest bands, 

corresponding to amplification factors of 1.2 and 2.0, respectively. 

Measurement uncertainties for amplitudes and traveltimes depend mostly on 

station coverage, accuracy of the moment tensor estimate, and frequency 

band. We investigate the influence of those parameters in tests on synthetic 

data. 
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Along the LA RISTRA array in the Western U.S., we observe amplitude and 

traveltime patterns that are coherent on scales of hundreds of kilometers. 

Below two sections of the array, we observe a combination of frequency-

dependent amplitude and traveltime patterns that strongly suggest 

wavefront healing effects. 

 

1.1 Introduction 
 
We are exploring how body-wave amplitudes can be exploited more 

systematically for the purpose of inverting for mantle structure. Amplitude 

anomalies may be observed when waves are refracted by velocity 

anomalies in the mantle. Such lensing effects are sensitive mostly to the 

second spatial derivative of the velocity field. Topography on interfaces like 

the 670 km boundary may also result in focusing or defocusing of wave 

energy. Amplitude anomaly data could thus highlight zones of rapid 

transitions in the mantle and sharpen up the edges of narrow features like 

slabs or plumes in tomographic pictures. Haddon and Husebye (1978) used 

a thin-lens approximation to model amplitude and traveltime anomalies 

under the NORSAR array. Ritsema et al. (2002) have studied the global 

variations of amplitude ratios for long-period P/PP and S/SS waves. Local 

geology beneath a receiver, such as a low impedance layer, can cause 

amplitude anomalies as well. Variations in attenuation -- for example due to 
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spatially varying thickness of the asthenosphere -- have occasionally been 

inverted for using body-wave amplitudes (Iyer & Hirahara 1993, Chapter 

15,24).  For all three effects, amplitude and traveltime anomalies show 

frequency dependencies that contain information about the characteristic 

scales of the mantle heterogeneities that the wave interacts with. But, to the 

best of our knowledge, body-wave amplitude anomalies have not been used 

in regional and global velocity inversions.  

 

The method we propose can compute amplitude and traveltime 

measurements in any arbitrary finite-frequency band that is contained within 

the spectrum of the recorded broadband seismogram. The full frequency 

range of the data is used to invert for an earthquake's source time function 

and to generate the matched filters, i.e. our best predictions for the observed 

broadband wave shapes. We then filter predicted and observed waveforms 

to the chosen passbands and extract amplitude and traveltime information 

for each frequency band separately. This generates the kind of data needed 

to take full advantage of the finite-frequency theory for body-wave 

tomography formulated by Dahlen et al. (2000). Ray theory predicts focusing 

effects to be highly nonlinear, but Dahlen and Baig (2002) showed that 

amplitude variations observed at the earth's surface should be much 

smoother than predicted by ray theory. This raises the prospect of 

incorporating amplitude data in velocity tomography. 
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Amplitudes of P or S waves from deep earthquakes are straightforward to 

measure (Tibuleac et al. 2003), but interference with surface reflections 

complicates such observations for shallow events. Thus, an important step 

toward systematically exploiting amplitude data is the development of a 

method to measure amplitude anomalies for shallow earthquakes at 

teleseismic distances. This is the purpose and scope of this study. Since 

shallow events are far more abundant than deep ones they offer the 

potential for building tomography-sized data sets. The questions we face 

are: How accurately can amplitude anomalies be measured? How large are 

they? Are there patterns that indicate the presence of focusing effects? 

 

1.2 Method 
 

1.2.1 Overview 

We start with an overview of the method and provide a more in-depth 

discussion of its different components in the following sections. The vast 

majority of earthquakes have their hypocenters located at less than 50 km 

depth, in which case the initial pulse of the P arrival is followed within a few 

seconds by the depth phases pP and sP. Our data are broadband 

waveforms of ground displacement, and we attempt to model the time 

window comprising the P, pP, and sP phases (but at most 25 seconds after 

the P arrival). Figs 1-1(a) and (b) show a typical seismogram and its 
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predicted Green's function. The 

! 

k th seismogram 

! 

s
k
 is modeled as the 

convolution of its Green's function 

! 

gk with the a priori unknown source time 

function 

! 

f : 

! 

˜ s k (i) =  ak gk

T (i " j) f ( j)
j

#  

or 

! 

˜ s 
k
 =  a

k
Gk f = akuk , 

where  

! 

˜ s 
k
, 

! 

gk, 

! 

f , and 

! 

u
k
 are column vectors of length 

! 

N  (number of 

samples). 

! 

G
k
 is the 

! 

N " N  convolution matrix; its rows contain time-shifted 

and time-reversed copies of T

kg . Green's functions are computed using 

published moment tensors and a background model as input parameters for 

Chapman's WKBJ code (Chapman 1978); we use PREM (Dziewonski & 

Anderson 1981) with attenuation and with the ocean layer replaced by 

continental crust. Crustal multiples are not modeled explicitly but are 

absorbed in the source time function if they arrive early. The amplitude 

anomaly 

! 

a
k
 acts as a scalar energy correction factor for datum 

! 

k . An 

estimate of 

! 

f  is shown in Fig. 1-1(c), and the corresponding waveform 

! 

u
k
 in 

1(d). Note that 
k
s
~  is identical to 

! 

u
k
 if one assumes that .1=

k
a  This 

assumption is the customary first approximation; by systematically 

measuring 
k
a , this work attempts to look beyond the structural assumptions 

contained in PREM.  
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Ruff (1989) observed that (1) and 

! 

a
k

=1 usually predict waveforms with 

shapes that match the shapes of the observed 

! 

s
k
 fairly well, but significantly 

differ in energy content on a station-by-station basis (note that an error in 

the event magnitude gets absorbed by scaling the source time function). 

The overall misfit can be reduced substantially if one inverts jointly for 

! 

f  and 

the 

! 

a
k
 from the full data set of 

! 

K  seismograms,  

! 

s
T

= (s
1

T
,s
2

T
,K,s

K

T
) . This means 

minimizing the RMS misfit 

! 

e = min s" ˜ s ( )
T

s" ˜ s ( )( )  

where 

  

! 

˜ s =

˜ s 
1

˜ s 
2

M

˜ s K

" 

# 

$ 
$ 
$ 
$ 

% 

& 

' 
' 
' 
' 

=

a
1
G

1

a
2
G

2

M

aKGK

" 

# 

$ 
$ 
$ 
$ 

% 

& 

' 
' 
' 
' 

f = Af . 

 

Column vectors 

! 

s and s~  are length 

! 

NK , and 

! 

A  is size 

! 

(NK,N). This is 

not a standard least squares problem because 

! 

a
k
 and 

! 

f  multiply each other 

in (2). We follow Ruff's recipe for omnilinear inversion, except that we opt for 

an iterative approach. We also allow for a correction to the published 

moment tensor values. Details of this deconvolution procedure are 

described in Section 2.3. Figs 1-1(e) and (f) illustrate the use of the 

amplification factor 

! 

a
k
 and time delay 

k
!  to minimize the RMS misfit 

between the data and the predicted waveform: in 1(e), the data is fitted by 
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! 

u
k
, whereas in 1(f), 

! 

˜ s (i) = a
k
u

k
(i " #

k
)  is used. In this example 

! 

" = 0.8s, and 

! 

a
k

=1.2 . 

 

The described procedure is a matched filtering approach, and  
k
s
~  is called 

the matched filter of seismogram 

! 

s
k
. Matched filtering is the optimal strategy 

for deciding if and where a reference signal 

! 

x  is present in a data stream 

! 

s(t)  that also contains white Gaussian noise. The concept is central to 

engineering disciplines that involve detection and estimation (radar, sonar, 

radio communications, etc.). The reference signal 

! 

x = x(t;p)  is known except 

for an unknown parameter vector 

! 

p . The solution is to correlate 

! 

s with a 

battery of copies (or “filters”) 

! 

x , which are modified by all conceivable values 

of 

! 

p . If the maximum value of the cross-correlation coefficient is measured 

for 

! 

x(t;p
0
) , and if this value exceeds a pre-set threshold, then one decides 

that the signal has been detected in 

! 

s. The maximum-likelihood estimate for 

the true 

! 

p  is 

! 

p
0
, and ( )ptx ;  is called the matched filter of 

! 

s (Flandrin 1999). 

 

In our case, all prior information about seismogram 

! 

s
k
 is contained in the 

Green's function 

! 

gk (station and event location, earth model, event depth, 

moment tensor). Unknown parameters  are the source time function 

! 

f , and 

the amplitudes 

! 

a
k
. Strictly speaking, the traveltime anomalies 

k
!  are also 

unknown parameters. The problem of jointly estimating 

! 

f  and 

! 

a
k
  can be 

linearized, but time-shifting is a non-linear operation that we do not want to 
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introduce into the iterative inversion procedure. Instead we estimate 

traveltimes in separate pre- and post-processing steps.  During pre-

processing, we time-align the raw data using VanDecar and Crosson's 

method (1990). Once the matched filters are computed, we attempt to 

recover any remaining delays by cross-correlating each 
k
s
~  with its 

! 

˜ s . The 

time-shifting and final broadband amplitude correction from 1(e) to 1(f) are 

thus done after the source time function inversion has converged, but 

intermediate estimates for 

! 

a
k
 are computed in every iteration. Focal depth 

estimates in catalogues often come with large uncertainties, and hence 

source depth is also treated as an unknown. A mis-estimate in focal depth 

has considerable impact on the shape of the 

! 

gk, because it determines the 

temporal spacing of the P, pP, and sP pulses. These errors directly 

propagate into the shape of the inverted source time function. We compute 

source time functions and matched filters for all conceivable depths 

(between 0 and 60 km, in increments of 1 or 2 km). Decision for the “best” 

depth is based on a small overall error 

! 

e  and some additional 

considerations, as discussed in section 2.3. 

 

Once the most likely depth and its corresponding 
k
s
~  have been determined, 

we compute frequency-dependent amplitudes and traveltimes: 

! 

s
k
and 

! 

u
k
 of 

Fig. 1-1(e) are passband-filtered to some passband b, as shown in 1(g). As 

in the broadband case, the predicted and observed waveforms are then 
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cross-correlated in order to estimate the (finite-frequency) traveltime 

anomaly )(b

k
! and amplitude anomaly )(b

k
a . The optimal fit after both 

corrections is shown in Fig. 1-1(h). 

 

1.2.2 Pre-processing: cluster analysis and temporal alignment 

For global data sets with broad azimuthal coverage it often makes sense to 

subdivide the waveform data set into several, geographically distinct groups 

of stations. Instead of computing a single source time function for the global 

data set, we compute one function per group. This accounts for near-source 

effects with azimuthal dependencies and systematic regional traveltime 

anomalies. Pre-processing comprises three steps: 

1. quick and thorough quality control of the seismograms through 

cluster analysis, 

2. decision on the number of  separate groups to use, 

3. temporal alignment of similar seismograms; this yields preliminary 

estimates of traveltime anomalies within groups. 

The data that enter the cluster analysis are digital broadband 

recordings of vertical ground displacement, sampled at a rate of 10 Hz. 

Waveform data from IRIS-DMC are deconvolved with their instrument 

responses and lowpass-filtered at 3.5 Hz. We use earthquakes of body-

wave magnitudes 5.7 to 7.0; these events usually have sufficient signal-to-

noise and relatively simple source characteristics. Epicentral distance 
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ranges between 35 and 80 degrees, in order to avoid the P phase 

triplications at smaller distances and to ensure that the core-reflected PcP 

phase arrives well after P, pP, and sP.  Parameter 

! 

K  in Table 1 indicates 

the number of seismograms that passed the quality control and cluster 

procedure for the 15 events used in this study.  

 

A good general introduction to cluster analysis can be found in Kaufman and 

Rousseeuw (1990). In global seismology, the technique has been used on 

long-period data (Reif 2005), and on short periods by Rowe et al. 2002). 

Starting out with K~  windowed seismograms, the goal is to identify and 

subdivide the subset of 

! 

K  traces that are suitable for further processing. As 

measure of distance we use the  K~ xK~  dissimilarity matrix 

! 

D(k, l) = I(k, l) "C(k, l) , where 

! 

I is equal to 1 everywhere, and 

! 

C(k, l) is the 

cross-correlation coefficient matrix. The anti-symmetric lag matrix 

! 

L(k, l) 

contains the relative time lags at which maximum cross-correlation between 

traces 

! 

k  and 

! 

l is achieved. Hierarchical linkage joins K~  single objects into 

one large group in 1
~
!K  consecutive steps. Similar objects are linked at an 

earlier step than less similar ones. The distance measure for linking 

composite groups is centroid (center of mass) distance. Fig. 1-2 visualizes 

the order of linkage in a dendrogram (tree plot) for one of our sample events 

in the Aleutians (2000.112, 0.6=
b
m ). 
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The user needs to decide which traces to accept, and into how many groups 

to divide them.  Selection is done interactively with a few mouse-clicks in the 

dendrogram. Identifying the rejects is usually easy. The decision about the 

number of groups 

! 

Ng  to use (i.e. the number of different 

! 

f
(g ) to compute) 

involves a tradeoff in accuracy between relative and absolute 

traveltimes/amplitudes: Our method maps azimuthally dependent source 

effects into the source time function(s). A single source time function 

averages over azimuthal differences so that the overall fit of matched filters 

to data deteriorates for events with complicated source characteristics. For 

! 

Ng>1 regionally distinct groups, each of the 

! 

Ng  estimated functions will 

reflect different near-receiver effects (and other errors). Fits within each 

group improve but the question arises how well absolute amplitudes 

compare across groups. 

 

Similarly, several smaller groups result in more accurate relative traveltime 

estimates. In the inversion procedure, all synthetic Green's functions are 

perfectly time-aligned, and the same is implicitly assumed for the data. 

Therefore we align seismograms within each group 

! 

g  during pre-processing 

using VanDecar and Crosson's cross-correlation method. For larger 

! 

Ng , 

seismograms are more similar and align more accurately within each group. 

However, this intra-group alignment introduces 

! 

Ng–1 free parameters by 

leaving the groups' average delays floating relative to each other. 
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Many events are best treated as a single group of seismograms. In more 

complicated cases, a manageable approach that also achieves very good 

fits uses the dendrogram's first-order division into two or three groups of 

continental scale. For a small number of source time functions, check of 

inversion results is easily done by eye, as explained in Fig. 1-3. 

 

1.2.3 Computation of the matched filters 

The sizes of the data and parameter vectors in (2) mandate that the problem 

be linearized (matrix A is size 

! 

(NK,N), where 

! 

N = 256 and the number of 

seismograms 

! 

K  is up to 170 in this study). In his omnilinear inversion 

method, Ruff (1989) jointly inverts for 

! 

f  and 

! 

a
k
 in a truly linear system, and 

excludes the trivial solution by imposing normalization constraints on 

! 

f  or 

! 

a
k
. Since we regard the moment tensor as an additional unknown, we solve 

(2) iteratively and without constraints on 

! 

f  or 

! 

a
k
, an approach that Ruff 

mentions as the “bouncing method.” We initialize 

! 

a
k

=1 for   

! 

k =1,K,K ; 

solving (2) for 

! 

f  by minimizing 

! 

e  is then a standard least squares problem 

with 

! 

N  unknowns, for which we use the LSQR algorithm (Paige & Saunders 

1982; Nolet 1987). The damped solution is 

! 

f = A
T
A + "J( )

#1

A
T
s,      (3) 
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where !  is the model damping parameter, and 

! 

J  is an 

! 

N " N  diagonal 

matrix whose values increase linearly from zero to the average diagonal 

value of AA
T . This penalty on later samples favors short solutions and 

discourages oscillatory tails. If the data are divided into 

! 

Ng >1 different 

groups then (3) needs to be solved 

! 

Ng   times for the 

! 

f
(g ). 

 

Now the source time function(s) can be assumed to be known. Minimizing 

! 

e  

with 
k
s
~  from (1) becomes a least squares problem with a single unknown 

! 

a
k
; 

the solution is 

! 

a
k

= (u
k

T
˜ s 

k
) (u

k

T

u
k
),    

! 

k =1,K,K     (4) 

(This rms definition of amplitudes conforms to the definition used by Dahlen 

and Baig (2002) to compute amplitude kernels.) We iterate by inserting the 

new 

! 

a
k
  into (2) and invert for the new 

! 

f
(g ). Then we update the 

! 

a
k
, and so 

on until the results converge or a break condition appears. 

 

Optionally, we may also invert for a correction to the published moment 

tensor solutions. The moment tensor 

! 

M  can be regarded as a superposition 

of five linear dipole and double couple sources: 

!
!
!

"

#

$
$
$

%

&

''

=

2153

522

431

mmmm

mmm

mmm

M  
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Hence we compute each Green's function 

! 

gk as linear superposition of five 

partial Green's functions γk1, . . ., γk5, each excited by a double couple: 

552211
... mmmG

kkkk
!++!+!=       (5) 

The convolution matrices ! ki are constructed from the γki in the same way 

as 

! 

G
k
 is constructed from 

! 

gk. Inserting (5) in (2) yields 

  

! 

˜ s k = ak "k1
f "k 2

f L"k5
f( )m

= ak # k1
# k 2

L# k5( )m
       (6) 

where column vectors 
ki

!  are the “partial” equivalents of the predicted 

seismograms 

! 

u
k
, and ( )Tmmmmmm

54321
,,,,= . We are trying to find an 

improved estimate mmm !+=ˆ  of the published 

! 

m . By rewriting (6) as  

  

! 

a
k
"

k1
L"

k 5( )#m = ˜ s 
k
$ a

k
"

k1
L"

k5( ) m  

      

! 

"#m = #˜ s         (7) 

this again becomes a standard least squares (sub-)problem in the iterative 

loop. Initialize 

! 

a
k

=1, invert first for the source time function(s) 

! 

f , second for 

! 

"m , third for 

! 

a
k
, and then reiterate until convergence or a break point is 

reached. Convergence means that the amplitudes or the rms error no longer 

change between iterations. A break condition is reached if the source time 

function develops a negative tail while the rms error decreases only 

minimally. Physically permissible source time functions are expected to be 

non-negative since fault rupture is thought not to reverse its direction during 

an event. However, the inversion will also map source-related effects, such 

as local reverberations, into 

! 

f   (i.e., we are using the term “source time 
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function” somewhat loosely here). For this reason it is unrealistic to expect a 

strictly non-negative 

! 

f . Fig. 1-3 shows solutions at different trial depths for 

the Aleutian example event. By default, the depth associated with the 

absolute minimum rms error is declared the preferred depth, although one 

can override this choice. In the majority of cases, that depth does coincide 

with the “most reasonable looking” solution. Desirable qualities are 

simplicity, non-negativity, as well as similarity across groups if there is more 

than one group. Simplicity means that we prefer unimodal or short source 

time functions over bimodal or oscillatory solutions, provided that the rms 

error is not much larger for the simple solution. A certain amount of 

oscillation or negative tails is almost always present when inverting real 

data, but the depth region of small rms errors and the “cleanest” looking 

solution usually coincide. Event 2000.112 in Fig. 1-3 provides an example 

for average data quality. For the most likely depth we cross-correlate and re-

align each matched filter with its observation, thus improving on the Van 

Decar-Crosson estimates. Re-computing 

! 

a
k
 on the newly aligned 

seismograms yields the final broadband amplitudes. 

 

1.2.4 Relative versus absolute (broadband) traveltimes 

In order to compute absolute traveltimes from the groupwise relative 

measurements we need to estimate any systematic delays common to all 

seismograms of a given group 

! 

g . During processing so far, a systematic lag 
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)(

0

g!  of the data w.r.t. the synthetics would have gone undetected as it would 

have simply shifted the onset of the source time function from 

! 

t = 0 to 

! 

t = "
0

(g ). Absolute traveltimes can thus be determined to the extent that the 

onsets of the 

! 

Ng  source time functions can be picked accurately.  

 

Alternatively, the absolute timing reference can be established by picking P-

wave onsets on 

! 

Ng  groupwise stacks of ground dispacements. We prefer 

the first method because the source time functions can be aligned relative to 

each other in an automated fashion, again using the VanDecar-Crosson 

method. This recovers 

! 

Ng "1 relative delays and leaves only one scalar (the 

common onset of the aligned source time function stack) to be picked 

manually. If source directivity has significantly dilated the source time 

function, one can attempt to undo this effect before time-aligning. Dilating 

each source time function by a bank of 

! 

L  trial factors 1!"  generates a 

bank of 

! 

L " Ng  trial solutions. Cross-correlating each waveform with every 

other yields an optimal 
mn,

!  from Van Decar-Crosson's equations, with  

! 

log("
n,m ) taking the place of the customary time delays ji ,

! . In the 

simulations of Section 3.1, the onset picking error averaged over all events 

and depths was 0.19 s in the non-directional case, and 0.35 s in the 

directional case (it is included in Fig. 1-4). In practice, picking tends to be 

straighforward for small events and uncertain for large events with emerging 

onsets and complicated source characteristics. The decision of whether to 
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actually use absolute traveltimes can be postponed until the time of 

tomographic inversion. At that time one can decide whether the absolute 

measurements are accurate enough to improve resolution over the 

traditional, prudent approach of solving for group time shifts as independent 

parameters. 

 

1.2.5 Finite-frequency amplitudes and traveltimes 

Inputs for this step are the optimally time-aligned broadband seismograms 

and matched filters. The 

! 

s
k
 and 

! 

u
k
 are bandpass-filtered using Kaiser (1974) 

window filters. The passbands can be chosen as convenient. Table 2 lists 

the frequencies and periods of the passbands that we use for this study. 

In each passband, every seismogram is re-aligned with its matched filter. 

We fit the first two to three oscillations of matched filters and data. Finite-

frequency amplitudes are computed in the same way as for the broadband 

data, see equation (4). The bandwidth of the bandpass filter influences the 

structure of the Fréchet kernels for finite-frequency inversion. Wider 

passbands result in narrower kernels with less pronounced oscillatory 

sidebands. 

The entire processing chain requires a few minutes of user supervision per 

event. Interactive input is needed in the cluster analysis and for the picking 

of source time function onsets. One also needs to check the appearance of 

the solutions at the automatically picked depth. The more time-intensive 
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computations of the Green's functions and source time functions run fully 

automated in batch mode. 

 

1.3 Validation of the method 
 

Section 3.1 gives test results for various different source characteristics and 

receiver configurations. Tests on synthetic data provide the most controlled 

way of assessing the accuracy and robustness of amplitude and traveltime 

measurements. Readers mainly interested in real data may skip to Sections 

3.2 and 3.3, where we analyze the 15 events of Table 2 and discuss 

evidence for wavefront healing. 

 

1.3.1 Tests on synthetic data 

We use synthetic data to assess the estimation accuracy of the following 

parameters: source depth, moment tensor, shape of the source time 

function, rms error, broadband amplitudes, broadband traveltimes. Recovery 

errors can be attributed to limited station coverage, initial errors in moment 

tensor, amplitude and traveltime estimates, as well as ambient noise and 

unknown source directivity characteristics. The synthetic tests were 

designed to mimic four actual events in the Aleutians, Panama, Costa Rica, 

and Iceland (2000.112, 1999.362, 2000.347, 1999.232). All of these are 

quasi-duplet events of particular significance in Section 3.3. The station 
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setup was that of the global GSN network, recorded at distances of 35 to 80 

degrees; temporary deployments were not included. Synthetic seismograms 

were computed using the source time function obtained from the real event. 

The role of ambient noise was tested by adding to each synthetic 

seismogram a noise time series recorded by the actual GSN station during 

an earthquake-free time interval. We also investigated the effects of 

inaccurate initial moment tensor estimates. The seismograms for each 

synthetic data set were computed from a moment tensor that deviated from 

the catalogue values according to a normal distribution with zero mean and 

a standard deviation of 5 degrees on strike, slip, and dip. The iterative 

inversion was initialized with the catalogue value. 

 

We ran 100 realizations of each event, with randomized source depths, 

traveltime and amplitude anomalies, and initial errors in the moment tensor.  

For a given run, the source depth used to generate the synthetic data was 5 

km, 15 km, 25 km, 35 km, or 45 km. Matched filters were computed for trial 

depths between 0 km and 50 km, in increments of 1 km. Synthetic 

seismograms were time-shifted to simulate traveltime anomalies of normal 

distribution with zero mean and standard deviation of 1 s. They were also 

scaled to simulate normally distributed amplitude anomalies with a mean of 

one and standard deviation of ±0.8 db, i.e. a factor of 1.2, a value typical for 

events in our real data set. 
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For each simulated event, we compare recovery results for a scenario 

where source directivity is assumed to be negligible and for the case where 

it is a prominent effect. We first discuss the case without source directivity, 

where exactly the same 

! 

f  is used to generate the synthetic seismogram for 

each station. Fig. 1-4 shows errors in traveltime recovery (left), and errors in 

amplitude recovery (right); for a given event, the same source time function 

is used in all runs. Amplitude recovery error is defined as 

! 

E
a

=10log10 aout /ain( ) , and traveltime error is 
inout

E !!! "= . Each vertical bar 

represents the spread of error for a certain event at a certain source depth. 

Each of the four events  was simulated with a source at five different depths 

(5 km, 15 km, 25 km, 35 km, and 45 km); the same 20 initial moment 

tensors were used for all depths. For comparison of signal strength to 

recovery noise, the spread of the (normally distributed) input anomalies, 
in
!  

and 

! 

10log10(ain )  is plotted at the left and right margins of each figure (the 

67% range is colored blue). 

 

Recovery results vary considerably between events, mainly as a function of 

density and azimuthal distribution of the recording stations. For the Aleutian 

and Iceland events there are 87 and 80 GSN stations within 35 and 80 

degrees distance. The 67% range of traveltime errors varies between 0.05 s 

and 0.2 s for these two events; the 67% range of amplitude errors is ≈0.1 db 

throughout, with the exception of a large error of 0.73 db for the Aleutian 
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event at the shallowest source depth (more on this shortly). The Panama 

and Costa Rica events were “recorded” by only 45 and 40 GSN stations, 

mostly in North America. The 67% range is 0.1-0.5 s for traveltimes, and 

0.1-0.25 db for amplitudes, which is still much smaller than the input 

anomalies of 1.0 s and 0.8 db.  

 

 Recovery of amplitudes tends to be less accurate at the shallowest depths. 

Amplitude estimates are more sensitive to mismatches in the waveform 

shape of the source time function than traveltimes, and shallow sources 

involve more ambiguity in deconvolving a source time function from 

seismograms that have their Green's functions' closely spaced pulses 

smeared into each other. The relatively large spread in amplitude errors at 5 

km input depth is due to a limited number of runs with poor depth recovery. 

For the Aleutian event at 5 km input depth, the recovered depth is +4.2 km 

off on average, compared to less than 1 km at all other input depths. (It is 

not obvious however why the worst case occurs in this otherwise well-

behaved event.) 

 

The distribution of errors can differ significantly between runs for the same 

event at the same depth, especially if the event is badly constrained 

(Panama, Costa Rica). Again, heavy tails in the error bars of Fig. 1-4 are 

due to a limited number of bad runs, whereas such bad runs are largely 

absent in “robust” events.  In bad runs, iterations stop in local minima 
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relatively far from the true depth, moment tensor. This happens mostly when 

the initial moment tensor estimate is strongly perturbed. The three unknown 

parameter vectors 

! 

f , 

! 

m , and 

! 

a
k
 multiply each other in (6). Initial errors in 

! 

m  

tend to be self-stabilizing, because any excess energy in the radiation 

pattern can be compensated by scaling down amplitude estimates in the 

affected region. Bad runs are usually easy to identify by the unlikely shapes 

of their source time function(s), i.e. oscillatory behavior and non-similar 

shapes across groups. (Average cross-correlation coefficients are lower 

also, but the difference may not be dramatic.) Initializing a run with the true 

moment tensor eliminates the largest part of the recovery errors. Initializing 

with a perturbed 

! 

m  but no amplitude or traveltime anomalies yields a 

smaller improvement. Starting out with the true 

! 

m , 

! 

a
k
, and 

k
!  yields near-

perfect recovery (-0.05 s < 
k
!  < +0.05 s, 0.98 < 

! 

a
k
 < 1.02), indicating that 

random noise is a minor source of errors. (Note however that signal-

generated noise in the wake of the first phase arrivals is not modeled here.) 

 

Even for a mediocre or bad run, relative delay and amplitude errors within 

groups are often small, even though group averages may show 

considerable systematic biases. One reason is that distortion of a source 

time function propagates into all of a group's matched filters in a similar way. 

Secondly, an error in the moment tensor causes a distortion to the radiation 

pattern that is spatially correlated on some length scale. Groupwise 
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amplitude and traveltime biases also occur in real data and can serve as 

indicators for problems with the source time function and moment tensor 

inversion. The scatter in Fig. 1-4 decreases by 0.15 s and 0.1 db on average 

if we correct amplitudes and delays by their group means for every run; the 

improvement is largest for event/depth combinations with large error bars. 

In a next step, source directivity is simulated by assuming unidirectional fault 

rupture with a velocity 
sR
vv 9.0=

r , where 
s
v  is PREM's S-wave velocity at 

the source depth. For simplicity's sake, we assume horizontal rupture along 

the fault plane strike. A dilated 

! 

f "kt( )  –  rather than the original 

! 

f t( ) – is 

used to generate each synthetic seismogram 
k
s
~ . The compression factor 

k
!  

is computed according to the Doppler formula 
k

!  = 

! 

(1+ wk /vp ) (1" wk /vp ). 

p
v  is the P wave velocity at source depth, and 

! 

w
k
 is the magnitude of the 

“radial” velocity, i.e. the projection of the rupture velocity vector 
R
v
r  onto the 

ray's takeoff direction from the source. 

! 

f  is normalized to conserve energy. 

A station's epicentral distance affects the ray's takeoff angle and thus ! . 

Dilation of the source time function is a non-linear effect and we do not 

attempt to recover 

! 

"
k
 during inversion. The recovered solution(s) thus 

reflect averaged compression factors for each group. We dilate these 

solution(s) by a bank of different 

! 

" #1, recompute the matched filters with 

those trial source time functions, cross-correlate with the data, and pick the 

k
!  (and time delay) that yields the best fit. This procedure amounts to 

maximizing the wideband cross-ambiguity function of matched filter and 
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data, a technique common in sonar applications (Flandrin 1999, Chapter 2.2 

lists references). 

 

Errors in amplitude and traveltime recovery largely follow the same patterns 

as for the non-directional case, but the magnitude of error increases. The 

67% range of traveltime errors is 0.1-0.6 s for the Aleutian event, 0.1-0.4 s 

for Panama, 0.4-1.1 s for Costa Rica, and 0.1-0.2 s for Iceland. For 

amplitude recovery errors, the 67% range is 0.4-1.0 db for the Aleutian 

event, 0.2-0.4 db for Panama, 1.0-1.9 db for Costa Rica, and 0.1-0.6 db for 

Iceland. For Costa Rica and the Aleutian event at shallow depths, the signal-

to-noise ratio in amplitude recovery is thus below 1. Note however that we 

have simulated a rather extreme case by assuming uni-directional rupture at 

sR
vv 9.0=

r : the pulse width of the solution could differ by a factor >3 for 

stations that are at 0 and 180 degrees of the strike direction. Since we limit 

ourselves to events of mb<7, real sources are more likely to rupture out in 

several directions from their nucleation region. None of the events in our real 

data set have yielded dilation factors as large as allowed for by the 

simulations. 

 

1.3.2 Tests on global broadband data 

All events of Table 2 happened within 35 to 80 degrees from the Western 

United States; the selection aims at coverage of this region from all available 
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azimuths. Eight of the earthquakes are special in that they come in pairs of 

quasi-duplet events (“quplets"). Comparing quplets provides a means of 

testing the accuracy of amplitude and traveltime measurements on real 

data. Since the waves take quasi-identical paths through the earth's mantle, 

the two independent measurements at the receiver should yield very similar 

traveltime and amplitude anomalies. Discrepancies between the 

measurements  can then be attributed to shortcomings in the modeling. For 

our purpose, a pair of events qualifies as a quplet if they are shallow and the 

published epicenters are less than 50 km apart. For the quplet tests, we 

focus on events recorded during the deployment of the 950 km long passive 

LA RISTRA array (Colorado Plateau/Rio Grande Seismic Transect 

Experiment, Gao et al.(2004), Wilson et al. (2005). The dense spacing and 

linear geometry of this long array allow us to investigate the spatial 

coherence of amplitude and traveltime patterns over hundreds of kilometers  

(Fig. 1-5). 

 

Fig. 1-6 shows the yield of good measurements for the 15 events of Table 2. 

The left plot shows the range of cross-correlation coefficient cx within which 

67%, 90%, and 95% of the observations fall, as a function of frequency 

band. Fig. 1-6, right, shows the number of seismograms for each band with 

a matched filter to data fit of cx > 0.85 (visual inspection of waveform fits 

suggests this value to be a reasonable rejection threshold). Note that even 

in the absence of noise, cx  = 1.0 would occur only if there was neither 
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diffraction nor wavefront healing; the distortions caused by these finite-

frequency effects are interpretable with the theory of Dahlen et al. (2000). 

The fit of matched filters to data in the lowest bands is excellent (cx  > 0.95) 

and gradually decreases towards higher frequencies. Bands centered at 667 

mHz and above yielded so few usable measurements that we do not 

consider them any further in this study. For the remaining bands, traveltime 

and amplitude statistics are plotted in Fig. 1-7; only observations with cx > 

0.85 are included. 

 

The left plot shows the distribution of traveltime dispersion, i.e. traveltimes 

are taken with respect to the broadband traveltimes. It might seem more 

intuitive to use the highest or lowest passband as reference, but the power 

spectrum and measurement quality in the higher bands differs considerably 

from event to event. Overall, the broadband delivers the most stable 

measurements. Traveltime dispersion is largest for the lowest frequencies, 

on the order of 0.4 s for 67% of the observations. This value drops to 0.2 s 

for the 83, 118, and 167 mHz bands, and further decreases to 0.15 s for the 

236 and 333 mHz bands.  

 

Amplitude anomalies show a stronger dependence on frequency; their 

spread increases towards higher bands. In the two lowest bands, 67% of the 

amplitude anomalies are roughly within ±2 db, or a factor of 1.6, and 95% of 

observations are within ±3 db, or a factor of 2. In bands centered at 333 
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mHz and 472 mHz, the ranges are ±3 db for 67% of the observations, and 

±5-6 db for 95% of the observations. The amplitude average increases 

towards higher frequency bands. A (linear) trend of this kind could result 

from the observed P waves undergoing less attenuation than predicted by 

the PREM-attenuated Green's functions. An alternative explanation is 

amplitude amplification due to reverberations in low-impedance layers near 

the surface. Simulations by Zhou et al. (2003) show that amplification is 

approximately constant for wave periods longer than 6 s but increases with 

frequency for shorter waves. This could also account for the rising trend of 

Fig. 1-7, right. The spread of broadband amplitudes is similar to the spread 

in the lower bands. Amplitude measurements are most reliable in the low 

bands (24-12 s and 17-8.5 s ranges in particular). The overall energy 

content of the data is dominated by these bands; stacking the power 

spectra, we find corner frequencies between 1/20 Hz and 1/7 Hz for the 

eight quplet events. At higher frequencies, part of the larger spread is likely 

due to larger measurement errors although analysis of the RISTRA quplets 

in Section 3.3 suggests that there is also more actual signal present. 

 

1.3.3 Amplitude and traveltime patterns along the RISTRA array 

The remaining figures compare measurement results for the RISTRA 

quplets. Fig. 1-8 shows broadband traveltimes along the the array for all four 

quplets, while Fig. 1-9 shows the broadband amplitudes. Figs 1-10 to 1-13 
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are plots of finite-frequency observables. Finite-frequency traveltime 

anomalies and dispersion for the Aleutian and Panama quplets are shown in 

Figs 1-10 and 1-12, respectively. The corresponding plots for the Costa Rica 

and Iceland quplets can be found in the Supplementary Appendix S1. The 

left column of each figure shows traveltime anomalies with respect to 

PREM-predicted traveltimes, in different passbands. The right column plots 

traveltime dispersion, that is, the finite-frequency anomalies of the passband 

in question minus the broadband anomalies of Fig. 1-8. Finite-frequency 

amplitude anomalies for these events are given in Figs 1-11 and 1-13 for the 

Aleutians and Panama. The same plots for Costa Rica and Iceland can 

again be found in the Appendix S1. All plots follow the same format – see 

caption of Fig. 1-8. For each event, amplitude and traveltime anomalies are 

normalized by the broadband averages of the station group that RISTRA 

belongs to (essentially the North American cluster); this facilitates visual 

comparison by eliminating possible offsets in the absolute amplitude and 

traveltime estimates. All measurements for which the broadband cx 

exceeded 0.85 were deemed acceptable; we also retain all corresponding 

passband measurements, even if their cx  decreases to less than 0.85 in the 

higher bands. The raw data that underlies all of these plots, namely 

waveform fits of seismograms to their matched filters in the different 

passbands, can also be found in Appendix S1. 

Our observations on finite-frequency amplitudes and traveltimes along 

RISTRA are as follows: 
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1) Usable frequency range: we achieve best measurement results in the 

period range between 24.0 s and 2.1 s. Bands centered at 24 s and 2.1 s 

are usable on a case-by-case basis. Measurement quality in higher 

bands is usually unacceptable due to cycle-skips, which cause timing 

errors on the order of the characteristic period of the band. A typical 

example is Fig. 1-10 bottom right, where the discrepancies are of order 

2-2.5 s for stations 3, 50, and 51, and the center period is 2.1 s. (Besides 

the fact that these measurements are wrong, the linearity assumption 

inherent in Fréchet kernel theory breaks down when delays are larger 

than one quarter of the wave period. Such large delays would therefore 

always have to be excluded from a finite-frequency inversion.) 

2) The pattern of broadband traveltimes in Fig. 1-8 is similar for all four 

quplets; it reflects the large scale tectonics of the LA RISTRA region. P 

waves arrive early on the southeastern end of the array, i.e. in the Great 

Plains of Texas. Delays gradually increase towards the Rio Grande Rift 

(stations 23 to 30 were located in the rift). Arrivals gradually speed up 

again as one moves through a transition zone and onto the Colorado 

Plateau to the northwest. (The Costa Rica quplet was recorded only on 

this northern half of the array as the experiment was not yet fully 

deployed.) The difference between fastest and the slowest arrivals is on 

the order of 1.5 s for the six events that were measured along the full 

length of the array. 
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3) Consistency of broadband traveltime measurements: The discrepancy 

between two quplet observations made by the same station is used as a 

proxy for measurement uncertainty. The average disagreement between 

measurements in Fig. 1-8 tends to be quite small (despite a few outliers). 

It is on the order of 0.2 s for the Aleutian quplet, and around 0.1 s for the 

Panama and Costa Rica quplets. The Iceland quplet produces near-

perfect agreement on the northern half of LA RISTRA, but a systematic 

offset of around 0.4 s on the southern half (this phenomenon points to 

difficulties finding a moment tensor that fits all seismograms). All but a 

few of the single measurements (non-solid symbols) form smooth 

interpolations between the double measured stations, which gives us 

further confidence in the functioning of the method. 

4) Broadband amplitude anomalies (Fig. 1-9): there is no single large-scale 

pattern as for traveltime anomalies. However, we do observe spatial 

correlations over hundreds of kilometers, oscillating about the 0 db 

baseline in the range of ±1 db. This kind of pattern would be expected for 

amplitude anomalies that are due to focusing. Acting like a lens, a 

curvature in the mantle's velocity field focuses energy to a certain area 

on the surface, while at the same time focusing it away from adjacent 

areas (conservation of energy). This would tend to generate a pattern of 

alternating high-amplitude and low-amplitude zones. However, spatial 

variations in asthenospheric Q could also explain the observed pattern. 
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5) Consistency of broadband amplitude measurements: Measurement 

discrepancies for amplitudes are larger than for traveltimes and vary 

considerably between quplets. For the Aleutian and Costa Rica quplets, 

the average disagreements are smaller than the average magnitude of 

the anomalies. While amplitude patterns for the two Panama events still 

show a clear spatial correlation, the measurement uncertainty is on the 

order of the signal itself. For the Iceland quplet, the measurement noise 

is larger than the signal. These differences in signal quality correlate with 

the complexity of processing the different quplets. The Aleutian and 

Costa Rica seismograms yield simple, unimodal source time functions at 

well constrained depths. By contrast, we find that both Iceland 

earthquakes show more complex source characteristics than most. Their 

depths are not well constrained, and raw data as well as inverted source 

time functions have a complicated appearance, a view shared by 

Stefánsson et al. (2003) who have investigated these events in detail. 

6) Finite-frequency traveltimes: For all quplets, finite-frequency traveltimes 

can deviate from their broadband values by ±0.5 s or more, as seen from 

the right columns of Figs 1-10, 1-12, and corresponding plots in the 

Appendix S1. For all but the Costa Rican quplet, the lowest frequencies 

show the largest deviations from the broadband. Dispersion gradually 

decreases towards higher frequencies; bands with dominant periods 

around 3-4 s  are usually barely or not distinguishable from the 

broadband traveltimes. These observations are consistent with Fig. 1-7, 
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left. In scanning the left columns of Figs 1-10 and 1-12 from top to 

bottom, it is interesting to observe how the domelike pattern of traveltime 

anomalies gradually changes shape as a function of frequency. 

Measurement uncertainties in the range between 24 s and 2.1 s track the 

uncertainties in the broadband. Average magnitudes of measurement 

discrepancies depend on the frequency band, but are in the range of 0.1-

0.3 s for the Aleutian, Panama, and Costa Rica quplets; they are thus 

slightly larger than in the broadband. In the low passbands, this 

“measurement noise” is smaller than the dispersion signal itself; in the 

higher bands both are on the same order. The Iceland quplet has higher 

uncertainties, as in the broadband case. The consistency of 

measurements varies with frequency and location on the array. 

7) Finite-frequency amplitudes (Figs 1-11, 1-13, and Appendix S1): The 

magnitude range of amplitude anomalies grows as a function of 

frequency. For all four quplets, typical variations in the 24-12 s and 17-

8.5 s bands are of ±1 db or less, whereas they span a range of ±3 db 

between 6.0 and 1.5 s. Amplitude measurements are most consistent 

between 24-8.5 s: the measurement discrepancies are considerably 

smaller than the anomalies themselves in the case of the Aleutians and 

Costa Rica, and of the order of the anomalies for the Panama and 

Iceland events. As amplitude scatter grows with frequency, so do 

measurement discrepancies. The measurement error need not increase 

completely monotonously: for all but the Costa Rica quplet, 
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measurement discrepancies in the 8.5-4.2 s and/or 6.0--3.0 s range (i.e. 

the microseismic noise band) are larger than in the next higher band(s). 

A good illustration is the bottom row of Fig. 1-11: amplitude scatter is 

comparable in both plots, but measurement discrepancies are much 

smaller in the higher band. In fact, the agreement in the 3.0-1.5 s band is 

quite good when compared to the magnitude of the anomalies. 

8) Evidence for wavefront healing. The finite wavelength of a wave limits its 

resolving power. Wavefronts of longer waves heal more quickly as a 

function of distance from the perturbation. Attenuation, another 

dispersive effect, acts on amplitude and traveltime anomalies with the 

opposite sign: high frequencies are damped out more strongly. 

Amplitudes can also be amplified by low-impedance (sediment) layers 

close to the surface. In contrast to focusing, such amplification is a local 

station effect independent of the source azimuth. 

 

We see two instances (termed regions A and B) of combined 

amplitude/traveltime patterns that suggest wavefront healing. Region A 

features narrow local maxima of both time delays and amplitude anomalies 

around stations 27-30. Broadband and high-frequency traveltimes are 

delayed by 0.5 s and more at NM27 through NM30 for the Aleutian, 

Panama, and Iceland events (left columns of Figs 1-10, 1-12, and Appendix 

S1). The same is not true for the low-frequency traveltimes. This can be 

seen by scanning the dispersion plots (right column) from top to bottom; we 
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discuss the beautifully complete Aleutian data set in Fig. 1-10, but the same 

applies to the other two events. The top right plot shows a large negative 

pulse peaking at NM29; these lowest frequencies arrive almost a second 

earlier than the higher band frequencies (actually plotted are low 

frequencies minus broadband, but broadband traveltimes become 

indistinguishable from finite-frequency traveltimes in some higher band(s)). 

At 17-8.5 s periods, the negative pulse is somewhat attenuated but still very 

evident; it is more attenuated at 12-6 s (not shown), and essentially gone at 

8.5-4.2 s. In addition, high-frequency amplitudes show a pronounced local 

maximum at stations NM28-NM30 for the three quplets in question (Figs 1-

11, 1-13, and Appendix S1). Such an amplitude maximum is not or barely 

present in the lowest frequency bands. 

 

Fig. 1-14 stacks the data of all four quplets; we compare amplitudes and 

traveltimes in a low-frequency band (period 17.0-8.5 s) to those in a high 

band (4.2-2.1 s). The dispersive signatures in regions A and B are robust 

and show up as positive peaks in the amplitude plots, and also as peaks 

(not troughs) in the traveltime dispersion stack since we plot high 

frequencies minus low frequencies. The 2-D tomographic inversion of Gao 

et al. (2004) shows a very slow, localized anomaly under region A, where 

the Rio Grande rifting extends to the surface. This focusing structure at 

about 50 km depth can explain all observed dispersive effects. Energy is 

focused towards the central station NM29 to generate the amplitude 

48



maximum. Long waves heal more strongly than short waves, as seen in the 

delay and dispersion plots: arrivals in region A are delayed in general, but 

more so at high frequencies than at low frequencies. The width of peak A is 

roughly 50 km, which is also the approximate width of the most anomalous 

region in Gao's picture. Assuming an average P velocity of 6 km/s in the 

upper 50 km, wavelengths 

! 

"  vary between 144 km for a center period of 24 

s, and 13 km for a center period of 2.1 s. Scaling relations for wavefront 

healing (Nolet & Dahlen 2000) do predict strong wavefront healing effects 

for the geometry in question. Traveltime anomalies in the lowest bands are 

predicted to be two to four times smaller than those in the highest bands. 

(The uncertainty stems from the question whether their 2-D or their 3-D 

analytical solution for a Gaussian anomaly best approximates our 

geometry.) 

 

Region B features a roof-like amplitude pattern along stations 35 to 47. In 

the higher frequency bands, we see amplitude anomalies rise sharply 

towards a maximum around stations 40/41, then rapidly decline towards 

higher station numbers. This pattern is very prominent for the Panama, 

Iceland, and Costa Rica quplets (Fig. 1-13 and corresponding plots in 

Appendix S1). It is less pronounced but still present in the lower frequency 

bands. In the Aleutian amplitude data (Fig. 1-11), the same pattern seems to 

be shifted to the northwest by a few stations (maximum at 43/44), 

suggesting some directional dependence. It is better visible in the lower 
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frequency bands, which have better signal-to-noise ratio. In the higher 

bands, the dome-shaped amplitude pattern is pierced by a sudden 

downward jump, located between stations 44 and 46 for the Aleutians, 42 

and 43 for Panama, and 45 and 46 for Iceland; this jump is very evident in 

Fig. 1-14 as well. Traveltime dispersion is strong in region B. A broad, 

trough-shaped negative dispersion anomaly at low frequencies heals 

towards higher bands. Arrivals in the lower bands are faster by about 0.5 s 

compared to the broadband. In the cases of Panama, Iceland, and the 

Aleutians, the trough minimum is centered on the very stations at which we 

see the maximum in the amplitude pattern (i.e., 40/41 for Panama and 

Iceland, 43/44 for the Aleutians). Some such directional dependence would 

be expected as the angle of wave incidence changes. Again a slow focusing 

structure could account for all observations. However, Gao's picture shows a 

fast anomaly below region B. A sedimentary surface layer could still explain 

the observed amplification of high frequencies but not the traveltime 

dispersion. The dispersion signal seems to originate at shallow depth: its 

(positively) peaked pattern in Fig. 1-14 is the same for all four quplets, 

whereas the traveltimes themselves strongly depend on event azimuth and 

must therefore be caused by deep anomalies. Waves incident from SE are 

more delayed than those from NW, a pattern that was also remarked on by 

Gao who stacked a much larger data set than ours. Possibly the extended 

fast anomaly under region B obscures a smaller slow anomaly immediately 

above it. Alternatively, the dispersion signal might be acquired from slow 
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out-of-the-plane structure since the true sensitivity region around the source 

is finite, especially at low frequencies. 3-D tomography would be highly 

desirable to resolve this ambiguity. 

 

1.4 Conclusion 
 

The results of testing on synthetic and real data converge into a coherent 

picture. In synthetic tests, we recover the largest part of  the input variance 

in amplitudes and traveltimes under all but the most adverse circumstances. 

Estimation accuracy depends mainly on the density and azimuthal 

distribution of stations within the usable distance range. It also depends on 

errors in the moment tensor used to initialize the iterative matched filter 

inversion. Both kind of errors complicate the recovery of source depth, which 

propagates into amplitude and traveltime errors. For real data, the average 

matched-filter-to-data fit in the broadband is between xc = 0.89 and 0.98 

depending on the event, with a median of 0.96. A future project is to 

investigate the influence of signal-generated noise and of azimuthally 

dependent source effects (other than Doppler shifts) on the accuracy of 

amplitude and traveltime measurements. However, given that cross-

correlation values are already very good it seems fair to assume that this 

would yield significant improvements only for the most complicated events.  

In synthetic as well as quplet tests, the main indicators for badly constrained 
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or otherwise problematic data sets are unlikely shaped source time functions 

(i.e. complicated, non-negative, and/or dissimilar source time functions 

across groups), as well as lower average cross-correlations. These 

indicators should be used in assigning a priori error bars to amplitude and 

traveltimes when routinely processing large data sets. Most complications 

are associated with large events (mb > 6.7, roughly). 

 

Traveltime dispersion in real data is on the order of 0.5 s in the wave period 

range from 24 s to 2 s. Broadband traveltimes are more similar to those at 

the high-frequency end of this spectrum. Amplitude anomalies are on the 

order of 1 db in the lowest bands and 3 db in the highest bands, 

corresponding to amplification factors of 1.2 and 2.0, respectively. In two 

sections along the LA RISTRA array, we observe a combination of 

frequency-dependent amplitude and traveltime patterns that strongly 

suggest wavefront healing effects. Measurement uncertainties in the 

broadband are similar for synthetic and quplet tests. In synthetic tests, the 

standard deviation of the traveltime error varies between <0.1 s and 0.5 s, 

depending on the event. Standard deviation for the amplitude recovery error 

is between 0.05 db and 0.7 db. For the RISTRA quplets, measurement 

discrepancies for broadband travel times are between 0.1 s and 0.4 s within 

the North American group. Amplitude discrepancies are larger, but three out 

of four quplets still have SNRs between 1 and 3; errors are largest in the 

broadband and the microseimic noise band around 6 s. For non-quplet 
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events in a tomography data set, we would assign a priori error bars values 

somewhere in the range found for the quplets; whether the values for a 

given event lie near the upper or lower end of the range will depend on the 

indicators discussed above. 
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Table 1-1. List of events used in this study.
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Figure 1-1. The matched filtering approach to measuring amplitudes and

traveltimes.

A: Raw broad-band data: the first 25 s of ground displacement after a

teleseismic P wave arrival of a shallow event. B: Synthetic Green’s

function featuring P, pP, and sP phases. C: Source time function as

computed by jointly deconvolving Green’s functions from all data (typically

50–150 P wave arrivals). D: Predicted seismogram, or matched filter: the

convolution of B and C. E: Fit of matched filter to data before temporal

alignment and amplitude correction. F: Fit after correction for (broad-

band) traveltime and amplitude anomalies. G: Bandpassed data and

matched filter before temporal alignment and amplitude correction. H: Fit

in passband after correction for (finite-frequency) traveltime

and amplitude anomalies. In higher frequency bands we attempt to fit only

the first two periods, not the (dashed) oscillations that follow.
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Figure 1-2. Dendrogram (cluster tree) and clustered traces of raw data, for

Aleutian event 2000.112. The vertical leg of each U-shaped prong

indicates the level of dissimilarity at which two objects are merged to form

the next larger object. The eye easily discerns two main clusters, plus a

few odd traces, which we eliminate from further analysis. Interactive

picking by the user defines the number and extent of different groups to be

used; this decision is indicated by the coloring. In this example, we chose

to divide the data set into two large groups. The red traces form a very tight

group; the blue traces are somewhat less similar to each other.

Incidentally, all red stations are located in Eurasia, and all blue stations in

North America, but no such prior knowledge is required or used. Rejected

stations are colored black. For clarity, only a subset of the entire data for

this event is shown.
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Figure 1-3. Output of matched filter computations. Caption on next page.
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Figure 1-3 (caption). Output of matched filter computations: estimated

source time functions for Aleutian event 2000.112 at different trial

depths. Left column shows the source time functions obtained from

seismograms in group 1 (Eurasia); right column shows source time

functions for group 2 (North America). Indicated for every solution are

focal depth, fraction of energy contained in negative samples, and

median of cross-correlation coefficient (fit of matched filter to data). The

rms error has its global minimum at 28 km. The choice of 28 km as

most likely focal depth is also supported by the appearance of the two

source time functions. The American and the Eurasian solutions are

similar to each other, and they look ‘simple,’ that is, compact, unimodal,

and non-oscillatory. Another (local) minimum of rms error was found at

14 km; note how the two solutions for that depth are more complicated

and less similar to each other.
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Figure 1-4. Results of tests on synthetic data. Recovery errors for broad-

band traveltimes (left) and amplitude anomalies (right). For each of four

events, 20 realizations were run at five different depths. Red bars denote

the range in which 67 per cent of the measurements fall, orange and black

bars denote the 90 per cent and 95 per cent ranges, respectively. Black

dots mark the mean. Each event was simulated at five different source

depths (5, 15, 25, 35 and 45 km), corresponding to the five vertical bars for

each event, from left to right. 20 realizations were run for each depth, using

randomized initial moment tensor estimates, traveltime and amplitude

anomalies; for details refer to Section 3.1. The two outermost bars in each

diagram show the distribution of the input anomalies: blue corresponds to

the 67 per cent range, that is, standard deviation of 1 s in a normal

distribution of traveltimes; the normal distribution for amplitude anomalies

had a standard deviation of 0.8 db, that is, a factor of 1.2. In this figure and

all following ones, amplitudes are plotted on a logarithmic scale:

adb = 10 log10(alin), where alin is the linear anomaly ak of eq. (1).
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Figure 1-5. Topographic map with RISTRA (Colorado Plateau/Rio Grande

Rift Seismic Transect Experiment) station locations. We used this dense,

950-km-long array to evaluate the accuracy of finite-frequency amplitude

and traveltime measurements, and to look for spatial patterns across the

tectonically active region. The passive PASSCAL experiment was

deployed from 1999 to 2001 and consisted of 54 digital broad-band

stations, running from Texas to Utah with an average station spacing of 18

km. Station indices start in the southeast (TX01) and end in the northwest

(UT54). Three additional stations (55–57) located on magma bodies off the

main line are not part of our data set.
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Figure 1-6. Frequency dependence of waveform fits for the 15 events

studied. Left: cross-correlation coefficient for fit of data to matched filters.

Each column is a simple histogram: the orange bar indicates the value

range in which 67 per cent of observations fall, red and black bars span

the 90 per cent and 95 per cent ranges. The black dot indicates the mean.

Results for a frequency band j are plotted at its centre frequency fj . Value

ranges for the broad band are plotted to the very left, labelled ‘BB’. Right:

number of accepted measurements for each frequency band. A

measurement is deemed acceptable if cx>0.85. Each coloured slice

represents the contribution of one event, in the order of Table 1. Above

334 mHz, the number of acceptable measurements declines steeply. We

therefore do not consider the two highest bands in the further analysis.
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Figure 1-7. Traveltime and amplitude anomalies as a function of

frequency band. Black dots mark the mean. Left: traveltime dispersion.

Values are plotted relative to the traveltimes measured for the broad-band

data; hence both the median and the spread for the broad band are zero.

Right: deviation of measured amplitudes from predicted values. y-values

of 1, 2, and 3 db correspond to amplitudes 1.2, 1.6, and 2.0 times larger

than predicted. Orange, red, and black bars span the ranges in which 67,

90 and 95 per cent of observations fall.
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Figure 1-8. Broadband traveltime anomalies along the RISTRA array for

the four quplet event pairs. Caption on next page.
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Figure 1-8 (caption). Broadband traveltime anomalies along the RISTRA

array for the four quplet event pairs. The x-axis plots RISTRA station

indices, running from 01 in Texas to 54 in Utah. Red circles are

observations for the first event of each pair in Table 1, black triangles

correspond to the later event. If a station measured both events, the

symbols are filled with colour and connected by a vertical bar. The first-

order, rise-fall pattern of delays is common to all four events and reflects

the regional tectonics: the array stretches from the seismically fast Great

Plains across the slow Rio Grande Rift and onto the faster Colorado

Plateau. The Aleutian, Panama, and Costa Rica quplets are incident

roughly along the strike of the array. The waves from Iceland arrive almost

perpendicular to it. Only

the northwestern part of the array was deployed when the Costa Rica

events happened. The shaded regions A and B are areas where

traveltimes and amplitudes are strongly frequency-dependent (details in

Figs 10–13).
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Figure 1-9. Broadband amplitude anomalies along the RISTRA array.

1 db, 2 db, and 3 db correspond to amplification factors of 1.2, 1.6, and

2.0, respectively. Symbols as in Fig. 8.
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Figure 1-10. Aleutian quplet: finite frequency traveltime measurements

along the RISTRA array. Caption on next page.
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Figure 1-10 (caption). Aleutian quplet: finite frequency traveltime

measurements along the RISTRA array. Left column shows traveltime

anomalies in different bands, right column shows the corresponding

traveltime dispersion, that is, the anomalies of the left column minus the

broad-band anomalies of Fig. 8. Regions A and B stand out in terms of

their frequency dependence, which is consistent across all quplets and

suggests wavefront healing effects. (A) In the dispersion plots around

stations 27–30, a sharp negative peak in the two lower bands gradually

dies away towards the 8.5–4.2 s band, and reverses sign at even

higher frequencies. The lowest frequencies arrive almost 1 s before the

highest ones. (B) Around stations 37–47, similar behavior as for A. The

anomaly is spatially more extended but smaller in magnitude.
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Figure 1-11. Aleutian quplet: finite-frequency amplitude recordings along

RISTRA. Consistency of measurements is very good in the lowest band; one

discerns a smoothly oscillating pattern with a spatial coherence of several

hundreds of kilometres. In higher bands, both signal strength and

measurement uncertainty increase. Uncertainties are largest in the

microseismic noise band (e.g. the 6–3 s band). Region A: sharp positive

amplitude anomalies at stations 28–30; strongest signal in high bands,

gradually decreases towards lower frequencies. Region B: positive amplitude

anomalies centred on stations 43/44, most pronounced at high frequencies;

the sudden downward jump between stations 44 and 46 also occurs in the

Panama and Iceland data.
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Figure 1-12. Panama quplet: finite frequency traveltimes (left column)

and traveltime dispersion (right column), along RISTRA array. Caption

on next page.
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Figure 1-12 (caption). Panama quplet: finite frequency traveltimes (left

column) and traveltime dispersion (right column), along RISTRA.

Measurements from the two events generally agree very well. Region A:

the negative dispersion anomaly around stations 28–30 is visible; no data

for station 29. Region B: clear and broad negative dispersion anomaly

centred on station 41, gradually dies away towards high frequencies.

(Note that in this example, dispersion plots directly compare frequency

bands since broadband traveltimes are indistinguishable from those at the

highest frequencies.)
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Figure 1-13. Panama quplet: Finite-frequency amplitude recordings

along the RISTRA array. Region A: positive amplitude anomaly at

stations 28 and 30, best visible at highest frequencies. Region B:

strikingly clear manifestation of the roof-like, broad positive amplitude

anomaly in the highest band, centred on stations 40–42; as for the

Aleutian quplet, there is a sudden downward jump just north of the

maximum. The magnitude of the amplitude anomaly gradually

decreases toward lower frequencies.
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Figure 1-14. Caption on next page.
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Figure 1-14 (caption). Traveltime and amplitude dispersion along the

RISTRA array: comparison of all quplet data in a low-frequency band

(17.0–8.5 s period) and a high-frequency band (4.2–2.1 s). Quplets are

distinguished by colour, quplet events by symbols ( and  ). Station

averages are drawn as grey lines for stations that measured at least three

out of eight events. Identical center plots show the 2-D ray-theoretical P

velocity model found by Gao et al. (2004). Black lines are sample ray paths

to regions A and B from Panama and Costa Rica (from the left/southeast),

and the Aleutians (from the right/northwest). Traveltime dispersion (lower

left) shows a robust delay of high frequencies compared to low frequencies

in regions A and B, as indicated by the positive peaks. Amplitudes are

amplified in regions A and B, but much more so for high frequencies (lower

right) than for low frequencies (upper right). This combination of dispersive

effects suggests focusing and wavefront healing around localized, slow

anomalies. Gao’s inversion supports this interpretation for region A, the Rio

Grande rift valley. The case for region B is less obvious. Traveltime

dispersion stacks coherently for all four quplets, pointing to a shallow

cause. By contrast, traveltime anomalies (upper left) strongly depend on

incidence angle, indicating that most of the signal was acquired at depth.

Possibly the extended fast anomaly imaged under region B is obscuring a

smaller slow anomaly immediately above it, which manifests itself only

through its stronger dispersive signature close to the surface.
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Supplementary Figures

(Chapter 1 – Sigloch&Nolet, GJI 2006)

Online at: www.blackwell-synergy.com/doi/abs/10.1111/j.1365-

246X.2006.03116.x

78



Figure S1. Costa Rica quplet: Finite-frequency traveltimes (left column)

and traveltime dispersion (right column), along the RISTRA array. Caption

on next page.
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Figure S1 (caption). Costa Rica quplet: Finite-frequency traveltimes (left

column) and traveltime dispersion (right column), along the RISTRA

array. The x-axis plots RISTRA station indices, running from 01 in

Texas to 54 in Utah. Red circles are observations for the first event in

each pair in table 1, black triangles correspond to the later event. If a

station measured both events, the symbols are filled with color and

connected by a vertical bar. Measurements are very consistent at low

frequencies. The array was not yet fully deployed when the events

happened.
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Figure S2. Costa Rica quplet: Finite-frequency amplitude anomalies.

For this pair of events, broadband amplitudes are practically

indistinguishable from those in the lowest bands. A: The positive

anomaly for station 29 is consistent with other quplets. B: Rise in

amplitudes towards station 40 is consistent with other quplets.
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Figure S3. Iceland quplet: Finite-frequency traveltimes (left column)

and traveltime dispersion (right column). Caption on next page.
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Figure S3 (caption). Iceland quplet: Finite-frequency traveltimes (left

column) and traveltime dispersion (right column). The Iceland quplet

features the most complete data set but also the largest measurement

discrepancies. Difficulties in finding a suitable moment tensor were

encoutered especially for the first (red) event. Still, the negative

dispersion anomalies around stations 27-30 (region A) and 35-45

(region B) are clearly visible.
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Figure S4. Iceland quplet: Finite-frequency amplitude anomalies for

the Iceland quplet. Pronounced positive amplitude anomalies in

regions A and B at high frequencies; the sudden downward jump is

located between stations 45 and 46.
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Figure S5. Aleutian quplet recorded along the LA RISTRA array. Events

2000.112 and 2001.032 – broadband and low frequency bands. Vertical

ground displacement is plotted black, matched filters red.
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Figure S6. Aleutian quplet recorded along the LA RISTRA array. Events

2000.112 and 2001.032 – high frequency bands. Vertical ground

displacement is plotted black, matched filters red. Note the varying scales

of the x-axes.
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Figure S7. Panama quplet recorded along the LA RISTRA array. Events

1999.362 and 2000.347 – broadband and low frequency bands. Vertical

ground displacement is plotted black, matched filters red. Note the

varying scales of the x-axes.

87



Figure S8. Panama quplet recorded along the LA RISTRA array. Events

1999.362 and 2000.347 – high frequency bands. Vertical ground

displacement is plotted black, matched filters red. Note the varying scales

of the x-axes.
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Figure S9. Costa Rica quplet recorded along the LA RISTRA array.

Events 1999.232 and 1999.233 – broadband and low frequency bands.

Vertical ground displacement is plotted black, matched filters red. Note

the varying scales of the x-axes.
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Figure S10. Costa Rica quplet recorded along the LA RISTRA array.

Events 1999.232 and 1999.233 –  high frequency bands. Vertical ground

displacement is plotted black, matched filters red. Note the varying scales

of the x-axes.
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Figure S11. Iceland quplet recorded along the LA RISTRA array. Events

2000.169 and 2000.173 –  broadband and low frequency bands. Vertical

ground displacement is plotted black, matched filters red. Note the

varying scales of the x-axes.
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Figure S12. Iceland quplet recorded along the LA RISTRA array. Events

2000.169 and 2000.173 –  high frequency bands. Vertical ground

displacement is plotted black, matched filters red. Note the varying scales

of the x-axes.

92



Chapter 2: Seismic tomography using 

multiple-frequency traveltimes and 

amplitudes 

 
 

2.1 Introduction 
 
 
The method of measuring finite-frequency data as described in chapter 1 

was applied to ~2000 earthquakes from the IRIS DMC database. The subset 

of data measured in North America was used to invert for a new P-wave 

velocity model beneath the continent. This was the first time that finite-

frequency travel times measured in multiple frequency bands were applied 

to a continental-scale tomography problem. Hung et al.(2004) and Yang et 

al. (2006) had previously inverted traveltimes in three different frequency 

bands for arrays in Iceland and the Azores, respectively.  Since these were 

local or regional studies they could avoid correcting for source time 

functions. The present study is also the first to use body-wave amplitude 

anomalies in a truly joint inversion of traveltimes and amplitudes for velocity 

and attenuation structure. 
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This chapter puts its emphasis on the technical aspects of the inversion and 

the lessons learned in integrating and jointly inverting traveltime and 

amplitude data. The final section compares ray-theoretical and finite-

frequency inversions in a more controlled and even-handed manner than 

has been possible so far.  

 

The sequence of steps taken to solve the inverse problem was as follows: 

1. Selection of a subset of suitable data from my global waveform 

database (source and station locations, measurement quality). 

2. Design of the bank of bandpass filters and application of the filters to 

the waveform data.  

3. Design of a spherical, tetrahedral mesh with adaptive cell sizing. 

Mesh vertices are the points at which the solution for VP and Q is 

computed. 

4. Computation of traveltime and amplitude kernels for all accepted 

source/receiver/passband combinations. Interpolation of the kernels 

onto the inversion mesh. 

5. Decision about station and source correction factors to include, and 

what prior parameter uncertainties to assign to them. 

6. Regularization the non-unique system of linear equations; iterative 

solution of the resulting, unique system. 
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A subsection is devoted to each of these steps. Fig. 2-1 schematically 

shows the components A, m, and d of the system of equations whose L2 

norm needs to be minimized: 

! 

min Am"d
2 

Solution m is computed with the conjugate gradient solver LSQR (Paige & 

Saunders 1982, Nolet 1987). Many individual solutions were computed while 

experimenting with different parameter settings and subsets of data. In this 

chapter and the following ones, I discuss three “preferred” solutions that use 

as data  

a) finite-frequency traveltimes and amplitudes 

b) traveltimes only 

c) “ray-theoretical” traveltimes only.  

 

All solutions share the same wavepaths (list of source-receiver pairs), the 

same regularization strategy, and data were derived from the same 

broadband waveforms. Table 2-1 reports basic statistics of the three 

inversions. Data set RT is a subset of T, which is a subset of TA. The 

numbers given are for actually accepted data (input minus outliers). 
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Table 2-1: Data used in tomographic solutions 

 TA: Joint 
traveltimes and 
amplitudes 

T: Multiple-
frequency 
traveltimes 

RT: “Ray-
theoretical” 
traveltimes 

# of source-receiver 
pairs 

59,801 59,801 59,810 

Total data 
 

602,269 442,242 72,415 

# of broadband 
traveltime data 

58,448 58,448 58,448 

# of EHB data 
 

13,967 13,967 13,967 

# of finite-frequency 
traveltime data 

369,827 369,827 0 

# of finite-frequency 
amplitude data 

160,027 0 0 

Passbands used for 
traveltimes 

1-7 1-7 0 

Passbands used for 
amplitudes 

1-3 0 0 

χ2  misfit  of  
preferred solution 

0.423 0.407 0.405 

χ2  misfit of 
unregularized 
solution 

0.345 0.342 0.310 

 
 
 
Table 2-2: Joint traveltime and amplitude inversion 

Data type   # of data   % of total data % of total χ2 
Finite-frequency traveltimes 369,827 61.4% 59.87% 
Finite-frequency amplitudes 160,027 26.6% 27.29% 
“Ray theoretical” traveltimes 58,448 9.7% 8.66% 
EHB ttimes 13,967 2.3% 4.18% 
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2.2 Elements of the inverse problem 
 

2.2.1 Selection of data 

I have downloaded ~2000 earthquakes from the IRIS consortium’s data 

server; each event comprises 80 minutes of three-channel, broadband 

waveform data. This collection contains the large majority of events of 

magnitude mb>=5.8 between January 1999 and August 2007. It is 

supplemented by many earlier events (1990-1998) that occurred in less 

common locations. 1463 events yielded a reasonably confident source time 

function estimate and at least five good matched-filter measurements of 

teleseismic traveltimes and amplitudes (i.e., at epicentral distances between 

30-85 degrees). Fig. 2-2 shows the 637 events that met these criteria for 

stations within North America and were used for the tomography study. Fig. 

2-3 shows an example of raw traveltime and amplitude data measured in an 

intermediate frequency band at GSN station Victorville (VTV) in California. 

The initial geographical limitation to North America allowed for a 

computationally manageable test of our new data and procedures. Just as 

importantly, the time was ripe for a dedicated study using the new, dense 

waveform data from the USArray deployment in the Western U.S.  

 

In matched-filter measurements the acceptance threshold for the correlation 

coefficient between data and synthetic seismograms was set to 0.85 for 

traveltime and 0.90 for amplitude data, regardless of frequency band. Rules 
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for assigning measurement uncertainties were derived from the experiments 

of chapter 1. Standard errors were assigned based on the correlation 

coefficient between individual (bandpass-filtered) seismograms and their 

matched filters. This number could increase by up to 50% depending on 

“event quality”: during data processing each event was assigned a 

confidence figure between 0 (worst) and 5 (best) depending on its relative 

merit on the following three points: How simple (i.e. compact and non-

negative) is the source time function? How many seismograms does it fit 

well simultaneously? Does the source time function simultaneously fit traces 

from several continents? 

 

Figure 2-4 shows histograms of estimated prior measurement uncertainties 

and compares them to data spread before and after inversion (for the 

preferred T&A solution). The initial error estimates are found to have been 

too pessimistic: the (normalized) misfit χ2 for good models lies between 0.3 

and 0.5. (In the following, χ2 always refers to normalized chi-square, i.e. 

absolute chi-square divided by N, the number of data: 

! 

" 2 =
1

N

(di
obs # di

pred
)
2

$ i

2i=1

N

% .) Iterating to χ2 =1 is clearly over-regularizing the 

model in that even the most robust features are severely attenuated. If the 

assumptions of Gaussian distribution, which are implicit in the least-squares 

minimization, are close to the truth then the true data uncertainty should be 

similar to the data residuals of fig. 2-4. The standard deviations of the 
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posteriori residuals in fig. 2-4  are 0.35 s for finite-frequency and broadband 

traveltimes, 0.61 s for EHB traveltimes, and 17% for amplitude anomalies. 

Rather than summarily dividing all data uncertainties by a constant value (for 

lack of a better rule) and repeating all the calculations, I proceeded with the 

original uncertainties that generate the preferred models for χ2~0.4 (table 2-

1). The original uncertainties succeed at weighting traveltime and amplitude 

data evenly in joint inversions: the contribution to the misfit of each data set 

is roughly proportional to its size (table 2-2). 

 

I also estimated measurement uncertainties for traveltime anomalies of 

broadband waveforms. These measurements are of the highest quality 

since broadband traces yield the narrowest cross-correlation peaks. The 

sigma assigned to a broadband measurement is that of the best passband 

measurement derived from it. Usually this amounts to the sigma assigned to 

band 1, 2, or 3. 

 

Broadband traveltimes approximate “ray-theoretical” measurements. They 

serve to directly compare ray-geometrical and banana-doughnut inversions.  

Ray theory assumes the propagation of a discontinuity or pulse-like signal, 

and broadband seismograms represent the most impulse waveform 

available. Note that infinitely narrow rays are indeed the limiting case for 

kernels of infinite bandwidth (whereas mono-frequency kernels oscillate 

strongly and in principle have infinite spatial support). Associating 

99



broadband cross-correlation measurements with ray-geometrical modeling 

is thus at least as appropriate as using “picked” traveltimes. I could have 

used picked traveltimes since they are a by-product of data pre-processing, 

where I align clustered seismograms and pick the onset of the stacked 

trace. However, I found that the matched filter measurements on the 

broadband traces are more robust, particularly for large events with 

emergent onsets. This study offers the advantage over earlier work (Montelli 

et al. 2004, Gautier et al. 2007) of using exactly the same source/receiver 

geometries, data quality, and a consistent method of estimating prior 

uncertainties for both data sets, making for a particularly well-controlled 

comparison. 

 

2.2.2 Design of bandpass filters 

I use a bank of Gabor filters with constant fractional bandwidth  

! 

"f fc = ( f
1
# f

2
) fc  ,  

where 

! 

f
1
 and 

! 

f
2
 are the upper and lower 3-dB corner frequencies, and 

! 

fc  is 

the center frequency. Gabor filters are Gaussians in the log-frequency 

domain and have favorable spectral concentration characteristics. Such 

“constant-Q” filters perform well at selectively extracting information from the 

lower frequency bands, where strong dispersion is present within a narrow 

range of absolute frequencies. Fractional bandwidth 

! 

"f fc  was chosen as 4 

(two octaves wide), which is somewhat wider than in chapter 1. The decision 
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was guided by the desire to limit spatial oscillations and thus the spatial 

support of the resulting banana-doughnut kernels in the mantle. Center 

frequencies of neighboring bands are spaced by √2, resulting in seven 

overlapping passbands within the usable frequency range as shown in Fig. 

2-5a. Kernels for an intermediate frequency band (11 sec dominant period) 

are shown in Fig. 2-5b: at two octaves bandwidth they have only a weak 

second side lobe. 

 

Table 2-3: Bandpass filters 
 
Band number 1 2 3 4 5 6 7 
Center frequency 
(Hz) 

0.04
7 

0.06
7 

0.094 0.133 0.189 0.267 0.370 

Center period (sec) 21.2 15.0 10.6 7.5 5.3 3.8 2.7 
 
 

Considerable experimentation went into the inclusion or exclusion of higher 

frequency bands for amplitude data in particular. For the final model, I 

included traveltime measurements in bands 1-7 and amplitude 

measurements in bands 1-3. In higher bands, amplitude anomalies become 

larger but so does measurement noise (fig. 1-7). It is unclear how much of 

this more complicated signal is useful in that it originates from mantle 

structure (even when using only the lower bands, see chapter 4). On the 

negative side, inclusion of high-frequency amplitude data aggravates the 

already serious challenge of detecting and removing outliers. 
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2.2.3 Inversion mesh 

Design of the inversion mesh reflects a compromise between the desire to 

render fine features and computational cost. The number of mesh vertices is 

roughly proportional to the number of non-sparse elements in the inversion 

matrix. Our computational bottleneck is total cluster memory during 

inversion (2 GB per node on 32 nodes). Irregular tetrahedral meshes have 

the advantage of being able to accommodate different sizes of tetrahedra in 

a straightforward manner. The mesh can thus be rendered denser 

selectively in places where the data offers increased resolving power.  

 

Building on the adaptive meshing philosophy laid out by Nolet & Montellli 

(2005), I identified the transparent and elegant code by Persson & Strang 

(2004) as an ideal tool to generate tetrahedral meshes of demonstrably high 

quality, as measured by the regularity of the tetrahedra: a large ratio of 

volume to facet length cubed is desired. 

 

Through gradual refinement I settled on a mesh with a targeted facet length 

of 200 km in the upper mantle; beneath 670 km, facet length increases 

linearly to 600 km at the center of the earth. Stations at the surface cause 

the volume beneath to be populated with smaller tetrahedra: minimum facet 

length is 60 km, increasing linearly with distance from the station. Beneath 

station clusters, facet length increases less rapidly than beneath isolated 
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stations. Fig. 2-6a shows the mesh of 92,175 nodes that was used for the 

North American tomography study. Effectively, facet length is 60-80 km in 

the upper 400 km beneath the entire U.S. Fig. 2-6b shows this mesh’s 

capacity to render Gaussian anomalies of 200 km diameter in the upper and 

lower mantle. 

 

2.2.4 Computation of kernels 

Traveltime observations are linked to velocity structure by the traveltime 

kernel 

! 

K
T :  

 

! 

"T = K
T
(r)# "ln(V

P
)d

3
r  

 

Amplitude observations are linked to velocities by the elastic amplitude 

kernel 

! 

K
A , and to attenuation by the anelastic amplitude kernel 

! 

K
Q ; this 

makes the treatment of amplitude data twice as expensive computationally. 

 

! 

"ln(A) = K
A
(r)"ln(Vp )d

3
r +# K

Q
(r)" ln(Qp

$1
)# d

3
r  

 

! 

" ln(A) = (Aobs#Apred ) /Apred  
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Expressions for the Fréchet kernels were derived by Dahlen et al. (2000) for 

! 

K
T , by Dahlen and Baig (2002) for 

! 

K
A , and by Tromp et al. (2005) and Nolet 

(2008) for 

! 

K
Q . 

 

The kernels were computed by paraxial ray-tracing (Hung et al., 2000; 

Montelli et al., 2004; Tian et al., 2007) using the bandpass filters described 

earlier. The spherically symmetric background model for P-velocity it is 

IASPEI91 (Kennett and Engdahl, 1991). For Q, a modified version of the 

PREM Q model is used (see chapter 4). The quadrature of the kernels over 

the tetrahedral mesh (Tian et al. 2007) is the computationally most 

expensive step.  

 

I also computed ray-theoretical kernels for the broadband data set and for a 

small auxiliary data set of 14,312 picked traveltimes from the EHB catalogue 

(Engdahl et al., 1998). Measured in North America at epicentral distances of 

less than 30 degrees, this data was meant to add information on the 

uppermost mantle and contributed 2.3% of total measurements. Excluding 

this data made no appreciable difference, thanks to the dense station 

spacing of the new USArray. However, these “conventional” traveltimes 

served as a useful reference while testing the functioning of source and 

receiver correction factors. 
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2.2.5 Components of the solution 

Although we are seeking a three-dimensional solution only for VP and Q, 

certain correction factors (additional unknowns during inversion) are 

customarily added to body-wave inversions in order to account for source 

and station effects that are difficult to isolate and quantify a priori. For joint 

traveltime and amplitude inversions, the inversion software by Tian et al. 

(2007) allows for up to ten kinds of unknowns to generate the predicted data 

vector: three model parameters (VP, VS, QS), three kinds of source 

corrections (hypocenter, origin time, and source magnitude) and four kinds 

of station corrections (station delay and magnification corrections for P and 

S waves). Each correction consists of one scalar per source or station, i.e. 

the corrections are assumed to be independent of frequency or azimuth. In 

addition to specifying VP and Qs as unknowns, I included four of the seven 

possible corrections: hypocenter and origin time source corrections, source 

amplification corrections, and station amplitude corrections.  

 

Attenuation is parameterized as shear-wave quality factor “QS”, or more 

precisely as 

! 

" ln(Q
S

#1
) , for both P-wave and S-wave amplitude inversions. 

This offers the option of future joint inversions of P-wave and S-wave data. 

Attenuation is modeled by adding a small imaginary component to the 

elastic constants κ and µ, and thus to the velocities VP or VS. The 

assumption that connects the two kinds of waves is that P-wave attenuation 
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due to pure compression is negligible (i.e., 

! 

Im(") = 0), a reasonable 

approximation in light of the current data situation. Using 

! 

Vp = (" + 4 /3 #µ) $ , and  

! 

Vs = µ " , the following relation can be derived 

between P-wave Q and S-wave Q (Nolet 2008, section 5.4): 

! 

Q
P

=
3V

P

2

4V
S

2
Q
S  

The inversion software outputs QS, and in the following I always mean QS 

when I refer to attenuation.  

 

For every correction used, a prior uncertainty must be assigned. Significant 

effort went into experimenting with relative magnitudes for these 

uncertainties in the joint traveltime and amplitude (T&A) inversions. Table 2-

4 gives prior uncertainties for all solution/correction components of the 

preferred solutions; Fig. 2-7 shows distributions after inversion for the 

preferred T&A inversion. As an overall philosophy, prior uncertainties of 

parameters and corrections with uncertain effect (Q and amplitude 

corrections in particular) were chosen generously. This also helps prevent 

outliers from acting as leverage points; despite the Gaussian assumption, 

histograms after inversion tend to have heavy tails. In chapter 4, I discuss 

the effects of limiting or removing some of these degrees of freedom. 
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Table 2-4: Prior uncertainties of solution components and corrections 

Solution component Prior uncertainty 
P-wave velocity VP 1% 
Attenuation QS 30% 
Hypocenter corrections (three per 
event) 

8 km 

Event origin time correction 1.2 s 
Traveltime station corrections 0 s 
Amplitude event corrections (dA/A) 0.50 
Amplitude station corrections (dA/A) 0.15 
 
 

Fig. 2-8 illustrates the relative contributions of each solution component (VP, 

Q, correction factors) to the predicted data vector, and more specifically to 

the four different subgroups of data. Event corrections predict a large part of 

the raw input data and are crucial to achieving a fit anywhere close to the 

best possible fit. Origin time and hypocenter corrections are much larger for 

data measured by our cross-correlation method than for the “picked” 

traveltimes from the EHB catalogue. The measurement procedure relocates 

events in depth in order to obtain a physically plausible source time function 

but it does not attempt to also adjust the published origin time and epicenter 

estimates accordingly. The corrections during inversion accomplish this 

adjustment. Note however that origin time and hypocenter corrections trade 

off against each other in Fig. 2-8, groups 2&3. The vector addition of the two 

corrections VP has a total magnitude that is marked by the height of the 

black bar. Summing the magnitudes of the individual (colored) components 

yields a significantly higher stack. The difference is explained by the two 
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corrections interfering destructively. Partly this may be physically reasonable 

but more likely it is happening due to the generous prior uncertainties on the 

source corrections. In the case of traveltimes this is of little concern since we 

are not interested in source characteristics per se, and the corrections 

cannot interfere much with three-dimensional VP structure. 

 

For amplitudes, the situation is more opaque. In contrast to traveltimes I 

allow for station corrections, which have the potential to absorb a significant 

amount of upper mantle signal. Station corrections are meant to account for 

shallow geological structure and badly calibrated stations but by nature they 

have the potential trade off against both VP and QS. QS is particularly 

susceptible since lateral variations in Q are thought to be largely limited to 

the upper half of the upper mantle (Romanowicz & Mitchell 2008, and 

references therein), where body-waves have poor vertical resolution. 

Moreover, Q is constrained only by amplitudes, whereas VP receives most of 

its constraints from traveltimes. The interaction of these solution 

components is the subject of chapter 4.  

 

In the “preferred” solution the components that predict amplitudes could 

partition freely since none of their prior uncertainties was restrictive, except 

perhaps that for VP. The following observations can be made about the 

“preferred” solution:  
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VP predicts amplitude variations on the order of 10-15%, a significant part of 

the amplitude signal. QS predicts a signal that is about three times smaller 

(Fig. 2-8). Amplitude station corrections generate a signal about as large as 

QS.  

 

Event corrections are important, just as they are for traveltimes. Their 

magnification correction is on the order of 15%. This is not the full 

discrepancy between measured and predicted magnitude since the 

amplitude data were demeaned eventwise upon assemblage of the data set. 

The correction thus accounts mostly for discrepancies in relative 

magnifications of different data clusters, and for demeaning errors due to a 

small number of measurements for some events. 

  

2.2.6 Regularization 

Norm damping and Laplacian smoothing are applied to render the system of 

equations non-unique. Putting a moderately larger penalty on roughness 

than on magnitude seems to work well. Specifically, the solutions presented 

here all use three times more smoothing than damping. In an early stage of 

experimentation, no big difference in behavior was observed for ratios from 

1:2 to 1:10. Simply regularizing to a misfit χ2 = 1 was not a successful 

strategy as it resulted in extremely attenuated and smoothed models. 

Instead I determined through L-curve tests and assessment of physically 
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plausible features in the models that a “good” regularization increased χ2 by 

20-30% over the χ2 of the corresponding unregularized inversions (table 2-

1). As expected, the sparser ray-theoretical inversion has the smallest misfit 

in an unregularized inversion. 

 

2.3 Comparison of ray-theoretical and finite-frequency 
traveltime tomography 
 

Regularization can be a contentious issue among tomographers. Inevitably it 

involves a subjective choice on how to best add constraints to render the 

system unique. If we had enough information to assemble a fully determined 

system in the first place, comparing the models of different researchers 

would be infinitely easier. USArray puts us in a favorable position in that it 

has multiplied the amount of data available for North America. In practice 

there are a great many mid-scale features beneath the Western U.S. that 

only the most heavy-handed treatment could regularize away, especially in 

the upper mantle. Among them are Yellowstone and its hotspot track, the 

hot asthenosphere beneath the Great Basin and Rio Grande Rift, the fast 

craton keel of the Wyoming Basin, and the foundering Farallon slab in the 

transition zone. 

 

The debate about the practical merits of finite-frequency tomography, which 

is a debate about adequacy of modeling given the data available, has been 
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obscured by the uncertain roles of different regularization strategies, 

different data sets, and  parametrization choices made by different 

researchers (van der Hilst & de Hoop 2005, Montelli et al. 2006). We are in 

a better position than ever to investigate this question because the two 

traveltime data sets T and RT (table 2-1) were derived from the same select 

set of quality-controlled waveform data, measured with the same techniques 

and the same rules to assign measurement uncertainty.  In contrast to 

earlier studies, data set T is tailored to bring out the full potential of finite-

frequency modeling by means of multiple-band measurements. Data set T 

offers the best data that finite-frequency modeling is capable of interpreting, 

and data set RT does the same for ray theory.  

 

The prior work most similar to the present study is that by Hung et al. (2004) 

on Iceland. They inverted ~5,500 finite-frequency P-wave traveltimes in 

three frequency bands and compared to this ray theory, with the same 

overall conclusions as found here: finite-frequency models recover velocity 

anomalies of greater magnitude, and resolution at depth is improved. The 

main difference to the present study is the much smaller aperture of their 

array, which meant that the uppermost mantle was not well constrained. 

When combining USArray data with finite-frequency modeling, this problem 

seems almost non-existent. Montelli et al. (2004) inverted a 86,400 P-wave 

finite-frequency  traveltimes for global mantle structure. While being the 

largest finite-frequency study among the ones reviewed here, the data set 
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was small for a global inversion and measurements were limited a single 

band at the lower end of the usable spectrum (dominant period 20 s). 

Comparing to inversions of the same data set under the ray-theoretical 

assumption they find that finite-frequency inversions recover 30-50% 

stronger velocity anomalies, which for the first-time enabled a 

comprehensive and confident  assessment of the worldwide expressions of 

mantle plumes. Similarly, Gautier et al. (2008) compared ray-theory and 

finite-frequency theory in the Mediterranean region, but in only one 

frequency band.  Yang et al. (2006) measure  228 P-wave data in three 

frequency bands in the Azores, but 70% of them are measured in the lowest 

band and the study does not compare to ray-theoretical modeling. 

 

We render the two inversion matrices for data sets T and RT on the same 

mesh, one with banana-doughnut kernels, the other one with geometrical 

rays. We invert both data sets with the same regularization strategy, a 

simple one that, at least for the full T&A data set, is rather insensitive to the 

exact partitioning of damping and smoothing.  The results are two models of 

similar shape. They nevertheless differ in some important aspects that 

matter for interpretation in terms of earth structure. The greatest differences 

are found in the uppermost mantle and at the deepest end of the resolved 

depth range – in this case, 1500-1800 km. 
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Figs. 2-9 and 2-10 offer two good and representative examples of these 

general differences. Fig. 2-9 is a cross-section at 40ºN beneath the entire 

U.S. I have investigated it at length because it best displays my most 

important finding of chapter 3, that the Farallon plate is divided by a frontal 

break beneath the Central U.S., and that the current and the older, stalled 

system descend to the lower mantle independently. Fig. 2-9a shows clear 

differences in the extent to which the two slab segments in the lower mantle 

are resolved (ellipses a and b). In the finite-frequency inversion (“FF”), the 

slab in ellipse a) is most strongly expressed around 800 km and from 1200-

1600 km depth. The ray-theoretical inversion (“RT”) peters out below 1200 

km. Note that the difference between the lightest shade of blue and the next 

darker shade is a factor of two. This slab in the lower mantle is a newly 

discovered feature – I would have hesitated to stake a claim based on the 

ray-theoretical picture. The older slab segment beneath the eastern U.S. 

offers a similar picture. The finite-frequency image is twice as strong in 

magnitude as the ray-theoretical picture. It shows a clear subdivision into 

two parts that is not damped away easily, in contrast to RT. From global 

tomography (Grand 1994, van der Hilst et al. 1997) this eastern slab is know 

to be a continental-scale feature that descends to at least 2200 km depth at 

this latitude (Grand 1994, Montelli et al. 2004, Ren et al. 2007), which 

cannot be guessed from RT. 
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One might suspect that inversion RT is overdamped, which could have 

caused the deep slabs to fade disproportionately. Figures 2-9b to 2-9d show 

what happens when regularization is gradually decreased. For RT, the slabs 

in the lower mantle never become as strong as for FF. By 2-9c, the slab 

outlines in RT become fuzzy, whereas the subdivided, “blobby” structure of 

the slabs becomes more pronounced in FF. In both cases the pictures 

deteriorate because poorly constrained anomalies crop up from the deep 

end of the domain. 2-9d shows a comparison of the unregularized 

inversions. The largest anomalies occupy the regions that are least 

constrained by data: the mantle beneath the eastern U.S. that has yet to be 

illuminated by USArray. Note that the anomalies in FF do not blow up as 

extremely as in RT: the wide spatial support of the banana-doughnut kernels 

evidently puts enough constraints even on the poorly sampled areas to 

prevent these arbitrary magnifications. 

 

Differences in the upper mantle between ray theory and finite-frequency 

inversions can be appreciated in the area marked as “c” in Fig. 2-9a. The 

magenta arrow marks the Juan de Fuca trench. In FF, the slab is a fast 

band that is sharply delineated and continuous from the surface down. In 

RT, the slab shows no such desireable connection to the surface. The slab 

appears widened and less sharply delineated; the same holds for the 

adjacent hot material of the spreading ridge to the west and the Great Basin 

to the east. A shallow fast anomaly at 117ºW is barely present in RT. Upper 
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mantle features in general are rendered at greater magnitude and with 

sharper boundaries in the finite-frequency inversion. Thanks to the finite 

support of the banana-doughnut kernels, slow material extends farther west 

into the uninstrumented area and towards the spreading ridge, where it is 

geodynamically expected. 

 

Fig. 2-10 shows a section of particular geodynamical interest as it strikes 

along Yellowstone’s hotspot track. Surprisingly, I find it to be underlain by 

the Farallon slab that is foundering in the transition zone. Again, the slab in 

RT is weaker and does not connect upward to the trench -- but neither does 

FF, strictly speaking. Instead, the slab in FF seems to connect upward to the 

fast, deep root of the Cascade ranges. The picture illustrates why this 

connection is so challenging to resolve: trench and Cascades are separated 

by an intensely slow band of backarc/wedge material, and vertical resolution 

near the surface is notoriously limited for steeply incident body waves. 

However, the FF inversion comes decidedly closer to rendering a 

continuous slab. The banded structure of trench-backarc-mountain root 

causes intense amplitude focusing in Cascadia, as discussed in chapter 4. 

The associated dispersion of traveltimes as well as amplitudes must help 

finite-frequency inversions resolve the true picture.  

 

FF renders the asthenosphere beneath the Yellowstone hotspot track as a 

compact feature that suggests flow from west to east and up toward 
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Yellowstone caldera. The picture for RT is again fuzzier and weaker in 

magnitude. The fast material directly beneath McDermitt (presumably fast 

velocity residual from the flood basalt eruptions (Humphreys et al., 2000), is 

barely present for RT. 

 

In summary: the differences between finite-frequency and ray-theoretical 

inversions may seem subtle to the cursory observer. Yet the above 

examples show that variations in the magnitude and compactness at which 

features are resolved can make a big difference for geodynamical 

interpretation. The finite-frequency pictures are more plausible in light of 

what we know (a slab must be present at the trench, etc.) That inspires 

confidence in features that we cannot yet check independently. In the next 

chapter, I make a new and confident claim that not just one but two whole-

mantle convection systems are present beneath North America.   
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Figure 2-1. Schematic of the linear system of equations to solve: d=A·m.

Data vector d consists of traveltime anomalies, amplitude anomalies,

and zeros in regularization rows. Model vector m consists of P-wave

velocity anomalies, Q anomalies, and station/event corrections (c).

Matrix A links data and model through traveltime kernels (KT), amplitude

kernels (KA, KQ), and regularization rows.
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Figure 2-2. Location of 637 teleseismic earthquakes used in the North

American tomography study. The events occurred between January 1990

and August 2007, and are generally of magnitude 5.7 and larger. Each

event yielded at least five good measurements at stations located in North

America at 30-85 degrees epicentral distance.
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Figure 2-3. Example of finite-frequency traveltime and amplitude anomalies

measured in band 3 (center period 11 sec) at station Victorville (VTV) in

California. Caption on next page.
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Figure 2-3 (caption). Example of finite-frequency traveltime and amplitude

anomalies measured in band 3 (center period 11 sec) at station Victorville

(VTV) in California. This is an intermediate frequency range in which

body-wave data had not been selectively measured before, due to the

complications that source time functions of finite duration introduce. Dot

color codes for epicentral distance. Clear and systematic timing and

amplification offsets for arrivals from distinct geographical regions indicate

that the signal-to-noise ratio is good, even for the more challenging

amplitude measurements.
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Figure 2-4. Histograms of data before and after inversion, and of

estimated measurement uncertanities. Caption on next page.
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Figure 2-4 (caption). Histograms of data before and after inversion, and of

estimated measurement uncertanities. Each panel shows input data

(purple), prior measurement uncertainties (cyan), and residuals after

inversion (magenta). Group 1 is a small data set of “conventional” picked

EHB traveltimes included for reference. Groups 2 and 3 are broadband

and finite-frequency traveltimes (bands 1-7), respectively. The difference

between their initial and final spread is  larger than for group 1 because

event depths but not hypocenters were relocated by the data measurement

procedure. Their final spread is smaller than for the picked traveltimes,

attesting to the high quality of the finite-frequency data. Group 4 is a set of

finite-frequency traveltimes (bands 1-3).
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Figure 2-5. A) Transfer functions of the bandpass filter bank of Gabor filters

used to compute the Fréchet kernels. B) Fréchet traveltime (KT) and

amplitude  (KA and KQ) kernels computed for the second-lowest passband,

which is centered on 15 s period. The epicentral distance is 60 degrees.
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Figure 2-6. Design of the inversion mesh. Caption on next page.
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Figure 2-6 (caption). Design of the inversion mesh. A) Global mesh of

92,175 tetrahedra generated by the DISTMESH algorithm of Persson &

Strang. The mesh coarsens toward the center of the Earth. The densest

area corresponds to the upper mantle beneath North America. B)

Histogram measuring the non-singularity of the tetrahedra. The value 1

indicates the best case, the highest achievable ratio of volume and facet

length squared, which is attained only by a perfectly regular tetrahedron.

The algorithm produces a well-formed mesh since a high fraction of

tetrahedra that achieve a value close to 1. C) An attempt to render

Gaussian spherical anomalies of 200 km diameter on the mesh results in

very clean outlines in the upper mantle. In some areas of the lower mantle

the grid becomes to coarse. 400-km spheres are rendered cleanly

everywhere, and this was found to be sufficient since tomographic

resolution decreases as well at depth.
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Figure 2-7. Histograms of the six components of the preferred joint

traveltime and amplitude solution. A: δln(Vp). B: δln(Qs
-1). C: hypocenter

corrections, unit km; D: origin time corrections, unit sec. E: event

magnification corrections. F: station amplification corrections δln(A). In A

and B, values in the bin around zero are truncated: the vast majority of

values is near-zero for a regional inversion on a global grid.
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Figure 2-8. Relative contributions of the six solution components to

explaining the data. Caption on next page.
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Figure 2-8. Relative contributions of the six solution components to

explaining the data. Data groups are (1) conventional EHB traveltimes, (2)

broadband traveltimes, (3) finite-frequency traveltimes in bands 1-7, (4)

finite-frequency amplitudes in bands 1-3. To compute the data predicted by

each solution component, the (NxM) inversion matrix was split into six

column blocks  (M=M1+M2+…+M6) corresponding to δln(Vp), δln(Qs
-1), and

the four types of corrections. Each block was separately multiplied by the

preferred solution; each resulting N-vector represents the contribution of

this solution component to the overall predicted solution. The N-vector was

then split into the four parts N=N1+N2+N3+N4 corresponding to the four

data groups. Height of each colored segment indicates the magnitude of

an Ni vector, divided by the number of its elements. All values are in

normalized data units, as used internally during inversion. The black bars

show the vector sums of all predicted data components (the absolute

length of the predicted data vector, divided by the number of its elements

Ni). Brown bars are residuals after inversion. The residuals are of similar

size for all data groups: the inversion is balanced in that all groups

contribute to the total misfit proportional to their size (see also Table 2).

Event corrections are large for finite-frequency traveltimes: they correct for

the fact that events were previously relocated in depth without adjusting

the origin time/hypocenter estimates. Event (moment) corrections are

important for explaining amplitudes (orange). Q explains little of the data.
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Figure 2-9a. Comparison of finite-frequency traveltime inversion (left) and

ray-theoretical traveltime inversion (right), using the same regularization

strategy as for the preferred joint T&A inversion. Caption on next page.
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Figure 2-9a (caption). Comparison of finite-frequency traveltime inversion

(left) and ray-theoretical traveltime inversion (right), using the same

regularization strategy as for the preferred joint T&A inversion. (The

comparative findings we discuss are not very sensitive to the exact

regularization strategy as long as a noticeable amount of norm damping is

present.) Source-receiver combinations were identical, see Table 1. The

two models have the same misfit.

Shown is a section under North America at 40ºN -- x-axis marks degrees

longitude. Differences are most pronounced in the uppermost mantle and

below 1000 km depth. Ellipses a,b,c mark areas where the models differ

in important ways. They are discussed in the text.
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Figure 2-9b continued. Comparison of finite-frequency traveltime

inversion (top) and ray-theoretical traveltime inversion (bottom).

Decreasing regularization to achieve a smaller misfit does not remedy the

shortcomings of the ray-geomtetrical inversion.
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Figure 2-9c continued. Comparison of finite-frequency traveltime

inversion (top) and ray-theoretical traveltime inversion (bottom). With

further decrease of regularization, anomalies in poorly constrained

regions start to blow up.
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Figure 2-9d continued. Comparison of unregularized finite-frequency

traveltime inversion (top) and ray-theoretical traveltime inversion

(bottom).
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Figure 2-10. Comparison of finite-frequency traveltime inversion (top) and

ray-theoretical traveltime inversion (bottom). Plot shows a section beneath

the Snake River Plain. The “preferred” regularization strategy was used in

both cases and models have the same misfit. Findings are discussed in the

text.
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3.1 Introduction 
 
Eastward subduction of oceanic tectonic plates has shaped the geologic 

history of western North America over the past 150 million years. The 

mountain-building and volcanism that brought forth the spectacular 

landscapes of the West are credited to the vast ancient Farallon plate, which 

interacted mechanically and chemically with the overlying continent as it 
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plunged back into the mantle. This plate has almost disappeared from the 

surface, but it has been expected to remain more or less intact as a cold 

sheet in the warmer mantle. Here we use finite-frequency traveltime and 

amplitude measurements of teleseismic P-waves in seven frequency bands 

to obtain a high-resolution tomographic image to ~1800 km depth. We find 

that in reality two clearly distinct subduction systems are present under 

North America. The currently active one descends from the Pacific 

Northwest coast to 1500 km depth beneath the Great Plains, whereas its 

stalled predecessor occupies the transition zone and lower mantle beneath 

the eastern half of the continent. We argue that the separation between 

them is linked to the end of the Laramide era 50 million years ago, a time of 

unusual tectonic and volcanic activity during which the flatly subducting slab 

is inferred to have caused the uplift of the ancestral Rocky Mountains1. Our 

tomography also reveals tears or fractures in the submerged plate that are 

thousands of kilometers long. The longest one, which strikes northeast from 

Oregon to southern Saskatchewan parallel to the Yellowstone hotspot track, 

may have affected subduction and volcanism in a major way. 

 

Direct imaging of the Farallon plate has proved challenging. Its currently 

descending remnant, the Juan de Fuca plate (figure 1), is young and 

generates few deep earthquakes. Near the trench, this slab has been 

imaged down to ~400 km but no deeper 2-6, and seems to be broken or 

absent in some places. Surface-wave studies7 observed extended high-
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velocity zones in the transition zone under western North America. Global-

scale body-wave tomography has mapped Farallon remnants in the lower 

mantle under eastern North America8,9,10. Imaging to similar depths under all 

of the U.S. and with higher resolution, we assemble a surprising new picture 

of the Farallon’s history.   

 

3.2 Two subduction systems beneath North America 
 

Our study includes teleseismic P-wave arrivals from all suitable earthquakes 

between 1999 and August 2007, and from many earlier events, for a total of 

637 sources (Supplementary Figure 1). Image resolution and coverage 

benefit greatly from the new, densely spaced USArray stations in the 

western U.S. This broadband array data is put to optimal use with finite-

frequency modeling11-16. Resolution at depth is increased significantly by 

exploiting the frequency-dependence of sensitivities on both travel times and 

amplitudes, which we measure in seven frequency bands from 0.046 to 0.4 

Hz (17), and invert for P-velocity and attenuation. Such multiple-frequency 

measurements increase the number of constraints on the solution by almost 

an order of magnitude, for a total of 434,013 traveltime and 109,045 

amplitude data. 
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Figure 1 shows cross-sections through our solution for P-wave velocity 

anomalies; the background model is IASPEI91 (Supplementary figure 3 

shows the corresponding resolution tests.) We focus on the latitudes of the 

current Farallon plate margin in Cascadia, from the Mendocino Triple 

Junction at 40°N to ~50°N offshore Vancouver Island. In figure 2, the 

subduction system is visualized as three-dimensional isosurface, extracted 

from the same volumetric data as figure 1. The threshold of dV/V=+0.4% 

does justice to weaker anomalies in the lower mantle without distorting 

upper mantle features, which are delineated with much larger velocity 

gradients.  

 

The section at 42°N assembles our most salient observations. From its 

trench, the sharply defined Farallon slab sinks into the transition zone 

(anomaly S1), apparently shortening and thickening. For the first time we 

can see that it then continues to at least 1500 km depth (S2). East of 

100°W, a massive block of fast material F1 fills the transition zone and 

connects downward to lower-mantle anomaly F2. Fig. 2a shows that F2 is 

part of a high-velocity band that stretches from the Caribbean to eastern 

Canada. From global-scale body-wave inversions8,9, this band has emerged 

as a robust deep feature. Farallon subduction is known to have been 

uninterrupted, and the trench has moved westward continuously over the 

past 150 Myr18. Yet our images reveal not one but two whole-mantle 

subduction systems. The western edge of foundering slab F1 is clearly 
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delineated in Supplementary Figure 5a -- it runs from Alberta to Louisiana. A 

frontal, trench-parallel break along this line must have severed the original 

connection between F1 and S2, allowing the younger material to descend 

independently and more steeply from there on. As expected from this 

scenario, the two systems have no lateral overlap (figure 2a).  

 

When and why did this “Big Break” happen? We propose that it ended the 

Laramide period (70-50 Myr) of flat-slab subduction by re-initiating a steeper 

angle of descent between 50-40 Myr, as illustrated in figure 3. Measuring 

slab length from the trench down, we estimate that the lower end of S2 

subducted ~50-60 Myr. Along the direction of relative plate motion, from 

Cape Mendocino to the lower mantle beneath eastern Montana, slab length 

is ~3500 km, corresponding to 45 Myr of subduction19. The true age is 

probably older because we see the (modern-day) slab thicken and shorten 

at the 670-km discontinuity. Yet even an effective length of 6000 km would 

translate to an age of only 70 Myr due to rapid plate convergence at the 

time. We propose the break happened along the edge of the craton ~1000 

km inland, where stress was focused as the flat slab was deflected 

downward. If the tip of S2 entered the trench at 60-50 Myr, it reached the 

craton’s keel at 50-40 Myr, approximately the time of  westward migrating 

volcanism; at 35 Myr the volcanic arc along the West Coast had been re-

established1,20,21. Today, the cratonic keel is located ~800 km southwest of 
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F1’s western margin (Supplementary Figure 5a), as would be expected from 

~40 Myr of North American plate movement at ~2 cm/yr (18).  

 

Why has the 670-km discontinuity prevented F1 but not S2 from sinking into 

the lower mantle? The likely explanation lies in the rate of retrograde trench 

migration (North America’s absolute velocity), which was ~5 cm/yr before 40 

Myr and ~2 cm/yr after18. In convection simulations22,23, rates above 2-4 

cm/yr are observed to prevent passage through the endothermic phase 

transition as the slab hits the discontinuity at a flatter angle; flat-slab 

subduction probably enhanced this effect. As trench migration slowed, so 

did the rate at which “storage space” was created beneath the craton. The 

slab had to steepen and pushed its way through the phase transition. 

 

3.3 More tears and breaks in the Farallon slab 
 

Our tomography reveals three more instances of large-scale fractures or 

tears in the subducted Farallon plate. The Mendocino Fracture Zone, a very 

long-lived transform fault, defines the southern limit of the Juan de Fuca 

plate at the surface. In figure 2, we can follow this line east and down into 

the mantle, where it marks the southern edge of S1. South of it, no slab 

material is imaged in the upper mantle – this is the predicted “Slab Window” 

associated with the onset of transform motion on the San Andreas Fault 
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since 30 Myr19,24 (Supplementary Figure 4). Anomaly W must represent the 

last piece of plate that subducted south of the Mendocino Fracture Zone. W 

is clearly disconnected from S1/S2 now, along the line of the Mendocino 

Fault’s predicted continuation. The relatively westerly19 and deep location of 

W implies that it separated from S1/S2 long ago and thus was free to sink 

more steeply. 

 

An even longer tear or break is the “Slab Gap” imaged beneath a 2500-km 

long line that runs from near the trench in Oregon to southern 

Saskatchewan. It is characterized by the absence of fast slab anomalies 

above 1200 km depth (fig. 1, section C), in contrast to sections B and D that 

parallel C at 190 km distance. Figure 2 illustrates how the Slab Gap splits 

the subducting plate into a southern (S1/S2) and a northern (N1/N2) 

segment. The Gap strikes perpendicular to the trench and parallel to the 

direction of relative plate convergence over the past 70 Myr. It must be very 

old because it separates the oldest parts of S2/N2 as well as even older F1 

in the transition zone (Supplementary Figure 5a). The Slab Gap may be a 

tear that has always operated close to the trench, perhaps self-perpetuating 

if N1 and S1 always dipped at different angles. The Juan de Fuca seafloor 

has northeast-trending lines of weakness but no obvious surface 

continuation of the Gap.  
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Trench-perpendicular breaks and tears are significant: they modify 

subduction dynamics by changing a slab's aspect ratio. Narrow segments 

are capable of faster rollback since material behind the slab is more readily 

removed by flow around the nearby edges25,26.  Post-Laramide steepening 

of the Farallon slab is inferred from spatio-temporal propagation of several 

magmatic fronts; the general trend was westward but details are 

complex21,27. Such complications would be expected if S1/S2 and W 

retreated independently and became warped by flow through the Slab Gap 

and the Mendocino Fracture. The Slab Gap’s predecessor on the older 

F1/F2 system would have allowed flat subduction of the southern segment, 

independent of the northern segment. This could explain why the Gap 

coincides with the northern margin of Laramide-aged basin uplifts1,20. More 

recently, the weak zone along the Gap may have facilitated the breakup and 

re-orientation of the Juan de Fuca plate since 10 Myr24, a process reflected 

in the fragmented geometry of N1.  

 

A lateral tear (T) at the 670-km discontinuity radiates south from the Slab 

Gap at around 105°W; it extends from ~48°N to 40°N (figure 2). This tear 

accounts for the increasing disconnect between S1 and S2 in the sequence 

of sections “42°N-A-B”; slow anomaly Y (barely visible in A but fully 

developed in B) fills the space between the wings of the broken slab. In the 

corner formed by the tear and the Slab Gap, a sliver of S1 protrudes far east 

and lies so shallow that it abuts the craton keel beneath Wyoming (figure 1, 
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A). Presumably this free northern edge rises because slab pull is 

concentrated south of 40°N, where the connection between S1and S2 is 

intact. 

 

3.4 The Farallon slab and Yellowstone 
 
The warped, shallowing slab is interesting as it relates to the Yellowstone 

hotspot track. Surprisingly, the eastern Snake River Plain is underlain by S1 

at 350-600 km depth (fig.1, B).  Asthenosphere is thus sandwiched between 

the anti-parallel conveyor belts of lithosphere and slab. The shape of this 

very slow anomaly suggests flow driven east toward the craton keel and up 

beneath Yellowstone. It suggests that the hotspot is fueled by a shallow 

mechanism. Anomaly Y is located 500-1000 km beneath Yellowstone. It is 

the most pronounced slow anomaly in this depth range, but we do not 

observe a clear connection to the surface in any direction. However, Y may 

still have been the source of a plume head that caused the massive 

volcanism of the Columbia River flood basalts 17 Myr ago28,29 and heated 

the asthenosphere to its present level. 

 

Just north of Yellowstone, S1 gives way to the Slab Gap, and Y occupies 

part of the widened gap segment beneath Montana (figure 2a). When the 

Columbia basalts erupted at ~17 Myr, this segment was underlying the 

eruption area around the Oregon/Washington/Idaho border28. With no slab 
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overhead, buoyant material would have made an unimpeded ascent to the 

surface. Y’s depth and clear lack of  a downward continuation make it a 

prime suspect for a mid-mantle plume30 that sourced its material from a 

“second asthenosphere” (low viscosity channel) below the 670-km 

discontinuity. This kind of plume is predicted to exist if the endothermic 

phase transition at 670 km depth acts as a strong but incomplete barrier to 

vertical flow. We know this to be the case from the co-existence22 of 

foundering slab F1 and descending slab S2. Mid-mantle plumes are brief, 

localized upward leakages. In convection models they develop more rapidly 

and have wider and hotter plume heads than classical lower-mantle plumes; 

this fits observations28 for volcanism around 17 Myr. The evolving tear T 

would have disturbed the 670-km discontinuity; as S2 dropped and S1 

shallowed, plume material from the “second asthenosphere” may have shot 

up in response. 

 

The examples of the Big Break, Slab Gap, Mendocino Fracture and a lateral 

tear clearly show that large-scale tears and fractures have shaped the 

subduction history of the Farallon plate. The other driver of complexity and 

change seems to have been the strong endothermic phase boundary 

between upper and lower mantle. It allowed for passage of slab and plume 

material only episodically, in events that left massive traces in the geological 

surface record. 
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Fig. 3-1. P-wave velocity anomalies in the North American mantle down

to 1800 km depth. Topographic map shows locations of six cross-

sections as blue lines and seismic stations as black dots. Boundaries:

political (black), geological provinces (red), tectonic plates (magenta).

F: Juan de Fuca plate, a Farallon remnant. PA: Pacific plate. Red

triangles are volcanic fields, from west to east: Newberry, McDermitt,

Yellowstone. Gray-shaded areas in cross-sections are not well

resolved. Magenta triangles mark plate boundaries. Aspect ratio is

approximately 1:1.
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Fig. 3-1 (caption continued).

Section at 42°N cuts through two whole-mantle subduction systems:

a slab (fast anomalies S1 and S2) descends from the Cascadian

trench to ~1500 km depth, bounded by very slow material to the west

(spreading ridge) and above (Great Basin). F1 and F2 represent an

older episode of Farallon subduction. A major trench-parallel break

must have severed S2 from F1, allowing the younger material to sink

while F1 is still foundering above the 670-km discontinuity.

Sections A to D (next page) strike along direction of relative motion

between the Farallon and the North American plate over the past 70

Myr. In A, the connection between S1 and S2 is severed; S1 abuts

the craton C. Section B cuts through the hotspot track from

McDermitt to Yellowstone. Up to 7% slow asthenophere is underlain

by slab S1. Slow anomaly Y fills the space between S1 and S2 but

has no clear connection to the surface. Section C strikes along the

Slab Gap, where a fast slab signature is almost absent above 1200

km. The slab picks up again in section D (anomalies N1, N2) but

south of the Canadian border it remains fragmented in the upper

mantle. At 49°N, once again continuous subduction from trench to

~1400 km depth.
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Fig. 3-2. Three-dimensional views of the subducted Farallon plate under

North America. Caption on next page.
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Fig. 3-2 (caption). Three-dimensional views of the subducted Farallon

plate under North America. Isosurface is rendered where P-velocity is

0.4% faster than expected; color indicates depth. Shallow fast structure

that would obstruct the view (e.g. the craton) is not rendered. Map view

shows the Cascadia subduction system (S1, S2, N1, N2) beneath the

western half of the continent, and its predecessor (F1, F2) to the east.

East of 100°W, only structure below 800 km depth is rendered; extent of

slab material F1 in the transition zone is shaded blue. Dashed line (“Me”)

is the continuation of the Mendocino Fracture Zone on the subducted

Farallon plate. W, a predicted former part of the plate, is separated from

S1/S2 along this line. Solid line (“SG”) marks the Slab Gap, a 3000-km

long tear that divides the subducting plate into a northern (N1, N2) and a

southern (S1, S2) half. A smaller lateral tear at ~670 km depth (dotted

line "T") propagates south from the Slab Gap, partly disconnecting S1

from S2. This is best appreciated in fig. 2b (on the next page), a bird’s

eye view from northeast of the Cascadia subduction system. If slab

S1/S2 were flattened along the z-direction, this tear’s ragged edges

would fit together like puzzle pieces, confirming the former continuity of

the plate and indicating the level of detail resolved.
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Fig. 3-2. Continued.

A smaller lateral tear at ~670 km depth (dotted line "T") propagates south

from the Slab Gap, partly disconnecting S1 from S2. This is best

appreciated in fig. 2b), a bird’s eye view from northeast of the Cascadia

subduction system. If slab S1/S2 were flattened along the z-direction, this

tear’s ragged edges would fit together like puzzle pieces, confirming the

former continuity of the plate and indicating the level of detail resolved.
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Fig. 3-3. Proposed explanation for the Big Break and the establishment

of the current subduction system. Caption on next page.
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Fig. 3-3 (caption). Proposed explanation for the Big Break and the

establishment of the current subduction system. Line parallels the

direction of relative plate motion. Plate velocities are given in the hotspot

reference frame.

55 Myr ago: “Flat-slab subduction” during the late Laramide era. Direct

contact with the continental lithosphere causes basement thrust faulting

hundreds of kilometers inland. The flat slab is forced downward at the

cratonic keel, dehydrates and causes volcanism, but cannot penetrate

the endothermic phase boundary at 670 km depth due to its low

subduction angle. Bending of the slab at the keel combined with the

gradual westward motion of North America has caused the plate to

repeatedly break off at the edge of the craton.

40 Myr ago: The “Big Break.”  As retrograde trench migration slows to 2

cm/yr, subduction angle steepens. Material S2 disconnects from F1 and

passes into the lower mantle. Surface volcanism migrates westward as

the slab steepens; thrust faulting ceases.

Today: Fully independent, steeply dipping subduction under Cascadia.

Stalled material F1 is still foundering on the 670-km discontinuity.
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Supplementary Figure S-1. Caption on next page.
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Supplementary Figure S-1 (caption). Locations of 637 earthquake sources

(left) and 1125 receiving seismic broadband stations (right) used in this

study. Each earthquake lies at 30-85 degrees distance from at least five

broadband stations with good measurements. Measurement quality is

determined by the cross-correlation of measured and predicted

broadband P-wave seismograms. We use all suitable events (usually

larger than magnitude 5.8) from the IRIS DMC database that happened

between Jan. 1999 and August 2007, and many earlier events back to

1990.  Traveltimes are measured in the broadband and seven frequency

passbands (center periods; 21 s, 15 s, 11 s, 7.5 s, 5.3 s, 3.75 s, 2.7 s);

amplitude anomalies are measured in the lower three frequency bands.

We obtain a total of 434,013 traveltime and 109,045 amplitude

measurements.
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Supplementary Figure S-2. Global-scale tetrahedral mesh used for the

tomography. Cell size adapts to station density. Since we used receivers

in North America, the grid is more dense below this region. Facet length

of the smallest tetrahedra is ~60 km. Meshing software by Persson &

Strang, SIAM Review, Volume 46 (2), pp. 329-345, (2004).

North America
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Supplementary Figure S-3. Resolution tests. Caption on next page.
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Supplementary Figure S-3 (caption). Resolution tests. Top panel shows

the input, bottom panel the recovered structure for a cross-section at

latitude 42°N under North America. We use Gaussian-shaped spherical

anomalies as input (peak anomaly dVp/Vp = ±3%). Each panel is a

graphical superposition of two resolution tests, one using Gaussians of

200 km diameter, the other of 400 km diameter over the entire volume.

We use the smaller anomalies to assess resolution for the upper mantle,

and the larger ones for the lower mantle. White Gaussian noise of

standard deviation 1 is added to the synthetic data generated.

We do four different tests with the smaller Gaussians, and four tests with

the larger kind. The tests differ in that each time the anomalies are

translated by a fraction of their width in x, y, and z direction. For each test,

we manually contour resolved areas in slices of constant latitude that are

spaced by 0.5 degrees. The gray shaded area marks the region that is

not resolved by any of the tests. For oblique cross-sections A-D, we

estimate the non-resolved area by cutting through the volume obtained

from the procedure described above.
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Supplementary Figure S-3 (continued). Resolution test at 46°N.
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Supplementary Figure S-3 (continued). Resolution test at 49°N.
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Supplementary Figure S-3 (continued). Resolution test at 38°N.
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Supplementary Figure S-3 (continued). Resolution test at 34°N.
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Supplementary Figure S-4. Caption on next page.
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Supplementary Figure S-4 (caption). The subterranean continuation of

Mendocino Fracture Zone expresses itself as a narrow, linear gap in fast

plate material that separates the subducting slab S1/S2 north of ~38°N

from fragment W to the south.The section at 37.5°N strikes along this

fracture and shows that essentially no fast material is present in the

upper and lower mantle. This is predicted for the uppermost mantle (the

so-called Slab Window). However, a fast anomaly would be expected at

some deeper depth if material south of the fracture zone were still

connected to S1/S2. Further south at 34°N, fast anomaly W is indeed

well delineated in the lower mantle. The origin of anomaly X (see also

supplementary figure 5c) is mysterious due its deep location west of the

former Farallon trench. It must be very old material unrelated to Farallon

subduction over the past 150 Myr. Its true westward and downward

extent is not resolved by our data.
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Supplementary Figure S-5a. Caption on next page.
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Supplementary Figure S-5a (caption). 3-D rendering shows all fast

structure (dVp/Vp>0.4%) under North America except the current

western subduction system (which is shown in fig. S-5b), and an

unrelated deep anomaly (S-5c) . In contrast to all other 3-D renderings of

this type, deeper structure is shown in the foreground in order to be

visible (i.e. the depth axis is inverted). The pink line maps out the front

along which we think the Farallon plate broke in the transition zone ~40

million years ago. Northeast of it, the transition zone is filled with stalled

older slab material F1, that is still foundering on the 670-km discontinuity.

It connects east and down to older slab material F2 (orange/red). The

present-day Slab Gap (b&w solid line) seems to have had a (slightly

more southerly) predecessor on plate F1, supporting the notion that the

Slab Gap is a very old zone of weakness. The rectangular “hook” in the

pink outline might seem questionable in light of the otherwise simple,

trench-parallel strike of the front. We think it is real because the transition

zone material “missing” here shows up instead as a protruding piece of

S2, the oldest part of the younger western subduction system (c.f. figure

S-5b).
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Supplementary Figure S-5a (caption continued). Southwest of the pink

line, fast material is essentially limited to the upper 400 km; the deepest

pieces (dark blue) represent the deep keel of the North American craton.

The green line marks the keel’s western edge (where present). Today

this edge lies 700-900 km southwest of the frontal break line, in

accordance with predicted North American plate translation of 800 km

(~20 mm/yr over 40 Myr). This supports the idea that the flatly

subducting slab south of the Slab Gap broke where it encountered the

craton keel 40 Myr ago.
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Supplementary Figure S-5b. Caption on next page.
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Supplementary Figure S-5b (caption). The more recent subduction

system under western North America, rendered at the same threshold as

fig. S-5a; z-axis runs into the plane. Outline of frontal break (pink) line,

present-day Slab Gap (black&white), and craton keel (green) as in figure

5a. The hook in the frontal break corresponds to the area where the

oldest material S2 of the current subduction system extends farthest to

the northeast. This is an example how spatially separate parts of slab

material complement each other like pieces of a 3-D puzzle,

underscoring that the original geometry must have been continuous and

sheet-like. It gives us confidence that we really are resolving structure to

this level of detail. (Another example is the lateral tear T discussed in the

text.)
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Supplementary Figure S-5c. Caption on next page.
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Supplementary Figure S-5c (caption). This figure shows all fast material

not rendered in figs. S-5a and S-5b. It consists of a lower-mantle

anomaly X offshore California. The anomaly’s exact depth and western

extent are badly constrained due to its location west of our seismic

stations (in fact even its western half in this figure is poorly resolved due

to smearing and damping). We think this anomaly must be unrelated to

subduction over the past 150 Myr because it lies west of the

Farallon/Pacific trenches’ westernmost location ever (i.e., the present-

day one). Hence Farallon/Pacific plate reconstructions do not suggest a

straightforward explanation.
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Chapter 4: The role of amplitudes in joint 

traveltime-amplitude inversions 

 

4.1 Motivation 
 

Here I investigate the information contained in amplitude anomalies, and 

how this signal contributes to the joint inversion. To our knowledge, this is 

the first time in body-wave tomography that amplitudes are included on an 

equal footing with traveltimes, in a truly joint inversion of both observables. It 

is certainly the first time that amplitudes are measured and inverted 

simultaneously in multiple frequency bands and in the theoretical framework 

of finite-frequency theory.  

 

Amplitude studies in a ray-theoretical framework are referenced in the 

introduction to chapter 1. Neele et al. (1993) added amplitude data to a 

regional traveltime inversion beneath Cascadia and attempted a joint 

inversion but were hampered by insufficient data density and pronounced 

nonlinearity. Recently, Lawrence et al. (2006) used teleseismic P and S 

wave amplitudes to estimate attenuation beneath the Western U.S. Although 

not a tomographic study, their work overlaps in that here we also  attempt to 
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recover attenuation structure and we use the same data as they do, 

although they have yet to release a follow-up study that includes USArray 

data. 

 

Ray-geometrical inversions of amplitudes are not expected to be stable in 

the presence of noise. Focusing of wave energy is proportional mainly to the 

second spatial derivative of velocity (Dahlen & Baig 2002), so that two 

integrations are implicit in the recovery of 3-D velocity structure from 

amplitudes. The fragility of this operation can be appreciated intuitively: data 

is projected back onto an (infinitely) narrow ray path. Noise, too, is 

accommodated along the line-shaped kernel, and these errors blow up 

when integrated twice. The wide spatial support of finite-frequency kernels 

can be expected to alleviate this problem as errors are spread in space.  

 

Closely related is the issue of sufficiently constraining the inverse problem. 

The data coverage must be reasonably non-sparse in order for amplitude 

data to make a difference. Otherwise unconstrained parts of the velocity 

model may simply adjust without deterioration of the misfit in order to 

produce the focusing required by the amplitude data. This is true especially 

for ray theory, where predicted values can be changed by simply moving 

structure slightly into or out of the very narrow ray paths. We have already 

seen in chapter 2 that spatially extended Fréchet kernels and multiple-

frequency measurements put many more constraints on the traveltime-only 
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problem than ray-theory does. Amplitude kernels have the same wide 

spatial support as traveltime kernels and thus put even more constraints on 

the same broad regions. 

 

I begin the discussion of amplitudes with a brief survey of the spatial and 

spectral patterns in the raw data that a successful inversion needs to 

explain. The focus is on the Western U.S., since the two-dimensional spatial 

coverage of the USArray is very helpful for interpreting this completely new 

kind of data. Next I will discuss the contributions made by the different 

solution components to explaining the amplitude data. I start with the most 

robust components, focusing and amplitude event corrections (AEC), and 

then move on to less constrained components, namely attenuation and 

amplitude station corrections (ASC).  

 

4.2 Amplitude data 
 

Figs. 4-1 and 4-2 show examples of raw amplitude data as used for input 

into the inversion. The measurements were made at station ISA in the 

southern Sierra Nevada, and at station LKWY near Yellowstone. ISA 

measured 299 events and represents the typical southern Californian 

amplitude pattern. LKWY illustrates unusually strong dispersive effects. The 

data can be thought of as a baseline value (amplitude anomaly dA/A in the 
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lowest frequency band) plus a dispersive contribution D, the difference in 

amplitude between the highest and lowest band; those two bands are 

centered on 21 s and 11 s period. Panel B in Fig. 4-1 plots the entire signal; 

panel D shows only the baseline, and panels C and E show only the 

dispersive component D. Comparison of the subplots indicates that 

dispersion is a strong signal: it is of similar magnitude to the baseline value 

itself. Typical values of dA/A are ±10%, but observed anomalies from 

individual events can exceed  ±30%. (Fig. 4-2 similarly displays data for 

station LKWY, where anomalies are even larger.)  

 

Baseline and dispersion may be correlated or anti-correlated. At station ISA, 

all directions have a low baseline, but amplitudes from South America and 

Tonga increase with frequency, whereas amplitudes from Japan/Siberia 

tend to decrease. The average amplitude value at station ISA is low; plotting 

such station averages on a map yields interesting insights. Fig. 4-3A shows 

observed station averages and Fig. 4-3B shows station-averaged residuals 

after joint inversion for traveltimes and amplitudes using the model TA of 

chapter 2. Information is most reliably extracted from this kind of map by 

considering amplitude variations between neighboring stations, since very 

similar sets of events probably contributed to those averages.  

 

Station averages dA/A are typically on the order of ±10% (with extreme 

values of ±40%). Fig. 4-3A reveals spatially coherent patterns over 
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hundreds of kilometers. The variations along the RISTRA array observed in 

chapter 1 by comparing eight earthquakes are found again in this large data 

set, notably a narrow peak of 20% high amplitudes in the Rio Grande rift 

valley.  

 

The strongest and most stable pattern is a band of high amplitudes along 

the Pacific coast line. In California it is paralleled by a low-amplitude band 

that runs from Baja California up along the Sierra Nevada. Its continuation 

into the Cascade Ranges is less distinct. The most abrupt jump in 

amplitudes, from +20% to -10% in the space of 50-100 km, is found along 

the western edge of the Sierra Nevada. In southern and central California 

this sudden change is paralleled by another abrupt jump across the San 

Andreas plate boundary, from +20% to +5%. Since these step-like 

amplitudes anomalies occur in the historically best instrumented region, they 

are measured with high confidence. 

 

East of the Cascades/Sierra ranges, station coverage is dense but recent. 

The number of events measured on U.S. array stations is typically just 10-

40, but the stations all measured the same events and are thus directly 

comparable. Somewhat surprisingly, the Great Basin does not feature 

systematically low amplitudes, as might be expected from hot and wet upper 

mantle (Goes and van der Lee, 2002). Amplitudes are low in the southern 

Basin and Range and on the western Colorado Plateau. The vicinity of 
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Yellowstone shows a complex pattern of strong amplitude variations. Above 

the hotspot itself, amplitudes are up to 20% high, flanked by 5-15% low 

amplitudes to the immediate south and to the north (Slab Gap area). The 

Wyoming/Colorado border is densely sampled with four temporary arrays. 

Two of them can serve as cautionary tales. All stations in these arrays have 

systematically biased amplitudes of  ±30-40%, not extreme enough to be 

automatically detected and removed as outliers during inversion but clearly 

too extreme to be faithful measurements (judging by the values of nearby 

stations). As a result, these arrays introduce pronounced artifacts into the 

solution for Q. 

 

Anomalies cannot be explained completely by this model: cross-correlation 

between the raw data vector and the residuals vector is high (>0.7); this is 

reflected by similar spatial patterns of station averages in Figs. 4-3A and 4-

3B. Residuals are large where initial anomalies or amplitude gradients are 

large. For example, the strong spatial amplitude gradients along the Sierra 

Nevada and San Andreas Fault are still partly present in the residuals. 

Averages of residuals are typically 1-3%. 
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4.3 Three alternative traveltime-amplitude inversions 
 

Certain aspects of the joint traveltime-amplitude inversion from chapter 2, 

especially instabilities in the solution for attenuation, prompted a more 

detailed investigation into all components of the amplitude solution (VP, QS, 

AEC, ASC). The three solutions considered here (termed TA1, TA2, TA3) 

differ in the kinds and numbers of unknowns they allow for explaining the 

data, as detailed in table 4-1. TA1 is identical to the solution TA of chapter 2 

(which was “preferred”, in terms of its regularization and the balanced χ2 

misfit contributions from traveltime and amplitude data, proportionally to the 

size of each data set). All three inversions use the same data and 

regularization as inversion TA in chapter 2. 

 

Table 4-1. Model parameterization (i.e. type and number of unknowns) and 

unexplained misfit (χ2
after/χ2

before) for the three joint traveltime-amplitude 

inversions discussed. Only components that explain amplitude signal are 

listed. Misfit reduction refers to amplitude data only. Total  χ2 refers to all 

data. The total number of global grid points is 92,175, but only ~18,000 are 

constrained by the North American data set. AEC: amplitude event 

corrections; ASC: amplitude station corrections. 

Inversion 
name 

VP QS AEC ASC χ2
after/χ2

before 

(amplitudes)  
total 
χ2 

TA1 ~18,000 ~18,000 2,498 1,466 47.4% 0.423 
TA2 ~18,000 ~18,000 2,498 0 51.2% 0.435 
TA3 ~18,000 0 2,498 0 53.4% 0.443 
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TABLE 4-1 suggests that modeling Q and ASC contributes little to improving 

the data fit. The simplest model TA3 attempts to explain amplitudes by 

focusing and event corrections only. It features ~21,000 unknowns and 

reduces the initial amplitude variance from 100% to 53.4%. TA1 uses almost 

twice as many unknowns and achieves an only marginally better variance 

reduction to 47.4%. The total misfits of the three inversions differ by less 

than 5%. 

 

Fig. 4-4 shows the magnitude of contributions of the different model 

components to explaining the observed amplitude data. It is the same kind 

of plot as Fig. 2-8 except that solutions TA1-TA3 are compared with regard 

to amplitude data only; traveltime statistics do not change appreciably from 

what Fig. 2-8 shows. Fig. 4-4 shows how allowing for ASC and/or Q 

increases the complexity of the model. The magnitude of amplitudes 

predicted by VP and AEC is essentially the same for all three solutions. The 

contributions of ASC and QS for models TA2 and TA3 must be linearly 

dependent on, and interfering destructively with, the contribution of VP /AEC. 

They make the model longer without increasing its predictive power. The 

black bar indicates the vectorial sum of all model contributions; its length 

relative to the stack of individual contributions increases as model 

complexity decreases.  
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4.3.1 Velocity model 

About 50% of the variance of observed amplitude variation is predicted by 

the model (Table 4-1). Elastic structure contributes about half of this 

explanation for the most transparent case of TA3; the other half is 

accounted for by AEC. Observed amplitudes and those predicted by 

focusing are clearly correlated (Table 4-2); the correlation coefficient 

increases from 0.21 for VP for a traveltime-only inversion to 0.31 for model 

TA1, to 0.37 for model TA3. Two things are reassuring: first, the fact that 

traveltimes alone generate a decent amplitude prediction; it means that VP is 

quite well constrained in the first place and thus cannot be skewed arbitrarily 

when amplitudes are added. Neele et al. (1993) encountered the latter, 

unfavorable case. In their severely underconstrained problem, amplitude 

data could not contribute in any practical sense because undetermined 

regions of the model could always adjust without misfit penalty to perfectly 

explain any amplitude input. Tibuleac et al. (2003) measured amplitude 

anomalies of deep earthquakes and found that they were uncorrelated with 

amplitudes predicted by global tomographic P-wave models. Second, the 

fact that adding amplitudes clearly increases the similarity between 

observations and predictions while also moderately increasing the misfit 

means that the new data succeeds at adding usable constraints.  
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Table 4-2 Correlation coefficients between observed amplitude anomalies 

and amplitude anomalies predicted by VP (focusing). AEC: amplitude event 

corrections; ASC: amplitude station corrections. 

 
Inversion type Cross-correlation 

between δlnAobs 

and δlnApred 

Amplitudes as 
fraction of total 
data 

Amplitude 
contribution to 
total misfit 

T: traveltime-only 
inversion  

0.21 0% 0% 

TA1: joint 
inversion for VP, 
Q, AEC, ASC 

0.31 26.6% 27.3% 

TA3: joint 
inversion for VP 
and AEC 

0.37 26.6% 29.1% 

 
 

Spatial correlation is evident between observed and VP -predicted amplitude 

station averages (Figs. 4-3A and 4-3C). The focusing predicts typical station 

averages of  ±5-10%. The most pronounced pattern is focusing of up to 

+15% towards Yellowstone, and up to 10% defocusing in all directions 

surrounding it except for the Snake River Plain, which also sees moderate 

focusing. The pattern is caused by intensely slow material in a localized, 

~250 km deep column beneath Yellowstone. With the benefit of the 

predicted amplitudes it becomes evident that the measured data of Fig. 4-3A 

shows the same strong bulls-eye focusing/defocusing pattern in places that 

are instrumented, especially when only permanent and USArray stations are 

considered.  
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Along the 1000 km long RISTRA array from Utah to Texas, localized 

focusing of up to +12% is predicted in the Rio Grande valley. This nicely 

confirms what we inferred from dispersion measurements alone on only 

eight events in chapter 1. Focusing is the dominant cause of high amplitude 

anomalies in the rift. (A geologically plausible low Q would depress 

amplitudes.) 

 

In California and Cascadia, focusing predicts sharply delineated, coast-

parallel banded structures corresponding to those observed in the real data. 

The east-west jump in amplitudes along the western edge of the Sierra 

Nevada is present, although less stark than in the measured amplitudes. 

Stations on the Pacific coast line are focused by 2-5%, not quite as much as 

observed. In Oregon and Washington this focused band is paralleled by a 

defocused band along the Cascades, which is somewhat less pronounced in 

the data. The VP model explains the focused band as being underlain by 

slow backarc/wedge material, flanked by fast material to the east and west 

(trench and Cascades root). This banded velocity structure is best 

appreciated in Fig 3-3, a three-dimensional rendering of the Cascade 

subduction system. 

 

Regions where observed amplitudes are not explained by elastic structure 

include the Great Basin and the hinterlands of Cascadia, where defocusing 

is predicted but normal to high amplitudes are observed.  
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Fig. 4-5 shows how the addition of amplitudes modifies predicted focusing 

patterns. The comparison is between models T and TA3, which are end-

member cases in that T does not use any amplitude data to constrain VP, 

whereas TA3 attempts to explain all amplitude variation by VP. While the 

overall predictions are quite similar, the joint T&A inversion succeeds much 

better at predicting strong spatial gradients, for example the observed east-

west jump at the western edge of the Sierra Nevada. This seems to bear out 

the theoretical expectation of amplitude focusing acting to sharpen up 

gradients in the velocity model since focusing is sensitive mostly to the 

second spatial derivative of velocity. 

 

4.3.2 Amplitude event corrections 

Event correction are relatively large in magnitude. Their standard deviation 

is 9% in the histogram of  Fig. 2-7E, with heavy tails of up to 90%. The fact 

they have a significant negative correlation with Vp (Tables 4-3, 4-4) 

suggests that they are trading off against elastic structure, rendering that 

solution somewhat larger in magnitude than it should be. Decreasing the 

prior parameter uncertainty of AEC may thus be indicated but needs to be 

done cautiously given that the distribution is heavy-tailed. Overall, these 

corrections seem to be an indispensable part of the solution. 
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Table 4-3. Correlation coefficients of observed and predicted amplitude 

anomalies for model TA1.  Correlated are vectors of N=160,027 amplitude 

observations (input data and posteriori residuals) and predictions (VP, QS, 

amplitude station corrections ASC, and amplitude event corrections AEC). 

Predictions were obtained by multiplying each solution component with its 

associated block of columns in the inversion matrix. 

 data resid VP QS ASC AEC 
data 1 0.71 0.31 0.21 0.30 0.49 
resid  1 -0.02 0.07 0.05 0.03 
VP   1 -0.08 0.01 -0.20 
QS    1 0.11 0.08 
ASC     1 -0.01 
AEC      1 
 
 
Table 4-4. Correlation coefficients of observed and predicted amplitude 

anomalies for inversion TA3. 

 data residual VP AEC 
data 1 0.75 0.37 0.49 
residual  1 0.01 0.03 
VP   1 -0.19 
AEC    1 
 
 

Spatial patterns of amplitudes predicted by event corrections show a 

surprising level of small-scale variability (Fig. 4-3D). Above all, these 

patterns reflect the different deployment schedules of temporary arrays. 

Note for example the differences in correction values between RISTRA 

array and USArray stations on the Colorado Plateau. Each station is 

constrained by a relatively small number of events (between 10-40), and the 
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two sets of events are non-overlapping. By contrast, southern California 

shows little variability in AEC, since most stations have been operating for a 

long time. Keeping in mind that Fig. 4-3D plots stations averages and that 

earthquake locations tend to cluster differently in different years, the event 

corrections in principle reflect the functioning we desire. It is only when small 

numbers of events constrain different stations that tradeoff becomes 

possible between AEC and VP.  

 

4.3.3 Amplitude station corrections 

Amplitude station corrections (ASC) predict sizeable amplitude anomalies in 

model TA1. The standard deviation of their histogram is 5% (Fig. 2-7F). The 

absolute range of dA/A is ±40%, but earlier outliers removed manually 

ranged up to 400%. Comparison of TA1 and TA3 suggests that omitting 

ASC does not deteriorate the model fit appreciably. The few obvious outliers 

due to miscalibration do not throw the VP model off track. However, the  

unchanged misfit cannot guarantee that crustal structure does not get 

mapped into mantle VP when ASC are omitted. Fig. 4-3E shows that ASC 

preferentially account for the very abrupt jumps in amplitude anomalies that 

are observed in the raw data near the West Coast. Both traveltime and joint 

traveltime-amplitude inversions generate sharply delineated, small-scale 

variations in velocity structure beneath California; yet even model TA3 

cannot predict the full magnitude and abruptness of amplitude jumps at the 
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western Sierra edge and across the San Andreas Fault, for example. 

Several explanations are possible: the amplitude data may not be good 

enough to completely sharpen up focusing anomalies; the observed effects 

may be too non-linear to be approximated by single scattering; or the jumps 

may truly be of crustal origin, in which case ASC should be part of in the 

inversion. At present, I see no unambiguous way of distinguishing between 

these possibilities.  

 

4.3.4 Attenuation 

We saw that omitting QS from the model parametrization increases the misfit 

only marginally (table 4-1, models TA2 and TA3), despite halving the 

number of free parameters. QS is also the least stable solution component in 

that its predicted amplitude contribution gets damped out preferentially when 

regularization is increased. This is another indication that QS does not have 

significant explanatory power given the current data situation and 

experimental geometry.  

 

Table 4-3 shows that amplitude patterns predicted by Q are slightly 

negatively correlated with those of VP. In resolution tests on earlier, smaller 

data sets I have observed this effect. For example, a spherical slow velocity 

anomaly beneath Yellowstone erroneously maps into a high-Q anomaly due 

to the focusing it causes. On the current data set, resolution tests do not 
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indicate significant leakage from VP structure into QS. This finding needs to 

be taken with a grain of salt however. The tests lack realism in that event 

magnitude and station amplification were not perturbed, and noise was 

moderate and Gaussian. In contrast, measurements around Yellowstone are 

characterized by very heterogeneous data quality from temporary 

deployments, including some stations to the south of the hotspot that were 

almost certainly miscalibrated. 

 

Fig. 4-6 shows overviews of the Q solution for models TA1 and TA2 from 0 

to 800 km depth. Compared to VP structure, the Q solutions are rather two-

dimensional and almost exclusively confined to the upper mantle, in 

accordance with prior results and theoretical expectations (Romanowicz and 

Mitchell (2008), and references therein). Two characteristics are striking:  

1) The solutions generally predict higher Q than expected, visually 

expressed as a blue-shift of the models. This bias increases for TA2, where 

ASC are not allowed. 

2) Length-scales of anomalies are relatively small compared to the VP 

model, for which the first-order feature is a slow-fast contrast between 

western and eastern North America. 

 

In light of the limited stability of the Q solution, I hesitate to elaborate much 

in its interpretation. However, if there is a robust feature it should be the 

spherically symmetric profile of averaged Q as a function of depth, which is 
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shown in Fig. 4-7 for model TA1. At every depth, average Q is higher than 

predicted. The largest deviation of ~10% from the background model is 

around 200 km, the location of the asthenosphere in the background model. 

If this blue-shift is real, it could be due to measuring data in frequency bands 

that are near the upper edge of the constant-Q absorption band, beyond 

which Q is higher than predicted by PREM (Romanowicz and Mitchell 2008). 

In chapter 1, a general trend to positive amplitude anomalies of increasing 

magnitude was observed as frequency increased (Fig. 1-7), which suggests 

that the systematic shift to higher Q may actually be required by the data.  

 

A zoom in to the Western U.S. at 200 km depth reveals several features of 

concern (Fig. 4-78). In areas like Yellowstone and the Basin and Range, our 

VP model and many other geological observations (high heat flow, extensive 

volcanism, “wet” composition of lavas) would predict high attenuation. In the 

Q model however, these areas are predicted to have high overall Q 

(although a less stable, moderately low-Q region is retrieved south of 

Yellowstone at shallower depth). An explanation as artifacts caused by 

signal leakage from focusing seems likely at least for the Yellowstone 

region: the Q model predicts high amplitudes at Yellowstone and low 

amplitudes in the surrounding areas (Fig. 4-3F), much as the VP model 

does. Incidentally, Lawrence et al. (2006) see the same high-Q anomaly 

beneath Yellowstone in their t*-measurements derived from spectral slopes 

196



of neighboring stations, which are subject to the same focusing/attenuation 

ambiguity that we face. 

 

The same positive correlation of amplitudes predicted by VP and QS holds 

along the West Coast – as discussed, the magnitude of observed strong 

amplitude anomalies there remains partly unexplained by the solution. It 

begs the question whether the Q solution reflects mainly an attempt at 

compensating shortcomings of the VP model, in regions where observations 

are either underpredicted or overpredicted by focusing. This could explain 

the dominance of small-scale structure in the model and would be a 

plausible mechanism since focusing anomalies are several times larger in 

magnitude than those predicted by Q (Fig. 4-4). It appears that leakage from 

focusing, facilitated by a low signal-to-noise ratio, massively distorts the Q 

solution in many places. Future attempts at recovering attenuation should 

probably include a parameterization of Q with lower spatial resolution and 

fewer degrees of freedom. 

 

The combined evidence (QS not required by model fit, small-scale structure, 

physically implausible Q anomalies in regions of strong focusing, resolution 

tests) leads me to conclude that reliable recovery of regional attenuation 

structure from teleseismic P waves does not seem to be possible with the 

data and method presented. Global-scale solutions for Q (Gung & 

Romanowicz 2004, Dalton & Ekström 2006) use surface waves that are 
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more sensitive to attenuation and  attempt to model on a larger scale than 

we do. Their models do not agree on the sign of the overall anomaly in the 

Western U.S. Dalton and Ekström find that neglecting to account for 

focusing  can change the overall anomaly from high Q to low Q,  a 

complementary piece of evidence that points to a dominant role of focusing 

in amplitude signals, at least for the Western U.S. The expected continental-

scale trends in attenuation may yet emerge from P-wave amplitudes as 

USArray moves farther east, but the inversion effort will be hampered by the 

fact that those stations will measure different earthquakes from the current 

ones. Systematic amplitude trends will tend to get absorbed by event 

corrections, although this could be mitigated through comparison with 

USArray’s “backbone stations”, a limited number of instruments that have 

been deployed all across the U.S. at the beginning of the experiment. 

 

4.4 Conclusions and Outlook 
 

The somewhat discouraging findings on Q have a positive flipside. 

Amplitude anomalies of teleseismic P waves are dominated by focusing, 

and this signal appears to be exploitable in velocity inversions. Inclusion of 

the amplitude data modifies the VP models in subtle ways that I have yet to 

explore fully. Compared to traveltime-only inversions, the prediction of 

focusing/defocusing improves significantly when amplitudes are included in 
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the data set. In particular, the velocity model comes closer to predicting 

abrupt spatial gradients in amplitude patterns, which must be accomplished 

through sharper delineation of velocity anomalies, as expected from theory. 

Fitting the amplitude data is not achieved by merely modifying undetermined 

parts of the VP. USArray and multiple-frequency banana-doughnut kernels 

now constrain mantle structure beneath the Western U.S. to a large degree; 

only ~50% of observed amplitude anomalies can be accommodated by the 

inversion. I have yet to investigate the effects of putting more relative weight 

on the amplitude data in order to explain more of the observed anomalies, 

although the effort will be limited by the low signal-to-noise ratio.  

Consequently, the most significant step forward would be to measure 

amplitudes at higher SNR. Waveform envelopes and instantaneous 

amplitudes look like promising avenues.  

 

Amplitude dispersion due to focusing turns out to be a large signal. It is also 

a more robust signal than absolute amplitude anomalies, since it is a relative 

measurement, made several times on the same seismogram. Any scheme 

that emphasized the prediction of amplitude dispersion rather than 

amplitudes per se would have the advantage of circumventing station and 

event corrections, which are capable of acting as fudge factors that trade off 

against each other in poorly constrained ways. Only focusing and 

attenuation are expected to be strongly dispersive at the frequencies used. 
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Exploiting dispersion directly would thus also offer better prospects of 

recovering Q, since the only other unknown to account for would be velocity. 
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Fig. 4-1. Example of raw amplitude anomaly data. Caption on next page.

ISA

A

B C
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Fig. 4-1 (caption). Example of raw amplitude anomaly data. A: Station

ISA in southern California measured 299 events. Color codes for

epicentral distance and is meant to help distinguish event groups from

different source areas. B: Amplitude anomalies as a function of

frequency band. (The three bands used are centered on 21 s, 15 s,

and 11 s period.) Amplitude anomalies can exceed 40% and the

slopes suggest significant frequency dispersion. C: Shows the

dispersive component only by subtracting dA/A of the lowest band

from all data.The difference in dA/A between highest and lowest band

can easily exceed 10%; in some measurements it is several times as

large.

Fig 4-1 continued (next page). A less cluttered plot of amplitude

dispersion, D shows dA/A in the lowest band (the “baseline”) as a

function of azimuth. E shows the dispersion (highest band minus

lowest band). The three event clusters correspond to South America,

Tonga/Fiji, and Japan/Siberia/Aleutians. All groups have a negative

baseline (low amplitudes). Amplitudes from South America and Tonga

increase as frequency increases; those from the North Pacific tend to

decrease in higher bands.
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Fig 4-1 continued. Caption on previous page.
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Fig 4-1 continued. Same as D and E, but instead of observed data the

model predictions from Vp (elastic focusing) are plotted (the model is

TA1). At this particular station, Vp can explain the relative amplitudes

and dispersion characteristics of the three event clusters but not the

overall low baseline (which might be explained by a station correction).

E’

D’
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LKWY

Fig 4-2. Amplitude measurements at LKWY (Yellowstone). See

caption of fig 2-1 for explanations. This station sees extreme amplitude

variations both as a function of azimuth and frequency. Note for

example how waves from the Aleutians (around 300 degrees, light

blue) have a completely different baseline than waves from Japan,

which arrive from a very similar azimuth but more steeply.

A

D E
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dA
/A

Fig. 4-3A. Station averages of observed amplitude anomalies in the

Western U.S.

Color codes for intensity and sign of dA/A. (Example: dA/A=-0.1

means 10% lower amplitude than expected). Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.
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Fig. 4-3B. Station averages of observed amplitude residuals in the

Western U.S.

Color codes for intensity and sign of dA/A. Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.

dA
/A
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/A

Fig. 4-3C. Station averages of amplitude anomalies predicted by P-

wave velocity (focusing/defocusing).

Color codes for intensity and sign of dA/A. Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.
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Fig. 4-3D. Station averages of amplitude anomalies predicted by

amplitude event corrections.

Color codes for intensity and sign of dA/A. Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.
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Fig. 4-3E. Station averages of amplitude anomalies predicted by

amplitude station corrections.

Color codes for intensity and sign of dA/A. Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.
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/A

Fig. 4-3F. Station averages of amplitude anomalies predicted by Q

(attenuation). Blue shades indicate high Q, or low attenuation.

Color codes for intensity and sign of dA/A. Note that different

subfigures in this series have different color scales. Predicted

amplitudes are derived from model TA1, which comprises Vp, Qs,

amplitude station corrections, and amplitude event corrections.
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Fig. 4-4. Magnitudes of amplitude anomalies predicted by different

model components, for models TA1, TA2, and TA3. Black bar

indicates the total magnitude of the model (the vector sum of Vp, Qs,

ASC, and AEC). For detailed explanations refer to caption of fig. 2-8.

TA1 TA2 TA3
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TA
3

T

Fig. 4-5. Differences in predicted amplitude focusing between a

traveltime-only inversion  (“T”) and a joint T&A inversion (“TA3”).
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Fig. 4-5 (caption). Differences in predicted amplitude focusing between a

traveltime-only inversion  (“T”) and a joint T&A inversion (“TA3”). Ellipses

outline areas where differences are pronounced. Plotted are station

averages, as in Fig. 2-3C. The corresponding map for observed

amplitudes is Fig. 2-3A. The cross-correlation coefficients of predicted

and observed amplitude vectors are 0.21 for T and 0.37 for TA3.

Fig. 4-6 (caption). Comparison of the Qs solutions of models TA1 and

TA2. The latter inversion did not allow for amplitude station corrections.

Blue corresponds to high Q; unit on the color bar is dQ/Q in %. The

models show very similar Q patterns although their magnitude is more

intense for TA2. If station corrections and Qs represented truly

independent signal the models would be expected to be different . Both

models seem to be contaminated by focusing signal.
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Fig. 4-6. Comparison of the Qs solutions of models TA1 and TA2.

Caption on previous page.
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Fig. 4-7. Spherically symmetric Qs structure of models TA1 and TA2,

as a function of depth (black lines). Plotted are deviations from the

background model in %. The background model is plotted in red as

absolute Q values -- note the different y-axis.

Models TA1 and TA2 systematically deviate from the background

model in that they require a higher quality factor. The deviations are

largest around 200 km depth, where the background model has its

minimum (asthenosphere). Caveats regarding the recovery of Q are

discussed in the text.
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Fig. 4-8. QS solution of models TA1 and TA2 at 200 km depth.

Colorbar shows dQs/Qs -- blue means high Q, or low attenuation.
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Appendix A

P-wave velocity model from joint
inversion of finite-frequency traveltime

and amplitude data.
(Model “TA”; shown are velocity maps at

60 km, 100 km, 200 km, …,
800 km depth)
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depth 60 km
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depth 100 km
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depth 200 km
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depth 300 km
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depth 400 km
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depth 500 km
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depth 600 km
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depth 700 km
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depth 800 km

228


	ThesisCoverpage.pdf
	AbsAckTOC.pdf
	AssembledChaptersAndFigures.pdf
	Ch1Intro.pdf
	Figures_chapter1.pdf
	SupplFigs_chapter1.pdf
	Ch2.pdf
	Figures_chapter2.pdf
	Ch3.pdf
	Figures_chapter3.pdf
	SupplFigs_chapter3.pdf
	Ch4.pdf
	Figures_chapter4.pdf
	AppA_VpMAPS_USA101_TA234_Q30nooA14Mo50.pdf


